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Abstract
Submesoscale instabilities can drive strong vertical motions and play an important role in biogeochemical
cycles. High-resolution model simulations of a small (~1000x1000km) domain in the North-East Atlantic
are analyzed to investigate the impact of increasing global temperatures on submesoscale dynamics in the
upper ocean. In this region, vertical buoyancy fluxes from baroclinic instability are shown to have a distinct
seasonal cycle and are projected to decrease under a warmer climate, consistent with a reduction in mixed
layer depth. A widely-used scaling is shown to be successful at capturing both the seasonal cycle and
projected future changes to vertical buoyancy fluxes. This study finds seasonal cycles of gravitational,
symmetric and inertial instabilities that are consistent with previous observational and modeling studies.
Results of this study project no significant change to these instability types under a warmer climate. The
role of frontogenesis in the temporal evolution of lateral buoyancy gradients is explored using a
frontogenesis function. The function is found to be sensitive to the use of 2D or 3D fields, indicating that
further clarification is needed to understand the appropriate method for quantifying frontogenetic processes.
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1. Introduction
The Earth’s oceans are host to physical processes that act over a wide range of spatial and temporal scales,
from basin-scale circulation and tectonic motion to molecular diffusion. These processes can vary from
hundreds of kilometers to centimeters in size and occur on timescales ranging from geological time down
to sub-second. Processes operating at the basin-scale, mesoscale and microscale are currently well
understood and characterized in both theory and models. However, the submesoscale remains a topic of
active investigation.
Within the oceanographic community, distinctions between these scales are made based on the dominant
balance of forces in the momentum equations, with the Rossby number commonly used to differentiate
between physical regimes. The Rossby number (Ro) gives the ratio of inertial to Coriolis forces and is
defined as
𝑈
(1)
𝑅𝑜 =
𝐿𝑓
where U and L are characteristic velocity and length scales of the flow and 𝑓 = 2Ω𝑠𝑖𝑛𝜃 is the Coriolis
frequency, where Ω is the vertical component of Earth’s angular velocity and 𝜃 is latitude. Since both the
inertial and Coriolis terms are important at the submesoscale, the Rossby number of submesoscale processes
is of order one. With larger characteristic length scales and less influence from the inertial term, the
mesoscale is characterized by Ro<1. Submesoscale motions have characteristic temporal scales of hours to
days and span spatial scales of 1-10 km. In contrast to the larger mesoscale, where pressure gradient forces
are balanced by planetary rotation, ageostrophic dynamics become significant at the submesoscale
(Erickson and Thompson 2018).
Within the submesoscale regime, lateral buoyancy gradients and associated lateral shear provide reservoirs
of potential and kinetic energy and can induce instabilities, strong vertical motions and restratification
(Thomas et al., 2008, Thompson et al., 2016). Vertical components of velocity generated by submesoscale
dynamics can reach up to 100m/day and, through interaction with mesoscale up- and down-welling, can
provide a physical transport pathway between the ocean surface and the interior (Thomas et al. 2008). As
a result, submesoscale motions play an important role in heat, gas and nutrient exchange within the ocean
(Callies et al., 2015; Brannigan, 2016; Mahadevan, 2016).
Observational programs have historically not captured the submesoscale due to the practical challenges
involved in observing intermittent, rapidly evolving events. In addition, limitations in computational power
have restricted the resolution of numerical models. Submesoscale dynamics have typically been
parameterized rather than resolved, with model diffusivities and viscosities adjusted to account for
processes at the submesoscale. It is only in recent years that the scientific community has begun to
investigate behavior at these smaller scales. Over the last couple of decades, several studies have increased
our understanding of the submesoscale, from both observational and theoretical perspectives, leading to
more accurate parameterizations (e.g. Mahadevan and Tandon, 2006; Capet et al. 2008 parts 1-3; FoxKemper et al., 2008 a,b; Thomas et al., 2007; Lévy et al., 2012; Bachman et al., 2017; Thompson et al.,
2016).
Given our improved understanding of the importance of submesoscale processes and our new
computational capacity to model them directly, an open question is how submesoscale activity and transport
will vary as the global climate changes. This project takes a modelling approach to tackling these questions
and seeks to investigate the impact of increasing global temperatures on submesoscale dynamics in the
upper ocean.
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A good indicator of submesoscale activity is the conversion rate of available potential energy which scales
as the square of the mixed layer depth. This relationship implies that submesoscale activity is seasonally
modulated, as confirmed by several studies (Capet et al. 2008; Mensa et al. 2013; Thompson et al. 2016).
We take this theory one step further and hypothesize that climatic influences on mixed layer depth will
result in climatic modulation of submesoscale activity: under projected global warming, we expect the
shoaling of the mixed layer in response to temperature- and salinity-driven stratification to lead to a decrease
in submesoscale activity. Here we characterize the submesoscale activity and the associated instabilities
and vertical heat fluxes. The results are considered in the context of biogeochemical cycling and heat
exchange in the upper ocean.

2. Experimental Design
2.1 Modelling approach
This project analyzes output from high-resolution Regional Ocean Modeling System (ROMS) (Shchepetkin
and McWilliams, 2004) simulations, obtained following the approach documented in (Richards et al.,
submitted). Two simulations provide output representative of two climate states: a “present-day” climate
scenario, nominally representative of the 2000s (herein referred to as the 2000 run), and a future climate
scenario representative of the 2100s under the RCP8.5 emissions scenario (herein referred to as the 2100
run).
For the 2000 run, the Parallel Ocean Program (POP2) at 0.10 resolution was run under Coordinated Oceanice Reference Experiment (CORE) normal-year forcing to provide initial and boundary conditions to the
ROMS model at 1.25km resolution. For the 2100 run, temperature and salinity anomaly fields were derived
from the Community Earth System Model Large Ensemble (CESM-LE) (Kay et al., 2015) and added to the
initial conditions. Deriving perturbation fields from an ensemble of models removes decadal variability,
leaving just the forced climate response. The simulation was again forced with CORE normal year, but with
the addition of ensemble-averaged monthly anomalies of atmospheric variables from CESM-LE. This 2100
0.10 POP simulation provided the initial and boundary conditions for the 2100 run. It is important to note
that the use of CORE normal year removes any interannual variability and trend from the forcing, although
interannual ocean variability still occurs. The analysis presented here thus addresses the projected changes
occurring solely as a result of a warming climate.
The high-resolution ROMS simulations were run for just a few years each and are therefore much less
computationally expensive than equivalent 100 year-long high-resolution simulations.

2.2 Study region
This study focuses on a region in the North East Atlantic between 41-51oN and 13-26oW (figure 1). This
study site was chosen for a number of reasons. Firstly, it is a region of the ocean where the mixed layer
depth shows a large response to global warming: rising sea surface temperatures and Arctic ice melt result
in freshening of the surface ocean and shoaling of the winter mixed layer within the study region. Secondly,
it is a relatively quiescent part of the ocean, characteristic of midlatitude gyres (Thompson et al., 2016).
Lastly, it includes the study region of the Ocean Surface Mixing – Ocean Submesoscale Interaction Study
(OSMOSIS), 15x15km region centered at 48.7oN, 16.2oW. OSMOSIS was a high-resolution observational
study in the Porcupine Abyssal Plane (PAP) that captured a full annual cycle of submesoscale activity (see
Thompson et al., 2016). Using glider data, this study identified a strong seasonal cycle in mixed layer depths
and submesoscale instabilities. Additionally, Thompson et al., (2016) found that including submesoscale
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processes in the surface buoyancy budget results in a net positive surface buoyancy flux for approximately
25% of the winter.

© comersis.com
Figure 1. Map illustrating model domain, outlined in black.

3. Theoretical Framework
3.1 Submesoscale Instabilities
Submesoscale motions in the ocean surface mixed layer can result from several types of instabilities. As
we investigate the impact of a warmer climate, changes in total submesoscale activity may relate to changes
in the frequency of instabilities. This section reviews some of the key instability types investigated within
this project.
Ertel potential vorticity, q, is widely used as a diagnostic for determining water column stability, with
negative Ertel PV values indicating an unstable system in the Northern hemisphere (e.g. Haine and Marshall
1998, Thomas et al. 2013, Thompson et al. 2016). Following the theoretical framework outlined by Thomas
et al., 2013 and assuming a small vertical scale relative to the horizontal, instabilities will occur in the
Northern hemisphere when:
𝑞 = (𝑓𝑘̂ + ∇ × 𝒖) ∙ ∇b < 0

(2)

𝜌
Where 𝑘̂ is the local vertical normal vector, u is the horizontal velocity vector, 𝑏 = 𝑔 (1 − 𝜌 ) is the
0

buoyancy, g is gravity, 𝜌 is potential density and 𝜌0 = 1025 𝑘𝑔𝑚−3 is a reference density. Multiplying out
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the terms in this equation and introducing 𝜁𝑎𝑏𝑠 = 𝑓 − 𝑢𝑦 + 𝑣𝑥 as the vertical component of absolute
vorticity allows q to be written as the sum of three terms:
𝑞 = 𝑁 2 𝜁𝑎𝑏𝑠 − 𝑏𝑥 𝑣𝑧 + 𝑏𝑦 𝑢𝑧

(3)

where 𝑁 2 = 𝑏𝑧 is the vertical buoyancy frequency, 𝑢 and 𝑣 are horizontal velocity components and
subscripts denote partial derivatives.
The second and third terms on the right-hand side account for the components of q that are attributable to
lateral buoyancy gradients and horizontal components of vorticity. Assuming thermal wind balance:
(4)
−𝑓𝑣𝑧 = 𝑔𝜌𝑥
𝑓𝑢𝑧 = 𝑔𝜌𝑦

(5)

the second and third terms can be combined, and q can be written as:
1
𝑞 = 𝑁 2 𝜁𝑎𝑏𝑠 − 𝑀4
𝑓

(6)

where 𝑀2 = √𝑏𝑥 2 + 𝑏𝑦 2 is the horizontal buoyancy gradient. Now the Ertel potential vorticity is a balance
between two terms. The first term is associated with vertical stratification and the vertical component of
absolute vorticity and can be either negative or positive in sign. The second term is associated with the
baroclinicity of the flow and is always negative: baroclinicity always acts to reduce the stability of the flow.
In a barotropic flow, the second term will be negligible so for the flow to be unstable the first term must be
negative. If the first term is negative as a result of negative vertical stratification (i.e. 𝑁 2 < 0), the flow is
gravitationally unstable.
Gravitational instability converts potential energy to kinetic energy and typically arises under two
conditions. Firstly, when widespread surface forcing reduces the temperature or increases the salinity at the
surface, dense water overlays lighter water. As the fluid cannot simultaneously overturn, fluid parcels are
displaced vertically through small convective plumes, releasing gravitational potential energy. The second
condition is when surface winds interact with horizontal buoyancy gradients. If the surface wind stress has
an along-front component, Ekman transport can advect dense water over lighter water, or vice versa
depending on the direction of the wind stress relative to the geostrophic flow (Erickson and Thompson,
2018). Therefore, depending on the conditions, Ekman transport can either stabilize the water column or
set up gravitational instability to destabilize the upper ocean. Pure gravitational energy acts to restore PV
in the mixed layer to zero by homogenizing density (Thomas et al. 2013).
Returning to equation 6, if the instability is due to vorticity (i.e. 𝜁𝑎𝑏𝑠 takes the opposite sign to 𝑓 such that
𝑓(𝑓 − 𝜁) < 0 where 𝜁 = 𝑣𝑥 − 𝑢𝑦 is the relative vorticity, the flow is unstable to inertial instability.
Inertial instability arises in the limit of uniform density, in a horizontally sheared flow. Since density is
uniform, potential energy is zero and energy exists solely in the kinetic form. The vertical exchange of
water parcel presents no energetic advantage, and the growth rate is at a maximum in wide, shallow cells
(Haine and Marshall, 1998). Inertial instability results in lateral mixing, reducing the shear until 𝑞 = 0
(Holton, 2004). Due to the strong stabilizing effect of the Earth’s rotation, pure inertial instability is
uncommon in the oceans, except in areas of anticyclonic vorticity at low latitudes (Haine and Marshall,
1998).
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In a baroclinic flow, the Ertel potential vorticity is negative if 𝑁 2 𝜁𝑎𝑏𝑠 < 𝑓 𝑀4 . The instabilities that arise in
this case with 𝜁𝑎𝑏𝑠 > 0 are termed symmetric instabilities. In the presence of lateral buoyancy gradients
and rotation, a zonal flow will exist in thermal wind balance, resulting in sloping isopycnals. Symmetric
instability is the mode that develops with no variation in the along-front direction (𝑘 = 0), where 𝑘 is the
along-front wavenumber, and extracts kinetic energy from the geostrophic flow, driving slantwise
convention along sloping isopycnal surfaces. Symmetric instability restores PV in the mixed layer to zero
by mixing together waters of oppositely signed PV (Thomas et al. 2013) with a timescale on the order of
hours (Erickson and Thompson, 2018).
A condition for all the instability types mentioned above is that the Ertel potential vorticity takes the
opposite sign to the Coriolis frequency (so that 𝑞 < 0 in the Northern hemisphere). Assuming thermal wind
balance, this is equivalent to 𝑅𝑖𝑏 < 1 where 𝑅𝑖𝑏 =

𝑁2 𝑓2
𝑀4

is the balanced Richardson number.

For conditions where 𝑞 < 0, introduction of the balanced Richardson angle provides a convenient way to
delineate between the instability types outlined above. Following Thomas et al. (2013), the balanced
Richardson angle, 𝜙𝑅𝑖𝐵 , is given by:
𝜙𝑅𝑖𝐵

𝑀4
= tan−1 (− 𝑓 2 𝑁 2 )

(7)

and a vorticity-dependent critical angle is defined as
𝜁
𝜙𝑐 = tan−1 (−1 − 𝑓)

(8)

Using the above two equations, conditions conducive to gravitational, symmetric and inertial instability can
be identified from the criteria given in Thomas et al. (2013), illustrated schematically in figure 2.

Figure 2. Criterion for identifying conditions that are unstable to different instability types for cyclonic (right) and anticyclonic
(left) flows. From Thomas et al. 2013.

Strong lateral buoyancy gradients may still persist in the mixed layer at 𝑅𝑖𝑏 ≥ 1. This can occur due to
surface forcing, strong mixing, mesoscale straining or following a period where symmetric instability has
restored q to zero (and 𝑅𝑖𝑏 to unity) and the symmetric instability itself has ceased (Thompson et al., 2016).
Under this condition, baroclinic instabilities within the mixed layer, herein termed mixed layer instabilities
(MLI), overturn isopycnals from the vertical to the horizontal, releasing the potential energy stored in these
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gradients and converting it to kinetic energy (Stone, 1966). With typical timescales of days, (Thompson et
al., 2016) MLI can efficiently restratify the upper ocean (Thomas et al. 2007).
Both MLI and symmetric instabilities evolve in conditions of high lateral buoyancy gradients, but while SI
develops in the limit of 𝑘 = 0, MLI develop when the perturbations have no variation in the across-front
direction (𝜆 = 0), where 𝜆 is the across-front wavenumber. Modes of instability where 𝑘 ≠ 0 and 𝜆 ≠ 0
are termed mixed modes and have been found to have non-negligible growth rates (Stone, 1966). This
transition from SI to MLI was investigated in the Eady model by Stamper and Taylor (2017). The authors
found a smooth transition from SI to MLI, indicating that mixed modes near the 𝜆 axis are ‘symmetric-like’
and those near the 𝑘 axis are ‘MLI-like’. Furthermore, the Ri-dependent growth rates of MLI and SI differ
significantly (fig 3). While there is a range of Ri over which both symmetric instability and MLI will occur,
MLI becomes dominant at 𝑅𝑖𝑏 ≥ 0.95 (Stone 1966; Stone 1970).

Symmetric

Baroclinic

Figure 3. Maximum growth rates for symmetric and baroclinic instabilities as a function of Ri. From Stone 1966.

As mentioned in section 1, the conversion rate of available potential energy scales as the square of the
mixed layer depth and is a good indicator for submesoscale activity. Additionally, the depth of the mixed
layer can be used, alongside buoyancy gradients, to scale for the restratification occurring from MLI. As
such, the depth of the mixed layer is, in multiple ways, a relevant quantity when investigating submesoscale
activity and instabilities. The depth of the mixed layer can be defined in many ways. For the purpose of this
project, the base of the mixed layer is defined as the depth at which the potential density varies from the
surface value by 0.03 kg m-3. The term ‘mixed layer’ suggests a layer in which properties are uniform in
the vertical (N2=0). However, the upper ocean is rarely, if ever, perfectly mixed and weak stratification
remains in the vertical. The mixed layer can be more accurately described as a relatively unstratified layer
(low N2) that overlies a more stratified ocean. However, we retain the use of the term ‘mixed layer’ here
for consistency with the conventional terminology.

3.2 Frontogenesis
Given the important role that ∇𝐻 𝑏 plays in determining the stability of the upper ocean, this study also
investigates the processes driving the temporal evolution of ∇𝐻 𝑏. Frontogenesis contributes to the evolution
of ∇𝐻 𝑏 and occurs when velocity vectors are oriented relative to the background buoyancy field, such that
the flow acts to increase ∇𝐻 𝑏 over time. Combining the equations of motion, the quasi-geostrophic potential
temperature equation and assuming thermal wind balance, Hoskins et al., (1978) quantify a frontogenesis
function, 𝐹𝑠 :
(9)
𝐹𝑠 = 𝑸𝒔 ∙ ∇𝐻 𝑏
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where 𝑸𝒔 = −(𝑢𝑥 𝑏𝑥 + 𝑣𝑥 𝑏𝑦 , 𝑢𝑦 𝑏𝑥 + 𝑣𝑦 𝑏𝑦 ) is the frontogenetic vector from Hoskins et al., (1978). The
frontogenesis function accounts for processes relating to the advection of buoyancy and includes
contributions from mesoscale straining and submesoscale instabilities.
In section 4.4 we investigate the role of frontogenesis in the seasonal cycle of lateral buoyancy gradients,
using spatially filtered fields to differentiate between processes at different scales. Mesoscale fields are
produced by applying a 5x5 grid point filter 8 times to 5-day snapshots as in Capet et al., (2008).

4. Results
This section first outlines the general characteristics of the domain and how they differ between the two
climate scenarios. Sections 4.2 and 4.3 then present and discuss the prevalence and frequency of different
instability types in the modeled surface mixed layer of the PAP region. Results are compared between the
current and future climate simulations. Motivated by the results of 4.2 and 4.3, section 4.4 presents results
from an investigation into the processes driving the evolution of lateral buoyancy gradients. Throughout
section 4, a domain-averaged quantity refers to a quantity that has been spatially averaged at the last
calculation step.

4.1 General Physical Characteristics
The effects of the downscaling can be seen in figure 4, which presents the boundary layer depth for the
ROMS and POP models. The boundary layer depth is the minimum depth at which a bulk Richardson
number equals a specified critical value (Smith et al., 2010; Large et al., 1994). Both models show similar
magnitudes of boundary layer depth and comparable spatial variability although, as expected, finer scale
features are visible in the ROMS model output. Both models indicate a decrease in boundary layer depth
under the 2100 climate scenario. Henceforth, we consider only the output from the ROMS simulations.
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Figure 4. Ocean surface boundary layer depth and maximum boundary layer depth for the ROMS (a,b) and POP (c,d) models,
respectively for the present day (a,c) and 2100 (b,d) simulations. All panels show output for February 1st.

The net surface heat flux for the present-day simulation, along with the respective contributions from solar
shortwave and latent heat fluxes, is shown in figure 5a. The seasonal cycle is dominated by the positive
flux of solar shortwave radiation and counteracted by a relatively constant negative latent heat flux. Subseasonal variability is dominated by variations in latent heat flux. The change in surface forcing between
the 2100 and 2000 runs is shown in figure 5b. There is a distinct seasonality in the change of net forcing
imposed: relative to the present-day simulation, winter, springs and summers in 2100 experience warming
up to 100 Wm-2 but falls experience low-magnitude cooling. For reference, when examined individually,
both the 2000 and 2100 runs show a summer peak in net surface heat flux of approximately 150 Wm-2 and
a winter minima of -350 Wm-2. The majority of the change in net surface heat flux is through latent heat
flux.
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Figure 5. Domain-averaged net, solar, and latent heat fluxes for the present-day simulation (a) and the difference in these fluxes
between the two simulations (2100 minus present day) (b).

Sea surface temperature (SST) in the study region shows a distinct seasonal cycle for both climate
simulations (fig 6a), with maximum temperatures during the summer months. Wintertime SST shows little
change between the two runs, however summertime SST is consistently higher in the 2100 run, with an
average increase of 1.2 degrees over the entire simulation. The results for the 2000 run are consistent with
observations made in this region by Thompson et al., (2016) who recorded SSTs ranging from 12 to 20
degrees during a full year from Sept 2012, with peak temperatures in July. Patterns in sea surface salinity
(SSS) are less easy to distinguish (fig 6b). Although the 2000 run does appear to show a very weak annual
cycle, this isn’t apparent within the 2100 run. However, there is a distinct and constant freshening seen as
a result of increasing global temperatures, consistent with increased Arctic ice melt. Over the entire
simulation, the average decrease in salinity is 1.1 psu.
The warming and freshening trends seen in figure 6a,b have consequences for the mixed layer depth (MLD)
across the domain, which experiences a wintertime shoaling under a future climate state (figure 6c). This
signal is particularly pronounced in this region due to the combined effects of both warming and freshening.
Comparison between the seasonal cycles of SST, SSS and MLD suggests two processes to explain the
dramatic wintertime shoaling seen in figure 6c. Firstly, the reduction in wintertime SSS could, despite little
change in temperature, sufficiently reduce the surface density, resulting in a more stratified upper ocean
and a shallower mixed layer depth. Alternatively, the increase in summertime SST may increase upperocean stratification enough to dampen winter convective mixing, resulting in shallower winter MLD. It is
likely that a combination of these processes results in the shallower winter MLD.
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Figure 6. Domain-averaged sea surface temperature (a), sea surface salinity (b) and mixed layer depth (c) for the present day
(blue line) and 2100 (red line) climate simulations. Shading indicates one standard deviation.

A future reduction in the maximum mean MLD of up to 200m, as suggested by figure 6c, will have
implications for biogeochemical cycling in the region as well as gas and heat exchange between the upper
ocean and atmosphere. For the purpose of this project, the interest in mixed layer depth stems from its role
in water column stability, which will be explored later in this section.
The spatially-averaged seasonal cycle seen in the modeled MLD appears to be in good agreement with
observations from the region. Figure 7 presents the spatially averaged seasonal cycle of MLD in the study
region from a gridded product derived from Argo profiles (IPRC APDRC). For comparison with model
output, figure 7 shows the seasonal cycle in MLD for just over 4 years in the mid 2000s but is representative
of the longer time series. The shape of the seasonal cycle is qualitatively similar to that seen in the 2000
run: both data and simulation show minimum summer MLDs consistently around 30m and maximum
winter MLDs between 200 and 300m, with some interannual variability. One notable difference is a
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secondary peak in the modeled MLD clearly visible in the present day simulation. This second peak is not
present in the Argo data (in any years, even those not shown in figure 7). This peak is due to a late-winter
storm in the CORE normal year forcing, stimulating convective mixing, entrainment below the ML base
and, ultimately, a deepening of the ML. This secondary peak is visible in every simulation year, although
it has a smaller amplitude in the 2100 run.

Figure 7. Time series of monthly mean MLD derived from ARGO profiles, starting in February 2005. Shading indicates one
standard deviation.

Also of note is the spatial variability in MLD across the domain. Figure 8 presents monthly mean modeled
MLD for March, chosen as the month where the MLD reaches a maximum. In the 2000 run, mixed layers
often vary in depth by hundreds of metres over less than a degree in the horizontal (fig 8 a,b,c). Additionally,
in all the years shown, March MLDs appear to show a consistent trend across the domain, with deepest
mixed layers in the north-east. Although temporal averaging has masked submesoscale variability,
mesoscale features and lateral gradients in MLD are still visible. The strongest fronts are seen at the edges
of mesoscale features such as the mesoscale eddy at 16W, 45N in panel b. Mesoscale features and lateral
gradients in MLD persist in the 2100 run but the magnitude of these gradients is reduced (fig 8 d,e,f). Argoderived MLD data for the domain illustrates a similar order of spatial variability as seen in the present day
model simulation: MLDs range by hundreds of metres across the domain and are generally highest in the
NE.
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Figure 8. Monthly mean mixed layer depths for the month of March in the present day (a,b and c) and 2100 (d,e and f) simulations.
Each column shows the mean mixed layer depth over the month of March for the 2nd, 3rd and 4th years (left to right) of the
respective simulation.

As discussed in the introduction, lateral buoyancy gradients (∇𝐻 𝑏) play an important role in determining
mixed layer stability. Figure 9 presents the domain averaged |∇𝐻 𝑏| within the mixed layer. In both runs,
|∇𝐻 𝑏| shows a strong seasonal cycle, with larger gradients during the summer months and high spatial
variability. Relative to the present-day simulation, |∇𝐻 𝑏| is stronger in the 2100 run over the entire first
year and most of the second year. There is, however, an apparent downward trend in the magnitude of
|∇𝐻 𝑏| in the 2100 run and there is little difference between the 2000 and 2100 runs by the final year. In the
case of |∇𝐻 𝑏| , the short run time of the simulations limits the conclusions that can be made as to how this
parameter may respond to the imposed forcing.
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Figure 9. Time series of domain averaged horizontal buoyancy gradients for the present day (blue) and 2100 (red) simulations.
Buoyancy gradients are averaged over the depth of the mixed layer. Shading indicates 10th and 90th percentiles.

4.2 Vertical Buoyancy Fluxes and Mixed Layer Instabilities
One way of conceptualizing and quantifying restratification is to consider it as the fluxing of buoyancy
from deeper waters towards the surface, conventionally termed a positive vertical buoyancy flux (𝑤′𝑏′),
where 𝑤 is the vertical component of velocity. For the purpose of this study, we are interested in the vertical
buoyancy flux associated with the submesoscale and primes therefore denote a detrended quantity, where
the spatial mean and linear trend in both horizontal directions have been removed. A negative 𝑤′𝑏′
represents the transport of buoyant surface waters to depth, reducing stratification within the mixed layer.
Examining the vertical buoyancy flux can give insight into the vertical movement of isopycnals within the
mixed layer and is therefore an interesting variable to consider when investigating instability-driven
restratification.
Non-zero vertical gradients of 𝑤′𝑏′ imply a redistribution of buoyancy in the water column and therefore
̅̅̅̅̅̅from
provide information about changes to stratification. Figure 10 shows a typical vertical profile of 𝑤’𝑏’
36-hour averages for a 10-day averaged period in February, where the overbar indicates a domain average.
̅̅̅̅̅̅ is a minimum at the shallowest depth point and approaches zero at the base of
For both simulations, 𝑤’𝑏’
̅̅̅̅̅̅ approaches a maximum part
the mixed layer, with positive values at all depths within the mixed layer. 𝑤’𝑏’
way through the mixed layer, with a buoyancy flux convergence above this point, and a buoyancy flux
divergence below. In the absence of other terms, the shape of this profile implies an overall decrease in
potential energy.
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Figure 10. Example of a depth profile of the domain-averaged vertical buoyancy flux for a 10-day period in February for the
present day (blue) and 2100 (red) simulations. Respective mean mixed layer depths are indicated by the dashed lines.

Within the mixed layer, MLI extracts potential energy and converts it to kinetic energy, acting to slump
sloping isopycnals and restore stratification of the upper ocean. Following Fox-Kemper et al. (2008a), this
restratification can be scaled as an overturning streamfunction:
𝜓 ∼

𝐶𝐻2 𝑀2 𝜇(𝑧)
𝑓

(10)

In the above equation, C is a scaling factor determined to be ~0.06 by the authors based on idealized
simulations of single fronts. 𝜇(𝑧) is a structure function that describes the vertical distribution of 𝜓 within
the mixed layer and whose values range between 0 and 1. Consequently, the overturning streamfunction
will have a maximum value when 𝜇(𝑧) = 1. The equivalent flux, 𝑄, scales as
𝑄 ∼

𝐶𝐻2 𝑀4
𝑓

(11)

herein referred to as FFH scaling. The derivation of equation 11 is based on the extraction of potential
energy that occurs as horizontal buoyancy gradients are transformed into vertical density gradients and
proceeds with the following assumptions: the relevant timescale is advective; the horizontal eddy velocity
scales as the mean thermal wind; the vertical decorrelation length scales with the MLD; and fluid exchange
occurs a shallower slope than the mean isopycnal slope.
An interesting question to explore is how well this scaling does at capturing the vertical buoyancy fluxes
seen in the model output. In order to draw a meaningful comparison, results can be compared between the
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maximum value of the buoyancy flux, 𝑄𝑚𝑎𝑥 =
̅̅̅̅̅̅ 𝑚𝑎𝑥 .
layer, 𝑤’𝑏’

𝐶𝐻 2𝑀4
𝑓

̅̅̅̅̅̅ within the mixed
and the maximum value of 𝑤’𝑏’

̅̅̅̅̅̅ 𝑚𝑎𝑥 shows a clear seasonal cycle for both climate scenarios: vertical buoyancy fluxes increase
𝑤’𝑏’
throughout the fall and winter, reaching peak magnitudes towards the end of the winter months (fig 11,
solid lines). For the majority of the time series, the vertical buoyancy fluxes are reduced in magnitude in
the 2100 run relative to 2000. These results suggest a general, although not constant, decrease in energy at
the submesoscale in response to a warmer climate.
Compared to model, the vertical buoyancy flux estimated using FFH scaling is effective in capturing both
the seasonal cycle and the change under a warmer climate (fig 11, thin lines). Given the projected reduction
in vertical buoyancy fluxes shown in figure 11, we now investigate processes that might explain this change.
While there are various factors that can impact vertical fluxes, this project focuses on the influence of
instabilities within the mixed layer.

Figure 11. Comparison of vertical buoyancy fluxes calculated from FFH scaling with C=0.06 (thin lines) with the maximum vertical
buoyancy flux calculated from the 36hr averages of model output (thick lines). Results are shown for both the present-day
simulation (blue lines) and the 2100 climate simulation (red lines).
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4.3 Other Submesoscale Instabilities
Alongside baroclinic instability, various other submesoscale instabilities in the mixed layer can also induce
vertical buoyancy fluxes. The identification of submesoscale instabilities in this section is based on the
balanced Richardson angle criterion outlined in the introduction, where lateral and vertical buoyancy
gradients are calculated from potential density linearly interpolated from sigma levels onto uniform depth
levels with higher vertical resolution. Vertical buoyancy gradients are calculated using the seawater toolbox
(seawater-3.3.4-py1) and results are only presented for mixed layer depths greater than 20m. For the
purpose of comparison with observational data, figure 12 shows model results for a single simulation year
across the small subdomain that was sampled during the OSMOSIS project. To obtain these results, the
balanced Richardson angle is computed for all spatial points and depths within the mixed layer, then the
mixed layer is divided into vertical fractions that are unstable by instability type. These vertical fractions
are then spatially averaged across the subdomain.
Submesoscale instabilities during the 2000 run display a seasonal cycle (fig 12). A small but relatively
constant fraction of the mixed layer is gravitationally unstable through the fall and winter months, during
the period of mixed layer deepening. Gravitational instability within the mixed layer becomes intermittent
from the onset of mixed layer shoaling, around early March. This pattern can be explained by the presence
of negative surface buoyancy forcing during the fall and winter months. The resulting negative vertical
stratification creates a gravitationally unstable system. Instability-driven overturning leads to vertical
mixing and ultimately a deepening of the mixed layer. Whilst the water column is rarely inertially unstable,
symmetric or symmetric/gravitational instabilities are seen frequently throughout the fall and early winter
and intermittently through the remainder of the year.
This seasonal cycle is broadly consistent with that found during the OSMOSIS study (fig 13). Although
there are broad consistencies between observations and the model, data from the OSMOSIS study suggests
a higher proportion of the mixed layer to be unstable throughout the year, primarily attributed to
gravitational instability, and less frequent occurrence of symmetric instability. However, it is not anticipated
that the model output shows good agreement with the data since the instabilities analyzed here are sensitive
to surface forcing, which may differ between the model and sampling period (see figures 3 and 4 of
Thompson et al., 2016). Additionally, the observational data was obtained using gliders which are limited
to taking measurements along the glider trajectory. The orientation of any given glider track is arbitrary
relative to the orientation of fronts and the gliders therefore likely underestimate horizontal gradients,
resulting in an over-estimation of gravitational instability and an underestimation of symmetric instability.
Furthermore, the observations are unlikely to resolve individual plumes since the separation between glider
dives was approximately 4km. The glider results thus represent average properties over multiple plumes.
Lastly, the model is hydrostatic and increases diffusivity in the event of large negative N2, so likely reducing
the occurrence of gravitational instability.
Relative to the present day, model output for the 2100 run across the OSMOSIS domain suggests little
change in the fraction of the mixed layer that is gravitationally unstable. However, we do see a marked
increase in symmetric instability during the fall (fig 14).
In order to investigate both the temporal and spatial variability of instabilities across the whole model
domain, instability fractions were calculated for all simulation years for six 25x25km sub-regions, the mean
of which is shown in figure 15. While there is no significant change in gravitational or inertial instabilities
from 2000 to 2100, there is an increase in both pure symmetric and mixed symmetric/gravitational
instability for the majority of the first two years of the runs. The percent change in mixed layer fraction that
is symmetrically unstable shows high spatial and temporal variability, varying throughout the year and
across sub-regions (fig 16). The pattern of increased symmetric instability is consistent with projected
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increases in lateral buoyancy gradients which are also seen to increase in the first two years of the 2100
run, relative to 2000 (fig 9). Diagnostically, symmetric instability will occur when
𝑓2 𝑁2 𝑓
(12)
<
𝑀4
𝜁
An increase in lateral buoyancy gradients is therefore expected to correspond to an increase in symmetric
instability. It is important to reiterate that figures 12-15 quantify instability activity by the fraction of the
mixed layer with unstable conditions. Since the mixed layers in the 2100 run are shallower than in the
present day, an increase in an unstable mixed layer fraction does not necessarily represent an overall
increase in the bulk amount of the water column that is unstable. For example, for the single year of output
from the OSMOSIS subdomain illustrated in figures 12 and 14, the volume of the water column that is
unstable in the 2000 run exceeds that of the 2100 run approximately 3/5ths of the time, suggesting an
insignificant overall change between the 2000 and 2100 runs.
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Figure 12. Time series of instabilities from a single year of model output under the present day climate scenario. Colored bars
indicate the subdomain-averaged vertical fraction of the mixed layer with conditions conducive to submesoscale instabilities, based
on the balanced Richardson angle. Results are only shown for mixed layers deeper than 20m. Mixed layer depth is shown in the
upper panels.
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Figure 13. Time series of instabilities from the OSMOSIS observational project. Colored bars indicate the subdomain-averaged
vertical fraction of the mixed layer with conditions conducive to submesoscale instabilities, based on the balanced Richardson
angle. Results are only shown for mixed layers deeper than 20m. Mixed layer depth is shown in the upper panels. Recreated from
Thompson et al. 2016.
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Figure 14. Time series of instabilities from a single year of model output under the 2100 climate scenario. Colored bars indicate
the subdomain-averaged vertical fraction of the mixed layer with conditions conducive to submesoscale instabilities, based on the
balanced Richardson angle. Results are only shown for mixed layers deeper than 20m. Mixed layer depth is shown in the upper
panels.
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Figure 15. Fraction of mixed layer that is unstable by instability type, shown as the mean over the six sub-regions for the 2000 run
(blue line) and the 2100 run (red line). Line types indicate different instability types.

Figure 16. Percent change in fraction of mixed layer that is symmetrically unstable between present day and 2100 climate
scenarios. Colored lines represent percent change for different subregions within the domain. The maximum negative value is 94%. A positive value indicates an increase in 2100, relative to 2000.

4.4 Frontogenesis
4.4.1 2D Mesoscale
As stated in the previous sections, lateral buoyancy gradients in both the 2000 and 2100 runs exhibit a
distinct seasonal cycle and are an important contributor to submesoscale instabilities. This section
investigates the processes driving the temporal evolution of |∇𝐻 𝑏| over an annual cycle. Here we initially
consider the frontogenesis function, 𝐹𝑠 , calculated from 5-day snapshot fields that have been filtered to the
mesoscale (see section 3.2 and Capet et al., 2008) to isolate the contribution from large-scale processes.
Maps of instantaneous 𝐹𝑠 and |∇𝐻 𝑏| indicate seasonality in 𝐹𝑠 , with both frontogenesis and frontolysis
strengthening as buoyancy fronts become stronger in the summer and fall (fig.17). As expected, the
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magnitude of 𝐹𝑠 is spatially correlated with |∇𝐻 𝑏| : high values of 𝐹𝑠 (both positive and negative) are
concentrated around regions of high |∇𝐻 𝑏| . A single front often features regions of both frontogenesis and
frontolysis (see -24E, 46N in panels 17a for example), as a consequence of the differing geometries of the
buoyancy and flow fields. Additionally, frontolysis and frontogenesis are occasionally seen on either side
of the same front (see -24E,47N in figure 17e), also observed by Siegelman (2020).
Correlation between 𝐹𝑠 and |∇𝐻 𝑏| can also be seen in domain-averaged depth profiles (figs 18 & 19) where
𝐹𝑠 and |∇𝐻 𝑏| both peak in late summer and reach a maximum just below the domain-averaged mixed layer
depth.
The domain mean 𝐹𝑠 shows a distinct seasonal cycle, with peak values between August and November (fig
20a). According to this framework, the domain is net frontogenetic (𝐹𝑠 > 0), across all years, with no
periods of net frontolysis (𝐹𝑠 < 0). The magnitude of the domain mean 𝐹𝑠 is strongly correlated in time with
|∇𝐻 𝑏| (r=0.92), which is expected given the dependence on |∇𝐻 𝑏| in the calculation of 𝐹𝑠 .
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Figure 17. Maps of the mesoscale frontogenesis function (a,c,e &g) and the lateral buoyancy gradient (b,d,f &h) for snapshots in
February (a,b), May (c,d), August (e,f) and November (g,h) for the third year of the 2000 run at 40m depth. Correlation coefficients
between the frontogenesis function and lateral buoyancy gradients for the above times range between 0.65 and 0.69.
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Figure 18. Depth profile of domain-mean frontogenesis function for the 2000 run. The blue line shows the domain averaged mixed
layer depth.

Figure 19. Depth profile of domain-mean lateral buoyancy gradient for the 2000 run. The blue line shows the domain averaged
mixed layer depth.
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Figure 20. Time series of the domain-averaged frontogenesis function at 40m depth for the 2000 run, calculated from 2D fields
filtered to the mesoscale (a) and 3D fields filtered to the mesoscale (b).

Examining the domain-mean 𝐹𝑠 can be misleading since it masks the high spatial variability visible in figure
17. Indeed, the domain-mean is often up to two orders of magnitude smaller than the maximum value.
Histograms of 𝐹𝑠 indicate a relatively symmetric distribution of values about the mean, with the distribution
widening from winter, through spring, summer and into fall: we see the highest positive and negative
𝐹𝑠 values in summer and fall (fig 21). One explanation for this seasonality could be changes in mesoscale
eddy kinetic energy (EKE) driving seasonal changes in mesoscale strain. However, for this to be the case,
we would expect to see elevated levels of EKE through summer and fall which isn’t the case in the 2000
run (fig 22). In the 2100 run, EKE peaks consistently during winter.
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Figure 21. Histograms of instantaneous mesoscale Fs at 40m depth, calculated at the beginning of February (a), May (b), August
(c), and November (d), for the third year of the 2000 run. Note log scale on the y axis.
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Figure 22. Domain averaged mesoscale eddy kinetic energy for the 2000 (blue line) and 2100 (orange line) runs.

Assuming negligible fluxes into and out of the domain boundaries, we expect there to be no net change in
|∇𝐻 𝑏| over an annual cycle, i.e.
𝑑
(13)
∫ (∇𝐻 𝑏)2 . 𝑑𝑡 = 0
𝑑𝑡
Since 𝐹𝑠 contributes to the LHS of this equation, and since (from fig 20a) the annual integral of 𝐹𝑠 is > 0,
there are clearly additional frontolytic processes contributing to the evolution of |∇𝐻 𝑏| . To learn something
about the characteristics of these additional processes, we can represent them collectively with the addition
of a Rayleigh damping term such that:
1𝑑
(∇ 𝑏)2 = 𝐹𝑠 − 𝜆(∇𝐻 𝑏)2
2 𝑑𝑡 𝐻

(14)

Where 𝜆 is an inverse timescale. The resultant timescale (1/𝜆) is indicative of the representative timescale
of the processes not accounted for in the 𝐹𝑠 term. The domain-averaged inverse timescale calculated using
this approach is approximately a factor of two smaller than the MLI timescale, with a lag of approximately
55 days (fig 23a). For reference, inverse timescales of 0.2 day-1 and 0.05 day-1 correspond to timescales of
5 and 20 days respectively. The MLI timescale, 𝑇, was derived by Stone (1970) from analysis of the Eady
problem and represents the growth timescale of the fastest growing mode. 𝑇 can be calculated as:
𝑇= √

Where 𝑅𝑖 =

𝑁2
𝑑𝑢 2

54 √1 + 𝑅𝑖
|𝑓|
5

(15)

is the Richardson number and represents the ratio between buoyancy and shear forces.

( 𝑑𝑧 )
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Figure 23. Inverse timescale calculated as the domain mean of 𝜆 from equation 3 (blue lines) and the inverse MLI timescale
calculated as the Eady growth rate (orange line) for the 2000 run. Results are calculated using 2D fields filtered to the mesoscale
(a) and 3D fields filtered to the mesoscale (b).

4.4.2 3D Mesoscale
Including vertical components in the frontogenesis function aims to provide a picture of how the 3D flow
field is impacting horizontal gradients. This can be done with the addition of the vertical advective transport
as per Brannigan et al. (2015) such that 𝑸𝒔 = −(𝑢𝑥 𝑏𝑥 + 𝑣𝑥 𝑏𝑦 + 𝑤𝑥 𝑏𝑧 , 𝑢𝑦 𝑏𝑥 + 𝑣𝑦 𝑏𝑦 + 𝑤𝑦 𝑏𝑧 ).
The domain averaged 3D 𝐹𝑠 displays higher magnitudes and temporal variability but a similar seasonal
cycle to the 2D 𝐹𝑠 , with peaks occurring between August and November (fig 20b) and is also correlated in
time with |∇𝐻 𝑏| (r=0.7). However, with the inclusion of vertical transport terms in 𝑸𝒔 , 3D 𝐹𝑠 shows
occasional net negative periods between September and November, indicating that the processes
contributing to periods of net negative 𝐹𝑠 have a vertical component.
Including vertical terms broadens the distribution of 𝐹𝑠 values (fig 24): maximum positive and negative
values of 𝐹𝑠 are greater when vertical terms are included.
The 𝜆 -derived timescale from the 3D 𝐹𝑠 is similar in magnitude to that from the 2D 𝐹𝑠 but occasionally
differs significantly from the MLI timescale (fig 23b). The presence of very low 𝜆 values results in some
very large timescales (>300 days).
Considering the overall balance between terms in equation 3, both the frontogenesis and lambda terms play
a role in the temporal evolutional of horizontal buoyancy gradients (fig 25).
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Figure 24. Histograms of instantaneous mesoscale 3D Fs at 40m depth, calculated at the beginning of February (a), May (b),
August (c), and November (d), for the third year of the 2000 run. Note log scale on the y axis.
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Figure 25. Time series of the domain-averaged frontogenesis function (blue line), time derivative of the square of the horizontal
buoyancy gradient (orange line) and the lambda term (green line) at 40m depth for the 2000 run, calculated from 2D fields filtered
to the mesoscale (a) and 3D fields filtered to the mesoscale (b).

4.4.3 Higher frequencies
A limitation of the above analyses is the use of 5-day snapshots to obtain output variables, obscuring the
effect of any higher frequency processes such as the diurnal cycle in the forcing. Although the
computational expense restricts the ability to extract high-frequency model output for long time periods,
here we analyze two-hourly snapshots (herein referred to as high frequency, HF) over a period of 30 days
in the third January of the 2000 run to highlight the role of high-frequency processes.
A high frequency signal is clearly visible in the 3D HF 𝐹𝑠 as well as the time derivative of the HF |∇𝐻 𝑏|2
(fig 26) although this high frequency signal is not visible in the domain average of |∇𝐻 𝑏| (fig 28).
𝑑

Interestingly, in figure 26, there are numerous times for which 𝑑𝑡 |∇𝐻 𝑏|2 is negative indicating a weakening
of fronts, yet the domain mean 𝐹𝑠 is always positive, indicating consistent overall strengthening of fronts.
This relationship highlights the inability of the 𝐹𝑠 term to fully capture the evolution of |∇𝐻 𝑏| and suggests
the presence of a frontolytic process acting on short time scales that is not included within the 𝐹𝑠 term.
Examining output from a single location randomly chosen within the domain clearly shows the presence of
high frequency motions in all three velocity components (fig 28). While both horizontal velocity
components are dominated by motions at the inertial frequency, the vertical component of velocity shows
a broader spectral peak around the inertial frequency (fig 29).
The inclusion of higher frequency output results in a slight increase in the 𝜆 -derived timescale (fig 30),
indicating that higher frequency motions are primarily incorporated into the 𝐹𝑠 term, leaving the remaining
term with lower frequencies (and a longer timescale) than from the 5-day snapshots. It is important to stress
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that the HF output only represents a short time series in winter, when mixed layers are deep. It is unclear
how the inclusion of higher frequency output may impact the evolution of |∇𝐻 𝑏| at other times of the year.

Figure 26. Time series of the domain-averaged high frequency 3D frontogenesis function (red line) and time derivative of the
square of the lateral buoyancy gradient (blue line) at 40m depth for the 2000 run, calculated from mesoscale filtered fields.

Figure 27. Time series of the domain-averaged lateral buoyancy gradient at 40m depth for the 2000 run, calculated using mesoscale
filtered fields from high frequency output (blue line) and 5-day snapshots (orange line).
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Figure 28. Time series of velocity vectors from the high frequency output for a single location within the domain.
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Figure 29. Power spectrum density of velocity components: w (top), u (middle) and v (lower) at 40m depth for a single location in
the domain. On all panels, the inertial (0.064) and diurnal frequencies are shown in black lines.

Figure 30. Timescale calculated as 1/𝜆 from the 3D version of equation 3 from mesoscale filtered high frequency output (green
line), and from the 3D mesoscale filtered 5-day snapshots (blue line), and the MLI timescale calculated as the Eady growth rate
(orange line) for the 2000 run.
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5. Discussion
Analysis of high-resolution model output for a study region in the North East Atlantic provides modelled
mixed layer depths that are close in both magnitude and spatial variability to recent observations. Output
from this same model forced with a projected 2100 climate perturbation projects a dramatic shoaling of the
mean wintertime mixed layer depth as a result of increasing global temperatures and associated freshening
from Arctic ice melt. This large change in MLD allows for an investigation into submesoscale activity and
instabilities since H, the mixed layer depth, plays a critical role in determining the degree of submesoscale
instability in the upper ocean.
Use of the FFH scaling suggests a strong seasonal cycle in vertical buoyancy fluxes. The spatial variability
of the FFH scaling has been found to be highly correlated to the spatial variability in lateral buoyancy
fluxes, with the overall magnitude modulated in time by the seasonal cycle in H (Richards et al., submitted).
There is a high level of spatial variability in both mixed layer depth and lateral buoyancy gradients across
the model domain. It is both surprising and encouraging that, despite this large spatial variation, domainaveraged buoyancy fluxes calculated from FFH scaling largely reflect those calculated directly from model
output. This result provides encouraging evidence to support the use of FFH scaling in capturing unresolved
restratification from MLI in lower resolution models. However, given the dependence on |∇𝐻 𝑏|, the
resolution must be sufficient to resolve the fronts on which MLI is acting. Given the uncertainty surrounding
the value of the scaling factor, it should be stressed that these results indicate relative changes, not absolute
values. However, the consistencies between the scaling and the model do suggest that baroclinic instability
is, at least in part, contributing to the seasonal cycle and projected future changes in vertical buoyancy
fluxes in this region.
Considering individual years, there appears to be some compensation between H and |∇𝐻 𝑏| 2. Despite large
changes in maximum MLD between years, the annual peak vertical buoyancy flux as approximated from
FFH scaling shows little variation as increases in the horizontal buoyancy gradients compensate for
decreases in MLD. Results from this study project a reduction in vertical buoyancy flux under a warmer
climate, consistent with a reduction in MLI driven by reduced wintertime mixed layer depths: for a given
isopycnal slope, a shallower mixed layer will provide a smaller source of potential energy.
FFH scaling is based on the assumption that MLI-driven restratification is dependent on the background
state. However, work by Stamper and Taylor (2017) suggests that if conditions for BCI are approached
from a low Ri state (i.e. high |∇𝐻 𝑏| 2 or low N2), the instabilities will transition from purely symmetric,
through a series of mixed modes before BCI is initiated. In this case, Stamper and Taylor (2017) found that
the symmetric and mixed instabilities modify the background state to a sufficient degree that the initial Ri
is no longer a good indicator of BCI-driven restratification, and instead the mean Ri during the period of
restratification should be used. In the case of this study, we cannot know the temporal evolution of the
background state without analyzing each individual unstable front and therefore have to rely on current
values at the time of diagnosis. It is however still useful to consider this context when interpreting these
results.
Submesoscale instabilities identified in this study for the OSMOSIS subdomain display a seasonal cycle in
the 2000 run that is similar to that from observations although observations suggest a higher vertical fraction
of the mixed layer to be unstable than that found in this study. Considering differences in surface forcing,
this result provides encouragement that our model is able to simulate ocean conditions sufficiently well to
identify conditions conducive to submesoscale instabilities. Differences in estimations of overall stability
between our model output and observations may be due to differences in surface forcing or may indicate a
resolution-associated limitation of our model to fully resolve submesoscale instabilities. Brannigan et al.,
(2015) found the strength of submesoscale processes to increase with model resolution (from 4km to 2km
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to 1km to 0.5km) in an idealized model domain representative of the OSMOSIS study region. This finding
suggests our model may show greater levels of instability in the mixed layer with increased resolution.
Lateral buoyancy gradients in the domain show a distinct seasonal cycle and sensitivity to a warmer climate
in some years: in the first two years of the runs, lateral buoyancy gradients are consistently higher across
the domain in the 2100 run than the 2000 run. This result is consistent with increases in the mean fraction
of the mixed layer across 6 sub-regions that is symmetrically unstable in the same years. The change in
fraction of the mixed layer that is symmetrically unstable between 2000 and 2100 shows high variability
between sub-regions, consistent with the high spatial variability seen in lateral buoyancy gradients across
the entire domain.
Results from this study find a distinct seasonal cycle in the mesoscale frontogenesis function that is highly
correlated in both time and space with the magnitude of lateral buoyancy gradients. Considering 2D fields,
the mesoscale frontogenesis function is always net positive when averaged over the domain and increases
from mid-winter to a sharp peak at the end of summer, a cycle that cannot be explained by seasonal
variability in EKE. This seasonal cycle is however consistent with that found by Brannigan et al., (2015)
who analyzed idealized simulations of the OSMOSIS region and found 𝐹𝑠 to peak between September and
November. Brannigan et al., (2015) propose that this cycle may reflect the opposing effects of frontogenetic
processes and MLI: frontogenetic processes strengthen lateral buoyancy gradients during the summer when
the mixed layer is shallow. As the mixed layer deepens during fall and winter, the submesoscale becomes
energized and MLI acts to restratify the upper ocean, eroding lateral gradients. The distribution of 𝐹𝑠
identified in this study is also consistent with that identified by Yu et al., (2019) who analyzed observations
from the OSMOSIS field study and found the distribution of mesoscale frontogenesis to be more skewed
towards positive values during winter and spring than in summer and fall.
The addition of 3D terms results in higher magnitudes of localized positive and negative 𝐹𝑠 , causes the
domain mean 𝐹𝑠 to occasionally have a negative value, and drives the lambda-derived timescale to deviate
from the MLI timescale. These findings show that including vertical terms in the frontogenesis function
leads to different results. Although both the 2D version of 𝐹𝑠 (e.g. Siegelman, 2020) and the 3D version
(e.g. Brannigan et al., 2015) are used in the literature, it is unclear which version is the more appropriate
and these results highlight that caution should be taken in the interpretation of the frontogenesis function
and in the formulation used to calculate it.
The lambda-derived timescale calculated from the 2D mesoscale fields in this study is similar in magnitude
and seasonal cycle to the MLI timescale. However, due to the reasons outlined above, this is not sufficient
to confirm the suggestion of Brannigan et al., (2015) that changes in horizontal buoyancy gradients are
dominated by the opposing effects of frontogenesis and MLI.
An analysis of a short time-series of high-frequency output allowed for an investigation into whether highfrequency processes such as the diurnal cycle in the forcing are contributing to the temporal evolution of
lateral buoyancy gradients. Higher frequency motions are dominated by the inertial signal and concurrent
𝑑
times of net positive 𝐹𝑠 and negative |∇𝐻 𝑏|2 suggest the presence of an additional high frequency
𝑑𝑡
frontolytic process. The results from the high-frequency analysis suggest that we may be underestimating
the lambda-derived timescale by about 20%, in which case the above lambda-derived timescales would
draw even closer to that of the MLI timescale. However, this high frequency analysis has been conducted
only for a short time period during the month of January. Since higher frequency processes may also display
a seasonal cycle it is unclear if this result can be generalized across the seasonal cycle.
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6. Conclusions
The overall picture of submesoscale instabilities from this study and how they are projected to change in a
warmer climate becomes one of compensation. A future reduction in H is somewhat compensated for by
increases in |∇𝐻 𝑏| in some years but ultimately results in a projected reduction in MLI from FFH scaling.
However, an apparent decreasing year-to-year trend in |∇𝐻 𝑏| suggests that a longer run is needed to truly
explore how a warmer climate may impact MLI. Since symmetric instability is more strongly dependent
on |∇𝐻 𝑏|, the vertical fraction of the mixed layer that is symmetrically unstable is projected to increase in
some years. However, as the mixed layer depth is concurrently shoaling, this increase is minimized and the
overall bulk instability remains more or less the same between the 2000 and 2100 runs.
The frontogenesis function used in this study is sensitive to the choice of whether 2D or 3D fields are used
to calculate it. This highlights the need for a better understanding of this function and the appropriate way
to calculate it.
In order to better understand the drivers behind the seasonal cycle in lateral buoyancy gradients, it would
be useful to consider different study regions. For example, at Station ALOHA, site of the Hawaiʻi Ocean
Time-series (HOT), lateral buoyancy gradients peak during spring and the mixed layer depth reaches a
minimum around May (Nicholson et al., 2012). Understanding the differences in the seasonal cycles
between these two sites may help decipher the processes driving the difference in lateral buoyancy gradient
seasonality.
Analyzing frontogenesis provides a useful insight into the seasonality of frontogenetic processes within the
domain, which in turn impact the seasonality of lateral buoyancy gradients. However, given the dependence
of frontogenesis on the background field of buoyancy gradients, the two are very much related: the strength
of frontogenesis/frontolysis is in part determined by the strength of the background buoyancy field, which
is itself determined in part by the strength of frontogenesis/frontolysis. In the simulations analyzed here,
the system is complex, rapidly evolving and the domain features multiple fronts. To understand how lateral
buoyancy gradients and frontogenesis are connected and co-evolve over time, it would be useful to isolate
and investigate individual evolving fronts within the domain using methods such as Lagrangian particle
tracking.
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