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ABSTRACT

Ambient  seismic  noise  interferometry  has  been successfully  applied  in  a  variety  of  tectonic

settings to gain information about the subsurface. As a passive seismic technique, it extracts the

coherent part of ambient seismic noise in-between pairs of seismic receivers. Measurements of

subtle temporal changes in seismic velocities, and high-resolution tomographic imaging are then

possible – two applications of particular interest for volcano monitoring. Promising results from

other  volcanic settings motivate  its  application in  Hawai‘i,  with this  work being the first  to

explore its potential. The dataset used for this purpose was recorded by the Hawaiian Volcano

Observatory’s  permanent  seismic network on the Island of Hawai‘i.  It  spans  2.5 years  from

5/2007 to 12/2009 and covers two distinct sources of volcanic tremor. After applying standard

processing for ambient seismic noise interferometry, we find that volcanic tremor strongly affects

the extracted noise information not only close to the tremor source, but unexpectedly, throughout

the island-wide network. Besides demonstrating how this long-range observability of volcanic

tremor can be used to monitor volcanic activity in the absence of a dense seismic array, our

results suggest that care must be taken when applying ambient seismic noise interferometry in

volcanic settings. In a second step, we thus exclude days that show signs of volcanic tremor,

reducing the  dataset  to  ~three  months,  and perform ambient  seismic noise  tomography.  The

resulting two-dimensional Rayleigh wave group velocity maps for 0.1 – 0.9 Hz compare very

well with images from previous travel time tomography, both, for the main volcanic structures at

low  frequencies  as  well  as  for  smaller  features  at  mid-to-high  frequencies  –  a  remarkable

observation  for  the  temporally  truncated  dataset.  These  robust  results  suggest  that  ambient

seismic noise tomography in Hawai‘i is suitable 1) to provide a three-dimensional S-wave model
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for the volcanoes and 2) to be used for repeated time-sensitive tomography, even though volcanic

tremor frequently obscures ambient noise analyses. However, the noise characteristics and the

wavefield in Hawai‘i in general remain to be investigated in more detail in order to measure

unbiased temporal velocity changes.
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CHAPTER 1

INTRODUCTION

Ambient  seismic  noise  interferometry  is  a  passive  seismic  technique  developed  relatively
recently to gain information about the subsurface (e.g. Shapiro & Campillo, 2004; Sabra et al.
2005a). As opposed to traditional seismic techniques that depend on active seismic sources or
earthquakes,  ambient  seismic  noise  interferometry  makes  use  of  the  continuously  occurring
background noise. Such seismic background noise is predominantly generated by ocean waves
(Webb, 1998) creating pressure fields that are converted to seismic waves in the solid Earth
(Nishida et al., 2008). The resulting noise is mostly composed of surface waves that are low in
amplitude but coherent enough to allow for the extraction of information about the sampled
subsurface. Cross-correlation of such noise records from pairs of seismometers is used to extract
the coherent parts  of the noise and has been shown to converge towards the elastic Green’s
function – i.e., the ground motion through time as recorded in a seismogram at the one station as
if an impulsive source would be located at the second (e.g., Lobkis & Weaver, 2001; Shapiro &
Campillo, 2004; Snieder, 2004; Sabra et al. 2005a).

Using such noise cross-correlation functions between pairs of seismometers, there have been
two main applications demonstrated to be possible. The first one uses the direct surface wave
travel times between the station pairs for imaging the subsurface with ambient seismic noise
tomography (Sabra et al. 2005b; Shapiro et al. 2005). The second one investigates the multiply
scattered part of the seismic signal which is highly sensitive to changes in seismic velocities – an
approach that  has  been utilized  to  monitor  such changes  through time (Sens-Schönfelder  &
Wegler, 2006; Brenguier et al., 2008a; Brenguier et al., 2008b). Both of these applications have
proven particularly useful in volcanic settings. First, ambient seismic noise tomography has the
potential  of providing high-resolution images of S-wave velocities for very shallow (< 5km)
magmatic plumbing systems (e.g., Brenguier et al., 2007). And second, the observation of subtle
velocity changes has been related to volcanic activity, often as a precursory behavior of volcanic
eruptions (Brenguier et al. 2008b; Duputel et al., 2009).

This  dissertation  presents  the  first  application  of  ambient  seismic  noise  interferometry  in
Hawai‘i. In order to explore its utility for studying the Hawaiian volcanoes, we use a dataset
continuously recorded by the permanent seismic network on the Big Island of Hawai‘i between
5/2007 and 12/2009 – an interesting period as volcanic activity caused two distinct volcanic
tremor sources to be active, and thus the dataset includes both tremor-bearing and tremor-free
times. Since Hawai‘i’s most active volcano, Kīlauea, frequently emits volcanic tremor, seismic
recordings on the Island of Hawai‘i will habitually include this signal. Therefore, we will first
explore to what extent such tremor might affect ambient seismic noise interferometry. And, since
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tremor in itself is a useful signal for characterizing volcanic activity, we will additionally address
the question whether the standard data processing used in ambient seismic noise interferometry
might be helpful in enhancing interpretable volcanic tremor signals. Building upon these results,
we next exclude volcanic tremor from our dataset and explore the potential of this compromised
dataset to image the volcanic structures with ambient seismic noise tomography. The imaged
structures together with the improved understanding of ambient seismic noise interferometry in
the presence of volcanic tremor will provide an ideal background for future investigations into
studying temporal velocity changes in Hawai‘i.

2



CHAPTER 2

AMBIENT SEISMIC NOISE INTERFEROMETRY IN HAWAI‘I REVEALS

LONG-RANGE OBSERVABILITY OF VOLCANIC TREMOR1

2.1 Summary

The  use  of  seismic  noise  interferometry  to  retrieve  Green’s  functions  and  the  analysis  of
volcanic  tremor  are  both  useful  in  studying  volcano  dynamics.  Whereas  seismic  noise
interferometry allows long-range extraction of interpretable signals from a relatively weak noise
wavefield, the characterization of volcanic tremor often requires a dense seismic array close to
the  source.  We  here  show  that  standard  processing  of  seismic  noise  interferometry  yields
volcanic tremor signals observable over large distances exceeding 50 km. Our study comprises
2.5 years of data from the USGS Hawaiian Volcano Observatory short period seismic network.
Examining more than 700 station pairs, we find anomalous and temporally coherent signals that
obscure  the  Green’s  functions.  The time  windows and  frequency  bands  of  these  anomalous
signals correspond well with the characteristics of previously studied volcanic tremor sources at
Pu u Ō ō and Halema uma u craters. We use the derived noise cross-correlation functions toʻ ʻ ʻ ʻ ʻ
perform  a  grid-search  for  source  location,  confirming  that  these  signals  are  surface  waves
originating from the known tremor sources. A grid-search with only distant stations verifies that
useful tremor signals can indeed be recovered far from the source. Our results suggest that the
specific data processing in seismic noise interferometry – typically used for Green’s function
retrieval – can aid in the study of both the wavefield and source location of volcanic tremor over
large distances. In view of using the derived Green’s functions to image heterogeneity and study
temporal velocity changes at volcanic regions, however, our results illustrate how care should be
taken when contamination by tremor may be present.

1  Published as:

Ballmer, S., C. J. Wolfe, P. G. Okubo, M. M. Haney, and C. H. Thurber (2013), Ambient seismic
noise interferometry in Hawai‘i  reveals  long-range observability of volcanic tremor,  Geophysical
Journal International, 194, 512-5213, doi:10.1093/gji/ggt112.-
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2.2 Introduction

In volcanic  settings,  seismic noise interferometry has  advanced into a  powerful  technique.
Ocean-generated  seismic  noise  occurs  continuously  and is  comprised  of  surface  waves  with
wavelengths sensitive to the shallow subsurface. These properties allow for two applications of
interferometry  at  volcanoes:  continuous  monitoring  of  temporal  velocity  changes  (Sens-
Schönfelder  &  Wegler,  2006)  that  are  often  associated  with  subsurface  volcanic  activity,
including precursory behavior prior to some eruptions (Brenguier et al., 2008b; Duputel et al.,
2009),  and  tomographic  imaging  of  shallow  volcanic  structure  (Brenguier  et  al.,  2007;
Masterlark et al., 2010). In order for such results to be reliable, the quality of noise recordings
and the data processing applied are critical.

The most fundamental step in noise interferometry is retrieval of Green’s functions from noise
cross-correlation functions (NCFs) between two receivers (Shapiro & Campillo, 2004; Sabra et
al., 2005). Diffuse, isotropic wavefields are required for accurate Green’s function retrieval, but
these characteristics are typically not present in practice (e.g., Froment et al., 2010). An area of
research therefore examines the extent of biases on recovered Green’s functions, focusing on two
factors. First, ocean-generated noise sources are typically directive and thus non-isotropic (e.g.,
Yang & Ritzwoller, 2008) – a bias for which corrective methods have been developed (e.g.,
Roux, 2009; Weaver et al., 2009; Yao & van der Hilst, 2009; Froment et al., 2010; Harmon et al.,
2010). Second, transient signals (such as earthquakes, volcanic tremor bursts, or storms), as well
as persistent  signals from localized sources (such as continuous volcanic tremor or the 26 s
microseism described by Shapiro et al.  (2006)) act as potential sources of contamination.  To
reduce  the  effect  of  such  biasing  signals,  amplitude  is  partially  or  fully  disregarded  during
processing  (Bensen  et  al.,  2007)  and  stacking  further  de-emphases  transients.  Despite  these
processing steps, localized sources can remain a cause of bias. Yanovskaya & Koroleva (2011)
demonstrated how earthquakes can act as a source of bias, and Harmon et al. (2012) identified
temporary  effects  of  storm-generated  infragravity  waves.  The results  of  Groos  et  al.  (2012)
suggest that such signals can be efficiently amplified in NCFs when they persist over longer time
windows – results that emphasize the need for more research on the influence of biasing signals
on Green’s function recovery.

In volcanic settings such as Hawai‘i,  volcanic tremor is often an important seismic source.
While it may potentially contaminate Green’s functions, its study also provides information on
volcanic systems. In particular, volcanic tremor is useful for monitoring the volcano plumbing
system,  as  it  can  be  associated  with  magma movement  and  degassing  (Chouet,  1996).  The
characterization of volcanic tremor source behavior and wave propagation is therefore a field of
interest on its own.

In  order  to  reveal  information  on  tremor’s  precise  location,  broadband  spectral  character,
amplitude variations, and mechanism, near-source, small-aperture seismic arrays and specialized
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array analyses have often been employed (e.g.,  Goldstein & Chouet, 1994; Almendros et al.,
1997;  Konstantinou  & Schlindwein,  2003).  However,  seismic  networks  typically  have  large
station spacing designed for  traditional  earthquake studies.  In  order  to  use network data  for
volcanic tremor characterization, techniques are needed that allow the extraction of interpretable
tremor signals over large distances. Such prior techniques applied include 1) the use of very low
frequencies, where path effects do not deteriorate coherence (Haney (2010), studying Okmok
volcano)  and  2)  the  examination  of  amplitude  decay  with  distance  not  requiring  waveform
coherence (Battaglia & Aki (2003) and Battaglia et al. (2005), studying Piton de la Fournaise
volcano).

Seismic networks with large interstation distances are commonly used in noise interferometry
(even spanning across ocean basins (Lin et al., 2006)), where interpretable signals are extracted
from a relatively weak noise wavefield. This technique has also been applied by Shapiro et al.
(2006) to study the localized source for a 26 s microseism. These authors applied the standard
data processing of noise interferometry to find inter-station arrivals of the 26 s signal on subsets
of global networks and used these arrivals to locate the source regions. Similar to Shapiro et al.
(2006),  we here  apply seismic noise interferometry to  study another  type of  localized noise
source: volcanic tremor recorded across an island-wide seismic network.

The Island of Hawai‘i with active Kīlauea volcano provides an ideal setting to investigate the
performance of noise interferometry in the presence of volcanic tremor. During our 2.5-year-long
study period from May 1 2007 to December 31 2009, there were two distinct tremor sources at
Kīlauea: first, at Pu u Ō ō crater complex in Kīlauea’s East Rift Zone and later at Halema uma uʻ ʻ ʻ ʻ ʻ
crater within Kīlauea’s summit caldera. This unique dataset allows us to address the following
questions. (1) To what extent does volcanic tremor contaminate estimated Green’s functions? (2)
Does the standard  data  processing to  recover  Green’s  functions  also extract  volcanic  tremor
signals  that  are  interpretable  over  large  distances?  We first  review characteristics  of  tremor
signals and ambient seismic noise recorded in Hawai‘i. We then present reconstructed Green’s
functions  with  focus  on  characteristics  during  time  periods  both  with  and  without  volcanic
tremor. We further investigate if the retrieved signals in NCFs can help characterize the tremor
wavefield and source location.

2.3 Seismic recordings on the Island of Hawai‘i

2.3.1 Seismic network

On the Island of Hawai‘i, the U.S. Geological Survey (USGS) Hawaiian Volcano Observatory
(HVO) operates a permanent seismic network. Over 50 stations are distributed in a short-period
network across  the  island (Nakata,  2007)  (Figure  2.1)  and a  closely  spaced (5-km aperture)
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broadband network is located at Kīlauea’s summit region (Dawson et al., 1998). Most of the
short  period stations  are  equipped with  single-component,  vertical-only seismometers  with a
natural frequency of 1 Hz (about 20% of the stations are 3-component during our study period,
although additional stations have been subsequently upgraded to 3-component). We only use data
recorded with the short period sensors (see Appendix A for details on data recording and issues
causing about 5% of the data to be corrupted). Although the small-aperture summit broadband
network is favorable for volcanic tremor study using raw seismogram data, the spatial extent of
the  short  period  network  (spanning  >90 km distance  from Kīlauea)  is  most  appropriate  for
investigating long-range effects of volcanic tremor on Green’s functions, and for simplicity we
avoid mixing different networks with differing instrument responses.

2.3.2 Ambient seismic noise

Seismic noise is a continuous phenomenon primarily generated by ocean waves. Noise spectra
display a dominant microseismic peak at around 0.2 Hz (Webb, 1998). About this spectral peak,
energy decreases moderately towards higher frequencies and sharply towards lower frequencies
(Webb, 1998). Figure 2.2 shows spectrograms for three short-period stations on Hawai‘i,  the
locations of which are shown in Figure 2.1 (note that no instrument response correction has been
applied and that the short-period instrument response rolls off below 1 Hz; the rapid amplitude
decay below 0.2 Hz is partly due to this rolloff). The spectrograms all display noise peaks at ~
0.25 Hz throughout the 2.5 year time period, with more energetic and broader peaks in winter
than in summer. This seasonal variability is likely caused by ocean swells that are more energetic
in  winter  than  in  summer  due  to  the  generating  storms  being  located  predominantly  in  the
northern hemisphere (closer to Hawai‘i) during boreal winter and in the southern hemisphere
(farther from Hawai‘i) during boreal summer (e.g., Willis et al., 2004; Yang & Ritzwoller, 2008).
Such a seasonal difference in source location introduces directivity to the seismic noise field.
Despite this directivity, the spectral characteristics around the 0.25 Hz peak as described above
are similar  for  all  stations  on the Island of  Hawai‘i,  which is  key in  reconstructing Green’s
functions from pairs of receivers (section 2.4).

2.3.3 Volcanic tremor from Kīlauea volcano, Hawai‘i, 2007-2009

Our study period (May 1, 2007 to December 31, 2009) is dominated by activity associated with
the Pu u Ō ō-Kupaianaha eruption in Kīlauea’s East Rift Zone, which has been ongoing sinceʻ ʻ ʻ
1983 (e.g., Heliker et al., 2003), as well as by unrest at Halema uma u crater at Kīlauea’s summitʻ ʻ
that developed in late 2007 and early 2008 (e.g.,  Dawson et al.,  2010). We can identify two
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notable tremor sources in the seismic data and accordingly, we define three time windows of
importance.

- Pu u Ō ō time window: from May to mid-June, 2007, before the Father’s Day dike intrusionʻ ʻ ʻ
into Kīlauea’s East Rift Zone, when volcanic tremor was attributed to activity at Pu u Ō ō (seeʻ ʻ ʻ
Figure 2.3a).

- Tremor-free time window: from mid-June to end of November 2007, when strong continuous
volcanic tremor was not observed (although there were a few episodes of intermittent tremor).

-  Halema uma u time window: commencing in  December 2007, when continuous volcanicʻ ʻ
tremor levels went up in the vicinity of Halema uma u crater and were mainly characterized byʻ ʻ
frequent tremor bursts after a vent-opening explosion within the crater in March 2008 (Figures
2.3b and c).  Tremor  levels  remained elevated until  the  end of  our  study period,  but  were
intermittently interrupted by quiet periods after November 2008 – notably for several weeks in
December 2008 and July 2009 (Dawson et al., 2010).

The emitted tremor signals can be further characterized by their spectral content on the short-
period network. Stations nearest to the tremor sources show the best record of these signals.

-Station STC at ~2 km distance from the Pu u Ō ō vent reveals a strong tremor signal aboveʻ ʻ ʻ
0.5 Hz with peaks at 0.6 and 0.8 Hz – features that are stable throughout the Pu u Ō ō timeʻ ʻ ʻ
window (see Figure 2.2b; such spectral  characteristics were also reported by Matoza et  al.
(2010) from infrasonic data)

-Station URA at ~2 km distance from Halema uma u reveals more prominent spectral peaksʻ ʻ
during the Halema uma u time window. The strongest and narrowest of these peaks graduallyʻ ʻ
shifts from 0.4 up to 0.5 Hz during the first six months of 2008 and quickly decays back to
0.45 Hz, remaining stable thereafter (except for pauses in tremor emission). Slightly weaker
and broader peaks additionally exist around 0.8-1 Hz (see Figure 2.2c; these characteristics
were also reported by Dawson et al.  (2010) and Fee et al. (2010) using broadband seismic
investigations and infrasonic data, respectively).

In addition to these dominant spectral peaks, prior studies also observe weaker tremor above 1
Hz (up to 5-10 Hz with a small peak around 3 Hz for Halema uma u (Fee et al., 2010), and aʻ ʻ
broadband component at 0.5-15 Hz for Pu u Ō ō (Matoza et al.,  2010)), but we restrict ourʻ ʻ ʻ
analyses to 0.1-0.9 Hz, as typical for Green's functions studies on volcanoes (Brenguier et al.,
2007; Masterlark et al., 2010).

Tremor amplitudes vary across the seismic network and are naturally strongest  on stations
nearest to the tremor source. Thus, the effect on spectra is strongest for stations URA and STC
for Halema uma u and Pu u Ō ō tremor, respectively. With increasing distance from the source,ʻ ʻ ʻ ʻ ʻ
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tremor effects  on spectra  decrease dramatically.  At  STC, which is  at  ~16 km distance  from
Halema uma u, only the strongest tremor-associated spectral peaks are well recorded during theʻ ʻ
Halema uma u time  window.  At  URA,  separated  ~20 km from Pu u  Ō ō,  the  same tremorʻ ʻ ʻ ʻ ʻ
spectral  content  is  observed  as  at  STC during  the  Pu u  Ō ō  time  window,  but  with  lowerʻ ʻ ʻ
amplitude (see Figures 2.2b and c). In contrast, HUA (~65 km from Kīlauea’s summit) does not
reveal any spectral characteristics of the two tremor signals (Figure 2.2a). Moreover, on the raw
seismic waveforms (filtered at 0.1-0.9 Hz), a systematic decay of tremor amplitude can be seen
with  distance  from the  source  across  the  entire  short  period  network.  While  Halema uma uʻ ʻ
tremor bursts are detectable in raw waveforms up to ~30 km from the source (Figure 2.3c), both
Pu u Ō ō and Halema uma u continuous tremor are less energetic, further decreasing the rangeʻ ʻ ʻ ʻ ʻ
of detectability to <10 km (Figures 2.3a and b, respectively).

2.4 Convergence of noise cross-correlation functions to Green’s functions

In order to investigate the effect of volcanic tremor on the reconstruction of ambient noise
Green’s functions, we process data from the vertical components of all functional short period
instruments without removing instrument response, since all seismometers are of the same type.
Our data are stored in 12-hr-long time series in SAC format. We synchronize each station’s time
series  by reading in  data  for  all  stations  of  each given 12-hr  time window and running the
“synchronize” command using the SAC software. We then apply demeaning, band-pass filtering
(0.05-0.95 Hz), and decimation from 100 to 10 samples/s. We follow Bensen et al. (2007) in
performing temporal normalization (running-absolute-mean normalization using 10 s long data
segments), and spectral whitening between 0.1 and 0.9 Hz with a wavelet-shaping filter. Data
series of six hours length are then cross-correlated with +/- 250 s lag times, the cross-correlations
are divided by the root of the multiplied autocorrelations, and then stacked over a 1-day long
time window. We use these 1-day long NCFs as a basis for our analyses and perform further
stacking and normalization as appropriate (see captions of Figures 2.4, 2.5 and 2.9).

Given the ~0.25 Hz noise peak observed on all station spectrograms (section 2.2.2), it is not
surprising that in the 0.1-0.3 Hz frequency band these NCFs successfully converge to Green’s
functions. As characteristic of Green’s functions, the NCFs show a clear, dispersed surface wave
group arrival for both the negative and positive time lags, representing waves that travel from
one receiver to the other and vice versa. Successful convergence is further confirmed by the
reasonable moveouts of surface wave arrivals, as clearly observed when NCFs are plotted against
inter-station  distance  (Figures  2.5a-c).  As  exemplified  for  the  two  station  pairs,  URA-STC
(Figure 2.4a) and URA-HUA (Figure 2.4b), at 0.1-0.3 Hz the NCFs are generally stable through
time and do not display perturbations during tremor time windows. However there are intervals
when a puzzling zero time lag arrival is present on all station pairs (Figures 2.4a and b), which
we suspect  may  reflect  artifacts  from electric  noise  related  to  analog  data  telemetry  and/or
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digitization at a common unit at HVO (see supporting information S2), which may be related to
low-frequency spectral  lines seen in Figure 2.2; this zero lag arrival seems to lose its  effect
seasonally during energetic microseismic noise periods in winter.

In contrast, at higher frequency bands (0.3-0.5 Hz and 0.5-0.9 Hz), NCFs behave differently
and  anomalous  signals  appear  during  time  windows  of  known  tremor.  At  0.3-0.5  Hz,
appropriately behaving Green’s functions emerge at station pair URA-STC during our first two
time windows, whereas NCFs are contaminated by signals on one side during the subsequent
Haelema’uma’u time window (Figure 2.4c). At 0.5-0.9 Hz (Figure 2.4e), contaminating signals
are present during both Pu u Ō ō and Halema uma u tremor intervals. The basic spatial andʻ ʻ ʻ ʻ ʻ
temporal  characteristics  of  these  contaminating  signals  are  the  same  as  for  volcanic  tremor
identified in the raw seismic data (see spectrograms in Figure 2.2). Additionally, the anomalous
signals in NCFs during the Pu u Ō ō time window exhibit different time lag patterns than duringʻ ʻ ʻ
the  Halema uma u  time  window,  consistent  with  the  two  different  source  locations.  Thisʻ ʻ
consistency between tremor characteristics observed with raw seismic data and the anomalous
signal  characteristics  in  NCFs  points  towards  volcanic  tremor  as  the  likely  cause  of  NCF
contamination.

With this hypothesis in mind, it is noteworthy that these putative tremor signals are also present
in NCFs of station pairs with large distance from the tremor sources. Whereas both stations of
the URA-STC pair display tremor signals in their individual spectrograms (Figures 2.2b and c),
the  spectrogram  from  station  HUA,  at  a  distance  of  >60  km  from  both  Pu u  Ō ō  andʻ ʻ ʻ
Halema uma u, appear tremor-free (Figure 2.2a). However, NCFs of the station pair URA-HUAʻ ʻ
(Figures 2.4b, d, and f) contain similar contaminating signals as URA-STC (Figures 2.4a, c, and
e), suggesting that weak tremor signals propagate coherently to distant stations in our network.

Anomalous  signals  in  NCFs,  that  are  temporally  coherent  over  each  relevant  tremor  time
window (in that the signals are temporally stable for a given station pair), are in fact present on
all of the station pairs that we have examined. For the identified time window and frequency
band subsets (i.e., at 0.3-0.5 Hz during only the Halema uma u time window, and at 0.5-0.9 Hzʻ ʻ
during both the Pu u Ō ō and Halema uma u time windows),  the NCFs of  all  station pairsʻ ʻ ʻ ʻ ʻ
plotted against inter-station distance (see Figures 2.5f, g and i) do not show increasing travel time
moveouts as found for uncontaminated time windows and frequency bands (see Figures 2.5a-e,
and h). This lack of appropriate surface wave moveouts with inter-station distance indicates that
the Green’s functions of the three subsets (Figures 2.5f, g and i) are obscured by putative tremor
signals.
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2.5 Tremor localization from cross-correlations

Given our hypothesis that we are recovering volcanic tremor arrivals in the high-frequency
NCFs across the entire HVO seismic network,  we seek further confirmation by locating the
sources of these signals. Due to the shallowness of the tremor source (less than 1 km (Dawson et
al.,  2010)),  we  assume  predominant  surface  wave  propagation  and  hence  use  a  lateral
propagation  model  to  find  the  source  epicenter.  We  apply  a  grid-search  method  following
Shapiro et  al.  (2006),  who localized the source of the 26 s microseism from NCFs. We use
constant propagation velocities determined from a linear least-squares regression of the Green’s
function moveouts in the tremor-free time window (Figures 2.5e and h revealing velocities of 1.3
km/s at 0.3-0.5 Hz and 1.2 km/s at 0.5-0.9 Hz, respectively).

The localization is performed as follows. We construct a 0.05 degree-spaced geographical grid,
each point of which we assume represents a potential source. For each point, we calculate the
expected lag time for a given station pair (see Figure 2.6). Because the putative tremor arrivals
are affected by scattering, dispersion, heterogeneous velocity structure as well as superimposed
Green’s functions, we slice a window in the NCFs at +/- 10 s around the expected lag time. We
convert amplitudes to absolute values, sum the sliced time series, and stack the results from all
station pairs. In order to study the two different tremor sources in differing frequency bands, we
repeat this procedure for separate datasets following the subsets presented in section 2.3: a) in the
Pu u Ō ō time window at 0.5-0.9 Hz; b) in the Halema uma u time window at 0.3-0.5 Hz; c) inʻ ʻ ʻ ʻ ʻ
the Halema uma u time window at 0.5-0.9 Hz. The NCFs used for these three time windows areʻ ʻ
the same 40-day stacks shown as envelopes in Figures 2.5f, g and i. We generate three maps
(Figures  2.7a,  b  and  c),  where  highest  probable  source  location  is  associated  with  highest
amplitude.

The spatial  distribution of  summed stacked amplitude  reveals  that  the  regions  of  probable
source locations are distinct for the two tremor time windows. In the Pu u Ō ō time window atʻ ʻ ʻ
0.5-0.9 Hz, the source localizes in Kīlauea’s East Rift Zone, where the Pu u Ō ō crater complexʻ ʻ ʻ
is  located.  In the Halema uma u time window at both 0.3-0.5 Hz and 0.5-0.9 Hz the sourceʻ ʻ
localizes in Kīlauea’s summit region, where Halema uma u crater is located. Although the sourceʻ ʻ
location in the Pu u Ō ō time window is less well constrained than in the Halema uma u timeʻ ʻ ʻ ʻ ʻ
window, both results indicate two separate source regions – a finding that also holds true when

tracking the  source  location  through time for  our  entire  study period  (see  movie2 in  digital
supplemental  material  for  grid  search  in  the  0.5-0.9 Hz band,  performed in  5-day intervals,
covering 2007 May 1 to 2009 December 31). An artificial localization in these regions (e.g., due
to station configuration) can be ruled out when considering the results obtained from the tremor-

2 The movie on tremor localization is also available online as supporting information for the article 
Ballmer et al. (2013) at: http://gji.oxfordjournals.org/lookup/supp1/doi:10.1093/gji/ggt112/-DC1
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free time window (Figure 2.8). Although our approach does not yield a high-precision location,
the results agree well with our hypothesis that volcanic tremor contaminates the NCFs.

The existence of tremor signals is further revealed by examining NCFs in the reference frame
for a localized tremor source. Instead of plotting the NCFs against inter-station distance (as in
Figure  2.5),  Figure  2.9  references  the  differential  distance  between  the  tremor  source  (as
determined by the localizations) and each of the two stations. The results display single linear
trends of arrivals that are in accordance with the constant surface wave velocities determined
from Green’s function moveouts (Figures 2.5e and h). Note that we fail to reconstruct such a
single linear trend of arrivals versus differential distance for Green’s functions in the tremor-free
time window (Figure 2.8b): instead, a cross-like pattern is recovered composed of two linear
trends with opposite sign of slope.

In order  to investigate  how useful  distant stations are  for localizing the tremor source,  we
repeat the grid-search after removing stations according to some minimum distance cutoff from a
tremor source We perform a source localization using 30 km, 40 km or 50 km as minimum cutoff
distance (Figures 2.7d-l). Results in the Halema uma u time window are similar to the originalʻ ʻ
localization using all stations (compare Figures 2.7b-c with Figures 2.7e-f, h-i, k-l). However,
localization quality decreases with increasing cutoff distance (i.e., with fewer station pairs). In
the Pu u Ō ō time window the pattern obtained for a cutoff of 30 km also agrees well with theʻ ʻ ʻ
original localization (compare Figure 2.7a with Figure 2.7d). But for cutoffs of 40 km (Figure
2.7g), and particularly for 50 km (Figure 2.7j), the pattern shows more pronounced deviation.
Weaker tremor levels in the Pu u Ō ō time window (see Figure 2.2) probably cause a fasterʻ ʻ ʻ
decay  in  the  quality  of  tremor  arrivals  with  distance  and  hence  lead  to  a  lower  quality
localization using more distant stations. Nonetheless, both results demonstrate how NCFs can
extract long-range tremor arrivals and highlight their potential for estimating the source location
with stations at distances of ~ 30 km and exceeding 50 km, with location quality dependent on
source strength and station configuration.

2.6 Discussion

We present the first investigation into whether techniques used for seismic noise interferometry
may  be  applied  to  the  study of  volcanic  tremor  and how such tremor  affects  estimation  of
ambient noise Green’s functions. Due to our unique dataset that contains two separate tremor
sources,  we  are  able  to  show  that  noise  cross-correlation  functions  (NCFs)  do  not  always
converge to Green’s functions when volcanic tremor is present. This result is in accordance with
prior findings that Green’s functions may be biased due to transient signals such as earthquakes
(Yanovskaya & Koroleva, 2011) and storms (Harmon et al., 2012) as well as due to persistent
localized signals (Shapiro et al., 2009; Groos et al., 2012). Moreover, we demonstrate how NCFs
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extract surface waves from volcanic tremor over large distances that are useful to characterize
the source location.

Whereas volcanic tremor in the Pu u Ō ō and Halema uma u time windows is not apparent inʻ ʻ ʻ ʻ ʻ
the raw data for distances greater than ~10 and ~30 km, respectively, we observe tremor arrivals
in  the NCFs at  much larger  distances  (i.e.,  30 and > 50 km).  This  result  shows that  signal
coherence at 0.1-0.9 Hz is not distorted by path effects at these large distances. This finding is in
general accordance with observations by Haney (2010), who reported tremor signals to be free of
path effects at 0.2-0.4 Hz using stations with a maximum distance of ~15 km from the source.
The distances of coherent tremor signals in NCFs, however, far exceed observations with raw
data. While correlation approaches (and in particular, matched filter analyses) are known to have
success in detecting weak coherent signals, we nonetheless find it remarkable how strong tremor
arrivals  are  extracted  from initially  undetectable  tremor  signals  in  the  presence  of  energetic
ambient seismic noise that converges to Green’s functions in certain frequency bands.

Groos et al. (2012) provide an explanation for the amplification of weak signals such as tremor
with seismic interferometry. They found that cross-correlation after spectral whitening for short
window lengths of <12 hrs with subsequent stacking can enhance signals of persistent localized
sources. After spectral amplitudes are discarded, temporal and spatial stability of initially very
small signals ensure reliable emergence in cross-correlations using short windows, whereas the
emergence of Green’s functions is not efficient without signal averaging (as obtained through
correlations  using  long  windows  and/or  stacking).  Our  results  obtained  with  6-hr-long  time
windows illustrate in practice how strong the signal amplification can be. Note that Shapiro et al.
(2006)  used  sign  bit  normalization  in  their  study  of  the  26  s  microseism,  suggesting  that
generally  both  the  one  bit  as  well  as  running  absolute  mean  normalizations  are  suitable  to
amplify  persistent  localized sources.  However,  as  one bit  normalization strongly distorts  the
waveforms and has  been suggested to  negatively influence  broad-band signals  (Sabra  et  al.,
2005; Groos et al., 2012) the running absolute mean normalization might be more effective for
analyses of volcanic tremor with broad frequency content. More systematic study on the effects
of differing processing steps on persistent localized sources with various characteristics would
help in tuning the processing for more targeted amplification or suppression of such signals.

We note that many of the world’s volcanoes lack a dense seismic network, such as for various
volcanoes in the Aleutians (Neal et al., 2011) or in South America (Siebert & Simkin, 2002-), so
the ability to extract volcanic tremor signals over very large distances may provide new research
opportunities.  Our results suggest that seismic noise interferometry is generally applicable to
volcanic tremor, since Pu u Ō ō and Halema uma u tremor both produce excellent signals inʻ ʻ ʻ ʻ ʻ
NCFs despite their very different generation mechanisms and waveform character (see Matoza et
al., 2010 for Pu u Ō ō, and Chouet et al., 2010 and Fee et al., 2010 for Halema uma u). Ourʻ ʻ ʻ ʻ ʻ
localization results are consistent with prior studies, which found that the Halema uma u sourceʻ ʻ
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is located underneath the northeastern crater rim (Dawson et al., 2010) and that the Pu u Ō ōʻ ʻ ʻ
source is likely to be distributed and not originating from a single vent (Matoza et al., 2010). Our
network-based  localization  results  are  less  accurate  than  prior,  array-based  studies  of  these
tremor  sources,  particularly  when  we  only  use  distant  stations.  Nonetheless,  the  approach
presented in our paper may be a useful tool for cases, where only sparse station coverage is
available. The distance at which interpretable tremor signals can be extracted is much larger than
for array methods and even than for prior approaches specifically developed for sparse seismic
networks, such as mapping tremor’s amplitude decay with distance (e.g., Battaglia et al., 2005).

Long-range volcanic tremor signals in NCFs contaminate Green’s functions for purposes of
monitoring  temporal  velocity  changes  or  tomographic  imaging  at  Kīlauea,  highlighting  how
Green’s functions estimates may be prone to bias in volcanic settings. However, despite such
contamination, these Green’s functions might still  be useful for monitoring temporal velocity
changes given that the sources are spatially stable (Hadziioannou et al., 2009) and information
for tomography might be extracted using the method of Roux (2009) for directive noise. We
demonstrate how recovered tremor signals can be used to monitor the source location through
time (see movie S1) and hence provide a means to assess spatial source stability to ensure quality
of temporal change measurements. Finally, for tomographic imaging in volcanic settings quality
control of Green’s functions seems to require careful examination of NCFs to ensure that tremor
is not a source of contamination.

2.7 Conclusions

We demonstrate that interpretable tremor signals can be observed over large distances after
applying data processing typically used for Green’s function retrieval. Due to our unique dataset
that contains  volcanic tremor from Pu u Ō ō and Halema‘uma‘u craters lasting months andʻ ʻ ʻ
years, respectively, we are able to clearly identify signals in the noise cross-correlation functions
that have the same temporal and spectral characteristics as the known tremor. Whereas this result
could be anticipated for close-in station pairs  with good tremor record in the raw data,  it  is
surprising  to  find  tremor  signals  in  cross-correlations  for  all  station  pairs  in  the  network
considering that, beyond a certain range, path effects might strongly distort waveform coherence.
However, robust results of localizing the tremor source even with only distant stations shows that
inter-station  arrivals  can  be  extracted  with  high  quality  over  much  larger  distances  than
previously realized – findings that point towards the effective amplification of the tremor signals
over the noise. These results highlight the possibility of using seismic network data with large
station spacing for tremor monitoring of volcanoes, which might be particularly promising in
remote settings. In view of using noise-derived Green’s functions to image heterogeneity and
study  temporal  velocity  changes,  these  results  also  illustrate  how  care  should  be  taken  in
volcanic regions even when tremor may seem weak or absent in the raw data.
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2.8 Figures

Figure  2.1:  Location  of  the  USGS  Hawaiian  Volcano  Observatory  short-period  seismic
network  (black  triangles),  along  with  topography,  volcano boundaries  (white  lines),  and the
names  of  stations  for  which  spectrograms  and  cross-correlation  pairs  are  later  shown.  Inset
shows Kīlauea  summit  along  with  locations  of  Halema uma u and  Pu u  Ō ō  craters  (blackʻ ʻ ʻ ʻ ʻ
arrows), the East Rift Zone (grey shading), and other geologic structures (grey lines).
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Figure 2.2: Spectrograms for three short period stations (a: HUA, b: STC, c: URA) between
05/01/2007  and  12/31/2009  (averaged  over  five-day-long  moving  windows).  Note  that  no
instrument response correction has been applied and that the short-period instrument response
rolls off below 1 Hz. The rapid amplitude decay below 0.2 Hz is partly due to this rolloff. Signals
above ~0.55 Hz in the Pu u Ō ō time windowʻ ʻ ʻ  are strongest at station STC and several spectral
peaks  (~0.35-0.55 Hz,  0.8-0.85 Hz and 0.9-0.95 Hz) in  the  Halema uma u time windowʻ ʻ  are
strongest at station URA. These signals are attributed to volcanic tremor and are not apparent in
the spectrogram of station HUA (>60 km from the tremor sources).
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Figure 2.3: Volcanic tremor amplitude variation with distance on (a) May 1, 2007 (continuous
Pu u Ō ō tremor), (b) December 1, 2007 (continuous Halema uma u tremor), and (c) June 28,ʻ ʻ ʻ ʻ ʻ
2008 (tremor bursts and continuous tremor from Halema uma u). Left: waveforms of stationsʻ ʻ
filtered at 0.1-0.9 Hz and ordered by distance from the tremor source. Right: root-mean-square
(rms) amplitude versus distance, showing systematic amplitude decay with distance.
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Figure 2.4: Examples of noise cross-correlation functions (NCFs; five-day stacks generated
from averaging one-day stacks over a five-day-long moving window) versus time in differing
frequency bands for two station pairs (left column: URA-STC; right column: URA-HUA). Black
triangles at  topside of subfigures indicate the predicted surface wave group arrival times for
Green’s functions based on velocities determined in Figure 2.5. (a) At 0.1-0.3 Hz, the URA-STC
NCFs converge to Green’s functions, and signals around +/- 8 s represent direct surface waves.
Larger  amplitudes  of  surface  wave  arrivals  at  positive  lags  reflect  a  directive  noise  field,
consistent with STC being closer to the southeast coastline. (b) Station pair URA-HUA at 0.1-0.3
Hz with direct surface wave arrivals around +/- 35 s. (c-f) Anomalous but temporally coherent
signals are observed at 0.3-0.5 Hz (middle row) in the Halema uma u time windowʻ ʻ , and at 0.5-
0.9 Hz (bottom row) in the Pu u Ō ōʻ ʻ ʻ  and Halema uma u time windowsʻ ʻ . See text for discussion
of high energy centered at lag time 0 s in subfigures a) and b).
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Figure 2.5: Envelopes of noise cross-correlation functions (NCFs) plotted against inter-station
distance in three time windows (columns) and two frequency bands (rows). NCFs are stacked
over 40 days and amplitudes are normalized. Red dashed lines indicate predicted arrival times
based on average group velocities (2.1 km/s at 0.1-0.3 Hz, 1.3 km/s at 0.3-0.5 Hz and 1.2 km/s at
0.5-0.9 Hz), as estimated from linear regressions on moveouts in the  tremor-free time window
(middle column). Note that moveout patterns are distorted and Green’s functions are strongly
obscured at 0.3-0.5 Hz in the Halema uma u time windowʻ ʻ  (f) and at 0.5-0.9 Hz in both the Pu uʻ
Ō ōʻ ʻ  and Halema uma u time windowsʻ ʻ  (g and i, respectively).
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Figure  2.6:  Illustration  of  how  summed  stacked  amplitude  is  determined  for  the  source
localization.  Each  grid  point  (GP)  is  treated  as  a  possible  source  of  coherent  signals.  The
differential  distance,  d, between  the  source  and  two  stations,  divided  by  the  wavespeed,  v,
determines the predicted lag time,  t,  of an arrival from the source location. Then, the absolute
amplitudes within a  time window of +/-10 s around the predicted time are stacked over all
possible  station pairs  and the summed amplitude for each grid point  is  plotted in map view
(Figure 2.7).
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Figure 2.7: Results  of  grid-search  to  localize  the  source  of  contamination  in  noise  cross-
correlation functions (NCFs) during Pu u Ō ōʻ ʻ ʻ  (left column) and Halema uma uʻ ʻ  time windows of
tremor (middle and right columns). Different station subsets are used: all stations (a-c) and with a
minimum cutoff distance to the tremor source of 30 km (d-f), 40 km (g-i),  and 50 km (j-l).
Stations used are shown by inverted black triangles. The two larger triangles indicate locations of
Pu u Ō ō (black)  and Halema uma u (white).  White  lines  outline  the  coast  and geographicʻ ʻ ʻ ʻ ʻ
features. For each hypothetical source location, the summed stacked amplitudes of the station
pairs’ NCFs are plotted, with dark red colors indicating more probable source locations.
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Figure 2.8: (a)  Localization and (b) envelopes of noise cross-correlation functions (NCFs)
plotted against differential distance of the station pair to the localized apparent source in the
tremor-free time window at 0.3-0.5 Hz. Stations are shown by inverted black triangles in a). Note
that the amplitude distribution in a) does not represent predominant source region of microseism
noise. The red dashed line in b) indicates predicted lag times for arrivals from the solution for the
apparent source. Note that a cross-like pattern composed of two linear trends in b) results from
plotting  the  uncontaminated  NCFs (Green’s  functions)  that  show moveout  with  inter-station
distance in Figure 2.5e in a different order (against differential distance to an apparent source).
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Figure 2.9: Envelopes of noise cross-correlation functions (NCFs) plotted against differential
distance of the station pair to the tremor source (as determined by localization (Figures 2.7 a-c)).
NCFs are stacked over 40 days and amplitudes are normalized. Note that high amplitude arrivals
in the NCFs show single linear trends that match predicted lag times (red dashed lines) for waves
originating from the tremor sources traveling with surface wave group velocities as determined
in Figure 2.5.
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CHAPTER 3

SHORT-PERIOD RAYLEIGH WAVE GROUP VELOCITY MAPS FOR

HAWAI‘I ISLAND, FROM AMBIENT SEISMIC NOISE3

3.1 Summary

Ambient  seismic  noise  tomography has  proven efficient  to  image volcanic  structures.  Local
conditions  like  station  configuration  and  the  quality  of  dispersion  measurements  attainable
determine how well this technique performs in a given setting. Here, we have performed ambient
seismic noise tomography for the Island of Hawai‘i for the first time. After rejecting daily noise
cross-correlation functions that show signs of volcanic tremor contamination, the dataset was
reduced from ~2.5 years to ~3 months. Dispersion measurements of fundamental mode Rayleigh
waves  were  performed  from  0.1  –  0.9  Hz.  We  found  a  gradual  decrease  of  acceptable
measurements  toward higher  frequencies and,  after  additional  quality  control,  two frequency
bands with an unexpectedly high number of inconsistent measurements stand out (0.24 to 0.36
Hz and also to some extent at 0.64 to 0.78 Hz). Using a linearized inversion, we obtained robust
2D fundamental-mode Rayleigh wave group velocity maps with highest resolution in the low- to
mid-frequency band around Kīlauea and Mauna Loa volcanoes. The resulting velocity anomaly
patterns  agree  well  with  previous  earthquake-based  tomography  studies.  This  pilot  study
demonstrates the high potential of noise tomography for imaging the subsurface structures of
Hawaiian volcanoes.

3 In preparation for publication:
Ballmer, S., R. A. Dunn, M. M. Haney, C. J. Wolfe, P. G. Okubo, and C. H. Thurber, Short-period 
Rayleigh wave group velocity maps for Hawai‘i Island from ambient seismic noise, in preparation.
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3.2 Introduction

Determining the internal structure of active volcanoes is key to understanding processes such
as  edifice  construction,  magmatic  plumbing,  eruption  timing and dynamics,  or  the  chemical
evolution of magmas. A primary means for imaging the subsurface is via seismic methods, and
ambient  seismic  noise tomography (ASNT) is  a  passive  imaging technique that  can  provide
constraints  on shallow structures.  In this  method ambient  noise time series,  recorded at  two
distant receivers, are used to calculate noise cross-correlation functions (NCFs) that converge to
the elastic Green’s function: the inter-station impulse response that would result if an impulse
source located at one receiver was recorded at the other (e.g., Sabra et al., 2005a; Shapiro and
Campillo, 2004). Surface wave dispersion curves (phase or group velocity versus frequency) can
then be extracted from the NCFs, providing station-to-station travel times suitable for surface
wave tomography (e.g., Sabra et al., 2005b; Shapiro et al., 2005).

The tomographic image is constructed by inverting travel time information from all available
station-to-station propagation paths for two-dimensional velocity maps at different frequencies.
Since propagation paths are determined by the location of the station pairs, lateral resolution
depends  largely  on  station  geometry,  while  the  penetration  depth  of  a  surface  wave  is
proportional to its  wavelength,  and thus depth information depends largely on the frequency
bands used. Hence, while long period data samples deeper, ASNT with short-period data (where
surface wave energy in ambient noise is strongest (Webb, 1998)) can potentially provide high-
resolution  images  of  the  uppermost  ~10km of  the  subsurface.  The resulting  phase  or  group
velocity tomographic models can be used to determine S-wave velocity (Vs) structure. Since Vs

is sensitive to fluid-bearing material (e.g., Hansen et al., 2004; Lees, 2007), ASNT is particularly
promising in complementing local earthquake tomography in imaging shallow volcanic systems.

Short-period  ASNT has  already  proven  useful  to  image  features  associated  with  shallow
magmatic  plumbing  systems  at  a  variety  of  volcanoes,  including  Piton  de  la  Fournaise,  La
Reunion (Brenguier et al., 2007; Mordret et al., 2015),  Okmok volcano, Alaska (Masterlark et
al., 2010), Lake Toba caldera, Sumatra, Indonesia (Stankiewicz et al., 2010; Jaxybulatov et al.,
2014), Ulturuncu Volcano, Bolivia (Jay et al., 2012), Mt Asama, Japan (Nagaoka et al., 2012),
Colima Volcano, Mexico (Spica et al., 2014), Lazufre Volcanic Area, Chile/Argentina (Spica et
al., 2015), and Naruko/Onikobe volcanic area, Japan (Tamura and Okada, 2016). However, the
performance of  ASNT varies  from setting to  setting due to  network constraints  (i.e.,  station
configuration,  instrument type and recording time) and regional conditions. The noise source
distribution  and  its  variability  through  time  at  different  frequencies  are  regionally-varying
properties of the ambient noise field that fundamentally impact the quality of Green’s functions
recovery (e.g.,  Yang & Ritzwoller,  2008; Yao & van der Hilst.,  2009; Froment et al.,  2010).
Hence,  examination  of  the  regional  ambient  noise  properties  and  its  influence  on  Green’s
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function recovery is necessary in order to characterize the performance capabilities of ASNT in a
given setting.

Here,  we  conduct  the  first  ASNT  study  for  the  Island  of  Hawai‘i  and  evaluate  ASNT
performance at short periods under the given regional conditions. Our prior work (Ballmer et al.,
2013; see chapter 2) revealed that NCFs in Hawai‘i are often contaminated by volcanic tremor at
considerable distance from the source, making certain time windows unusable for surface wave
dispersion measurements. These findings question performance of ASNT in Hawai‘i, and thus
motivate an investigation of the suitability to image the Hawaiian volcanoes with this technique.
Using data from the USGS Hawaiian Volcano Observatory (HVO) short period seismic network
(see Figure 3.1) we calculate NCFs and remove tremor-bearing time windows. The remaining
NCFs are used for surface wave dispersion measurements that are inverted for Rayleigh wave
group velocity maps at high frequencies. We then compare our results with known structures
previously imaged with body wave tomography, allowing us to assess current limitations and
possible improvements for ASNT in Hawai‘i.

3.3 Previous seismic tomography studies

Several earthquake and active source seismic tomography studies carried out on a regional
scale have revealed the main volcanic structures of Kīlauea and Mauna Loa (e.g., Okubo et al.,
1997; Monteiller et al., 2005; Park et al., 2007; Got et al., 2008; Park et al., 2009; Lin et al.,
2014a), the two active volcanoes on the Island of Hawai‘i (see Figure 3.1 for volcanoes’ location
as well as location of geologic features). Low Vp anomalies are characteristic for the Hilina fault
zone in Kīlauea’s south flank and around the Kaoiki fault zone between Kīlauea and Mauna Loa
– areas that are associated with volcaniclastic sediments and hyaloclastites. In contrast, high Vp

anomalies are present beneath Kīlauea’s summit and upper rift zones, as well as Mauna Loa’s
summit and upper southeast flank. These anomalies are interpreted as the dense volcanic cores
indicative  of  persistent  magma pathways  that  are  mainly  composed  of  solidified,  uncracked
magmatic cumulates. 

Plumbing structures are roughly outlined in regional models, but greater detail is provided by
more targeted studies. In particular, better ray coverage in some studies, as well as improved
tomography techniques in others have allowed higher resolution imaging of Kīlauea’s central
features. For example, the outline of Kīlauea’s magma transfer complex, represented by high Vp

in the summit area below ~4 km depth, has been refined with double difference tomography
(Monteiller et al., 2005). Instead of one broad Vp anomaly (e.g., Thurber, 1984; Okubo et al.,
1997) the refined model reveals three connected segments: one shallow anomaly located below
the upper east rift zone, and two distinct anomalies located below the caldera rim to the south
and southwest that protrude down to ~9 km. The lack of sufficient ray coverage in the summit
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area, however, did not allow this study to resolve structure at depth <4 km. In contrast, Dawson
et al. (1999) employed additional stations in the summit area. The resulting improved resolution
at depths <4 km provided evidence for an active magma storage zone as indicated by low Vp

values below the southern caldera / upper east rift zone, a feature that had also been observed by
Thurber (1984) and Rowan & Clayton (1993). Likewise, Haslinger et al.  (2001) employed a
temporary array in the east rift zone, an experiment targeted at finding a possible deep magma
body. A sizeable low Vp anomaly at 9 km depth seemed to provide evidence for such a feature.

Knowledge  of  S-wave  velocities  (Vs)  in  addition  to  Vp,  however,  is  critical  in  order  to
unambiguously identify fluid-bearing material. A high Vp/Vs ratio in addition to generally low Vp

and Vs is a widely used indicator to identify active magma reservoirs. In Hawai‘i, four studies
have addressed Vp/Vs. First, Dawson et al. (1999) focused on Kīlauea’s summit and imaged high
Vp/Vs values at shallow depth below the caldera confirming the existence of a magma reservoir
in that area as proposed by earlier Vp studies (Thurber, 1984; Rowan & Clayton, 1993). The
extent of this high Vp/Vs zone also revealed that partial melts in the magma reservoir are likely
distributed within two distinct zones instead of one. These two zones coincide with the broader
low Vp volume, which may represent a broader region of high temperatures. The next two Vp/Vs

models (Hansen et al., 2004, and Lin et al., 2014b) targeted the hypothesized deep magma body
in the east rift zone (Haslinger et al., 2001). Hansen et al. (2004) did not find elevated Vp/Vs

ratios in that area, and concluded that the low Vp anomaly at 7 km depth located beneath the
central east rift zone might be caused by a trapped CO2-reservoir. In contrast, Lin et al. (2014b)
revealed a zone of high Vp/Vs ratios at 9 km depth beneath the upper east rift zone that coincides
with low velocities in both Vp and Vs – a finding that seems to confirm the presence of a magma
body in the deep east rift zone. Lastly, Lin et al. (2014a) presented the only Vp/Vs model so far
that extends beyond Kīlauea’s summit and rift zones.

3.4 Calculation of noise cross-correlation functions (NCFs)

Noise records for this study were obtained from the permanent short period network on the
Island of Hawai‘i (see Figure 3.1 for location) that is operated by the USGS Hawaiian Volcano
Observatory  (Nakata,  2007;  Okubo  et  al.,  2014).  The  initial  dataset  includes  2.5  years  of
continuous data (May 2007 to December 2009), recorded by 38 instruments. During the span of
the recordings, most of the short period stations (~80%) were equipped with single-component,
vertical-only seismometers, with a natural frequency of 1 Hz. Accordingly, we processed data
from the vertical component only in the 0.1-0.9 Hz band, following other ASNT studies that
employed  fundamental  mode  Rayleigh  waves  to  image  shallow  volcanic  structures  (e.g.,
Brenguier et al., 2007; Masterlark et al., 2010; Stankiewicz et al., 2010; Nagaoka et al., 2012;
Spica et al., 2015; Tamura & Okada, 2016).
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Noise  cross-correlation  functions  (NCFs)  were  calculated  after  a  series  of  data  processing
steps.  After  correcting  ~5% of  the  data  for  corruption  (see  Appendix  A),  we  synchronized
recording  times  and  processed  12-hour-long  single  station  data  series  in  a  similar  way  as
suggested by Bensen et al. (2007): demeaning, bandpass filtering at 0.05-0.95 Hz, decimation
from  100  to  10  samples  per  second,  temporal  normalization  using  a  running  rms  value
(Masterlark et al., 2010), and spectral whitening. From the processed records, 6-hr-long traces
were then cross-correlated (±250 s lag time) for all possible station pairs resulting in two-sided
NCFs (i.e., including negative and positive lag times). We normalized these NCFs by multiplying

with  (bn and dn being the data points of the two data series used in the cross-
correlation), and then stacked four of them to obtain a daily NCF for each of the 703 station
pairs.

3.5 Convergence to Green’s functions

As a basic means to ensure data quality for noise-based tomographic imaging, any obvious
deviations from the NCFs converging towards the Green’s function should be removed from the
dataset. We reported such deviations in our prior work (Ballmer et al., 2013; see chapter 2; based
on the same dataset and processing as used in this study): both, volcanic tremor and a signal at
the NCFs’ zero time lag, strongly contaminate the NCFs in certain time windows and frequency
bands.  We aim at removing contamination by cutting out affected time windows rather  than
affected frequencies, so as not to compromise depth resolution for ASNT. Although we roughly
outlined such time windows already in our prior work, we here examine NCFs in greater detail
(i.e., on a daily basis) so that we remove only as many days as necessary from the dataset.

Two station pairs that are located close to the tremor sources (Halema’uma’u and Pu’u’O’o;
Figure  3.1)  were  chosen  to  identify  contaminated  days.  First,  these  station  pairs  are  most
sensitive to tremor occurrence, as they should exhibit higher tremor amplitudes than station pairs
farther away. Second, these station pairs also allow the identification of days that are affected by
the signal at the NCFs’ zero time lag, because it occurs simultaneously for all station pairs (see
section 2.3). When one of the two examined station pairs showed signs of contamination for a
given day, we excluded that day’s NCFs for all station pairs in our dataset.

Expecting NCFs amplitudes to be relatively high when unwanted signals are superimposed, we
used the level of absolute amplitudes in daily NCFs as a quantitative criterion to detect such
signals. From our prior work we know that tremor contamination affects NCFs at various time
lags  in  the  range of  0.3-0.9  Hz.  We therefore  addressed  tremor  contamination  by  summing
absolute amplitudes over the entire length of one daily NCF at 0.3-0.9 Hz and plotted one value
for each day for comparison (Figure 3.2, left hand side). Similarly, we know that the puzzling
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signal at the NCFs zero time lag occurs at 0.1-0.3 Hz, and hence, we aimed at revealing the days
containing this signal by summing absolute amplitudes over two seconds centered on the NCFs
zero time lag at 0.1-0.3 Hz (one value for each day is plotted in Figure 3.2, right-hand side). As
expected,  days  with anomalously high amplitudes  correspond well  to  the  contaminated  time
windows outlined in our prior work (see Figure 2.4 in chapter 2). We visually examined the
amplitude levels of the four panels in Figure 3.2 and defined a separate threshold for each panel,
up to which we consider NCFs to be free of contamination. Only days that pass this criterion for
all four panels (i.e., for both station pairs in both frequency bands) were included in the final
dataset: about 100 days out of 2.5 years (exact number of days differs between station pairs due
to station-specific data gaps).

We then stacked the NCFs of the uncontaminated days into a final NCF for each station pair
and checked if the deduced surface wave travel times are generally reasonable. For this purpose,
the  two sided NCFs of  all  703 station  pairs  were  plotted  against  their  inter-station  distance
(Figure 3.3). Arrival times are clearly observed at increasing lag-times with increasing station
separation  and  are  within  reasonable  bounds  for  Rayleigh  wave  group  velocities  at  these
frequencies. In the lowest frequency band (i.e., 0.1-0.3 Hz; Figure 3.3a) these arrivals are most
distinct, while they get more complex toward higher frequencies (Figures 3.3 b, c and d at 0.3-
0.5 Hz, 0.5-0.7 Hz, and 0.7-0.9 Hz, respectively). Accordingly, we are confident that the dataset -
although temporally truncated - is generally suitable for surface wave dispersion measurements
and subsequent ASNT for Hawai‘i Island. Nonetheless, further quality control is applied during
dispersion measurements (section 3.6) and during the inversion (section 3.7). As a final step to
further  enhance  NCF  quality,  we  folded  the  NCF’s  positive  and  negative  side  to  form the
symmetric component (e.g., Bensen et al., 2007).

3.6 Rayleigh wave group velocity dispersion measurements

In order to build a travel time dataset for seismic tomography, we measured Rayleigh wave
group velocities  with automatic  frequency time analysis  (FTAN) (e.g.,  Levshin et  al.,  1992;
Levshin and Ritzwoller, 2001). A narrow Gaussian filter centered on the frequency of interest
(0.1-0.9 Hz in steps of 0.01Hz) was applied to each station pair’s final NCF. The envelope of this
narrowband signal for each frequency was extracted and plotted as a function of seismic velocity
as given by the the inter-station distance divided by the NCF’s lag time (Figure 3.4a shows an
example for one station pair). The highest amplitudes of each envelope are assumed to represent
the fundamental mode Rayleigh wave with the location of the envelope’s maximum indicating
the group arrival time (e.g., Bensen et al., 2007). In a first step, we automatically picked these
maxima within a window given by a minimum and maximum acceptable velocity of 0.5 and 4
km/s,  respectively.  Resulting preliminary dispersion curves for all  station pairs  are shown in
Figure 3.4b.
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Because many of the preliminary curves (Figure 3.4b) do not exhibit a naturally smooth shape,
we visually inspected each station pair’s dispersion curve individually and rejected low quality
measurements. The signal to noise ratio (SNR) of a measurement has commonly been applied in
previous ASNT studies as a measure for quality. However, it is likely to be unsuitable for the
present  dataset  due  to  the  possibility  of  remaining  volcanic  tremor  (or  of  other  continuous
localized sources) appearing close to the expected Rayleigh wave arrival in the NCFs. Therefore,
we disregarded SNR and evaluate a measurement’s quality based on its agreement with other
measurements.  In  more  detail,  we rejected  automatic  measurements  that  cause  jumps  in  the
dispersion curve (e.g., black parts of the automatically determined dispersion curve in Figure
3.4a) or that are ambiguous due to the presence of other high amplitude signals in the arrival
window. Additionally, we rejected measurements at frequencies corresponding to wavelengths
greater than one inter-station distance (as applied by Brenguier et al. (2007) and Masterlark et al.
(2010)).  The  resulting  selection  of  dispersion  curves  (Figure  3.4c)  and  the  total  number  of
remaining measurements at each frequency (Figure 3.4d) reveal a gradual decrease of acceptable
measurements  toward higher frequencies (maximum of ~460 measurements around 0.18 Hz;
minimum of ~120  measurements at 0.9 Hz) – a trend that is likely caused by the decrease of
secondary microseismic energy away from it’s peak around 0.2 Hz (e.g., Webb et al., 1998).

3.7 2-D inversion procedure

Assuming ray theory acceptable along with straight propagation paths (i.e., along great circles),
we set up a linearized inversion problem to obtain group velocity maps at each frequency band.
The  data  consists  of  the  measured  group  velocity  travel  times  of  Rayleigh  waves  passing
between stations; and the yet unknown wave speed model has been parameterized with nodes on
a 2x2 km square grid not taking into account topography (an acceptable approximation according
to Köhler et al. (2012)). The matrix of partial derivatives that relate changes in the data (the
travel times) to perturbations in the slowness model (the reciprocal of the wave speed) essentially
contains weighting factors for each model parameter as to how much it effects each propagation
path (similar to Dunn et al., 2005) – something that we base on a frequency-dependent zone of
influence for each propagation path. Since it is likely that not all model parameters are well
resolved by the data, we stabilized the solution by extending the matrix with additional constraint
equations in form of damping and smoothing, i.e., penalties on both the magnitude and curvature
of  the solution.  The slowness  model  can  then  be determined by finding perturbations  to  an
initially homogeneous starting model (we use the reciprocal of the median of all station pairs’
measured group velocities): Travel time residuals (the difference between the measured travel
times and those based on the initial model) are calculated and then multiplied by the generalized
inverse of the matrix containing the partials. The obtained slowness perturbations are then added
to the initial  model,  with the reciprocal  yielding the group velocity  map.  After  choosing an
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appropriate smoothing factor with regard to the ability of recovering sharp velocity contrasts of
checkerboard resolution tests with 15x15 km velocity heterogeneities, the damping parameter is
determined through the L-curve criterion, i.e., considering the trade-off between rms misfit and
model variance (such as in Lin et al. (2014a) for example).

The final group velocity maps, however, were not obtained through one inversion for each
frequency, but with a bootstrap approach to the above described method followed by additional
data revisions. In order to highlight the effect of remaining bad measurements, we set the initial
damping parameter intentionally low. With this setting, we performed 1000 separate inversions,
each with 90% of the data,  selected randomly. The results were averaged into a preliminary
group velocity map and the standard deviation (std) was calculated (Figures 3.5a and b show
0.16 Hz as an example). As suspected for an under-damped inversion with data inconsistencies,
the resulting group velocity maps show artifacts (e.g., group velocity as high as 8 km/s at the
western margin of the model for 0.16 Hz, Figure 3.5a). Considering that bad measurements (i.e.,
inconsistent with the majority of measurements) are likely to alter an under-damped velocity
model  considerably  when included in  the  inversion  versus  excluded  from the  inversion,  we
identified bad measurements based on how much they contribute to the std map. Hence,  we
assigned  each  propagation  path  a  value  for  its  std  contribution  by  calculating  the  forward
problem in the following way:

A·std=std_c, with A being the same matrix of partial derivatives as used for the inversion,  std
being a vector of standard deviations from the bootstrap approach, and std_c being a vector with
each  propagation  path’s  contribution  to  the  std.  Each  std_c value  was  then  divided  by  the
respective propagation path length providing std contribution per unit length.

The number of propagation paths with a certain std contribution is shown in Figure 3.5c. At
low frequencies (0.12-0.22Hz) a majority of propagation paths occupies a very narrow range at
low  std  contribution  suggesting  that  measurements  are  consistent.  At  higher  frequencies,
however,  std  contributions  of  propagation  paths  are  much  more  spread  out  and  tend  to  be
generally higher, meaning that the velocity measurements do not agree as well with each other as
at low frequencies – a trend that is very similar to the decrease in number of hand-selected
dispersion measurements toward higher frequencies (see section 3.6).

In order to find an appropriate cutoff value for the exclusion of propagation paths with high std
contribution,  we  investigated  the  effect  on  the  model  of  different  cutoff  values  for  each
frequency. As the main criterion, we use the occurrence of unrealistically high velocities in the
model.  For  this  purpose,  we  performed  inversions  for  all  possible  cutoff  values,  where
propagation paths with higher std contribution are excluded. At each frequency we then plotted
the model’s highest group velocity for each cutoff value (Figure 3.5d). A distinct jump from
reasonable to unreasonable values for most frequencies allowed for a straight-forward selection
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of the cutoff value, i.e., so that the model would include a maximum of propagation paths while
avoiding unrealistic velocity extremes (we chose the cutoff value so that the model’s maximum
velocity would not deviate more than 250% from the median velocity). With the resulting refined
dataset  we  determined  an  appropriate  damping  factor  via  the  L-curve  criterion  for  each
frequency and performed one final inversion that lead to the group velocity maps as presented in
section 3.8. The number of propagation paths per frequency as used for the inversions is shown
in  Figure  3.4d,  and  the  location  of  used  and  discarded  propagation  paths  for  a  subset  of
frequencies is  shown in the left-hand panels of Figures 3.6-3.9.  We note that the number of
propagation paths has considerably decreased in the range 0.24 to 0.36 Hz and also to some
extent at 0.64 to 0.78 Hz (Figure 3.4d) due to the occurrence of strong model artifacts for certain
datasets (see Figure 3.5d).

3.8 Rayleigh wave group velocity maps

With the refined dataset, we have solved for Rayleigh wave group velocity maps along with
checkerboard resolution tests for the considered frequency range (0.1 to 0.9 Hz in steps of 0.02
Hz). Comparing the resulting images, we found that velocity structures vary mostly smoothly
from  frequency  to  frequency  as  expected  based  on  successively  changing  surface  wave
penetration depths. In Figures 3.6-3.9 inversion results along with map plots of the underlying
velocity  measurements  are  presented  at  just  eight  frequencies.  These  were  selected  so  that
characteristic features of the underlying data and of the resulting models are well represented
across the total frequency range, resulting in more images at lower frequencies where sampling
differences are larger. Plots of group velocity maps at all frequencies are shown in Figures B.1
and B.2 in the Appendix.

The low-frequency models (0.12, 0.16 and 0.2 Hz; Figure 3.6 and top panels of Figure 3.7) are
based  on  the  largest  datasets  (with  a  maximum at  0.18  Hz,  see  Figure  3.4d)  and cover  an
extensive area of the island. Good resolution (as tested with a checkerboard test with 15x15 km
velocity heterogeneities) is achieved across most of the southern part  of the island including
Kīlauea and Mauna Loa with their summits and rift zones and, for 0.16 and 0.2 Hz, as far north
as Mauna Kea (see right-hand panels in Figures 3.6 and 3.7). Most of these geologic structures
are well delineated by the imaged heterogeneities except for Mauna Loa’s northeast rift zone that
does not show any obvious correlation with structures in the seismic images. High velocities
(relative to the average for each image) appear beneath Kīlauea’s rift zones and summit, and
Mauna Loa’s southwest rift zone and summit (but not at 0.12 Hz, where the summit does not
show any anomalies; compare Figure 3.6b with Figures 3.6e and 3.7b). Low velocities dominate
between these areas, particularly south of the Hilina fault zone, north of Kīlauea’s east rift zone,
in-between the summits of Kīlauea and Mauna Loa, and west and northwest of Mauna Loa’s
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summit all the way to Hualālai (Figures 3.6b, 3.6e and 3.7b). A moderately high velocity feature
is  imaged just  north  of  Mauna Loa’s  summit  at  0.16 Hz replaced by a  strong low-velocity
anomaly at 0.2 Hz (compare Figure 3.6e with 3.7b). Considering the underlying data (Figures
3.6d  and  3.7a)  it  seems  that  the  fast  anomaly  is  mainly  based  on  the  appearance  of  one
measurement, thus not a robust feature of the image. Moreover, the high-velocity feature that
characterizes Mauna Loa’s southwest rift zone is confined to the lower rift zone at 0.12 Hz,
whereas  it  extends  toward  the  summit  and  into  the  southeast  flank  at  0.16  Hz  and  0.2Hz
(compare Figures 3.6b, 3.6e, and 3.7b). Besides these dominant structures, a moderate small-
scale velocity contrast of a low-velocity anomaly below the eastern part of Kīlauea’s caldera /
upper east rift zone area with a high-velocity anomaly to the southwest, is noteworthy at 0.2 Hz
(and 0.12 Hz, but a little further down the east rift zone; Figure 3.6b), as it becomes very distinct
at 0.26 Hz (Figures 3.7b and e). Additional checkerboard tests for velocity heterogeneities of 6x6
km (see Figure B.3 in the Appendix) suggest that the models up to 0.32 Hz have the potential to
recover velocity heterogeneities of this small size, albeit only in Kīlauea’s summit / upper rift
zones. The amplitudes of imaged velocity anomalies are much stronger for fast features. Whereas
slow features deviate from the average velocity by only about -30 to -40%, amplitudes of fast
feature deviations are twice as high (~65 - 80%).

The mid- frequency models (0.26, 0.36 and 0.46 Hz, bottom panel of Figure 3.7 and all of
Figure  3.8)  cover  a  smaller  area  than  the  low-frequency models  since acceptable  dispersion
measurements gradually decrease toward higher frequencies (see Figure 3.4). Whereas the model
area at 0.46 Hz represents this gradual trend, the models at 0.26 and 0.36 Hz are within the
frequency  range  where  we  rejected  an  anomalously  high  amount  of  propagation  paths  (see
Figure 3.5c and d) resulting in much smaller model areas. The southern part of the island around
Mauna Loa and Kīlauea however, is well resolved (see Figures 3.7f, 3.8c and 3.8f). Comparable
to the lowest frequency models, there are high velocities along Mauna Loa’s southwest rift zone
(except  for  0.36 Hz which  does  not  cover  this  area)  extending into  its  southeast  flank,  and
beneath Kīlauea’s east rift and upper southwest rift zone (Figures 3.7e, 3.8b and 3.8e). Also, the
low-velocity anomaly in the Hilina fault area is still present in this frequency band, although it is
more confined and of lower amplitude compared to the low-frequency models.  The velocity
structure beneath Kīlauea’s and Mauna Loa’s summits, however, is different from the rather high
values in the lower frequency band: Whereas a sharp contrast of a distinct low-velocity anomaly
in Kīlauea’s summit / upper east rift zone area (similar in size to Kīlauea’s caldera) with a high-
velocity  anomaly to the southwest  at  0.26 Hz (Figure 3.7e) can also be observed at  0.2 Hz
(compare Figure 3.7e with 3.7b), Kīlauea’s summit is mostly dominated by low velocities at 0.36
and 0.46 Hz (Figures 3.8b and e). Mauna Loa’s summit is characterized by rather low velocities
throughout  this  frequency  band,  although  there  are  small-scale  features  of  moderately  high
velocity present in the summit area. The bigger-scale features around Kīlauea and Mauna Loa are
generally  well  determined based on the  checkerboard  resolution  tests,  whereas  smaller-scale
features can only be recovered in Kīlauea’s summit and upper east rift zone up to ~0.32 Hz, but
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not in Mauna Loa’s summit area (as tested with 6x6 km checkerboard tests; Figure B.3 in the
Appendix). Comparable to the low-frequency images, the amplitudes of low-velocity anomalies
deviate  by  about  -35% from  the  average  velocity,  whereas  the  amplitudes  of  high-velocity
features reach one of the highest deviations from the average at 0.26 Hz (143%) and moderate
values of ~80% at 0.36 and 0.46 Hz.

The high-frequency models (0.6 and 0.8 Hz, Figure 3.9) cover a considerably smaller area
around Mauna Loa and Kīlauea, mainly due to rejected propagation paths in the southwest and
northeast of the island (see Figures 3.9a and d), though the area covered by the model at 0.6 Hz
is  still  comparable  to  mid-frequencies  (0.46  Hz).  Whereas  Kīlauea’s  summit  still  shows
moderately low velocities at 0.6 Hz, it is dominated by relatively high velocities at 0.8 Hz just as
its rift zones at both frequencies. The contrast between the high velocities along Kīlauea’s rift
zones with low velocities in the Hilina fault system to the south is a robust feature throughout all
frequency  bands.  Similar  to  mid-frequencies,  Mauna  Loa’s  summit  shows  moderately  high
velocities surrounded by an extensive low-velocity zone to the west and north at 0.6 Hz, whereas
this  area is  not  resolved at  0.8 Hz.  Two small-scale  low-velocity  features  that  were already
present, but less pronounced, at 0.46 Hz become very distinct at 0.6 Hz: one, just southeast of
Mauna Loa’s  caldera,  and the second located further  toward the northeast,  just  south of the
northeast rift zone, with an elongated shape in east-west direction (Figure 3.9b). At 0.8 Hz these
two features are less pronounced. Based on checkerboard resolution tests,  the central  part of
Kīlauea and Mauna Loa’s southeast flank are well determined with resolution quickly decreasing
beyond these areas. The amplitudes of imaged velocity features are similar to the low-frequency
models ranging from -30% to 65% for slow and fast anomalies, respectively.

3.9 Comparison with previous studies and interpretation

Despite  the obvious  sampling differences  between body waves  and surface waves  and the
inherent differences in depth representation, if we apply the simple rule that the peak depth of
Rayleigh wave sensitivity is 1/3 that of the wavelength (as used by Yang&Forsyth (2006) and
Spica et al. (2014) for example) the Rayleigh wave group velocity maps can be compared to
previous body wave models. The regional body wave images reach as shallow as 2-3 km below
sea level (e.g., Okubo et al., 1997; Park et al., 2009; Lin et al., 2014a). Accordingly, only low-
frequency Rayleigh wave models overlap in depth representation (peak sensitivity is roughly at 7
km below the surface for 0.12 Hz and ~3.5 km below the surface at 0.2 Hz) with variations
dependent on topography (i.e., Kīlauea’s caldera lies at ~1 km above sea level and Mauna Loa’s
caldera at  ~4 km). In contrast,  mid-  and high-frequency models are not  well  represented by
previous  studies  (except  for  local  studies  such as  Dawson et  al.  (1999) that  focuses  on  the
uppermost kilometers in Kīlauea’s summit area).
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At low frequencies, the most obvious similarities with previous studies are the high velocities
delineating  the  volcanic  cores  of  Kīlauea  and  Mauna  Loa  with  low-velocity  anomalies  in-
between. In particular, the robust contrasts between Kīlauea’s summit and rift zones (high) with
the Hilina fault  system to the south and the Kaoiki fault system in-between Mauna Loa and
Kīlauea (low) compare very well to structures imaged in the depth layers down to ~8 km of
previous  S-  and  P-models  –  features  that  have  been  interpreted  as  a  contrast  between  high
density magmatic cumulates and volcaniclastic sediments (e.g., Okubo et al., 1997; Park et al.,
2009; Lin et al., 2014a; Lin et al.,  2014b). Moreover, the high Rayleigh wave velocities that
extend  from Mauna  Loa’s  southwest  rift  zone  into  its  southeast  flank  resemble  previously
imaged  P-  and  S-  wave  structures  in  the  upper  ~6  km,  particularly  when  considering  that
Rayleigh wave group velocity maps are sensitive to a greater depth range than the body wave
images. This feature has been associated with magmatic pathways, and, because in most images
it is mainly located underneath the southeast flank and not the southwest rift zone, a possibility
of an abandoned rift zone has been suggested (Okubo et al., 1997; Park et al., 2009; Morgan et
al., 2010; Lin et al. 2014a, 2014b; Zurek et al., 2015).

In addition, the low-frequency group velocity maps exhibit features comparable to previous
studies that are not part of the main structures described above. The area south of Mauna Kea
summit in which we find a high-velocity anomaly resembles a feature of the P-wave model of
Park et  al.  (2009) that  was imaged at  depths  ranging from 3 km below sea  level  (near  the
summit) to 10 km (further south) and interpreted as an old rift zone that might have been limited
southward  by  the  growth  of  Mauna  Loa.  We  note  that  this  area  is  not  covered  by  other
earthquake-based studies since long recording times are required to gain sufficient data coverage
in an area where stations and earthquakes are sparse (Park et al. (2009) collected data over 34
years). Another noteworthy feature is the small-scale low-velocity anomaly in Kīlauea’s upper
east rift zone at 0.12 Hz. Although the anomaly is weak, it is similar in size and location to the
low Vs anomaly  at  9  km below sea level  in  the model  of  Lin et  al.  (2014b) that  has  been
interpreted as a magma chamber due to its coincidence with a high Vp/Vs anomaly. Given that the
peak sensitivity of 0.12 Hz is a little shallower than 9 km and that the anomaly disappears toward
higher frequencies, the model at  0.12 Hz might likely cover the top of the potential  magma
chamber.

Although  mid-frequency  models  do  cover  structures  beyond  Kīlauea  summit  (where  the
imaged features look similar to low frequencies), Kīlauea’s caldera is the only area comparable
to previous studies due to very limited prior results for these shallow depths. The most  striking
feature of the mid-frequency models is the small-scale low-to-high-velocity contrast below the
southern part of Kīlauea’s caldera appearing between 0.2 and 0.3 Hz (maximum sensitivity at
~3.5-2 km depth) – a feature remarkably resembling the model of Dawson et al. (1999), where a
similar low-to-high contrast in P-wave velocities has been imaged at ~1-2.5 km below sea level
(with Kīlauea’s caldera being at ~ 1 km above sea level, these depths correspond to ~ 2-3.5 km
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below the surface).  At shallower depths, the velocity contrast  in the model of Dawson et al.
(1999) turns into a broader P-wave anomaly centered on the southern rim of the caldera – a
change that is also imaged by the group velocity maps presented here, showing low velocities in
Kīlauea’s caldera at frequencies above 0.3 Hz (at these higher frequencies, however, resolution is
not sufficient for small-scale features). Because the P-wave anomaly coincides with a two-fold
high Vp/Vs anomaly, the feature has been interpreted as a magma storage zone (Dawson et al.,
1999). In addition to this interpretation, parts of the low velocity features in this area might well
be caused by hydrothermal effects, the surface and near-surface expressions of which have been
documented along the upper east rift zone - particularly in the Puhimau thermal area (Dunn and
Hardee, 1985; Bartel and Jacobson, 1988; McGee et al., 2006).

Mauna Loa’s elevation at ~ 4 km above sea level sets its shallow structures in the summit area
outside the resolved depth levels of previous tomography studies. Nonetheless, the low-velocity
anomalies  south-southeast  of  Mauna  Loa’s  caldera  imaged  at  mid-to-high  frequencies  (i.e.,
consistently appearing at ~0.22 – 0.9 Hz) possibly represent a magma storage system that has
been proposed by numerous studies (based on deformation and tilt) to be located in this area at
depths of ~ 3-4 km (overview given by Poland et al., 2014).

In addition to body wave tomography studies, density models based on residual gravity data
provide insight into the volcanic structures and can be compared to the Rayleigh wave group
velocity maps.  Kauahikaua et  al.  (2000) and Flinders et  al.  (2013) inverted gravity data and
found that high-density bodies outline the cores of the volcanoes, where high-density olivine-rich
cumulates and intrusive complexes are indicative of magma pathways. Considering that these
high-density bodies span almost the entire depth range down to ~20 km (Flinders et al., 2013), it
is not surprising to find good agreement with the location of fast-velocity features imaged in the
low-frequency Rayleigh wave models.  In particular,  the high velocities  underneath Kīlauea’s
summit, east rift zone and upper southwest rift zone, as well as the broad high-velocity zone in
Mauna Loa’s southwest rift zone / southeast flank match very well with the extension of the
gravity-based high-density bodies. Moreover, the location of the high-velocity anomaly south of
Mauna Kea’s summit correlates with the southward extension of the high-density body centered
beneath Mauna Kea in the model by Kauahikaua et al.  (2000), although this feature is much
more confined to the summit area in the model by Flinders et al. (2013).

In contrast to the high-density bodies, the gravity-based models also reveal areas that stand out
for their lack of high-density material. These areas are located north of Kīlauea’s east rift zone as
well  as  to  the  Northwest  of  Mauna  Loa’s  summit,  in-between  Hualālai  and  Mauna  Kea
(Kauahikaua et al., 2000), which coincide with the location of noticeable low-velocity anomalies
in the Rayleigh wave group velocity images. The distance of these areas to the volcanic centers
together with the low density of the material suggests that the low velocities here most likely
represent physical property effects, such as increased porosity that might be expected for lava
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flows or volcaniclastic sediments, as has been interpreted for the Kaoiki and Hilina Fault zone
areas described above.

3.10 Discussion and Conclusion

Although the  obtained Rayleigh  wave group velocity  maps  agree  very  well  with  previous
results,  the  removal  of  volcanic  tremor  from  the  daily  NCFs  and  the  resulting  temporally
truncated  dataset  raise  the  question  whether  the  used dispersion  measurements  and thus  the
obtained velocity maps might be biased. Ocean-generated noise sources are typically directive
and thus they generally do not meet the theoretical requirement of a homogeneous noise source
distribution (e.g., Yang & Ritzwoller 2008). This condition suggests a requirement for NCFs to
be stacked over at least a year, so that the seasonally-varying noise field be averaged and yield a
more uniform distribution. Meanwhile, numerous studies have investigated the effect of non-
homogeneously distributed sources and developed corrective methods for the induced bias (e.g.,
Tsai, 2009; Weaver et al., 2009; Yao & van der Hilst, 2009; Froment et al., 2010; Harmon et al.,
2010). However, these studies have shown that biases of recovered velocity structures tend to be
small (<1%) (e.g., Froment et al., 2010; Harmon et al., 2010) even for short recording times (e.g.,
one month-long as demonstrated by Yao and van der Hilst, 2009, for data from Tibet). Noise-
source-distribution-induced biases therefore seem to be negligible even for the short stacking
time  (i.e.,  three  months)  in  this  study.  It  remains  to  be  investigated,  however,  whether  the
location of Hawai‘i in the middle of the Pacific ocean results in a more homogeneous noise
source  distribution  than  in  continental  setting,  or  whether  the  strong  seasonal  variability  in
dominant  ocean  wave  direction  (e.g.,  Willis  et  al.,  2004;  Yang & Ritzwoller,  2008)  has  an
adverse effect in this setting.

Even if  biases from a non-homogeneous source distribution were negligible,  superimposed
signals from persistent localized sources can strongly affect the ability of retrieving accurate
dispersion  measurements  from  NCFs.  Whereas  our  dataset  showed  obvious  signs  of
contamination of one such source (i.e., volcanic tremor in addition to possibly electric noise) that
we removed, we cannot rule out precursory arrivals in the NCFs caused by the presence of less
obvious signals such as remaining volcanic tremor, higher modes energy (e.g., Kimman et al.,
2012) or arrivals from near-coastal wave action (e.g., Tian & Ritzwoller, 2015). Especially the
high number of inconsistent measurements at limited frequency bands (i.e., at 0.24 to 0.36 Hz
and also to some extent at 0.64 to 0.78 Hz) might be due to contamination, though the origin
remains unknown (we note that these frequency bands are different from those bands where
volcanic tremor has been clearly identified (Ballmer et al.,  2013; see chapter 2)). In order to
avoid  such  contaminations  causing  biased  velocity  models,  we  rejected  a  high  number  of
inconsistent measurements. Nonetheless, a noticeable disparity between amplitudes of fast and
slow velocity  anomalies  (particularly  pronounced  in  the  above  mentioned  frequency  bands)
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indicates that measurements used for the inversion might still be biased toward fast velocities.
We tested a more restrictive data rejection (i.e., a lower cutoff values for the std contribution),
but  found that  imaged velocity anomaly patterns remained virtually unchanged,  except for a
strong decrease of the area resolved by the models.

A more thorough investigation of the local noise characteristics together with possibly longer
time series will likely be the most important step towards more complete data coverage and thus
higher resolution ASNT models in the future. In the present models, data coverage gradually
decreases  towards  higher  frequencies  due  to  data  rejections  for  quality  reasons.  Another
improvement  may result  from inversion  for  noise  source  distribution  in  addition  to  velocity
structure (e.g.,  Ermert et al.,  2016). Nevertheless, the current velocity models are robust and
meaningful  within  the  resolved  area,  even  for  only  three  months  of  data,  as  shown  by
comparison with previous studies (see section 3.9). Temporally truncating the dataset in order to
avoid the contamination by volcanic tremor does not seem to have a fundamental impact on
ASNT in Hawai‘i. These promising results demonstrate the high potential of ASNT in Hawai‘i to
provide independent constraints on S-wave structure, particularly in view of long recording times
and/or dense station arrays that are needed for high-resolution earthquake-based tomography.
Thereby,  we provide  a  first  step  towards  possible  time-dependent  three-dimensional  seismic
tomography (e.g., Julian & Foulger, 2010; Koulakov et al.,  2016) based on repeated ambient
noise tomography.
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3.11 Figures

Figure  3.1: Topographic  map  of  the  Island  of  Hawai‘i  (white  lines  outline  volcano
boundaries). Black triangles indicate the locations of stations that make up the USGS HVO short
period seismic network. Red lines and three-letter names highlight those station pairs that are
later referred to in the text and in Figure 3.2. The inset shows parts of Kīlauea and Mauna Loa
including geologic structures such as summit calderas and craters (black arrows), rift zones (grey
shading), and faults (grey lines).
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Figure 3.2: Amplitudes of noise cross-correlation functions (NCFs) versus time for two station
pairs (top row is pair URA-STC, bottom row is pair AIN-MLO; locations of the pairs are shown
in Figure 3.1). Each point represents a daily NCF. Amplitudes shown are absolute amplitudes
summed over the entire NCF (left) and over two seconds centered on the time lag of zero (right).
Zero amplitudes are data gaps. High amplitude points correspond to either tremor-bearing (left)
or noise-contaminated (right) time windows, as described in Ballmer et al. (2013), see chapter 2.
Daily  NCFs  of  amplitudes  above  a  certain  threshold  (red  color)  are  excluded  from further
analysis. See section 3.5 for details.
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Figure 3.3: Envelopes  of  two-sided noise cross-correlation functions  (NCFs) of all  station
pairs plotted against inter-station distance in four frequency bands. NCFs are stacked over ~100
uncontaminated  days  and  amplitudes  are  normalized.  Red  dashed  lines  indicate  lag  times
corresponding to group velocities of 0.5 km/s and 4 km/s that will later be used as lower and
upper bound, respectively, for acceptable dispersion measurements. Note that moveout patterns
are most distinct at 0.1-0.3 Hz and get more complex towards higher frequencies.
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Figure 3.4: Rayleigh wave group velocity dispersion measurements. a) Station pair KNH-POL
(see Figure 3.1 for location). Color represents envelope’s amplitude (red and blue for high and
low amplitudes, respectively) of narrowband filtered NCF at each frequency. Lag times have
been  mapped  into  velocity  with  known  inter-station  distance.  The  automatically-picked
dispersion  curve  is  shown  as  solid  white/black  line.  Black  parts  of  this  line  represent
measurements we refused based on visual examination. The vertical black dashed line refers to
the frequency at which the wavelength equals the inter-station distance - measurements at lower
frequencies are refused too. b) Automatically-picked dispersion curves for all station pairs – i.e.,
before bad measurements (e.g., black part in (a)) are refused. The red dashed line shows the
average. c) Dispersion curves after exclusion of bad automatic measurements as identified by
visual examination along with the average (red dashed line). d) Total number of measurements
for each frequency (in 0.02 Hz steps) of hand-selected measurements as shown in (c) and as used
for final tomographic inversion after further data rejection (see section 3.7).
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Figure 3.5: Illustration of the data selection criteria during the inversion. a) Rayleigh wave
group velocity map at  0.16 Hz obtained from averaging 1000 under-damped trial inversions,
each of which uses 90% of the data, selected randomly. Note that the darker blue areas represent
values up to ~8 km/s (i.e., exceeding the colorscale’s maximum) – an artifact arising from low
quality  dispersion  measurements  and  being  amplified  by  very  low  damping.  b)  Standard
deviation of group velocity for the 1000-trial-average. Thick black lines outline the shoreline and
geologic features of the Island of Hawai‘i; thin black lines show elevation in 500 m intervals. c)
Number  of  propagation  paths  of  a  certain  contribution  to  the  standard  deviation  for  each
frequency. d) Maximum group velocity for models obtained with different cutoff values with
regard to the propagation paths’ contribution to the standard deviation for each frequency. Note
the rather obvious jump to unreasonably high velocities (blue vs.  red) for most frequencies.
Selected cutoff values for the final inversion are marked by red crosses (i.e., where the model’s
maximum velocity  deviates  250% from the median  velocity);  propagation  paths  with higher
contribution to the standard deviation are considered low quality.
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Figure 3.6: Rayleigh wave group velocities on map (a and d) with final models (b and e) and
checkerboard resolution tests (c and f) for two frequencies. Panels a and d show in color those
propagation  paths  that  were  used  in  the  inversion;  black  dotted  and  dashed  lines  indicate
locations of paths excluded based on visual examination of dispersion curves and contribution to
the model’s std, respectively (see text for more details). Checkerboard tests are performed with
15x15 km velocity heterogeneities. Thick black lines in (b,c, e and f) outline the shoreline and
geologic features of Hawai‘i Island; thin black lines show elevation in 500m intervals. Regions
with insignificant ray coverage are masked out (i.e., a derivative weight sum (dws) < 1; see e.g.,
Toomey and Foulger, 1989 for a definition of dws).
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Figure 3.7: Same as Figure 3.6, but for frequencies 0.2 and 0.26 Hz.

44



Figure 3.8: Same as Figures 3.6 and 3.7, but for frequencies 0.36 and 0.46 Hz. 
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Figure 3.9: Same as Figures 3.6, 3.7 and 3.8, but for frequencies 0.6 and 0.8 Hz.
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CHAPTER 4

CONCLUSIONS AND OUTLOOK

With this dissertation, we present the first application of ambient seismic noise interferometry
in Hawai‘i. We have shown in chapter 2 that the specific data processing used in this technique
does  not  only  extract  the  coherent  part  of  microseismic  noise,  but  also  of  volcanic  tremor.
Remarkably, the tremor signals became observable over large distances (>50km), where they
have not been apparent in the raw data. By utilizing these signals for source localization, we have
demonstrated  how  the  long-range  coherence  can  help  in  studying  volcanic  tremor  –  an
application that is of special interest for volcano monitoring in remote locations, where seismic
stations  might  be  far  away from the  volcano.  Building  upon the  approach presented  here  a
successful application in such a setting has meanwhile been realized, i.e., the characterization of
volcanic tremors of a group of volcanoes in Kamchatka (Droznin et al., 2015).

In view of imaging heterogeneity or measuring temporal velocity changes in volcanic regions,
however,  the  results  of  chapter  2  suggest  that  ambient  seismic  noise  interferometry  might
strongly be affected during times of volcanic tremor. Therefore, we have excluded all days that
showed signs of tremor contamination in order to perform ambient seismic noise tomography
(chapter 3). Although the remaining dataset had been temporally truncated to only three months,
we found that the obtained Rayleigh wave group velocity maps are robust and meaningful as
verified through comparison with previous seismic studies. Whereas the main volcanic structures
had been imaged by a variety of previous body wave studies, some features of the noise-based
images could previously only be imaged for special study designs (i.e. regions as far north as
Mauna Kea as well as the very shallow subsurface under the summits of Kīlauea and Mauna
Loa). However, there is still room for improvement for example through more complete data
coverage (obtainable maybe through longer recording times and/or more thorough investigation
of the noise cross-correlation functions). Such improved spatial resolution would be the optimal
starting point for the calculation of a three dimensional S-wave model.

The effect of volcanic tremor on the ability to measure temporal changes in seismic velocities
remains to be investigated.  It  seems that monitoring subtle changes in the subsurface during
times of volcanic activity, i.e., when it is of particular interest to apply this method, is likely to be
complicated by volcanic tremor most of the times. Accordingly, one of the next steps could be to
find ways around this obstacle. One option would be analyzing frequency bands that are not
affected  by  volcanic  tremor  only.  Whereas  restricted  frequency  content  will  limit  depth
sensitivity, another approach could instead focus on station pairs, where the tremor signal in the
cross-correlation functions do not  interfere with the relevant part  of the noise-based Green’s
function. Finally, determining the stability of volcanic tremor through time could possibly avoid
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limiting spatial sensitivity, because stable signals allow measuring subtle velocity changes even
if tremor hampers the noise cross-correlation function from converging to the Green’s function
(Froment et al., 2010).

Whereas 4D tomography through localization of subtle changes in seismic velocities is still
subject of research (Brenguier et al., 2016), time sensitive tomography by repeated tomographic
inversions has already been realized using body waves (Julian & Foulger, 2010; Koulakov et al.,
2016). According to our results from chapter 3 that were obtained with a temporally strongly
restricted dataset, repeated ambient seismic noise tomography for different time periods seems to
be  feasible.  For  this  application  it  would  be  important,  however,  to  investigate  temporal
variability of the seismic wave field in Hawai‘i: first, in order to determine sensitivity of the
results to different seasons, and second, to different length of the dataset – something that could
not be achieved with the dataset used here.
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APPENDIX A: SUPPORTING INFORMATION ON SEISMIC DATA

The data presented in this study are derived from short-period seismic stations operated by the
U.S.  Geological  Survey’s  Hawaiian  Volcano  Observatory  (HVO)  on  the  Island  of  Hawai‘i.
Analog seismic signals from these stations, until 2011, were transmitted continuously to HVO
for  analysis  and  storage.  The  analog  signals  were  converted  into  digital  time  series  using
Earthworm (Johnson et al., 1995), at a rate of 100 samples/s. Data were archived from a Winston
waveserver,  written into 12-hour-long SAC waveform files. Although we are unable to track
down  the  cause,  errors  evidently  occurred  in  saving  the  data.  As  a  result,  waveforms  are
sporadically  corrupted  with  values  of  -12345,  creating  data  gaps  (see  Figure  A.1a  for  an
example).  This  corruption  occurs  for  all  stations  in  the  short  period  network  and  is  most
extensive for a 12 month period beginning on November 5, 2007 (Figure A.2). During this year-
long period,  about  85% of  SAC files  contain  these  data  gaps,  whereas  the  other  ~15% are
uncorrupted. The number of bad data points per file is about the same for all stations on a given
day, and during most of the year it is at a level of ~200,000 points, i.e., ~1/2 hour per 12-hour-
long time series (Figure A.2).

In addition to the data gaps, single point deletions also occur.  While a full 12-hour record
(including one extra second) consists of 4320100 samples, most of the corrupted data files are
shorter due to deletions within the time series. Because both corrupted and uncorrupted files
were fortuitously stored for the first 12-hour segment on November 5, 2007 (see Figure A.1 for
an example from station URA), we were able to compare both file types and deduce the pattern
of deletions. Whereas most data gaps have a length that is a multiple of a full second (i.e., 100
samples or a multiple thereof), some gaps are shortened by one sample (for example 99, 199, or
1299 samples). Comparing the waveforms of corrupted and uncorrupted data, we verified that
gaps shortened by one sample contained a single point deletion, introducing timing errors. For all
of the corrupted records, we also confirmed that the number of gaps shortened by one sample
equaled the number of points that were missing from a full 4320100 sample record. To correct
for these single point deletions, we therefore simply insert a data point (set to -12345) whenever
one is needed to make a data gap a multiple of a full second. Corrupted files that do not follow
this pattern are excluded from further analysis.

In addition, during processing to form noise cross-correlation functions, we set all data gaps to
0 so that they do not contribute to the correlation. However, while this procedure does not seem
to affect results in the frequency band 0.1-0.9 Hz, it introduces a very low frequency content (see
Figure  2.2  in  chapter  2,  where  spectral  amplitudes  are  high  at  <  0.05  Hz during  the  same
intervals that bear extensive data corruption as shown in Figure A.2). While at first glance this
low frequency content might seem to be associated with the puzzling zero time lag arrival that
we occasionally find at 0.1-0.3 Hz (see Figure 2.4 in chapter 2), we note that the interval when
the zero time lag arrival occurs does not always correspond to the occurrence of data gaps.
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Figure A.1: Corrupted vs. uncorrupted data series for station URA during first 12 hours of
11/5/2007, the only time period where both files types are available. a) Corrupted data series
display data gaps that are assigned values of -12345. b) Uncorrupted data series without data
gaps.
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Figure A.2: Number of data gaps (i.e., a value of -12345) for each 12-hour long time series
between 5/1/2007 and 12/31/2009 for station URA. Whereas data gaps are present sporadically
throughout these 2.5 years, they occur extensively between November 2007 and October 2008.
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APPENDIX B: ADDITIONAL TOMOGRAPHIC RESULTS

In addition to the tomographic images for a selection of frequencies (see chapter 3), we here
present Rayleigh wave group velocity maps for all frequencies, i.e., 0.12 – 0.9 Hz in steps of
0.02 Hz (Figures B.1 and B.2). In addition, checkerboard resolution tests for 6x6 km velocity
heterogeneities are presented for the same frequencies (Figures B.3 and B.4).
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Figure B.1: Rayleigh wave group velocities on maps for 0.12 to 0.5 Hz. Thick black lines in
outline the shoreline and geologic features of Hawai‘i Island; thin black lines show elevation in
500m intervals. Regions with insignificant ray coverage are masked out (i.e., a derivative weight
sum (dws) < 1; see e.g., Toomey and Foulger, 1989 for a definition of dws).
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Figure B.2: Same as Figure B.1, but for frequencies 0.52 to 0.9 Hz.
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Figure B.3: Checkerboard resolution tests for 6x6 km velocity heterogeneities at 0.12 to 0.5
Hz. Note that small-scale velocity heterogeneities can only be recovered at frequencies up to
0.32 Hz in a small area centered on Kīlauea’s upper south flank.
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Figure B.4:  Same as Figure B.3, but for frequencies 0.52 to 0.9 Hz. Note that small-scale
velocity heterogeneities (6x6km) cannot be recovered for these frequencies.
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