
Available online at www.sciencedirect.com
www.elsevier.com/locate/gca

ScienceDirect

Geochimica et Cosmochimica Acta 162 (2015) 66–82
Total dissolvable and dissolved iron isotopes in the water
column of the Peru upwelling regime

Fanny Chever a,b,⇑, Olivier J. Rouxel c, Peter L. Croot d,e,f, Emmanuel Ponzevera c,
Kathrin Wuttig d, Maureen Auro g
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b IFREMER/Centre de Brest, Département REM/EEP/Laboratoire Environnement Profond, CS 10070, 29280 Plouzané, France
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Abstract

Vertical distributions of iron (Fe) concentrations and isotopes were determined in the total dissolvable and dissolved pools
in the water column at three coastal stations located along the Peruvian margin, in the core of the Oxygen Minimum Zone
(OMZ). The shallowest station 121 (161 m total water depth) was characterized by lithogenic input from the continental pla-
teau, yielding concentrations as high as 456 nM in the total dissolvable pool. At the 2 other stations (stations 122 and 123), Fe
concentrations of dissolved and total dissolvable pools exhibited maxima in both surface and deep layers. Fe isotopic com-
position (d56Fe) showed a fractionation toward lighter values for both physical pools throughout the water column for all
stations with minimum values observed for the surface layer (between �0.64 and �0.97& at 10–20 m depth) and deep layer
(between �0.03 and �1.25& at 160–300 m depth). An Fe isotope budget was established to determine the isotopic compo-
sition of the particulate pool. We observed a range of d56Fe values for particulate Fe from +0.02 to �0.87&, with lightest
values obtained at water depth above 50 m. Such light values in the both particulate and dissolved pools suggest sources other
than atmospheric dust deposition in the surface ocean, including lateral transport of isotopically light Fe. Samples collected at
station 122 closest to the sediment show the lightest isotope composition in the dissolved and the particulate pools (�1.25 and
�0.53& respectively) and high Fe(II) concentrations (14.2 ± 2.1 nM) consistent with a major reductive benthic Fe sources
that is transferred to the ocean water column. A simple isotopic model is proposed to link the extent of Fe(II) oxidation
and the Fe isotope composition of both particulate and dissolved Fe pools. This study demonstrates that Fe isotopic com-
position in OMZ regions is not only affected by the relative contribution of reductive and non-reductive shelf sediment input
but also by seawater-column processes during the transport and oxidation of Fe from the source region to open seawater.
� 2015 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

Iron (Fe) is an essential micronutrient for marine organ-
isms (Martin and Fitzwater, 1988). It is now well estab-
lished that this element plays a key role in the functioning
of the marine ecosystems (Moore et al., 2002; Boyd and
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Ellwood, 2010). In-situ and natural Fe fertilisations have
demonstrated that Fe inputs enhance phytoplankton
biomass and affect the major biogeochemical cycles (e.g.
carbon (C) and nitrogen (N)) (Boyd et al., 2000, 2007;
Coale et al., 2004; Jickells et al., 2005; Blain et al., 2007;
Pollard et al., 2009). However, the importance of new and
regenerated sources of Fe to the water column as well as
the fractions that are truly bioavailable to the phytoplank-
ton, are still subject of debate.

Whereas atmospheric deposition was commonly
thought to be the predominant external source of Fe in
remote areas (Jickells et al., 2005), inputs from sediments
coupled to upwelling or advection are now considered to
provide significant supply of Fe to surface waters of the
open ocean (Bucciarelli et al., 2001; Elrod et al., 2004;
Lam and Bishop, 2008; Tagliabue et al., 2009; Nishioka
et al., 2011). In contrast to the open ocean, shelf environ-
ments may receive additional Fe input from fluvial sources
and sediment resuspension (Croot and Hunter, 1998;
Hutchins and Bruland, 1998; Johnson et al., 2001; Elrod
et al., 2004; Lam and Bishop, 2008; Lohan and Bruland,
2008). Even if Fe supply is significant in those regions, some
studies have shown that, due to the complex physico-chem-
ical speciation of Fe in coastal systems, its bioavailability
can be limited (Hutchins and Bruland, 1998).

In seawater, Fe occurs in two redox states, Fe(II) and
Fe(III) (Waite and Morel, 1984). In oxic seawater, the ther-
modynamically stable state Fe(III) is highly insoluble (Liu
and Millero, 2002) and rapidly hydrolyzes resulting in the
precipitation of various Fe(III) oxyhydroxides. Organic
ligands complex most of the dissolved Fe in seawater and
control the solubility of Fe(III) (Gledhill and van den
Berg, 1994; Rue and Bruland, 1995; Millero, 1998;
Barbeau et al., 2001; Liu and Millero, 2002; Gledhill and
Buck, 2012). Fe(II) is more soluble but is rapidly oxidized
by oxygen (O2) and hydrogen peroxide (H2O2) (Millero
et al., 1987; Millero and Sotolongo, 1989; Gonzalez-
Davila et al., 2005; Santana-Casiano et al., 2005; Sarthou
et al., 2011). Reduction of Fe(III) to Fe(II) with possible
stabilization by organic ligands is a potential mechanism
by which Fe is made more bioavailable to phytoplankton
(Anderson and Morel, 1980; Maldonado and Price, 2001).
The release of Fe(II) from reducing continental-margin sed-
iments (Hong and Kester, 1986; Lohan and Bruland, 2008)
as well as Fe(II) supply from seafloor hydrothermal vents
(Bennett et al., 2008; Toner et al., 2009; Tagliabue et al.,
2010; Wu et al., 2011a; Nishioka et al., 2013; Vedamati
et al., 2014) are now recognized as possible sources of
Fe(II) in seawater. Under anoxic conditions as those
encountered in relatively organic-rich marine sediments,
when sulfide generation is limited and thus precluding the
precipitation of FeS minerals reductive dissolution of Fe
oxides or clay minerals can result in dissolved Fe(II) con-
centrations up to 1 mM (Sell and Morse, 2006). In open
ocean surface waters, the photoreduction of Fe(III) to
Fe(II) has also been clearly observed (Croot et al., 2008).

The Peruvian coast is characterized by an intensive mid-
depth region of low oxygen associated with an upwelling
and high surface productivity (Hong and Kester, 1986;
Bruland et al., 2005; Stramma et al., 2010). Major changes
to marine sources and sinks of important nutrients such as
nitrogen, phosphorus and Fe occur when oceanic oxygen
concentrations decrease below threshold levels (Stramma
et al., 2008). Along the continental shelf off the Peruvian
coast, labile Fe (i.e. Fe(II)) concentrations up to 73 nM
were attributed to intense redox cycling occurring at the
sediment–water interface (Hong and Kester, 1986;
Vedamati et al., 2014). This process can result in a greatly
enhanced source of Fe available to upwell to surface
waters, potentially increasing phytoplankton productivity
(Lohan and Bruland, 2008). The Oxygen Minimum
Zones (OMZs) of the tropics are key regions of low oxygen
in today’s ocean. The effects of nutrient cycling under oxy-
gen deficient conditions are carried into the rest of the
ocean by the thermohaline circulation (Stramma et al.,
2008). Hence processes occurring in the OMZs, impacting
nutrients and Fe cycles, may have an impact on the biolog-
ical productivity and carbon cycle of the global ocean
(Helly and Levin, 2004; Pennington et al., 2006). Given
the fact that expansion of the OMZs will continue to occur
in the future (Stramma et al., 2008), a better understanding
of Fe biogeochemical cycle in those environments is of
great interest.

Recent studies of Fe isotopes in open seawater and
coastal regions have shown variability in d56Fe and have
demonstrated how Fe isotopes may be used to constrain
the global Fe cycle. The Fe isotope composition is expressed

by d56Fe defined as: d56Fe ¼ ð56Fe=54FeÞsample

ð56Fe=54FeÞIRMM-14
� 1

h i
� 103.

Values are reported relative to the IRMM-14 international
iron isotope reference material (the d56Fe of igneous rocks
relative to IRMM is of +0.09 ± 0.1&, 2SD; Beard et al.,
2003a).

In nature, d56Fe variations are mainly controlled by
both biotic and abiotic redox processes along with a range
of isotope (kinetic and/or equilibrium) fractionations aris-
ing from non-redox processes (e.g. Welch et al., 2003;
Croal et al., 2004; Johnson et al., 2004; Balci et al., 2006;
Dauphas and Rouxel, 2006). Numerous studies were ini-
tially led at the ocean boundaries to characterize Fe sources
to the ocean such as aerosols, sediment porewaters, ground-
waters, rivers and hydrothermal vents (Sharma et al., 2001;
Severmann et al., 2004, 2006, 2010; Bergquist and Boyle,
2006; Rouxel et al., 2008a,b; Bennett et al., 2009; Escoube
et al., 2009; Homoky et al., 2009; Roy et al., 2012). Those
studies demonstrated that benthic sources of Fe are often
characterized with light isotopic values. In the case of ben-
thic input from reducing sediments, Fe isotope composition
of pore-fluid at the sediment–seawater interface is highly
sensitive to local redox conditions, with most light d56Fe
values being generated through the combination of micro-
bial Fe reduction and partial Fe oxidation (Severmann
et al., 2006; Homoky et al., 2009). Heavy d56Fe values have
been also found in anoxic sediment porewater as a result of
the development of sulfidic conditions and the precipitation
of isotopically light Fe sulfides (Severmann et al., 2006; Roy
et al., 2012). Homoky et al. (2013) recently highlighted the
importance of the ‘non-reductive’ dissolution of continental
margin sediments as a source of dissolved Fe in seawater
that is characterized by d56Fe values close to crustal values.
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Fig. 1. Location of the study area in the southeastern part of the
Pacific Ocean and location of the stations (basemap created using
the USGS map generator, Coastal and Marine Geology Program).
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The isotopic composition of dissolved Fe in seawater
has received much interest in recent years (Lacan et al.,
2008, 2010; John and Adkins, 2010; Rouxel and Auro,
2010; Radic et al., 2011; Boyle et al., 2012; John et al.,
2012; Conway and John, 2014). Radic et al. (2011) reported
Fe isotope values for open ocean seawater from the equato-
rial Pacific. Dissolved Fe (DFe) concentrations ranged from
0.1 to 1.5 nM, yielding d56Fe values of +0.01 to +0.58&

whereas particulate Fe (PFe) concentrations ranged from
0.4 to 32.2 nM with similar range of d56Fe values between
�0.02 and +0.46&. These values compare well with other
Fe isotope results from the South-eastern Atlantic with,
d56FeDFe = �0.14 to +0.23& (Lacan et al., 2008) and from
the North Atlantic near Bermuda with d56FeDFe = +0.30 to
+0.71& (John et al., 2012). In contrast, light d56FeDFe val-
ues from �1.82& to 0.00& have been reported in the San
Pedro Basin and from �3.45& to �0.29& in the Santa
Barbara basins (John et al., 2012). In both basins, the low-
est d56FeDFe values and highest Fe concentrations are
found at the bottom of the basin reflecting the input of iso-
topically light Fe from reducing sediment porewaters.
Coastal seawater values also display a range of d56FeDFe

values reflecting mainly the relative contribution of benthic
vs. riverine Fe sources (Rouxel and Auro, 2010).

Recently, Conway and John (2014) reported a high-res-
olution transect of d56FeDFe values along a section of the
North Atlantic Ocean. This study allowed a first-order
assessment of the potential contribution of different Fe
sources to the ocean, such as Fe derived from dust dissolu-
tion (d56FeDFe as high as +0.68&), Fe released through
reductive and non-reductive sedimentary dissolution
(d56FeDFe estimated as �2.4 and +0.09&, respectively),
and Fe from seafloor hydrothermal plumes (d56FeDFe esti-
mated as �1.35&). This mass balance approach, however,
implies that the Fe isotope signatures of the different Fe
sources are well characterized and conservative during
oceanic mixing.

Hence despite the recent progress in our understanding
of Fe isotope systematics in marine environments, we still
do not fully understand how the biogeochemical processes
occurring in the water column affect the Fe isotope compo-
sition. Here, the aim of this study is to provide further con-
straints on the range of Fe isotope compositions in a shelf
environment featuring a prominent OMZ. Through a com-
bined approach linking Fe speciation and Fe isotope data,
we aim to (1) determine the end-member Fe isotopic value
of Fe(II) derived from reductive dissolution of sediments
and being released in the water column; (2) test the hypoth-
esis that the isotopic composition of the reductive benthic
Fe flux is controlled by water column processes that modify
its initial source composition.

In this paper, we present the concentration and isotopic
composition of Fe in the total dissolvable and dissolved
pools in the water column from three stations located along
the Peruvian coast, in the core of the OMZ. Those values
are discussed with regard to Fe(II) concentrations that were
measured on-board. To our knowledge this study is the first
to report a vertical profile of d56Fe (in both dissolved and
total pools) combined with redox speciation (with the mea-
surement of Fe(II) concentrations). This study provides an
excellent opportunity to investigate Fe isotope systematics
in oxygen-depleted shelf setting where intense redox cycling
occurs at the sediment/water interface.

2. STUDY AREA AND SAMPLING STRATEGY

The METEOR cruise leg M77/4 took place in January-
February 2009 in the South-eastern tropical Pacific (Fig. 1).
Hydrocast samplings were performed using the shipboard
CTD rosette equipped with standard 12 L Niskin bottles
for stations 121 and 122 whereas 8 L Teflon lined Go-Flo
bottles mounted on a trace metal clean hydrowire were used
for station 123. Samples were collected in acid-cleaned bot-
tles following GEOTRACES protocols (Bruland et al.,
1979; Cutter et al., 2010; Boyle et al., 2012). Sampling
was carried out in a purpose built class 100 shipboard clean
container (Clean Modules, UK) owned by GEOMAR. All
samples were collected in 1 L acid-washed low density poly-
ethylene (LDPE) bottles. Total dissolvable Fe (TDFe) was
sampled directly without any filtration steps. Samples for
DFe were obtained from the bottles by slight over
pressure (0.2 bar) with high-purity nitrogen to allow online
filtration of seawater through 0.2 lm cartridge filters
(SARTOBAN�). All samples were acidified on board to
pH �1.8 with Optima-grade hydrochloric acid (HCl) in
an iso class 5 clean laboratory. The samples were then
stored at room temperature for more than 12 months
before analysis at WHOI or IFREMER laboratories.

Samples for Fe(II) were collected during the same
Niskin/GO-Flo casts as the DFe and TDFe samplings.
Immediately upon recovery of the bottles, samples were col-
lected without any filtration in acid-cleaned 125 mL amber
HDPE bottles. Hence, the potential entrainment of Fe(II)
bearing particles (e.g. from Fe sulfides or clays), especially
at near-shore stations, cannot be excluded. In practice we
have found no difference between filtered and unfiltered
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Fig. 2. (a) Temperature-Salinity diagram of the three stations studied covering the range of water depths sampled for Fe analysis (i.e. from
surface to 160, 198 and 300 m for stations 121 (triangle), 122 (circle) and 123 (square) respectively), (b) Vertical profiles of dissolved oxygen
concentrations (lM) at the three stations 121 (triangle), 122 (circle) and 123 (square).
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samples for Fe(II) concentrations for open ocean waters
(Croot and Heller, 2012) suggesting minimal contribution
of Fe(II) from marine particles there. Oxygen concentra-
tions reported in Fig. 2 were determined using Winkler
titration (Hansen, 1999) in water sampled from Niskin bot-
tles deployed at the same location and depth as the Go-Flo
bottles (detection limit = 3 lM O2, 3 SD).

In this study, we selected 3 stations located along the
Peruvian shelf between 5�S and 6�S (stations 121, 122 and
123), in the OMZ (Fig. 1). Stations 121 and 122 are shallow
stations, with a bottom depth of 161 and 199 m, respec-
tively. In contrast, station 123, located offshore, has a water
depth of 2430 m. Seawater samples were collected from the
surface (10 m at stations 121 and 122, 20 m at station 123)
to the bottom water at stations 121 and 122 (160 and 193 m,
respectively) and up to 300 m depth at station 123. Hence,
sampling at station 123 did not include a full depth profile
to provide the same depth range as the shallow on-shore
stations. This approach, however, is sufficient to discuss evi-
dences of any off-shore advection of Fe within the OMZ.
The water column was sampled for TDFe at all stations,
and for DFe at stations 122 and 123, for the determination
of Fe concentration and isotopic composition. Samples for
Fe(II) concentrations were also collected and analyzed in
near real time at those three stations.

3. ANALYTICAL METHOD

3.1. Iron concentrations

TDFe and DFe concentrations and isotope composi-
tions presented in this paper (Table 1) were determined
using the same sample aliquot on a Neptune (Thermo
Scientific) multi-collector inductively coupled plasma mass
spectrometer (MC-ICPMS). In short, the purified samples
collected after passing through nitrilotriacetic acid
functional groups (NTA, Qiagen Inc., Valencia, CA) and
AG1-X8 resins (see below), were diluted tenfold and mea-
sured against calibrated standard solutions. This technique,
which has been previously used to measure Fe concentra-
tion and isotope composition in coastal and open seawater
(John and Adkins, 2010; Rouxel and Auro, 2010), allows a
precision of �10% (1SD) on the concentrations. The rela-
tively larger uncertainty compared to other methods using
isotope dilution (e.g. Lacan et al., 2010; Conway and
John, 2014) is mainly due to dilution errors and extraction
efficiency of the NTA resin ranging from 95% to 100%. The
accuracy of the methods has been further assessed both
through standard addition experiments and the analysis
of certified seawater standards (Rouxel and Auro, 2010).
The detection limit has been assessed to be 0.05 nM.
Fe(II) samples were analyzed using a chemiluminescence
flow injection analysis system following the same method
as Croot et al. (2008) and will be discussed more in detail
in a separate paper. Total dissolvable particulate Fe is
calculated by subtracting the 0.2 lm filtered fraction
(DFe) from the unfiltered one (TDFe). It is expressed as
PFe and data are reported in Table 1. It should be noted
that some very refractory lithogenic or crystalline Fe parti-
cles remain unreactive to the TDFe mild acid leaching
(Bowie et al., 2010), and thus PFe does not represent the
entire particulate Fe pool.

3.2. Iron isotope analysis

Samples were first pre-concentrated onto a NTA resin
following the same method as (Rouxel and Auro, 2010)
and (Boyle et al., 2012). This method has already been suc-
cessfully used by many laboratories (John and Adkins,
2010; Lacan et al., 2010; Boyle et al., 2012) due to its
specificity for Fe (Lohan et al., 2005), allowing it to attain
complete recovery of Fe from large volumes of acidified
seawater. Briefly, before sample processing though NTA
resin, the pH of each sample was checked and adjusted



Table 1
Fe(II), DFe, PFe and TDFe concentrations and d56Fe values in the water column of Stations 121, 122 and 123 from the Peru margin.

Depth
(m)

Fe(II)
(nM)

DFe
(nM)

d56Fe
DFe

2SD TDFe
(nM)

d56Fe
TDFe

2SD PFe*

(nM)
2SD d56Fe

PFe$
2SD$ Fe(II)/

DFe
Fe(II)/
TDFe

Fe(II)/
PFe

DFe/
TDFe

D d56Fe
(PFe–DFe)£

2SD

Station 121 (5�10.010 S; 81�21.020 W; 161 m water depth)
10 0.24 – – – 14.6 �0.81 0.06 – – – – 0.02 – – – –
50 0.34 – – – 115 �0.24 0.04 – – – – 0.00 – – – –

100 1.3 – – – 456 0.04 0.04 – – – – 0.00 – – – –
154 6.3 – – – 201 0.01 0.04 – – – – 0.03 – – – –
157 7.0 – – – 191 �0.04 0.04 – – – – 0.04 – – – –
160 7.7 – – – 197 �0.03 0.04 – – – – 0.04 – – – –

Station 122 (6�0.010 S; 81�15.440 W; 198 m water depth)
10 0.59 7.3 �0.68 0.06 32.9 �0.64 0.04 25.6 4.0 �0.63 0.09 0.08 0.02 0.02 0.22 0.05 0.11
50 0.39 4.1 �0.32 0.12 7.3 �0.40 0.06 3.2 1.1 �0.51 0.38 0.09 0.05 0.12 0.56 �0.19 0.40

100 1.4 7.8 �0.83 0.12 29.2 �0.54 0.04 21.4 3.7 �0.44 0.15 0.18 0.05 0.06 0.27 0.39 0.19
187 12.2 15.0 �1.08 0.06 63.4 �0.52 0.04 48.4 7.8 �0.35 0.11 0.81 0.19 0.25 0.24 0.73 0.12
190 16.4 15.4 �1.15 0.06 62.8 �0.58 0.04 47.3 7.8 �0.39 0.08 1.00 0.26 0.35 0.25 0.76 0.10
193 14.2 15.0 �1.25 0.06 59.2 �0.53 0.04 44.1 7.4 �0.29 0.09 0.94 0.24 0.32 0.25 0.96 0.11

Station 123 (5�59.990 S; 81�30.090 W; 2430 m water depth)
20 1.05 5.4 �0.97 0.12 14.3 �0.91 0.06 9.0 2.0 �0.87 0.26 0.20 0.07 0.12 0.38 0.10 0.29
50 0.83 2.5 �0.43 0.12 3.7 �0.66 0.12 <DL – – – – – – – – –
80 0.83 1.9 �0.71 0.11 7.7 �0.29 0.06 5.8 1.0 �0.15 0.18 0.43 0.11 0.14 0.25 0.56 0.21

120 0.93 2.0 �0.60 0.11 7.3 �0.15 0.06 5.3 0.9 0.02 0.21 0.46 0.13 0.17 0.28 0.62 0.24
200 1.23 1.9 �0.31 0.11 4.4 �0.21 0.12 2.5 0.6 �0.13 0.42 0.63 0.28 0.50 0.44 0.18 0.43
250 2.25 3.0 �0.66 0.12 22.8 �0.36 0.04 19.8 2.6 �0.32 0.09 0.75 0.10 0.11 0.13 0.34 0.15
300 2.59 2.8 �0.47 0.12 24.0 �0.34 0.04 21.2 2.7 �0.32 0.07 0.92 0.11 0.12 0.12 0.15 0.14

Bold values refer to isotope composition data discussed in the text.
Concentration DFe and PFe data are given with a precision of 10%.
– ‘not determined’.
<DL: below detection limits.

* Total dissolvable particles (PFe) have been calculated subtracting the DFe to the TDFe. Precision is given.
$ Fe isotope composition of PFe has been calculated using isotope mass balance relationships between DFe and PFe. Error (2SD) has been obtained after error propagation.
£ Fe isotope fractionation factor D d56Fe * (PFe � DFe) determined as d56Fe PFe � d56Fe DFe.
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using ultra-clean HCl (optima grade, Fisher) to obtain a pH
between 1.7 and 1.8. Hydrogen peroxide (30% v/v Optima
grade, Fisher) was then added to a concentration of
1 mL/L to oxidize any ferrous Fe present in the sample
prior to sample processing. The NTA resin was packed into
acid-cleaned chromatographic columns (Poly-Prep col-
umns, Bio-Rad Inc.) with a wet volume of 1.8 mL. Prior
to sample loading, the resin was resuspended and rinsed
with 25 mL of a 0.7 M nitric acid (HNO3) + 0.6 M HCl
mixture followed by 50 mL of 18.2 MO-cm purified water
acidified to pH 1.8 with ultra-clean HCl. Between 900 and
950 mL of water sample were passed through the NTA
chromatographic columns and the remaining volume was
archived. A peristaltic pump operating at a constant flow
rate between 2.5 and 5 mL/min was used to slowly draw
the samples through the chromatographic columns. After
the water sample was passed through the resin, 15 mL of
pH 1.8 Milli-Q water was used to elute the remaining sam-
ple matrix from the column walls and resin. Fe was finally
eluted with 7 mL of 1.4 M HNO3, recovered in acid-cleaned
8 mL polytetrafluoroethylene (PTFE) vials and evaporated
on an all-Teflon hot plate. Evaporated samples were then
redissolved in 6 M HCl for further purification through
AG1-X8 (Bio-Rad, Inc.) anion resin following previously
established methods (e.g. Rouxel et al., 2008b; Escoube
et al., 2009).

Analyzes of 56Fe/54Fe and 57Fe/54Fe ratios were carried
out using a Thermo Scientific Neptune MC-ICP-MS at
IFREMER (Brest, France). The medium mass resolution
mode was used to resolve isobaric interferences, such as
40Ar16O+ on 56Fe+, 40Ar16O1H+ on 57Fe+, and 40Ar14N+

on 54Fe+ (Weyer and Schwieters, 2003). Two blocks of 25
integrations of 4 s were measured. Samples were introduced
into the plasma torch using an Apex-Q introduction system
(Elemental Scientific) and a PFA micro-concentric nebulizer
operating at a flow rate of about 60 ll min�1. The Apex-Q
system increases the instrument sensitivity by a factor of 5
relative to conventional spray chambers. The instrument
sensitivity was further improved using X-cones which
resulted in a �twofold increase of instrument sensitivity rel-
ative to normal cones. 54Fe, 56Fe, 57Fe, 60Ni and 62Ni iso-
tope signals were acquired simultaneously on Faraday
cups. Baseline corrections were made before acquisition of
each data block by completely deflecting the ion beam.
Although separated, isobaric Cr interference was always
checked and corrected during all analysis, using the
Neptune’s peak jumping mode on 52Cr mass. A standard
bracketing approach, which normalizes the Fe isotope ratio
to the average measured composition of a standard
(IRMM-14) was carried out before and after each sample.
All sample and standard solutions were diluted with
0.28 M ultra-clean HNO3 (Optima Grade, Fisher) in appro-
priate concentrations so that the bracketing standard (i.e.
IRMM-14) had approximately the same concentration as
the sample (±10%). Instrumental mass bias was corrected
using an internal Ni standard (SRM 986). The two methods
combined permit higher precision and the verification of any
instrumental artefacts generated by residual matrix ele-
ments. The internal precision of the data at 95% confidence
levels reported in Table 1 were calculated based on the
analysis of the bracketing standards. Analyses were carried
out using 2–3 mL of Fe solutions. The pure IRMM-14 stan-
dard gave a d56Fe external precision of 0.04–0.13& (2r) for
Fe concentrations ranging from 400 to 70 ppb, respectively.
We also used an internal Fe standard provided by NIST
(SRM3126a) which yielded d56Fe values of +0.42 ± 0.07&

(2r, n = 10) relative to IRMM-14. This value is indistin-
guishable, within uncertainty, from its nominal d56Fe value
of +0.39& (Rouxel and Auro, 2010). This standard is used
as external control of instrumental accuracy and is used rou-
tinely throughout the entire chemical purification proce-
dure. We also measured d57Fe values, but the values are
generally less precise due to lower 57Fe abundances relative
to 56Fe. Since the relationship between d56Fe and d57Fe of
the samples plots on a mass fractionation line, only d56Fe
values are discussed in this paper.

4. RESULTS

4.1. Hydrography

The temperature–salinity (T–S) diagram for the depths
sampled for Fe analysis is plotted in Fig. 2a. The three sta-
tions are composed of the same water masses, with a mixing
of a surface layer (S > 35.0 and T > 15 �C) with a deeper
water mass (S < 34.7 and T < 10 �C). Potential differences
observed between the vertical profiles cannot thus be
explained by differences in water masses.

Surface waters are characterized by dissolved oxygen
concentrations ranging from 57 lM (station 121) to
225 lM (station 123) (Fig. 2b). Below the surface layer,
O2 concentrations decrease sharply, reaching hypoxic con-
centrations at just 10 m depth at stations 121 and 122 (23
and 35 lM) and at 70 m at station 123 (11 lM). Bottom
water O2 concentrations of 23 and 4 lM were observed at
stations 121 and 122, respectively. At the offshore station
123, O2 concentration rapidly decreased to concentrations
<10 lM below 40 m, reaching a minimum of 5 lM at
300 m depth. In previous study areas of benthic Fe supply
led along the California Borderland Basins, similarly low
bottom O2 concentration of 3–4 lM have been already
reported (Severmann et al., 2010). In the same area as ours,
Hong and Kester (1986) and Noffke et al. (2012) also
observed vertical O2 concentrations decreasing from more
than 200 to less than 10 lM from the surface to the bottom
waters. By comparison, in the hypoxic shelf waters off
Oregon and Washington, Lohan and Bruland (2008)
observed a minimum oxygen concentration of 43 lM
within the bottom boundary layer whereas Severmann
et al. (2010) measured bottom water oxygen concentrations
ranging between 30 and 50 lM along the southern Oregon
coast.

4.2. Vertical distribution of Fe and d56Fe

4.2.1. Iron concentrations

Vertical distributions of Fe are plotted in Fig. 3, while
concentrations are reported in Table 1. In the total dissolv-
able pool, the highest concentrations were observed at sta-
tion 121. At this station, TDFe (Fig. 3a) concentrations
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increased from the surface to 100 m (with values ranging
from 14.6 to 456 nM) before decreasing to a bottom con-
centration of 200 nM at 160 m. At stations 122 and 123, a
maximum of TDFe was observed in the surface layer with
values of 32.9 nM and 14.3 nM, respectively and a mini-
mum was reached for both stations at 50 m (TDFe of 7.3
and 3.7 nM at stations 122 and 123 respectively).
Concentrations increased then with depth. At the station
122, TDFe concentrations reached 61.8 ± 2.3 nM (1SD,
n = 3) in the deepest water, 12 m above the seafloor. At sta-
tion 123, located off the coast, TDFe concentrations
increased to 24.0 nM at 300 m.

DFe vertical profiles followed the same trend as TDFe
ones (Fig. 3b and Table 1). A maximum was observed in
the surface layer, with values of 7.3 and 5.4 nM at stations
122 and 123, respectively and a minimum was reached at
50 m at station 122 with 4.1 nM. At station 122, DFe con-
centrations also increased close to the sediment, with values
reaching 15.2 ± 0.3 nM (1SD, n = 3) in the deepest water,
12 m above the seafloor. At station 123, DFe concentra-
tions increased to 3.0 nM below 250 m depth.

Vertical distributions of PFe (Fig. 3c) follow the same
trend as the DFe and TDFe. At station 122, PFe represents
between 73% and 78% of the total Fe pool except at 50 m
where it represented 44%. The same trend was observed
at station 123, with particles representing 76 ± 14%
(n = 7) of the total pool except at 50 m where it represented
31%. The predominance of the particulate phase near con-
tinental margin was already observed in numerous studies
(Hong and Kester, 1986; Johnson et al., 1999; Chase
et al., 2005; Lohan and Bruland, 2008).

Such TDFe and DFe concentrations are in agreement
with previous studies led in coastal areas of the Pacific
Ocean. Hong and Kester (1986) observed high total Fe con-
centrations at coastal stations located near the Peruvian
coasts with values reaching 533 nM at 15 m depth. In the
benthic boundary layer off Washington and Oregon,
Lohan and Bruland (2008) measured labile particulate Fe
concentrations (defined by the leaching of the >0.4 lm par-
ticulate samples) that reached 162 ± 25 nM. DFe concen-
trations increased with depth until reaching 50 nM in the
bottom water, which was also observed in the same region
by Bruland et al. (2005).

At the two shallowest stations, high Fe(II) concentrations
were encountered (Table 1 and Fig. 3d). Concentrations
increased with depth, reaching maximum bottom values of
7.72 and 16.40 nM at stations 121 and 122 respectively. At
station 123, Fe(II) concentrations were lower. A maximum
was reached at 300 m ([Fe(II)] = 2.59 nM), where DFe and
TDFe enrichment was also observed. As those depths are
in the core of the OMZ, the supply of Fe is probably due
to advection from the shelf region. In a recent study
Vedamati et al. (2014) also found elevated Fe(II) in bottom
waters along transects across continental shelf in the central
and southern sectors of the Peruvian coast with the offshore
stations of the transects often having a mid water Fe(II)
maxima coincident with the secondary nitrite maximum.

4.2.2. Iron isotopes

Vertical profiles of Fe isotopes in the total dissolvable
and dissolved pools (d56FeTDFe and d56FeDFe, respectively)
are plotted in Fig. 4a, b and data are reported in Table 1.
For the three stations, either in the total dissolvable or
the dissolved pool, values are isotopically light relative to
IRMM-14.

For all the stations, a minimum was observed in the sur-
face layer with values ranging from �0.64& (station 122) to
�0.91& (station 123) in the total dissolvable pool and from
�0.68& (station 122) to �0.97& (station 123) in the
dissolved pool (Table 1). Those surface d56Fe values are
even lighter than values observed below in the water col-
umn. Several authors already highlighted light Fe isotopic
composition in the surface layer (John and Adkins, 2010;
Rouxel and Auro, 2010; John et al., 2012). However, other



0

50

100

150

200

250

300

350

-1.00 -0.50 0.00 0.50
δ56Fe TDFe (‰)

123

121

122

0

50

100

150

200

250

300

350

-1.50 -1.00 -0.50 0.00 0.50
δ56Fe PFe (‰)

123

122

0

50

100

150

200

250

300

350

-1.50 -0.50 0.50
δ56Fe DFe (‰)

123

122

D
ep

th
 (m

) 

(a) (b) (c) (d)

0

50

100

150

200

250

300

350

-0.50 0.00 0.50 1.00 1.50
Δδ56Fe PFe-DFe (‰)

123

122

Fig. 4. Vertical profiles of Fe isotope compositions in the (a) total dissolvable (TDFe), (b) dissolved (DFe) and (c) total dissolvable particles
(PFe) pools at stations 121 (triangle), 122 (circle) and 123 (square) (in&). (d) represents the isotope fractionation factor between dissolved and
particulate Fe pool defined as Dd56FePFe–DFe = d56FePFe � d56FeDFe.

F. Chever et al. / Geochimica et Cosmochimica Acta 162 (2015) 66–82 73
studies have also reported heavy compositions (Lacan
et al., 2010; Radic et al., 2011). The environment where
those stations were located (coastal or open ocean) as well
as the sources of Fe and the processes controlling its cycle
most likely explain the range of values measured.

Below the surface layer, the distribution of Fe isotopes
in the dissolved and the total dissolvable pools is variable
but remains light (d56Fe from �0.03& to �1.25&). Close
to the bottom, the dissolved pool exhibits a minimum (i.e.
at station 122) with d56Fe values down to �1.25&.
Between 187 and 193 m, d56Fe values ranged from
�1.08& to �1.25&. Such light values at the sediment–wa-
ter interface have already been highlighted by several
authors (Severmann et al., 2006, 2010; John et al., 2012).

At stations 122 and 123, knowing the proportion and
the isotopic composition of DFe and TDFe, an Fe isotope
budget can be established in order to estimate the isotopic
composition of the dissolvable particulate phase, using
the following mass balance Eq. (1):

d56FeTDFe ¼ XDFe � d56FeDFe þXPFe � d56FePFe ð1Þ

where XDFe and XPFe are the relative proportion of dis-
solved and particulate Fe (PFe = TDFe � DFe). Vertical
profiles of calculated d56Fe values for PFe (d56FePFe) are
plotted in Fig. 4c together with uncertainties determined
by error propagation using the Monte Carlo (i.e. stochastic
simulation) method also reported in Table 1. The results
show that d56FePFe values are all isotopically light within
uncertainties. At station 122, d56FePFe values range from
�0.63 ± 0.10& (10 m) to �0.29 ± 0.12& (193 m) and at
station 123, they are in the range of �0.87 ± 0.91&

(20 m) to +0.02 ± 0.20& (120 m). The Fe isotope fraction-
ation between dissolved and particulate Fe pool, defined as
Dd56FePFe–DFe = d56FePFe � d56FeDFe is positive within
errors (Fig. 4d and Table 1), with values ranging from
+0.05 ± 0.15& (10 m, Station 122) to +0.96 ± 0.18&

(193 m, station 122). Due to low concentrations of PFe in
several samples at Station 122 (50 m) and Station 123 (50,
200 m), Dd56FePFe–DFe values could not be calculated accu-
rately after error propagation (Table 1). Those samples will
not be including in the later discussion pertaining to partic-
ulate Fe pool.

5. DISCUSSION

5.1. Surface waters

Several sources could explain the Fe enrichment in DFe
and TDFe observed in the surface layer at stations 121 and
122. First, atmospheric deposition and riverine inputs are
commonly considered the dominant surface sources of Fe
in coastal areas (Jickells et al., 2005). It has been shown that
aerosols display d56Fe values indistinguishable from the
crustal value defined as �0.09& (Beard et al., 2003b;
Waeles et al., 2007). Hence, the light d56Fe values observed
for TDFe at our three stations (Table 1) suggest that dust
deposition cannot explain light d56Fe values. For compar-
ison, DFe isotope composition in the North Atlantic, a typ-
ical region with high dust deposition, yields relatively
homogeneous and heavy d56Fe values throughout the water
column (between +0.30& and +0.45&) (John et al., 2012).
It has been demonstrated that Fe delivered from eolian dust
flux accounts for less than a few percent of the Fe required
for the observed productivity in the Peru upwelling regime
(Fung et al., 2000; Bruland et al., 2005). Considering fur-
ther the south-eastern trade winds observed in this area
(Fung et al., 2000), we suggest that the observed Fe enrich-
ment in surface water is not related to dust deposition.

Total Fe carried by rivers, including both dissolved and
suspended fractions, has variable d56Fe values ranging
essentially from +0.5& to �1& suggesting that riverine
input may, in some cases, be characterized by isotopically
light d56Fe values relative to igneous rocks (Fantle and
DePaolo, 2004; Bergquist and Boyle, 2006; Escoube et al.,
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2009; Schroth et al., 2011; Poitrasson et al., 2014). The lar-
gest river draining to the Pacific in South America, the
Guayas River and the Guayaquil estuary in Ecuador, are
located about 350 km north from Station 121 and 450 km
from Stations 122 and 123. Minor freshwater input between
5� and 6�S include the Chira and Sechura-Piura rivers
draining terrains of the northern desert of Peru. Although
this area was in a la Niña or ENSO-neutral stage at the time
the samples were collected, the salinity profiles at the three
stations (Fig. 2) indicate that there is no freshwater input in
surface water, either from river or groundwater input.
Hence, it is unlikely that freshwater input could explain
the light d56Fe values of surface water that are observed
in all stations.

Other mechanisms may potentially explain the light val-
ues observed in both particulate and dissolved Fe pools. In
the surface layer, heterotroph bacteria are known to pro-
duce low-molecular weight ferric-specific chelators (sidero-
phores) in Fe-depleted marine environments (Wilhelm and
Trick, 1994) that allow the dissolution of Fe oxyhydroxide
and lithogenic particles. Hence, Fe isotope fractionation in
surface seawater can potentially be attributed to Fe-organic
ligand complexation and non-congruent dust dissolution,
as recently suggested by Conway and John (2014).
Experimental determination of the equilibrium isotope
fractionation factor between Fe(III) bound to siderophore
and the dissolved inorganic Fe complex suggest enrichment
in heavier Fe isotopes in the organic complexes (Dideriksen
et al., 2008; Morgan et al., 2010), which is opposite of the
measured d56FeDFe in the Peruvian system (Fig. 4).
Another potential mechanism explaining light d56FeDFe val-
ues in the surface layer is from biological fractionation pro-
cesses as previously suggested by de Jong et al. (2007). In
the Bothnian Sea, Staubwasser et al. (2013) explained heav-
ier surface d56FeDFe values by biological uptake due to the
presence of a cyanobacterial bloom, and in the Equatorial
Pacific Ocean, Radic et al. (2011) hypothesized that phyto-
plankton would favor the uptake of light Fe isotopes and
that the surrounding waters would get heavier as they get
depleted. In the Peru upwelling regime, large diatoms tend
to dominate the biomass in phytoplankton blooms that
develop (Wilkerson et al., 2000; Bruland et al., 2005).
Those diatom communities could thus play an important
role in controlling the Fe isotope fractionation between dis-
solved and particulate pools.

Despite the current limited knowledge of the biogeo-
chemical processes affecting Fe isotopes in seawater, simple
isotopic mass balance consideration between DFe and
TDFe suggests that the overall source of Fe to the upper
ocean in all stations is isotopically light. As shown in
Fig. 4d, Dd56FePFe–DFe values at 10–20 m depth for
Stations 122 and 123 are between +0.05& and +0.1&, thus
identical within uncertainty. The lack of Fe isotope frac-
tionation between dissolved and particulate Fe in the upper
water column also preclude the identification of potential
Fe isotope fractionation through photochemical reactions.
Fe(II) concentrations in surface waters were 0.24, 0.59
and 1.05 nM at stations 121, 122 and 123 respectively.
Such concentrations could be reached with photoredox
cycling of particulate phases. Indeed, previous studies
showed that photoreduction of Fe(III) (oxyhydroxides, col-
loids and particles) and photolysis of organic, colloidal and
particulate Fe are processes that occur in surface water
(Waite and Morel, 1984; Kuma et al., 1992; Barbeau
et al., 2001; Rijkenberg et al., 2006; Croot et al., 2008).
Wiederhold et al. (2006) observed that Fe isotopes are
fractionated during reductive dissolution of Fe oxides
promoted by photochemical processes. Enrichment of light
isotopes in the dissolved phase was observed.

Based on our current understanding of Fe isotope frac-
tionation both photoreduction and ligand-promoted disso-
lution could explain the low d56FeDFe values measured in
the surface waters but not in the particulate pool
(Table 1). We propose that the most plausible explanation
for both light and similar d56FePFe and d56FeDFe in the sur-
face layer is the advection and transport of isotopically light
Fe from shallower near-shore sediments. The light d56FePFe

values measured in the Baltic Sea were hypothesized to
come from water diffusing up from the basin margin sedi-
ments after suboxic early-diagenetic remineralization
(Gelting et al., 2010; Staubwasser et al., 2013). Along the
Peru margin, water masses within the OMZ show a signif-
icant enrichment in Fe(II) which may be later oxidized to
Fe(III) as it is upwelled or laterally transported within oxy-
genated surface waters. This freshly formed Fe(III) pool
would then record the light signature of Fe(II) when reach-
ing the surface, explaining the light isotopic signature
observed in the PFe pool. Processes arising in benthic zone
or in intermediate water masses can thus have an impact on
the isotopic composition observed in surface waters, as
explained in paragraph 5.3 below, using a simple isotopic
model.

5.2. Benthic source

In coastal environments, sediments are an important
source of Fe to the water column (Hutchins and Bruland,
1998; Elrod et al., 2004). Along the Peruvian coasts, low
levels of dissolved oxygen increase the rate of benthic fluxes
and the amount of Fe(II) escaping from the sediments. At
the bottom of station 122, the DFe pool is dominated by
Fe(II) (Table 1) (between 81% and 100%) and reaches
15 nM, which is a typical benthic value of hypoxic condi-
tions over the continental shelf (Lohan and Bruland,
2008). To our knowledge, it is the first time that the redox
speciation was determined at the same time as the isotopic
composition in the water column. Our results clearly indi-
cate that isotopically light DFe between �0.5& and
�1.2& released from the Peruvian margin is almost entirely
in the form of Fe(II), with Fe(II)/DFe above 0.8.

Several techniques have previously been used to deter-
mine the isotopic signature of the Fe originated from the
sediment: porewater measurements, benthic chamber mea-
surements or model (Severmann et al., 2006, 2010; John
et al., 2012). In all those studies, an isotopically light
d56Fe signature of the sedimentary dissolved Fe of around
�3& near the sediment–water interface has been deter-
mined. Biotic processes involving redox changes are
thought to explain the largest Fe isotope fractionations
observed in marine sediment porewaters (Johnson et al.,
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2008). Among those processes, reduction of Fe(III) by dis-
similatory Fe-reducing bacteria (process known as dissimi-
latory iron reduction “DIR”) is considered to be
responsible for large shifts in isotope compositions (down
to �3&) (Crosby et al., 2007; Homoky et al., 2009).
However, other mechanisms such as indirect reduction of
Fe(III) by sulfide from microbial sulfate reduction, isotopic
re-equilibration between Fe(II) and Fe(III) near the sedi-
ment–water interface, and partial Fe(II) re-oxidation may
also combine to produce such light isotopic values of ben-
thic Fe(II) fluxes (Rouxel et al., 2008b; Severmann et al.,
2010; John et al., 2012). In particular, John et al. (2012)
suggested that the invariance in dissolved d56Fe measured
by different techniques reflect a single process (rapid
Fe(II)–Fe(III) isotopic equilibration) setting a characteristi-
cally light d56Fe values for the flux from all reducing conti-
nental margin sediment. Hence, it can be considered that
abiotic Fe redox cycling may contribute to most of Fe iso-
tope fractionation. Regardless of the mechanisms of Fe iso-
tope fractionation, our results confirm the existence of an
isotopically light benthic Fe source.

The lowest d56FeDFe values (�1.16 ± 0.09&, 1SD,
n = 3) found in the deepest water at Station 122, 12 m
above the seafloor are in the same range as those measured
in the San Pedro basin (from �1.1& to �1.8&) (John
et al., 2012) but higher than the mean values ��3&

reported by (Severmann et al., 2010) for DFe at the sedi-
ment/water interface. As shown in Fig. 5a, the d56Fe values
for Fe(II) (i.e. when Fe(II)/DFe � 1) estimated at Station
123 is about �0.5&. The results suggest either (i) a substan-
tial variation of the end-member isotopic composition of
Fe(II) released from the sediments in our study area, for
example due to the development of sulfidic conditions in
the surface sediment driving the porewater isotope compo-
sition to heavier values (Severmann et al., 2006; Roy et al.,
2012); (ii) the isotopic composition of DFe (and Fe(II))
released from sediments has been modified during its advec-
tion off-shore.

Regardless of the processes controlling the supply and
Fe isotope signatures from benthic sediments, the data also
point out the importance of water-column processes
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affecting Fe signatures of the dissolved and particulate
pool, as discussed below. An important observation is that
Fe isotopic composition of particles associated with isotopi-
cally light Fe(II) is heavier, yielding systematically positive
Dd56FePFe–DFe values up to +0.96 ± 0.18& in the suboxic
water column. The maximum enrichment in heavy Fe iso-
topes in the particulate Fe pool is observed for the maxi-
mum Fe(II) enrichment at depth, which is consistent with
redox-driven Fe isotope fractionation. It is now widely
reported, both theoretically and experimentally, that partial
Fe(II) oxidation produces isotopically heavy Fe(III) oxides
(e.g. Bullen et al., 2001; Welch et al., 2003; Dauphas and
Rouxel, 2006; Wu et al., 2011b). A maximum Dd56FePFe–

DFe values of about +0.96& is similar to Fe isotope
fractionation during Fe(II) oxidation and precipitation of
ferrihydrite (Bullen et al., 2001), but lower than predicted
dissolved Fe(III)–Fe(II) equilibrium isotope effect of 3.4&

at 6.5 �C (Welch et al., 2003). Additional experimental
work has also determined the equilibrium Fe isotope frac-
tionation factors between Fe(III) hydrous oxide and
Fe(II)aq of up to 3.2& (Wu et al., 2011b) reflecting funda-
mental differences in bonding environments and/or kinetic
isotopic effects during natural ferrihydrite precipitation.
Adsorption of isotopically heavier Fe (Icopini et al., 2004;
Teutsch et al., 2005) onto Fe(III) particles and close vs.
open system behavior during oxidative Fe precipitation
may also affect observed Dd56FePFe–DFe values (Dauphas
and Rouxel, 2006). In all cases, the sign of
Dd56FePFe–DFe > 0& is opposite to the isotope fractiona-
tion found between dissolved and particulate Fe in the sub-
oxic part of the water column in the Baltic Sea, Eastern
Gotland Basin (Staubwasser et al., 2013). Together with
previous studies of Fe isotope fractionation during Fe(II)
oxidation in subterranean estuaries (Rouxel et al., 2008b),
our result suggest that ferrihydrite precipitation should lead
to the enrichment in heavy isotopes relative to Fe(II) in
marine environments, with a range of fractionation factors
controlled by isotope exchange kinetics and mineral phases.

As shown in Fig. 5b, Dd56FePFe–DFe values are corre-
lated with Fe(II)/PFe ratios over the entire profile for
Station 122 and 123. This suggests a strong relationship
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between the relative amount of Fe(II) oxidized in the water
column and Fe isotope composition. A preliminary Fe iso-
tope model is presented below.

5.3. Chemical modeling of Fe speciation and isotope

composition

DFe in seawater, which is operationally defined as Fe
that passes through a 0.2 lm or 0.45 lm filter, can be com-
posed of several pools of Fe that are interacting with each
other. A schematic presentation of such Fe pools together
with major biogeochemical processes is presented in
Fig. 6. The predominant form of DFe, noted as DFe(III)-
L, is Fe(III) strongly bound to organic ligands (Rue and
Bruland, 1995). DFe generally includes organic and inor-
ganic colloidal forms of Fe (i.e. size range between
0.02 lm to 0.2 lm), which may represent up to 80–90% of
DFe in near-surface waters and 30–70% in deep water,
the remainder being defined as truly soluble Fe (Wu
et al., 2001). As discussed above, DFe in OMZ such as
the Peru margin may also be composed of Fe(II) (referred
as DFe(II)) (Millero and Sotolongo, 1989; Croot et al.,
2001; Lohan and Bruland, 2008) which can itself be stabi-
lized by organic ligands. The large range of Fe(II)/DFe
ratios obtained in the water column of the Peru margin
(Fig. 7), from <0.1 to nearly 1, together with high DFe con-
centrations suggests that all of these pools are present.
Similarly, PFe may include several pools of Fe, including
DFe(III)-L PFe(III)

DFe(II)
56Fe~  

-1.2‰
56Fe~ δδ
0‰
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Fig. 6. Simplified schematic interpretation of processes affecting
the distribution and exchange of the different physico-chemical
forms of Fe in the Peruvian OMZ. For simplicity, the model does
not consider lateral advection. Vertical bars are not drawn to scale
but thickness gradient is proportional to Fe abundance. The
incoming flux of Fe(II) result from the reductive dissolution of
sediment. The upward decrease of Fe(II) pool result from both
partial Fe(II) oxidation and dilution during upwelling of water to
the surface. PFe is partitioning between biogenic, lithogenic and
PFe(III) fraction. Dissolved Fe, initially exclusively present under
Fe(II) form, may also contain Fe(III) bound to organic ligands
(Fe(III)-L) that formed during partial Fe(II) oxidation. A non-
reductive source of DFe from the dissolution of sediments may also
contribute to Fe(III)-L and/or Fe(II). Lithogenic PFe derive from
sediment resuspension and/or atmospheric deposition.
biogenic (e.g. planktonic organisms, organic debris and
fecal pellets) and inorganic matter (e.g. lithogenic particles).
For simplicity, these particulate pools are not distinguished
here and are noted as PFeLith–Bio. In the case of Fe(II)-rich
water, PFe may also contain newly precipitated Fe(III)
formed after Fe(II) oxidation and colloid precipitation.
This pool is referred to as PFe(III). All these forms interact
through numerous processes such as biological uptake and
degradation, adsorption/desorption reactions, precipita-
tion/dissolution and redox changes, as detailed in Fig. 6.
Hence, the Fe isotope composition of DFe and PFe will
be controlled by the relative contributions of those different
pools (i.e. source effects) and biogeochemical processes in
the water column.

Presumably, the upward decrease of Fe(II)/DFe
throughout the water column (Fig. 7) is best explained by
a partial oxidation of Fe(II) during upwelling and /or lat-
eral advection. To test this hypothesis, we set up a simple
isotopic model that includes: (1) isotopic mass balance
between the different dissolved and particulate Fe pools
and (2) Fe isotope fractionation during Fe(II) oxidation.
This model is aimed to evaluate the importance of Fe(II)
vs. Fe(III) species in affecting Fe-isotope composition of
both the dissolved and particulate Fe pools.

This translates into several equations (in addition to Eq.
(1) defined above), assuming that all DFe present in the oxi-
dized form is bound to organic ligands L:

DFe � d56FeDFe ¼ FeðIIÞ � d56FeFeðIIÞ þ FeðIIIÞ-L
� d56FeFeðIIIÞ-L ð2Þ

PFe � d56FePFe ¼ PFeðIIIÞ � d56FePFeðIIIÞ þ PFeLith�Bio

� d56FeLith�Bio ð3Þ

Total Fe(III) is therefore considered to be distributed in the
particulate (PFe(III)) and dissolved (Fe(III)-L) pools, as
illustrated in Fig. 6, such as:
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Fig. 7. Vertical distribution of the ratio of Fe(II) over DFe at
station 122 (circle) and 123 (square).
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Fig. 8. Results obtained when running the isotopic model detailed
in Section 5.3. Eqs. (1–9) are solved with a spreadsheet software
and f values (fraction of Fe(II) oxidized) ranging from 1 to 0. This
approaches allows calculating D56FePFe–DFe values (as well as Fe
isotopes values of the different Fe pools) as a function of Fe(II)/
PFe. We obtained a good fit to the data, in particular for Station
122, with Fe(III)-L/Fe(III) = 0.2 and aL = 0.9995 (i.e. Dd56FeFe(III)-

L–PFe(III) = �0.5&) (dashed line) and with Fe(III)-L/Fe(III) = 0.35
and aL = 1.0 (solid line). The main interest for modeling
Dd56FePFe–DFe values is that the results are independent of the Fe
isotope composition assigned to the initial pool of Fe(II).

F. Chever et al. / Geochimica et Cosmochimica Acta 162 (2015) 66–82 77
FeðIIIÞ ¼ FeðIIIÞ-Lþ PFeðIIIÞ ð4Þ
TFe ¼ DFeþ PFe ð5Þ
DFe ¼ FeðIIÞ þ FeðIIIÞ-L ð6Þ
PFe ¼ PFeðIIIÞ þ PFeLith�Bio ð7Þ

The Fe isotope composition of Fe(II) is determined by the
proportion f of initial Fe(II) pool being oxidized (i.e. Fe(II)/
(Fe(II)+Fe(III))), such as:

d56FeFeðIIÞ ¼ d56FeFeðIIÞini þ 1000 � ðaox � 1Þ � lnðf Þ ð8Þ

In addition;d56FeFeðIIIÞ ¼ d56FeFeðIIIÞ-L � FeðIIIÞ-L=FeðIIIÞ
þ d56FePFeðIIIÞ � PFeðIIIÞ=FeðIIIÞ
¼ 1000 � ðaox � 1Þ � d56FeFeðIIÞ ð9Þ

with d56FeFe(II)ini the Fe isotope composition of the initial
pool of Fe(II) and aox the Fe isotope fractionation factor
during Fe(II) oxidation to Fe(III). Finally, the fractiona-
tion factor between Fe(III)-L and PFe(III) has been defined
as aL.

As a first approximation, we run the model without the
contribution of biogenic (FeBio) or lithogenic (FeLith) in the
particulate Fe pools considering the high concentration of
initial Fe(II) in the system. In addition, we limited the num-
ber of free parameters by assigning a value to several vari-
ables, such as the fractionation factors during Fe(II)
oxidation, aox, and between Fe(III)-L and PFe(III), aL,
and the initial Fe isotope composition for Fe(II). The only
parameter that cannot be a priori defined is the composition
of the Fe(III) pool in Eq. (4), i.e., the fraction of Fe(III)-L
vs. PFe(III).

Data for both aox and aL have been assigned using pre-
viously published experimental data. First, as discussed
above, a value of aox = 1.001 has been used since it is con-
sistent with both experimental results obtained by Bullen
et al. (2001) during Fe(II) oxidation to goethite and maxi-
mum Dd56FePFe–DFe values measured in our samples.
Secondly, a value of aL = 0.9995 has been used to be con-
sistent with the preferential partitioning of light Fe isotopes
in organically bound Fe as determined by Brantley et al.
(2004). Since this parameter is not well constrained, we also
run the model using aL = 1.0 (i.e. no fractionation).

As presented in Fig. 8, the Eqs. (1–9) are solved with a
spreadsheet software using the above parameters values
and f values ranging from 1 to 0. This approach allows calcu-
lating D56FePFe–DFe values (as well as Fe isotopes values of
the different Fe pools) as a function of Fe(II)/PFe.
Although a comprehensive modeling of the data and sensitiv-
ity tests is beyond the scope of this paper, we obtained a good
fit to the data, in particular for Station 122, with Fe(III)-L /
Fe(III) = 0.2 and aL = 0.9995 (i.e. Dd56FeFe(III)-L-PFe(III) =
�0.5&) (dashed line in Fig. 8) and with Fe(III)-L/
Fe(III) = 0.35 and aL = 1.0 (solid line in Fig. 8). The main
motivation for modeling Dd56FePFe–DFe values is that the
results are independent of the Fe isotope composition
assigned to the initial pool of Fe(II).

The values obtained for Fe(III)-L/Fe(III) ratios ranging
from 0.2 to 0.35, suggest that between 20% and 35% of
Fe(III) produced during Fe(II) oxidation remain in the dis-
solved Fe pool (at least in the colloidal form), while the
remainder precipitates due to the low solubility of Fe(III)
in seawater (Liu and Millero, 2002). It has previously been
suggested that partial oxidation of Fe(II) in seawater (or
porewater) may lead to the production of light d56FeDFe

values in seawater due to the partitioning of isotopically
heavy Fe with Fe(III) precipitates (Rouxel et al., 2005,
2008b). Since our model is using a Rayleigh-type distillation
model (Eq. (8)) to determine the Fe isotope composition of
Fe(II) and Fe(III), our results are generally consistent with
previous studies. However, it appears that even in the low
oxygen environments as those encountered in OMZ, a sig-
nificant fraction of DFe is composed of Fe(III)-L, muting
the expression of isotopically light DFe that is expected
during Fe(II) partial oxidation following Rayleigh-type iso-
tope fractionation processes.

5.4. Iron isotopes as tracers of lithogenic vs. diagenetic

sources and internal redox cycling in the water column

The three stations have contrasting Fe isotopic patterns
reflecting both Fe sources and water column processes. At
the shallowest station (121), yielding the highest TDFe con-
centrations (up to 456 nM at 100 m), d56FeTDFe is close to
the crustal value (0.00 ± 0.04&, 1SD, n = 4) below 100 m.
This suggests that lithogenic input from the continental pla-
teau is the main source of Fe to the water column. This
lithogenic supply is so pronounced that it overwhelms the
benthic source of Fe(II) that should be observed in bottom
waters. At station 122, TDFe concentrations were one
order of magnitude lower than station 121. Therefore,
lithogenic inputs were less pronounced at the time of sam-
pling, which explains the deviation of d56FeTDFe relative to
crustal value. As DFe, TDFe and Fe(II) concentrations
increased with depth and reach their maximum close to
the sediment, the effect of benthic Fe source on Fe isotope
budget becomes preponderant. In all cases, this benthic
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source induces a dissolved and a particulate Fe pool
enriched in light isotopes. As presented in our model above,
physical processes such as diffusion or upwelling of water
masses will transport this signature to the water column
above the source, where Fe(II) will undergo partial oxida-
tion, and produce a range of d56Fe values for both PFe
and DFe. The deep station 123 shows a different vertical
distribution of DFe and PFe than the two other stations
with a maximum in TDFe, DFe and Fe(II) concentrations
between 250 and 300 m. Those depths correspond to the
core of the OMZ suggesting significant advection of benthic
Fe from sediments deeper than those encountered at
Station 122.

At Station 123, no Fe isotopic compositions have been
obtained for depth below 300 m so we cannot rule out the
possibility of a deeper water column processes contributing
to light Fe isotopes values below 200 m. Nevertheless, differ-
ences in Fe isotope signatures of Fe(II) (i.e. when Fe(II)/
DFe > 0.8) of the deeper waters of Stations 122 and 123 sug-
gest that the isotope composition of the reductive benthic Fe
fluxes is not unique and may range from about�0.6& down
to �1.2&. Hence, our results bear important implications
for the quantification of reductive sedimentary Fe sources
to the ocean. Recently, Conway and John (2014) assigned
a light end-member value of �2.4& to Fe released from
reductive dissolution of margin sediments, with an overall
variation of d56Fe values between �1.82& and �3.45&

(Homoky et al., 2009, 2013). In comparison, our estimated
d56Fe values of benthic Fe(II) between �0.6& and �1.2&

are significantly heavier, suggesting that previous estimates
of Fe sources from reductive sedimentary dissolution on
the African margin (Conway and John, 2014) may be signif-
icantly underestimated.

Our results also bear important implications for the
mechanisms of Fe release and transfer within OMZ.
Scholz et al. (2014) recently discussed Fe isotopes systemat-
ics from a sediment core transect across the Peru upwelling
area, located slightly south of our study area. In contrast to
expected results (i.e. transfer of isotopically light Fe to the
sediments below the OMZ), heaviest d56Fe values of the
surface sediments coincide with the greatest Fe enrichment.
This implies that a fraction of the sediment-derived Fe(II)
from within the OMZ is precipitated as Fe oxide in the rel-
atively oxic water beneath the OMZ. In our study, we sys-
tematically obtained positive Fe isotope fractionation
factors between DFe and PFe with Dd56FePFe–TDFe values
up to +0.96& consistent with the oxidative precipitation
of Fe(II) in the water column. We also reproduce the rela-
tionships between Dd56FePFe–TDFe and Fe(II)/PFe observed
throughout the water column at Stations 122 and 123
through partial oxidation. Hence, our data confirm that
heavier d56Fe values measured below the OMZ (Scholz
et al., 2014) are best explained by the partial Fe(II) oxida-
tion and precipitation of isotopically heavy Fe-oxyhydrox-
ides in the water columns. Depending on the initial d56Fe
values for Fe(II) that could range between �0.6& and
�1.2&, the Fe isotope fingerprint of precipitated Fe(III)
would encompass a range of values either above or below
crustal values.
6. CONCLUSION

In this study, we determined the Fe isotopic composition
of total dissolvable and dissolved Fe in the water column of
three stations located in an Oxygen Minimum Zone near
the Peruvian coast. This hypoxic environment allowed us
to study Fe isotope systematics and the complex and
dynamic redox cycle of Fe. Two main characteristics were
observed in our water column profiles. Firstly, in the sur-
face layer, as the dissolved and particulate Fe concentra-
tions increase, the d56Fe decreases to lighter isotope
compositions relative to the samples collected deeper in
the water column. Upwelling and partial oxidation of Fe
from deeper layers as well as horizontal advection of iso-
topically light Fe may explain such features, though we can-
not rule out the potential for photo-reduction and
biological uptake to influence the light isotopic values of
DFe and PFe we observed in surface waters. More studies
in controlled environments are certainly needed to better
understand fractionation associated with the uptake of Fe
by phytoplankton as well as through photoreduction.
Secondly, samples collected closest to the sediment show
the lightest isotope composition in the dissolved and the
particulate pools (�1.25& and �0.53& respectively) as
well as Fe(II)/DFe ratios between 0.8 and 1, consistent with
a major benthic Fe sources that is transferred to the ocean
water column. To our knowledge it is the first time Fe iso-
tope measurements were done for DFe occurring domi-
nantly as Fe(II). These observations support the idea that
sedimentary Fe reduction fractionates Fe isotopes and pro-
duces an isotopically light Fe(II) pool transferred to the
ocean water column. Imprint of the benthic iron flux
already observed at the sediment-ocean boundary is clearly
transferred to the water column, but our results also suggest
that it will be further modified through partial Fe oxidation
and complex interactions between its labile or colloidal and
particulate Fe(III) product. Results from the model devel-
oped by John et al. (2012) suggest that continental margins
contribute 4–12% of world ocean dissolved Fe and make
the ocean’s Fe lighter by �0.08& to �0.26&. However,
we obtained d56Fe values between �0.5& and �1.2& for
the benthic Fe(II) fluxes, which is notably heavier than
the end-member value of �2.4& used by Conway and
John (2014), suggesting that the quantification of Fe
sources to the North Atlantic remain poorly constrained.

In this study, we demonstrate that Fe isotopic composi-
tion in OMZ regions are not only affected by the relative
contribution of reductive and non-reductive shelf sediment
input but also by seawater-column processes during the
transport and oxidation of Fe from the source region to
open seawater. Although it is clear that Fe isotopes have
great potential to trace and quantify the sources of dis-
solved Fe to the oceans, our results also prompt for the con-
sideration of biogeochemical processes throughout the
water column that could modify initial Fe isotope signa-
tures of the sources. With the assumption of an expansion
of the OMZ in the oceans, Fe isotopes should ultimately
provide useful tracers to assess the contribution of the
reductive benthic Fe flux and its export to the global ocean.
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