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The Paleoproterozoic Era was a time of remarkable importance in the redox evolution of Earth's atmosphere and
oceans. Here, we present amulti-proxy study ofMo, U and Fe isotopes together with Fe speciation of black shales
and siltstones from the upper Zaonega Formation of the Onega Basin in Karelia.We attempt to better understand
oceanic redox conditions during the 2.05 Ga Shunga Event as the next step following the Great Oxidation Event
(GOE) and the Lomagundi carbon isotope excursion Event.
A cautious examination of the Fe speciation data shows that the studied sectionwas deposited under dominantly
euxinic conditions (anoxic and sulfidic) and that the lower part of the section experienced metamorphism
through which pyrite was altered to pyrrhotite. During this episode, the system was closed with respect to Fe
but not sulfur. The Mo and U isotopic compositions (corrected for detrital input) were not affected by the meta-
morphism and loss of S and are fairly uniform throughout the entire section. The Fe isotope compositions are ex-
ceptionally heavy in the lower part of the section (up to δ56FeIRMM-14 = 0.83‰) and become lighter towards the
upper intervals, which also show significant [Mo] and [U] enrichments. We suggest that this pattern reflects
changes in the position of the deposition site relative to the redox structure of the water column. The upper
part was deposited within a locally euxinic portion of the basin where H2S availability was highest, removal of
Mo and U was more efficient and precipitated pyrite captured relatively non-fractionated dissolved Fe. In other
words, quantitative uptake of Fe was favored. In contrast, the lower interval was deposited on the lower margin
of a euxinic wedge where H2S availability was lower, and removal of Mo and U was less efficient. Pyrite precip-
itation in this part of the water column reflected a more fractionated dissolved Fe reservoir due to more
protracted, non-quantitative Fe uptake because of less efficient pyrite formation under lower sulfide conditions
and greater access to the large oceanic pool of Fe. The U isotopic signal was corrected for detrital contribution giv-
ing compositions similar to the riverine input and suggesting that co-precipitation into carbonates was the main
process of U removal at this time.
We estimate theMo isotope composition of the contemporaneous ocean to be δ98MoSW = 0.85 ± 0.21‰. This is
the lowest value yet reported for the Proterozoic ocean, suggesting that the oceanic Mo cycle was dominated by
euxinic and anoxic sinks with negligible Mo removal into oxic environments. Recent studies have proposed a
sharp increase in ocean–atmosphere oxygen levels during the Lomagundi Event followed by a dramatic crash.
Our results from black shales of the 2.05 Ga Shunga Event are consistent with a post-Lomagundi decrease in bio-
spheric oxygen levels.

© 2013 Elsevier B.V. All rights reserved.
1. Introduction

The “Great Oxidation Event” (GOE) in the Paleoproterozoic was one
of the most significant events in Earth history (Holland, 2006). At that
time, atmospheric oxygen levels rose from Archean values of ca. 10−5
ghts reserved.
times the present atmospheric level (PAL) tomid-late Proterozoic values
of ca. 10−2 to 10−1 PAL (Pavlov and Kasting, 2002). This event had a re-
markable effect on Earth surface biogeochemical cycles through the ini-
tiation of oxidative weathering, shifts in ocean chemistry and a
boosting of redox gradients and thus microbial metabolism on a global
scale. The recognition that substantial Mass Independent Fractionation
(MIF) of sulfur isotopes is restricted to the time interval before ~2.3 Ga
argues for an anoxic atmosphere at that time (Farquhar, 2000; Pavlov
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and Kasting, 2002; Mojzsis et al., 2003; Ono et al., 2003; Bekker et al.,
2004; Farquhar et al., 2007). “False-starts” in biospheric oxygenation, re-
ferred to as “whiffs” of atmospheric oxygen (Anbar et al., 2007) may
have occurred one ormore times during the latest Archean, although ev-
idences are currently disputed (Kirschvink et al., 2012). These presum-
ably transient increases in oxygen are reflected in enrichments in the
redox-sensitive elements molybdenum and rhenium in marine shales
and a reduction in the extent of MIF precisely coincident with the peak
in Mo and FeS2 enrichment (Anbar et al., 2007; Kaufman et al., 2007;
Reinhard et al., 2009; Kendall et al., 2010). The interval between
2.45 Ga and 2.0 Ga (the early Paleoproterozoic) was a period of transi-
tion and dramatic environmental change, with evidence for widespread
glaciation (Evans et al., 1997; Kirschvink et al., 2000), the first appear-
ance of red beds, giant Mn deposits (e.g., the Hotazel Formation) and
the disappearance of detrital grains of pyrite and uraninite consistent
with the onset of an oxidative weathering environment (Holland,
1994; Farquhar and Johnston, 2008). Banded iron formations, which
were frequent and voluminous in the Archean, largely disappeared dur-
ing the early Paleoproterozoic (2.3–2.0Ga), despite later reappearance at
~1.9 Ga due to enhanced global volcanism (Condie, 2001; Rasmussen
et al., 2012). A significant increase inmass-dependent S isotope fraction-
ation and decrease in Fe isotope fractionation in sedimentary pyrite after
~2.32 Ga (Bekker et al., 2004; Canfield, 2005; Rouxel et al., 2005), and
the first appearance of sedimentary sulfate evaporates (Reuschel et al.,
2012) likely reflect an increase of seawater sulfate concentrations by
that time. The ocean redox state in the aftermath of the rise of atmo-
spheric oxygen remains poorly constrained and various models ranging
from oxic (Holland, 1984), to euxinic (Canfield, 1998), and to suboxic
(Slack et al., 2007) have been proposed, and recent work hypothesizes
a redox structure characterized by pervasive anoxia within the deep
sea and dynamic regions of euxinia along productive ocean margins
(e.g., Poulton et al., 2010; Planavsky et al., 2011; Reinhard et al.,
2013a). However, the temporal dynamics and cause-and-effect relation-
ships among the various transitions in the surface environment in the
wake of the GOE and Lomagundi Event remain poorly known.

The Lomagundi-Jatuli Event—the largest carbon isotope excursion in
Earth's history (2.3–2.1 Ga)—is associated with global burial of organic
matter and release of oxygen to the atmosphere (Melezhik et al.,
1999a,b). Bekker et al. (2008) showed that in contrast to the Late
Neoproterozoic and Phanerozoic, mechanisms of carbon fractionation
were different in the Paleoproterozoic redox-stratified ocean, and the
signal of primary productivity below the redoxcline was overprinted.
This relationship complicates the reconstruction of spatial patterns
and secular trends in the δ13C values of dissolved inorganic carbon in
Paleoproterozoic seawater.

We have studied the Shunga Event sequence from the Onega Basin,
which directly follows the Lomagundi-Jatuli Event and, somewhat
paradoxically in the face of decreasing δ13C values, shows remarkable
organic carbon accumulation and the first sedimentary phosphorite ac-
cumulation (Melezhik et al., 2005). The Shunga Event is part of the strat-
igraphic section of the Onega Basin which was deposited in regional
platformal sequence, where similar sediments are found also in the
Francevillian Group in Gabon (Melezhik et al., 2004; and references
within). Together, these observations suggest that the studied section
of the Shunga Event can provide insight into the open Paleoproterozoic
oceanand associated global phenomena. The Shunga Event,well-known
for its huge volume of Paleoproterozoic Corg-rich sediments (up to 99%
C), represents a giant petrified oil field, including petroleum source
rock, joint-trapped metamorphosed oil, veins of migrated petroleum,
redeposited subaerial oil spills and organo-siliceous substances forming
diapirs (Melezhik et al., 2004). The Zaonega Formation from the Onega
Basin is composed mainly of organic-rich shale, organo-siliceous rocks
andmafic lavas and gabbro sills, and it also contains a petrified oil reser-
voir. Kump et al. (2011) observed a negative δ13C excursion during the
Shunga Event, which was considered to represent intense oxidative
weathering of rocks as the result of the initial establishment of an
oxygen-rich atmosphere. The studies of Ovchinnikova et al. (2007)
and Puchtel et al. (1998, 1999) constrained the age of the Zaonega For-
mation to be ca. 2.06 Ga.

Here, we aim to document the sequence of environmental changes
associated with the Shunga Event by analysis of drill core from
Fennoscandia, so that we may evaluate the following hypotheses:

(1) The evolution of the oceanic sulfur cycle through the
Paleoproterozoic was such that by the time of the Shunga event
(ca. 2000 Ma) it could support exceptionally widespread euxinic
conditions in the marine realm.

(2) Oxidative continental weatheringwas important in setting up the
sulfate and metal oxyanion inventories of seawater (e.g., U and
Mo) in the aftermath of theGOE andduring the Lomagundi Event.

Wepresent here Fe speciation;Mo abundance; and Fe, U andMo iso-
topes data recorded in Palaeoproterozoic sulfidic shales from the
Fennoscandian Shield and now available in the FAR-DEEP drillcores.
The FAR-DEEP project (Fennoscandian Arctic Russia—Drilling Early
Earth Project)was initiated in the frame of the International Continental
Drilling Program (ICDP) (Melezhik et al., 2013). About 3650 m of drill
core were recovered and logged from the early Paleoproterozoic of
Arctic Russia during the summer and fall of 2007 and represent a critical
window into the tempo and mode of early Earth oxygenation.

2. The Fe, Mo and U proxies

2.1. Molybdenum in the ocean—sources, sinks and fluxes

TheMo isotopic system has drawn considerable attention in the past
decade as away to better understand the ocean redox structure of mod-
ern and ancient oceans (McManus et al., 2002; Arnold et al., 2004;
Nägler et al., 2005; Siebert et al., 2005; Poulson et al., 2006; Siebert
et al., 2006; Wille et al., 2007; Archer and Vance, 2008; Dahl et al.,
2008; Neubert et al., 2008; Pearce et al., 2008; Kendall et al., 2009;
Dahl et al., 2010; Duan et al., 2010a,b; Kendall et al., 2011; Nägler
et al., 2011; Wen et al., 2011). Many of the above studies have focused
on the authigenic record of Mo isotopes in black shales, trying to estab-
lish linkages between the evolution of oxygen in the atmosphere and
the sources and sinks of Mo in the oceans. These studies are based on
(1) the principle that theMo isotopic composition of seawater is a func-
tion of the balance between the different Mo sedimentary sinks in the
ocean, and (2) that the Mo isotope composition of contemporaneous
ocean can be reconstructed directly from euxinic sediments, as there is
often no net fractionation during Mo removal to such sediments (e.g.,
Anbar and Rouxel, 2007; Gordon et al., 2009). Therefore, in order to
make a reliable use of Mo us a paleoredox proxy, it is first essential to
show that the removal of Mo was quantitative. We may achieve that
by demonstrating euxinia in the site of depositions using other geo-
chemical tools (e.g., Fe speciation andMo concentrations). Nonetheless,
we must keep in mind that even under strongly euxinic conditions Mo
removal may not be quantitative (e.g., Helz et al., 2011), resulting in sig-
nificant Mo isotope fractionation. Therefore, the inferred Mo isotope
composition of seawater should be used cautiouslywhen reconstructing
the oceanic Mo budget, which in turn can reflect the global oceanic
redox state (i.e., Mo sinks) and atmospheric oxygen levels (Anbar,
2004; Gordon et al., 2009; Lyons et al., 2009).

The oceanic Mo cycle is dominated by two sources—rivers and hy-
drothermal fluids—and three sinks defined by the redox conditions at
the site of deposition in the ocean: euxinic, oxic and suboxic (Berner,
1981). For the Mo isotope system, suboxic and anoxic conditions are
lumped together (see Table 1). The common theme for both is that sul-
fide is limited to the pore fluids, and only euxinic sites, by definition,
have free sulfide in the water column. Riverine Mo input constitutes at
least 90% of the total modern Mo input to the oceans, with a small flux
possibly tied to hydrothermal fluids (McManus et al., 2002). Archer



Table 1
Characteristics of the different Mo and U sinks.

[O2] μMa [H2S] μMa Δ98Mo(SW-sink) [‰] Δ238U(SW-sink) [‰]b

Euxinic ≈0 ≥11 0 −0.5
Anoxic ≈0 ≈0 ≈1
Suboxic ≤10 ≤11 −0.2
Oxic ≥10 ≈0 ≈3 –

Carbonates – – – 0

a After Canfield and Thamdrup (2009); Murray et al. (1995); and Berner (1981).
b See text for references.
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and Vance (2008) analyzed various modern rivers and showed a
range of δ98Mo values between 0.2 and 2.3‰ and an average of
δ98Mo = 0.7‰, which is similar to the values reported by Pearce et al.
(2010) and Neubert et al. (2011). However, on long time scales we ex-
pect rivers to represent the average crustal value, which is probably
lower and in the range of ca. −0.1 to 0.4‰ (Barling et al., 2001;
Siebert et al., 2003). The hydrothermal input may constitute as much
as 10% of the total Mo input to the ocean, and its isotope composition
is currently poorly constrained. McManus et al. (2002) measured a
valueof δ98Mo = 0.8‰ for low-temperature ridgeflank springs, though
these authors acknowledged that much of this Momay be coming from
suboxic diagenesis in sediments along the fluid flow path. Pearce et al.
(2010) measured a value of δ98Mo = −3.4‰ for terrestrial hydro-
thermal spring waters. In any case, as a first approximation, it can be
considered that the total oceanic Mo input, including riverine and hy-
drothermalfluids together, is about δ98Moinput = 0.5 ± 0.2‰, although
this issuemay need to be revisited as theMo isotope systematic in rivers
and hydrothermal systems and their relative Mo contributions to sea-
water become better understood. In the modern oceanMo is found pri-
marily as the non-reactive molybdate ion (MoO4

2−) with the average
seawater concentration of 100 nM and an oceanic residence time of
ca. 700,000 yr.

Under euxinic conditions, where [H2S] ≥ 11 μM and [O2] ≈ 0 μM,
themolybdate ion is converted through intermediate oxythiomolybdate
species to the reactive tetrathiomolybdate (Erickson and Helz, 2000;
Tossell, 2005):

MoO4
2− þ 4 H2S↔MoS4

2− þ 4 H2O

Ultimately, if H2S is in excess overMo, and the rate of water renewal
is slow compared to the Mo burial rate (Dahl et al., 2010), molybdate is
removed quantitatively to the sediment, and no net fractionation is
expressed. In the case of widespread euxinic conditions, low Mo/TOC
ratios across wide lateral and temporal space would suggest that Mo
is efficiently removed over a much wider region of the ocean (Lyons
et al., 2009). Scott and Lyons (2012) showed that Mo/TOC ratios may
provide direct evidence for euxinic conditions, except under extreme
conditions of Mo limitation. It is important to note that if Mo removal
is not quantitative, significant fractionation between molybdate and
thiomolybdate is expected as an isotopic shift between the sediment
and the open ocean value for dissolved Mo (Neubert et al., 2008;
Arnold et al., 2012). Tossell (2005) calculated a fractionation factor for
the complete reaction ofΔ98/95Mo(MoO4–MoS4) ≈ 6.75‰, where Nägler
et al. (2011) found ca. 0.5‰ shift between seawater and the sediment
in the modern black sea at water depth b400 m.

In oxic environments, where [O2] N10 μMand [H2S] ≈ 0 μM,Mo re-
moval occurs through adsorption to Mn-oxides surfaces via the follow-
ing general reaction (Barling and Anbar, 2004):

MeOHþMoO4
2− þ Hþ↔MeMoO4

− þH2O

Where Me represents metal-oxide surface—typically Mn- and/or
Fe-oxide crusts. An isotope fractionation of Δ98/95Mo(SW–Oxic) ≈ 3‰
accompanies this reaction inmodern system,where the process is dom-
inated by sorption to Mn-oxides (Barling et al., 2001; Siebert et al.,
2003; Poulson et al., 2009). Barling and Anbar (2004) and Wasylenki
et al. (2008) showed that this fractionation factor is effectively indepen-
dent of temperature, ionic strength and pH within ranges realistically
applicable to seawater, and it is thus reasonable to assume that it has
been essentially constant over earth history. However, Kendall et al.
(2011) pointed that the 3‰ fractionation factormay not hold for all sed-
iments with 10 b [O2] b 35 uM.

In suboxic and anoxic environments, where bottom water [O2]
b10 μM and sulfide is limited to the porewaters, Mo is typically re-
moved through adsorption to Fe-oxideminerals in the following gener-
al reaction (Kashiwabara et al., 2011):

Me H2Oð Þn þMoO4
2−↔Me MoO4

2−
� �

H2Oð Þn−1 þH2O

Where Me stands for the metal-oxide surface. Mo isotope fraction-
ation in these environments will vary with different phases and condi-
tions, and Δ98/95Mo(SW–Suboxic) ranges from approximately 0.8 to 2.2‰
(Goldberg et al., 2009) with typical values of ca. 1‰. Goldberg et al.
(2009) also argued that during early diagenesis processes of Mo release
due to reduction of Fe-(oxyhydr)oxides, augmentation by drawdown of
seawater, and finally sequestration, may affect the isotopic composition
of the sediment.

2.2. Uranium in the oceans—sources, sinks and fluxes

In themodern oxic ocean, uranium occurs mainly in the highly solu-
ble U6+ oxidation state, dominantly in the form of the uranyl carbonate
ionUVIO2(CO3)34− (Djogic et al., 1986). Uranium is conservative,meaning
its concentration varies linearly with salinity (Ku et al., 1977; Robinson
et al., 2004). In seawater with an average salinity of 3.5 g/L, the U con-
centration is 13.8 ± 0.3 nmol/L. This concentration should be homoge-
neous for a salinity-normalized ocean since the U mean residence time
(~ 400 kyr) is much larger than the global ocean mixing time, deter-
mined as 1–2 kyr by 14C reservoir ages (Ku et al., 1977; Chen et al.,
1986). The latest estimates of the U budget in the modern ocean
(Morford and Emerson, 1999; Dunk et al., 2002; Henderson, 2003)
agree within uncertainties and describe three main sinks, which repre-
sent roughly similar total removal rates of U: biogenic carbonates, anoxic
sediments and suboxic sediments. It should be noted that hydrother-
mally altered oceanic crust represents a fourth sink of secondary impor-
tance, whose contribution to the oceanic budget is not well constrained.

Modern seawater has a U isotope composition of δ238U ≈ −0.38 ±
0.03‰ (relative to CRM112a) (Stirling et al., 2007; Weyer et al., 2008;
Tissot and Dauphas, 2011). The modern riverine input has a δ238U
value of about−0.22 ± 0.05‰ (Stirling et al., 2007), while continental
crust (i.e., granites and basalts) has a δ238U of about −0.28 ± 0.03‰
(Telus et al., 2012; Tissot and Dauphas, 2012). Isotopic fractionation as-
sociatedwith U incorporation in the threemain U sinks described above
is detailed is Table 1. From the limited available data (Noordmann et al.,
2009, 2012) it seems that the processes of U weathering from continen-
tal crust, transport to the oceans, and re-deposition as well as removal
into hydrothermally altered oceanic crust, are accompanied by relatively
small isotopic fractionation.

The process of U removal from seawater occurs in three steps:
(1) transport of U to the sediment/water interface; (2) diffusion to
porewater and reduction of U in the porewater column; and (3) adsorp-
tion or precipitation (Anderson et al., 1989). Themain source of U to the
sediment/water interface is dissolved UVI but U can also be taken up in
plankton, sorbed to organic matter, concentrated in calcareous and sili-
ceous tests, or adsorbed and/or co-precipitated with Fe–Mn oxides and
transported to the sediment/water interface (Langmuir, 1978; Cochran,
1992; Barnes and Cochran, 1993). At the sediment/water interface,
U delivered from the water column can be released via reduction of
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Fe–Mn oxides (Barnes and Cochran, 1993), or from the decomposition
of organic matter (20% or less of the flux in porewater (Klinkhammer
and Palmer, 1991)). U then diffuses into the porewater, where reduc-
tion and removal of U,which ismainly coupled to oxidation of Fe, occurs
at about the depth of Fe remobilization or below (Cochran, 1992;
Morford and Emerson, 1999). The initial reduction is thought to occur
as amorphous UIV-oxyhydroxide, which later transform to uraninite
UO2(s) (Langmuir, 1978).

Depending on the redox environment, reduction of solubleUVI into in-
solubleUIV is accompaniedbydifferent fractionation factors and can occur
through a variety of reactions. These reactions include abiotic reduction,
coupled or not to adsorption onto ferric hydroxide andmicrobially medi-
ated reduction (see Appendix 1).

Sediments deposited under anoxic (euxinic/ferruginous) conditions
show heavier isotopic compositions than seawater by 0.44 to 0.80‰,
with an averageΔ238/235U(SW–Anox) ≈ −0.5‰,Sediments deposited in
suboxic condition show δ238U of ~−0.29 ± 0.08‰ equivalent to
Δ238/235U(SW–Subox) ≈ −0.1‰ (Weyer et al., 2008).

In oxic environments U can be removed from the water column
through adsorption onto Mn-nodules or during precipitation of banded
Iron Formations (BIFs) in the ancient ocean. Adsorption experiments as
well asmeasurements of 238U/235U ratios inMn-oxyhydroxides point to
an associated fractionation factor of Δ238/235U(SW–Adsorption) ≈ 0.2‰
(Stirling et al., 2007; Weyer et al., 2008; Brennecka et al., 2011), while
the fractionation associated with BIF deposition is poorly constrained
due to the limited and highly scattered data available (Weyer et al.,
2008). The Mn-nodule and BIF sinks are negligible in the modern
ocean. However, in anoxic ancient oceans, deposition of BIFs occurred
on short timescales in localized, oxygen-rich waters. The process of
BIF deposition is still a matter of debate, and their role in the U budget
in the ancient ocean remains unknown. At present, BIFs have not been
studied enough to reveal their role in the U geochemical cycle, and
so it is important to keep in mind that BIFs represent a source of uncer-
tainty in the U mass balance.

The last main fate for U in the modern ocean is co-precipitation into
carbonates. In oxic environments, soluble UVI is preferentially incorpo-
rated and sequestered in aragonite over calcite with [U]aragonite ≈ 10×
[U]calcite (Qafoku and Icenhower, 2008; Weyer et al., 2008). Incorpora-
tion and long-term sequestration of UVI into calcite was at one time a
matter of debate but has recently been documented in natural settings
(Kelly et al., 2003, 2006, 2007), thus validating U-related dating of cal-
cite formed in oxic environments. However, sequestration of U in car-
bonates is not restricted to oxic environments, and the substitution of
insoluble tetravalent uranium (UIV) for divalent calcium (Ca2+) in cal-
cite deposited under anoxic conditions explains the otherwise anoma-
lously high concentration of U in these deposits (Israelson et al., 1996;
Sturchio, 1998). Other mechanisms of U sequestration into carbonates
have been proposed (e.g., sorption, adsorption) but are somewhat re-
versible and probably do not play an important role in the long-term
oceanic budget for U (see Qafoku and Icenhower (2008) and reference
therein for more information). The overall U burial rate in carbonates
in the modern ocean is estimated to be ~334 μg/cm2kyr. The co-
precipitation/substitution of U in carbonates is not accompanied by sig-
nificant U isotope fractionation as δ238UCarbonates ≈ −0.44 ± 0.06‰
(Stirling et al., 2007; Weyer et al., 2008; Brennecka et al., 2011).

Theory and experiments explain U isotope variations during U
reduction as a result of mass-independent, volume-dependent fraction-
ationmechanismcalledNuclear Field Shift,which states that differences
in nuclear charge radius associated with the number of neutrons shifts
the atomic energy levels of the isotopes (Fujii et al., 1989; Bigeleisen,
1996; Schauble, 2007; Abe et al., 2008). This translates into a preferen-
tial incorporation of 238U into the reduced species UIV. A second mecha-
nism, fractionating U towards lighter δ238U, has been shown to take
place during adsorption of U onto Mn-oxyhydroxide (Brennecka et al.,
2011). In this case, fractionation is thought to be due to a difference in
the U–O coordination shell between dissolved and adsorbed U.
The potential of the 235U/238U system as a paleoredox tracer has
been explored in three recent studies (Kendall et al., 2013–in this
issue; Montoya-Pino et al., 2010; Brennecka et al., 2011). Kendall et al.
(2013–in this issue) found a co-occurrence heavy δ238U values and
authigenic enrichments of Re and Mo but not U in late Archean shales.
Such elemental enrichment pattern suggests atmospheric oxygen levels
sufficient for oxidativeweathering of Re andMo but too low tomobilize
U, a conclusion consistentwith amodel of local pulses in the production
of O2 by photosynthesis (Sverjensky and Lee, 2010). However, the pres-
ervation of a heavy δ238U signature in the sediments implies the pres-
ence of small amount of dissolved U in the deep waters. Kendall et al.
(2013–in this issue) proposed local submarine oxidative weathering
within anoxygen oasis as the source of dissolved U. Montoya-Pino
et al. (2010) investigated the extent of marine anoxia by looking at
black shales deposited during and after the mid-Cretaceous
Cenomanian–Turomian Oceanic Anoxic Event (OAE). They speculated
that the ocean prior to the OAE was slightly less oxic compared to
today's ocean and that the Cenomanian–Turomian OAE corresponds
to a threefold increase of oceanic anoxia relative to the present day. A
similar method was applied to Late Permian and Early Triassic carbon-
ate rocks by Brennecka et al. (2011), who interpreted a global shift to
lower 238U/235U ratios in the rock record as a consequence of increased
anoxia in the ocean just before the end-Permian mass extinction.
2.3. Fe speciation and isotopes

The distribution and systematics of Fe within ancient sedimentary
rocks can provide crucial information about the local redox of a deposi-
tional environment (reviewed in Lyons and Severmann, 2006; Raiswell
and Canfield, 2012; and Reinhard et al., 2013b). Although such informa-
tion is useful in its own right, an understanding of depositional redox
chemistry is essential if we wish to use Mo isotopes as an oceanic
paleo-redox proxy and specifically to address extents of euxinia on
ocean scales (Arnold et al., 2004; Gordon et al., 2009). In this approach,
different Fe mineral phases are separated bymeans of a well-calibrated
sequential extraction scheme described briefly in the methodology and
in detail elsewhere (Raiswell et al., 1994; Raiswell and Canfield, 1998;
Poulton et al., 2004; Poulton and Canfield, 2005; Reinhard et al., 2009).

We focus here on highly reactive iron (FeHR), a pool of Fe that is
biogeochemically labile and reactive to dissolved S2− species on deposi-
tional and early diagenetic (burial) timescales (e.g., Raiswell and
Canfield, 1998). In addition to the Fe sulfide pool (Fepy), FeHR also in-
cludes a number of ferrous carbonates (e.g., siderite, FeCO3; ankerite,
Ca(Fe,Mg,Mn)(CO3)2), crystalline ferric oxides (hematite, Fe2O3; goe-
thite, FeOOH) and the mixed valence Fe oxide magnetite (Fe3O4). By
the conventional interpretation, a ratio of FeHR to total Fe (FeT) that is
well in excess of detrital background levels represents authigenic enrich-
ment in a system that was anoxic and reducing with respect to Fe
(Canfield et al., 1996; Lyons, 1997; Raiswell and Canfield, 1998;
Wijsman et al., 2001). Values for FeHR/FeT in anoxic environments are
commonly greater than 0.38, well above values for oxic siliciclastic ma-
rine sediments frommodern (FeHR/FeT = 0.26 ± 0.08) and Phanerozoic
(FeHR/FeT = 0.14 ± 0.08) systems (Raiswell andCanfield, 1998; Poulton,
2002; Raiswell et al., 2008).

We can further distinguish anoxic environments buffered by
dissolved Fe2+ (termed “ferruginous”) from anoxic environments buff-
ered by dissolved S2− species (termed “euxinic”) by examining the ex-
tent to which biogeochemically labile Fe has been converted to sulfide
minerals, a consequence of the very low solubility of Fe–S phases.
FeHR-enriched systems in which the majority of reactive Fe has been
converted to pyrite Fe (FePY) are operationally defined by values of
FePY/FeHR in excess of 0.7–0.8 (e.g., Poulton and Canfield, 2011) and
are diagnostic of euxinic water columns. Importantly, it is these sulfidic
systems in particular that can serve as a repository for the Mo isotope
composition of contemporaneous seawater.



Fig. 1. Composite (~5000-m-thick) and simplified section of the Onega Basin linked to
major paleoenvironmental events, modified from Melezhik et al. (2010). Radiometric
dates from bottom to top are taken from Pukhtel et al. (1992) and Ovchinnikova et al.
(2007). Vertical red line shows the position of drill hole 13A studied in this work.
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Stimulated by the potential to use Fe isotopes as a biosignature and
as a tracer of the redox state of ancient oceans, studies of the Fe isotope
composition of laminated organic-rich sediments and sedimentary sul-
fide shales attracted great interest in recent years (Matthews et al.,
2004; Rouxel et al., 2005; Yamaguchi et al., 2005; Archer and Vance,
2006; Jenkyns et al., 2007; Duan et al., 2010a,b; Fehr et al., 2010;
Guilbaud et al., 2011). Microbiological experiments have shown that
significant Fe isotope fractionations occur during dissimilatory Fe(III)
reduction (e.g., Beard et al., 2003a,b; Icopini et al., 2004; Johnson and
Beard, 2005; Crosby et al., 2007) but also during anaerobic photosyn-
thetic Fe(II) oxidation (Croal et al., 2004). Fe isotopes can be also frac-
tionated by abiotic Fe(II) oxidation and precipitation of ferric
hydroxides (Bullen et al., 2001; Balci et al., 2006) and by sorption of
aqueous Fe(II) onto ferric hydroxides. The largest equilibrium isotope
fractionation (~3‰) is observed and theoretically calculated between
coexisting Fe(III) and Fe(II) aqueous species (Johnson et al., 2002;
Welch et al., 2003). It should be noted that significant kinetic Fe isotope
fractionations are involved in non-redox processes such as inorganic
mineral precipitation of Fe-oxides (Skulan et al., 2002) and sulfides
(Butler et al., 2005; Guilbaud et al., 2011). The difficulty of clearly iden-
tifying biotic versus abiotic processes of Fe isotope fractionation has
been the subject of intense debate in recent years (e.g., Beard, 1999;
Anbar et al., 2000; Bullen et al., 2001; Rouxel et al., 2005; Guilbaud
et al., 2011).

Lithogenic sources of Fe on the modern oxygenated Earth have sim-
ilar Fe isotope compositions to that of bulk silicate Earth (Beard et al.,
2003a,b). In contrast, marked variations in Fe isotope composition
have been reported in organic-rich sediments, especially in Precambri-
an black shales and sedimentary pyrites N2.3Ga old. Although several
interpretations of the Fe isotope record in black shales have been pro-
posed (Rouxel et al., 2005; Archer and Vance, 2006; Rouxel, 2006;
Severmann et al., 2008; Guilbaud et al., 2011, 2012), there is a general
consensus that the shift from high δ56Fe variability in N2.3 Ga black
shales to little variability b1.8 Ga reflects redox-related changes in the
global oceanic Fe cycle. Subsequent studies have all confirmed that the
iron cycle before 1.8 to 2.3 billion years ago was different from that of
today and reflected the rise of atmospheric oxygen and the subsequent
moderate atmospheric oxygen levels in the Paleoproterozoic (Bekker
and Kaufman, 2007; Planavsky et al., 2012b). Regarding the processes
leading to Fe isotope variations in sedimentary pyrite, it appears that
Fe isotopes are particularly sensitive to the concentrations of dissolved
Fe(II) and H2S (i.e., the sizes of the seawater Fe and sulfate reservoirs)
and can be used to constrain the sources and sinks from the Fe(II) reser-
voir in past oceans.

In cases where oxidation and/or precipitation of aqueous iron is
quantitative the isotopic composition of the sediment will directly
reflect that of the source solution (e.g., sea water). If the process is
not complete, the mass balance between the phases and the precip-
itation model should be considered (i.e., Rayleigh vs. equilibrium
fractionation). This difference is particularly relevant in sediments
that record the redox evolution of the oceans and atmosphere and
to specific redox events such as the GOE. Rouxel et al. (2005) showed
that the Fe isotope composition of marine sediments over geological
time divides Earth's history into three stages that are strikingly sim-
ilar to the stages defined by the δ34S and Δ33S records. Highly vari-
able and negative δ56Fe values in pyrites before ~2.32 Ga were
interpreted to reflect reservoir effects in dissolved oceanic Fe across
an iron chemocline resulting from the removal of isotopically heavy
Fe during oxidative precipitation. Similarly, the positive δ56Fe values
of pyrites between 1.8 and 2.3 Ga are attributed to the development
of a discrete redoxcline and diminishing reservoir effects. After
1.8 Ga, the near-complete scavenging of dissolved Fe by the reaction
with dissolved oxygen or biogenic H2S to form Fe oxide and sulfide
minerals, respectively, has limited the extent of Fe isotope variability
in sediments (Rouxel et al., 2005; Anbar and Rouxel, 2007; Planavsky
et al., 2012b).
2.4. Samples

Our sampleswere collected fromHole 13A of the Fennoscandia Arctic
Russia—Drilling Early Earth Project (FAR-DEEP) with support of the In-
ternational Continental Scientific Drilling Program (ICDP). This project
includes a total of 3650 m of core from fifteen holes drilled through sed-
imentary and volcanic formations in Fennoscandia, recording several
global environmental changes spanning the time interval 2.5–2.0Ga, in-
cluding the Great Oxidation Event (GOE).

Hole 13A intersects the upper part of the Zaonega Formation,
which, together with the overlaying Suisari Formation, records the
Shunga Event in the Onega Basin in Karelia (Fig. 1), Russia (Eastern
Fennoscandian Shield). The Shunga Event is defined by the oldest
known significant accumulation of organic-carbon-rich sediments
(termed “shungite” in the Onega Basin) and petroleum generation
(Medvedev et al., 2009). Sedimentary rocks of the Onega Basin were de-
posited in a marine basin within a rifted active continental margin (e.g.,
Melezhik et al., 1999a,b; Kumpet al., 2011). Samples offine-grained lam-
inated and massive siliciclastic rocks, with occasional turbidite intervals,
were selected for this study. Sporadic macroscopic and obviously sec-
ondary textures and featureswere avoided, with the aim of providing in-
sight into the depositional redox characteristics of the Onega Basin
during typical background sedimentation.



Table 2
Summary of XRD data giving semi-quantitative mineral abundances. Symbols represent the following abundances: 0 b * b 5 wt.%; 6 b ** b 10 wt.%; 11 b √ b 20 wt.%; √√ N20 wt.%.

Sample Depth [m] Albite Anorthite Anorthoclase Biotite Calcite Chlorite Graphite Illite muscovite Kaolinite Magnetite Microcline Orthoclase Phlogopite Pyrite Quartz Smectite Talc

3109602 138.12 * ** * √ * * √ √ ** * – * ** ** – √ ** –

3109604 138.71 * ** * √ * * √ √ √ * – ** * * * √ ** –

3109606 139.1 * * * √ * * √ √ ** * – √ * * * √ ** –

3109608 139.23 * * * √ * * √ √ ** * * √ * * * √ ** –

3109612 140.03 √ * * √ * * √ √ * * * * * * * √ √ ** –

3109614 140.29 √ * * ** * * √ √ * * – ** * * * √ √ ** –

3109620 141.62 √ ** * √ * * √ √ ** * – * * * * √ ** –

3109622 142.65 √ ** * √ * * √ ** * – * * * * √ ** –

3109628 143.11 √ * * √ * * √ √ * * – ** * * * √ √ ** –

3109638 145.53 – – – √ √ √ √ * √ √ √ √ * – * – * – √ ** –

3109658 146.14 * ** * √ * * √ √ ** * – * * * – √ √ ** –

3109668 146.87 ** * * √ * * √ √ * * – * * * – √ √ ** –

3109674 149.91 – – – √ √ √ √ * √ √ * – * – * – * ** –

3109676 150.84 √ * * √ ** * √ ** * – * * * – √ ** –

3109688 153.71 √ √ * √ √ √ * * √ √ * * – ** * * – √ ** –

3109748 157.83 – – – √ √ √ * √ ** * – * – * – √ √ ** –

3109706 158.43 √ * * – * * √ √ * * – * * * – √ ** –

3109708 159.75 √ √ * * ** * * √ √ * * – * * * – ** ** –

3109712 161.34 – – – √ √ √ √ * √ √ * – ** – * – √ ** *
3109722 162.56 – – – √ √ √ √ * √ √ * – * – * – √ ** –

3109724 163.62 – – – √ √ * * √ √ √ * – * – * – √ ** –

3109726 164.77 √ √ * * √ * * √ √ * * – * * * – √ √ ** –

3109732 166.96 √ √ * * ** * * √ √ * * – ** * * – ** ** –

3109736 167.74 √ √ * * ** * * √ √ * * – * * * – √ ** –

3109738 168.52 √ √ * * ** * * √ √ * * – * * * – √ ** –

3109740 169.02 √ * * ** * * √ √ * * – * * * – √ √ ** –

3109744 169.93 ** * * √ * * √ ** * – * * * – √ √ ** –

3109746 170.47 ** * ** √ * * √ ** * – * * * – √ √ ** –

3109752 171.07 ** * * √ * * √ √ ** * – * * * – √ ** –

3109758 171.81 * * * √ * * √ √ ** * – * * * – √ √ ** –

3109760 172.23 * * * √ * * √ √ ** * – * * * – √ √ ** –

3109764 173.35 * * * √ ** √ √ √ ** * – * * * – √ ** –

3109778 175.3 √ * * √ * * √ √ ** * – 9 * * – ** ** –
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3. Methodology

3.1. Sample preparation and chemical and mineralogical characterization

Quarter-core samples were chipped in a ceramic jaw crusher, and
the rock chips were subsequently powdered in a SPEX rock crusher
with an aluminadish. Due to the high content of organicmatter, all sam-
ples were ashed in quartz beakers at 600 °C for at least 24 h and loss of
weight during ignition (LOI) was determined. All later chemical proce-
dures were undertaken in clean labs using distilled acids (HNO3; HCl)
or trace metal-grade HF. About 200 mg of ashed sample were dissolved
with concentrated HNO3 (7 mL) + HF (1.5 mL) and evaporated on a
hot plate at 60 °C. Dry residues were further dissolved with concentrat-
ed HNO3 + HCl, taken to dryness and finally dissolved with of 7 mol/
LHCl. Molybdenum and U concentrations were measured using a Ther-
mo Scientific X-series 2 Quad ICP-MS and for Fe and Al using an Horiba
Jobin Yvon Ultima 2 ICP-AES at the Domaines Océaniques (UMR 6538),
UBO, France. Calibration of the instruments was done by running a
multi-elemental solution at different concentrations and blank solu-
tions, while standardization was done via routine tests of referencema-
terials (BHVO-1, BHVO-2, SDO-1, Nod A-1 and Nod P-1).

X-ray diffraction (XRD) analyseswere conductedwith a BRUKERAXS
D8 Advancemachine at the Laboratoire de Géochimie et Métallogénie at
IFREMER institute, Brest, France. The results are presented in Table 2.
Abundances were obtained on samples for which we had a sufficient
amount of powder using the Rietveld method, which yields semi-
quantitative results.

3.2. Molybdenum isotope analysis

A portion of each sample solution, using an amount determined
from the measured Mo concentration, was doped with a double spike
to keep a constant spike/sample ratio and taken through chromato-
graphic separation described in Table 3. Molybdenum purification was
done using a two-stage column procedure: a first stage of anion resin
for separating Mo and most Fe from the matrix and a second stage of
cation exchange separating Mo from remaining Fe. Molybdenum and
Fe isotope composition measurements were done using a Thermo
Table 3
Description of the Mo and Fe columns chromatography procedure.

Step Reagent Volume [ml]

Stage I, anion exchange with AG MP-1 M resin (2 ml of resin)
wash H2O 8
wash 0.5 N HNO3 4
wash H2O 4
wash 2 N HCl 4
wash H2O 4
conditioning 7 N HCl 4
sample loading 7 N HCl 1
Matrix rinse 7 N HCl 2∙2.5
Cu 7 N HCl 3∙6
Fe 2 N HCl 2∙2
Mo 0.5 N HNO3 3∙5
Wash H2O 8
Wash 0.5 N HNO3 4
Wash H2O 4

Stage II, cation exchange with AG 50 W-X8 resin (2 ml of resin)
Wash H2O 8
Wash 6 N HCl 4
Wash 0.24 N HCL 4
Conditioning 0.24 N HCL 4
Sample 0.24 N HCL 1
Mo 0.24 N HCL 3∙3
Fe 6 N HCl 2∙3
Wash H2O 8
Wash 6 N HCl 4
Wash H2O 4
Neptune MC-ICP-MS at the Pole Spectrometry Ocean, Brest at
IFREMER, France.

We used a97Mo–100Mo double spike solution prepared gravimetri-
cally from Oak Ridge Laboratory metal powders. Optimization of the
double spike isotope composition relative to the SPEX standard gave
95Mo/98Mo, 97Mo/98Mo and 100Mo/98Mo isotopic ratios of 0.278,
16.663 and 15.704, respectively. Data reduction was done according to
Siebert et al. (2001), where iterationswere repeated until the difference
in the δ98Mo value between two consecutive iterations was smaller
than 0.001‰. The typical number of iterations was ≤4. Molybdenum
concentrations during isotopic measurements varied from 100 to
500 ppb, depending on the Mo content of the sample powders. Within
a given session, standards and samples were measured at a constant
concentration. However, the external precision of the measurement
was not affected within this range—yielding 2SD = ±0.06‰, where
the typical standard error of a single measurement (2SE) was 0.05‰.
Molybdenum concentrations were derived from the spike/sample
ratio determined as part of the double spike data reduction scheme.
The MC-ICP-MS machine was operated at low resolution with an ESI
Apex Q introduction systemmeasuring all Mo isotopes masses together
with 91Zr and 99Ru in order to monitor isobaric interferences.

During each session of Mo isotope analysis, we performed frequent
measurements of our in-house laboratory Mo standard (Mo SPEX lot
11-177Mo), theNIST-3137 standard and the JohnsonMatthey Specpure®
Mo plasma standard (Lot #802309E; RochMo2) used in previous studies
(Barling and Anbar, 2004; and others). We have also preformed frequent
measurements of georeference materials including SDO-1, Nod A-1 and
Nod P-1. The results of these measurements are presented in Table 4.
Mo isotope compositions are reported using the δ notation, where
δ98Mo(‰) = 1000∙[(98Mo/95Mo)sample/(98Mo/95Mo)SPEX − 1], calculat-
ed relative to our in-labMo SPEX standard (Lot 11-177Mo). A Calibration
of the SPEX standard relative to NIST-3137 (lot 891307) and Rochester
(Lot 802309E) gave:

δ98=95MoSPEX ¼ δ98=95MoNIST3137−0:35� 0:12‰
δ98=95MoSPEX ¼ δ98=95Moroch−0:05� 0:06‰

We choose to report our results relative to the SPEX standard since it
is, within error (2SD), identical to the Rochester standard which is the
most common standard in the recent Mo isotope literature.

3.3. Iron isotope analysis

For the determination of Fe isotope ratios we followed the methods
of Rouxel et al. (2005, 2008a, 2008b), providing us with high precision
measurementswithout argon interferences on theNeptune instrument.
We operated the MC-ICP-MS in either medium or high-resolution
mode, and we used Ni as an internal standard for mass bias correction.
We also used the “sample-standard bracketing” technique to correct for
instrumental mass discrimination by normalizing the isotope ratios to
the average measured composition of the standard that was run before
and after the sample. Fe isotope values are reported relative to the stan-
dard IRMM-14 using the following conventional delta notations:

δ56Fe ¼ 1000 � 56Fe=54Fe
� �

sample
=

56Fe=54Fe
� �

IRMM−14
−1

� �
Table 4
δ98Mo values of different standards relative to our lab standard Mo SPEX.

NIST3137 Roch Nod P-1 Nod A-1 SDO-1

δ98Mo 0.36 0.05 −0.48 −0.32 1.09
2SD 0.06 0.06 0.10 0.04 0.08
n 29 29 12 5 11



Table 5
Chromatographic extraction UTEVA. Column volume (cv) = 2 ml. The procedure was
repeated twice to ensure complete purification of the sample. A recovery yield of more
than 99% during the last step was measured.

Step Acid Volume [ml]

Wash 0.05 N HCl 20
Conditioning 3 N HNO3 6
Sample loading 3 N HNO3 10
Matrix rinse 3 N HNO3 40
Conversion to HCl 11 N HCl 6
Th 5 N HCl + 0.1 N oxalic 20
Oxalic acid rinse 5 N HCl 10
U 0.05 N HCl 25
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Based on a complete duplicated procedure (i.e., powder ashing,
acid attack, chemical purification and isotope analysis), the long-term
external reproducibility is 0.07‰ for δ56Fe values (2 standard devia-
tions). We also measured the following georeference materials: BHVO-
2 (δ56Fe = 0.09 ± 0.07‰) and Nod-P1 (δ56Fe = −0.49 ± 0.08‰).
Table 6
Data summary for section 13 A. δ238U* indicate δ238U values corrected for detrital contribution

Sample Depth
[m]

δ98Mo
SPEX

δ98Mo
NIST 3137

±2σ δ56Fe ±2σ δ238U δ238U* ±2

3109562 129.91 1.24 0.89 0.09 −0.14 0.12 −0.03 0.15 0.0
3109566 131.40 −0.25 −0.60 0.12 0.03 0.12 0.00 0.25 0.0
3109572 133.98 0.69 0.34 0.05 −0.15 0.12
3109640 134.23 0.77 0.42 0.05 −0.14 0.12 0.39 0.49 0.0
3109576 134.97 0.65 0.30 0.05 −0.14 0.12 0.26 0.38 0.0
3109578 135.20 0.78 0.43 0.05 −0.18 0.12 0.17 0.30 0.0
3109580 135.56 0.73 0.38 0.05 −0.20 0.12 0.21 0.42 0.0
3109582 136.06 0.96 0.61 0.09 −0.15 0.12 0.02 0.34 0.0
3109594 137.01 0.73 0.38 0.08 −0.07 0.12 0.06 0.33 0.0
3109596 137.33 0.81 0.46 0.06 −0.02 0.12 0.12 0.22 0.0
3109598 137.77 0.76 0.41 0.08 0.08 0.12 0.23 0.50 0.0
3109600 137.97 0.91 0.56 0.06 0.03 0.12 0.19 0.38 0.0
3109602 138.12 0.76 0.41 0.06 0.02 0.11 0.26 0.37 0.0
3109604 138.71 0.68 0.33 0.05 −0.08 0.11 0.36 0.52 0.0
3109606 139.10 0.48 0.13 0.05 −0.03 0.11 0.33 0.53 0.0
3109608 139.23 0.46 0.11 0.06 0.02 0.11 0.34 0.57 0.0
3109612 140.03 0.72 0.37 0.10 −0.02 0.11 −0.02 0.13 0.0
3109614 140.29 0.76 0.41 0.06 0.00 0.11 0.08 0.40 0.0
3109620 141.62 0.87 0.52 0.06 −0.05 0.11 0.00 0.34 0.0
3109622 142.65 1.41 1.06 0.11 0.03 0.11 −0.05 0.40 0.0
3109628 143.11 0.88 0.53 0.11 −0.22 0.11 −0.18 −0.05 0.0
3109638 145.53 0.67 0.32 0.13 0.41 0.11 −0.09 0.28 0.0
3109658 146.14 0.59 0.24 0.06 −0.02 0.10 0.19 0.59 0.0
3109668 146.87 0.58 0.23 0.06 −0.14 0.10 0.22 0.64 0.0
3109674 149.91 1.11 0.76 0.12 0.28 0.10 0.06 0.0
3109676 150.84 1.06 0.71 0.11 0.57 0.10 0.10 0.55 0.0
3109688 153.71 0.88 0.53 0.14 0.03 0.10 −0.05 0.0
3109748 157.83 1.06 0.71 0.16 0.47 0.09 −0.12 0.11 0.0
3109706 158.43 0.84 0.49 0.07 0.45 0.09 0.08 0.44 0.0
3109708 159.75 0.76 0.41 0.10 0.12 0.12 −0.01 0.49 0.0
3109712 161.34 0.52 0.17 0.48 −0.33 0.0
3109722 162.56 0.47 0.12 0.32 −0.33 0.0
3109724 163.62 0.99 0.64 0.18 0.40 0.09 −0.33 −0.49 0.0
3109726 164.77 0.82 0.47 0.10 0.08 0.09 0.02 0.44 0.0
3109732 166.96 0.85 0.50 0.06 0.43 0.09 0.10 0.35 0.0
3109736 167.74 0.96 0.61 0.09 0.83 0.09 −0.06 0.86 0.0
3109738 168.52 0.80 0.45 0.10 0.56 0.10 −0.08 0.22 0.0
3109740 169.02 0.74 0.39 0.11 0.47 0.10 0.02 0.22 0.0
3109744 169.93 0.71 0.36 0.10 0.52 0.10 0.01 0.10 0.0
3109746 170.47 0.73 0.38 0.10 0.40 0.10 0.12 0.25 0.0
3109752 171.07 0.85 0.50 0.05 0.20 0.10 0.20 0.33 0.0
3109758 171.81 0.63 0.28 0.06 0.29 0.10 0.24 0.44 0.0
3109760 172.23 0.58 0.23 0.05 0.48 0.10 0.15 0.29 0.0
3109764 173.35 0.39 0.04 0.07 0.40 0.10 0.24 0.43 0.0
3109778 175.30 1.27 0.92 0.12 0.08 0.10 −0.12 0.0
3.4. Iron speciation

For the Fe speciation procedure ca. 100 mg of sample powder was
first treatedwith a buffered sodium acetate solution for 48 h tomobilize
ferrous carbonate phases. A split of the extract was removed for analy-
sis, the sample was spun down, and the remaining supernatant was
discarded. The sample was then treated with a sodium dithionite solu-
tion for 2 h to dissolve crystalline ferric oxides (FeOX) and processed
as before. Finally, the sample was treated with an ammonium oxalate
solution to mobilize magnetite (FeMag). All extractions were performed
at room temperature in 15 mL centrifuge tubes under constant agita-
tion. The sequential extracts were analyzed on an Agilent 7500ce ICP-
MS after 100-fold dilution in trace-metal grade HNO3 (2%). Pyrite iron
(FePY) was calculated separately based on weight percent pyrite sulfur
extracted during a 2-hour, hot chromous chloride distillation followed
by iodometric titration (Canfield et al., 1986), assuming a stoichiometry
of FeS2.

We have modified our procedure to include a wet chemical extrac-
tion for pyrrhotite (Fe1 − xS, where x is usually ~0–0.2). Crystalline pyr-
rhotite was isolated from pyrite through a boiling 6 N HCl distillation
.

σ TOC
wt.%

FeHR/FeT FeS/FeHR FePY
wt.%

Fepyrr
wt.%

[Mo]
ppm

[U]
ppm

Fe
wt.%

Al
wt.%

STOT
wt.%

5 11.7 0.63 0.60 0.20 8.1 3.96 0.52 5.38 0.11
5 3.2 0.67 0.31 0.02 0.17 6.5 3.06 0.93 4.72 0.12

8.9 0.44 0.87 1.11 0.19 43.8 3.37 3.16 1.38
5 10.7 0.57 0.79 1.01 0.22 46.6 11.50 2.71 5.14 1.28
6 10.2 0.78 0.78 0.86 0.28 72.3 10.81 1.86 6.30 1.14
6 11.2 0.68 0.82 0.60 0.38 39.5 9.61 1.76 7.10 0.91
6 9.1 0.78 0.82 0.68 0.24 23.1 6.36 1.44 6.12 0.92
4 6.1 0.91 0.91 1.28 0.17 10.7 3.83 1.74 6.43 1.56
4 10.0 0.86 0.88 1.17 0.26 15.5 4.55 1.90 6.52 1.49
4 6.7 0.55 0.88 0.77 0.27 14.1 3.81 2.13 2.44 1.04
4 8.5 0.30 0.86 0.41 0.30 23 4.58 2.80 5.27 0.64
4 8.9 0.44 0.90 0.77 0.33 38.9 7.15 2.75 6.75 1.07
5 10.5 0.39 0.85 0.64 0.13 33.6 9.90 2.32 5.46 0.81
5 11.3 0.39 0.77 0.46 0.29 39.5 9.83 2.52 6.54 0.70
5 11.1 0.83 0.34 33 8.47 1.70 6.71 1.14
5 11.5 0.64 0.32 40.7 8.44 1.49 7.38 0.92
5 9.2 1.02 0.28 11.2 4.33 2.02 5.31 1.33
5 12.1 0.91 0.96 1.98 0.23 12 4.02 2.53 6.21 2.40
5 7.9 1.85 0.33 12 3.34 2.74 5.96 2.30
5 4.4 0.91 0.91 2.58 0.18 7.7 2.82 3.33 6.04 3.06
5 7.3 1.45 0.20 4.1 3.00 2.28 5.68 1.78
5 4.7 0.43 0.54 0.47 7.2 1.13 2.01 2.41 0.27
5 10.0 0.51 15.2 3.88 2.56 5.83 0.29
5 9.8 0.69 0.47 0.71 12.3 3.83 2.17 5.65 0.41
5 3.5 0.37 0.23 4.1 1.27 2.44 6.13 0.56
5 6.6 0.03 0.64 5.2 1.73 3.34 3.07 0.41
5 5.3 1.00 0.70 0.03 2.13 7.1 2.22 2.86 8.02 1.25
5 3.2 0.57 0.51 0.11 0.29 2 0.75 1.42 1.46 0.30
5 9.8 0.68 0.45 0.58 10.3 4.72 1.90 7.65 0.33
5 7.0 0.84 0.61 0.02 1.27 5.1 3.98 2.52 8.48 0.76
6 2.0 0.27 0.46 0.24 0.45 1.86 2.41 0.14
6 2.4 0.27 0.49 0.01 0.19 0.65 1.57 1.97 0.13
5 1.4 0.21 0.51 0.29 1.7 1.71 2.71 3.83 0.17
6 6.5 1.00 0.62 1.07 5.1 2.85 1.68 5.48 0.61
6 9.4 0.02 0.37 11.9 6.01 1.24 7.68 0.23
6 7.1 5.1 2.73 0.91 7.14
6 8.7 6.5 3.16 0.89 6.32
6 7.7 0.81 0.58 0.48 7 2.78 1.01 3.70 0.27
6 9.2 0.77 0.64 0.59 9.7 5.53 1.19 4.51 0.34
6 10.8 10.5 6.29 1.69 5.10
6 10.7 0.89 0.61 0.05 1.26 25.5 8.13 2.42 5.74 0.77
6 10.8 17.4 4.89 2.27 4.42
6 16.1 0.37 0.55 0.04 0.50 21.6 4.77 2.64 3.88 0.33
6 10.0 15.5 4.79 3.74 4.16
6 10.7 1.00 0.57 0.01 1.53 4.6 1.62 2.66 6.76 0.89
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with SnCl2 serving as a reductant (in case Fe(III) is simultaneously liber-
ated). This method (specifically the boiling rather than cold extraction)
mobilizes some pyrite in modern sediments and is thus too aggressive
for complete separation of pyrrhotite from pyrite in these systems
(Chanton and Martens, 1985; Cornwell and Morse, 1987). However,
some previous work suggests that this method provides accurate sepa-
ration in more crystalline sedimentary rocks (e.g., Rice et al., 1993), and
our internal tests with crystalline pyrrhotite and pyrite standards
showed relative yields of pyrrhotite and pyrite of N97% and b4%, respec-
tively, when treated with hot 6 mol/LHCl and SnCl2. A cold HCl
approach will badly underestimate the amount of crystalline pyrrhotite
present. In contrast, it is well known that the conventional chromium
reduction procedure (Canfield et al., 1986) will effectively mobilize all
sulfide phases in sediments and sedimentary rocks. Pyrite sulfur can
thus be quantified by the difference between chromium-reducible
sulfur and that sulfur which is extracted with a hot 6 mol/LHCl leach
as described above. Separate measurement of pyrrhotite and pyrite
allows one to quantify the total amount of ‘sulfidized’ Fe (FeS) as
follows:

FeS ¼
FePY þ FePO

FeHR

where in addition to the terms described above FePO denotes Fe present
as pyrrhotite. This essentially amounts to a stoichiometric correction of
the sulfur-bound Fe pool and is important when appreciable pyrrhotite
is present.

For measurement of total iron (FeT), sample powders are ashed
overnight at 450 °C (in order to remove organic matter but preserve
volatile metals, such as rhenium) and digested using sequential
HNO3–HF–HCl acid treatments (see, for example, Kendall et al., 2009).
After digestion, samples are reconstituted in trace-metal grade HNO3

(2%), diluted and analyzed by ICP-MS.
Fig. 2. Lithology and down-hole chemostratigraphy of drill hole 13A: (a) Generalized startigra
tration; (c) Uranium isotopic composition, corrected isotopic composition and concentration
(f) FePO/FeHR ratio and FePY/FeHR ratio; (g) Total sulfur concentration and Mo/TOC ratio.
3.5. Uranium isotope analysis

Sample preparation for U analyses was adapted from Tissot and
Dauphas (2011). Depending on U concentration in the samples,
digested mass varied from ~20 mg to ~650 mg. Samples were first
placed in individual aluminum foil envelopes and ashed at ~500 °C
overnight in a 47900 Barnstead Thermolyne furnace, to burn off the
organic matter. All samples were double-spiked after ashing but before
digestion using the 233U/236U IRMM-3636 spike (containing ~49.51% of
236U and ~50.46% of 233U). The amount of spike added was determined
to achieve aUspike/Usample of ~3%. Samples were then dissolved on hot
plates by at least two 24 h acid attacks in HF/HNO3(2:1) followed by
at least two 24 h acid attacks in HCl/HNO3(2:1). Samples were then
dried down before being reconstituted in concentrated HNO3 and put
back on the hot plate for an additional 24 h, followed by dilution to
3 mol/L HNO3. To check that the ashing step was not affecting the re-
sults, replicates of five core samples with U concentrations ranging
from 0.45 ppm to 6.45 ppm were prepared following an identical pro-
cedure but with no ashing step. Comparison of ashed and non-ashed
samples showed no difference in U isotopic composition.

The U fraction was extracted from matrix elements and purified
usingU/Teva resin® (Eichrom). The elution procedure is the sameas de-
scribed in Telus et al. (2012) and is shown in Table 5. Uraniummeasure-
mentswere performed at the Origins Lab of the University of Chicago on
a Thermo Neptune MC-ICP-MS, upgraded with an OnTool Booster 150
Jet pump (Pfeiffer), using a combination of an Aridus-II desolvating neb-
ulizer and a spray chamber for improved stability of the signal. The sig-
nal intensity was typically ~20 V for a 20 ppb solution with a flow rate
of ~100 μl/min. Use of a 233U/236U double spike allowed us to correct
for mass fractionation during sample preparation and spectrometry. A
further correction was applied via sample-standard bracketing, along
with a tailing correction of 238U onto236U, which was estimated to be
0.6 ± 0.1 ppm, in good agreement with the value of 0.5 ppm reported
by Weyer et al. (2008). The procedural blank was estimated to be
phic column divided into three units; (b) Molybdenum isotopic composition and concen-
; (d) Iron isotopic composition and concentration; (e) FeHR/FeT ratio and FeS/FeHR ratio;
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0.07 ng U. A blank correction was applied despite having little effect
on the result. All values are reported in δ238U = [(238U/235U)sample/
(238U/235U)CRM-112a − 1] × 103.

4. Results

4.1. Mineralogy, lithostratigraphy and chemostratigraphy

Lithological andmineralogical characterization of the samples based
on XRD diffraction and the original drilling log is found in Table 6. In
general, the studied section is predominantly composed of organic-
rich silty black shale with varying sand and carbonate contributions.
The chemostratigraphy data together with the Mo, Fe and U isotopic
data are presented in Table 6 and in Fig. 2. Based on the down-hole pro-
files for [Mo], [U], δ238U and TOC, the section can be divided into three
units: Unit A (166 to 176 m), which shows relatively high [Mo], [U]
and TOC; Unit B (145 to 165 m) marked by lower [Mo], [U] and TOC;
and Unit C (129 to 144 m), which is defined by the highest [Mo], [U]
and TOC. The Fe speciation data show only a minor difference between
units A and B, where FeHR/FeT ratios in Unit B is only slightly lower than
those in unit A. On the other hand, the transition from unit B to unit C is
markedby a sharp change,where FeHR/FeT and FePY/FeHR become signif-
icantly higher and FePO/FeHR ratios decrease dramatically. In fact, FePY
and FePO show clear negative covariation throughout the section. Simi-
larly, total S in unit C is higher than in units A and B.
a

b

Fig. 3. (a) δ98Mo values vs. Mo/Al ratios, star represents the continental crust value of
Mo/Al = 0.19, δ98Mo error bars are plotted where greater than symbol size; (b) Mo con-
centrations vs. TOC values. Grey dashed line represents the Black Sea trend of [Mo] vs. TOC
(from Lyons et al. (2009)).
4.2. Molybdenum, iron and uraniumisotopic compositions

The δ98Mo values of the entire section range from−0.25‰ to 1.41‰
and average 0.77 ± 0.26‰ (n = 45; Table 6). Seven samples, all from
unit C, identified to be precipitated under euxinic conditions (i.e.,
FeHR/Fetotal N 0.38 and FeS/FeHR N 0.8) yield an average δ98Mo of
0.85 ± 0.21‰ (n = 10). The data also show one negative outlier of
δ98Mo at −0.25‰, and three positive outliers lying between1.24 and
1.41‰. For the identification of euxinic conditions we use FeS, defined
as FeS = FePY + FePO. Here, we consider that FePO is typically a product
of FePY metamorphism, and therefore FeS is a better estimation of the
original FePY content. This issue is examined in detail below. The
δ98Mo data show no clear correlation with Mo/Al ratios (Fig. 3a). Also,
molybdenum concentration versus TOC shows no clear correlation,
where most samples have [Mo]/TOC ratios lower than those found in
the modern euxinic sediments of the Black Sea. The euxinic samples,
however, are generally closer to the Black Sea trend of [Mo] vs. TOC
(Fig. 3b).

The δ56Fe values of the entire section range from−0.22‰ to 0.83‰
and average 0.09 ± 0.22‰ (n = 45) (Fig. 2 and Table 6). The δ56Fe
b

Fig. 4. (a) δ56Fe values vs. Fe/Al ratios, star represents the continental crust value of
Fe/Al = 0.5 and δ56Fe = 0.09‰ (Beard et al., 2003a, 2003b). Square, diamond and circle
symbols stand for the samples from units A, B and C, respectively. Light shaded area
shows mixing field of the detrital endmember with negative δ56Fe authigenic pyrite and
dark shaded area shows mixing field of the detrital endmember with positive δ56Fe
authigenic pyrite (see text). Shown in (b) are δ56Fe values vs. FeS/FeHR ratios, showing
how high FeS/FeHR values correlate with low δ56Fe values. δ56Fe error bars are plotted
where greater than symbol size.
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Fig. 5. (a) δ238Uvs. Al/U ratioswith linearfit and95% confidence level lines giving R2 = 0.48;
(b) δ238U values corrected for detrital contribution vs. Al/U ratios with linear fit and ±95%
confidence level lines giving R2 = 0.01.
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values vary among the different units and are mostly negative in unit C
(δ56Fe = −0.07 ± 0.08‰), becoming positive down-hole in units B
(δ56Fe = 0.24 ± 0.24‰) and A (δ56Fe = 0.42 ± 0.20‰). No correla-
tion is observed between δ56Fe and Fe/Al ratios (Fig. 4a), where low
δ56Fe values correlate with high FeS/FeHR values (Fig. 4b).

The δ238U values of the entire section range from −0.33‰ to 0.39‰
and average 0.07 ± 0.18‰ (n = 45) (Fig. 2 and Table 6). A good correla-
tion is observed between δ238U and Al/U ratios (Fig. 5a; R2 = 0.48),
whose origins and implications are discussed further in the next section.
The average δ238U values in the threeunits are: δ238U = 0.14 ± 0.16‰ in
unit C, δ238U = −0.05 ± 0.19‰ in unit B, and δ238U = 0.07 ± 0.13‰ in
unit A.

5. Discussion

5.1. Iron speciation and isotopic composition

Our primary observation with respect to Fe speciation chemistry is a
striking up-section shift in the proportion of sulfur-bound Fe that is pres-
ent as pyrite relative to pyrrhotite. Specifically, in the lower units (A and
B), S-bound Fe is predominantly present as pyrrhotite,while in theupper
unit (C) S-associated Fe is mostly pyrite. It has been suggested that some
pyrrhotite can accumulate in low temperature systems as either a detri-
tal phase or through authigenic formation in a sulfur-limited system
(Roberts and Turner, 1993; Horng and Roberts, 2006; Larrasoaña et al.,
2007). If this is the case, the reactive Fe system can be relatively straight-
forwardly interpreted by using the FeS/FeHR values as an index of iron-
limited sulfide formation, as discussed above (e.g., Reinhard et al.,
2013b).

However, there are good reasons to suspect that the low-
temperature formation of pyrrhotite as an authigenic or diagenetic
phase should be rare (e.g., Schoonen and Barnes, 1991a,b; Lennie,
1995; Rickard and Luther, 2007). We thus consider it far more likely
that the pyrrhotite component of our samples is a result of metamorphic
pyrite alteration, which can sometimes occur at relatively lowmetamor-
phic grades (sub-greenschist facies), particularly in the presence of ap-
preciable organic matter (Ferry, 1981; Poulton, 2002). The likelihood of
pyrite conversion to pyrrhotite is also supported by the observed anti-
thetic relationship between the concentrations of the two phases.

The process of post-depositional pyrrhotite formation typically oc-
curs through one of following three mechanisms (Ferry, 1981; Oliver
et al., 1992; Alonso-Azcarate et al., 1999), which have different ramifica-
tions for the ultimate Fe–S stoichiometry:

(a) Partial oxidation of the host rock balances the conversion of py-
rite to pyrrhotite: 2FeS2 + 2FeO + Cred → 4FeS + CO2, where
the “FeO” component can come from oxide or silicate phases in
the host rock, and reduced carbon serves as the redox partner.
In this case, the net result is no stoichiometric change in the
total Fe and S contents of the rock, but there is a change in the
distribution of reactive Fe in that S-bound Fe forms at the
expense of an oxide phase, leaving the overall FeHR budget
unchanged but potentially yielding a spurious euxinic signal.
Alternatively, silicate phases can be involved, thus introducing
unreactive Fe from the host rock into the FeHR pool.

(b) Introduction of Fe-bearing fluid during metamorphism, which
then reacts with pyrite to yield pyrrhotite and an acidic fluid:
2FeS2 + 2FeCl2 + 2H2O + Cred → 4FeS + 4HCl + CO2, where
“FeCl2” represents mobile Fe within the alteration fluid. In this
case, although there is no stoichiometric change in the total S
content of the rock, there can be an increase in total Fe if the
iron is delivered from sources external to the immediately sur-
rounding host rock. This pathway would have the effect of artifi-
cially increasing FeHR, FeT and FeS, but because thesewould all be
increased in a commensurate fashion there would be no change
in the normalized ratios (FeHR/FeT and FeS/FeHR) provided that
the stoichiometry of sulfur-bound Fe is accurately assessed.

(c) Pyrrhotite formation through thermal decomposition of pyrite,
generating an H2S-bearing fluid: 2FeS2 + 2H2O + Cred →
2FeS + 2H2S + CO2. Here, there is no net stoichiometric change
in the total Fe content of the host rock, but S is lost from the rock
to a reducing fluid during thermal decomposition of pyrite.

We can evaluate the likelihood of each of these processes by com-
paring the bulk and reactive Fe–S stoichiometry with an index of meta-
morphic alteration, defined as (Ferry, 1981):

FPY ¼ SPY
SPY þ SPO

where SPY denotes pyrite sulfur and SPO denotes pyrrhotite sulfur. Dom-
ination of the S pool by pyrite (FPY → 1) implies that the Fe–S chemistry
is relatively unaltered. In contrast, as FPY → 0 pyrrhotite becomes the
dominant host for S-bearing Fe, more extensie alteration of original
Fe–S chemistry is indicated.

The behavior of bulk Fe chemistry (FeT and FeHR) and bulk S chemis-
try as a function of FPY is shown in Fig. 6. The core can be easily divided
with respect to Fe–S chemistry into a lower interval dominated by pyr-
rhotite (units A and B) and an upper interval dominated by pyrite (unit
C; Fig. 2). We find no apparent trends in the behavior of bulk Fe chem-
istry between these two zones, either in terms of FeT or FeHR (Fig. 6a).
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Fig. 7. (a) Detailed Fe speciation results for units A and B. All reactive Fe species are shown
as a function of total FeHR. Filled symbols correspond to FeS, with open symbols corre-
sponding to the other reactive Fe phases as depicted in the legend. Also shown are the lin-
ear least-squares regression lines for each Fe pool and the resulting R2 values. The grey
region shows the euxinicfield (defined as 1.0 N FeS/FeHR N 0.8). (b) Detailed Fe speciation
results for Unit C. All symbols and abbreviations as in (a), with filled symbols showing FeS
open symbols residual reactive Fe pools as shown in the legend. Linear least-squares re-
gression results are shown as in (a), as is the euxinic field.
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Fig. 6. (a) Relationship between metamorphic alteration of the sulfur pool (quantified as
FPY) and the inclusive Fe pools FeT (open symbols) and FeHR (closed grey symbols). The
large squares and associated error bars show the mean and 95% confidence interval for
the lower units (A and B; left) and upper unit (C; right). (b) Relationship between
S/FeHR and FPY, showing evidence for sulfur loss during metamorphic decomposition of
pyrite. The curve shows results from the model discussed in the text.
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However, there is a striking systematic trend toward lower S/FeHR ratios
with decreasing FPY values (Fig. 6b), a trend that can also be seen in bulk
rock S content. This strongly suggests that the mechanism of pyrrhotite
formation in these units was the thermal breakdown of pyrite and sub-
sequent loss of S from the rock. Importantly, this relationship also sug-
gests that the system was effectively closed on a bulk-rock scale with
respect to FeT and FeHR (discussed below).

The trend between FPY and S/FeHR in Fig. 6b can be reproduced fairly
well by a simple model that makes the following assumptions: (1) the
molar S/FeHR ratio of the Fe–S system in the unmetamorphosed host
rock is 2.0 (corresponding to a stoichiometry of FeS2), (2) the molar
S/FeHR ratio of the Fe–S system at complete breakdown of pyrite to pyr-
rhotite is 1.0 (corresponding to a stoichiometry of FeS), (3) there is an
initial amount of residual FeHR present in the unaltered parent rock
that behaves conservatively, and (4) the system is completely closed
with respect to reactive Fe. The third assumption effectively accounts
for the fact that the wet chemical extractions are operational in
nature. For example, euxinic settings should, in theory, always have
FePY/FeHR = 1.0, but this is often not the case in practice because
some unreactive Fe is extracted during our characterization of ‘reactive’
Fe. The correspondence between the data and our simple model
provides additional support for the notion that reactive Fe is behaving
conservatively in this system during metamorphism and that the alter-
ation patterns observed are straightforwardly interpreted to reflect sul-
fur loss during pyrite decomposition.

Many of the samples analyzed here are clearly anoxic, particularly
within Unit C, as expressed in the elevated FeHR/FeT ratios (Fig. 2).
When we examine the reactive Fe systematics in more detail, it be-
comes apparent that this unit also shows clear characteristics of a
euxinic setting (Fig. 7b)—that is, a strong correlation between FeHR
and FeS (the latter of which is dominated by FePY; R2 = 0.98) and
high FeS/FeHR ratios that fall within the euxinic field, both of which are
consistent with the Fe-limited conditions that typify euxinia. The reac-
tive Fe systematics of the lower units (Unit A and Unit B) aremore com-
plex (Fig. 7a). Herewe observe strong correlation between FeHR and FeS,
with linear least-squares regression yielding an R2 value of ~0.97,
suggesting euxinic Fe limitation but with FeS dominated by FePO. How-
ever, reactive Fe phases other than pyrite and pyrrhotite in units A
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and B make up a non-trivial fraction of the reactive Fe system, with the
result that FeS/FeHR falls out of the euxinic field (Fig. 7a).

If interpreted at face value purely in terms of FeHR/FeT and FeS/FeHR,
these patternswould suggest units A and Bwere deposited under ferru-
ginous conditions. However, we consider this unlikely. The striking cor-
respondence between FeS and FeHR and the relative dominance of
sulfur-bound Fe phases within the overall reactive Fe pool are difficult
to explain in the context of a strongly Fe2+-buffered anoxic system. In-
deed, if we were to apply a recently proposed lower threshold for
euxinic deposition of FeS/FeHR ~ 0.7 (März et al., 2008; Poulton and
Canfield, 2011), many of the unit A and B samples would fall very
close to the lower end of the euxinic field. Moreover, both the lower
and upper portions of the core show authigenic Mo enrichment sugges-
tive of sulfidic conditions (Fig. 2), with little to no systematic difference
in δ98Mo values between the clearly euxinic Unit C and themore ambig-
uous units A and B. Taken together, these observations suggest that
most of the corewas deposited under euxinic conditions, with Fe chem-
istry that has been obscured bymetamorphic overprinting within units
A and B.

We therefore conclude that Unit C provides a faithful repository of
contemporaneous seawater δ98Mo. The limited systematic variability
in δ98Mo between the lower and upper portions of the core indicates
that the same can be said also for the metamorphically overprinted
units A and B. We stress, most importantly, that these units provide an
object lesson in the difficulties inherent, and the attendant level of re-
quired care, in any application of reactive Fe speciation to heavily al-
tered rocks. In addition, it is instructive to consider that were the Fe
speciation data to be interpreted at face value, the lower portion of
the core would be interpreted to reflect ferruginous deposition, a signal
that we consider likely to be spurious in this case.

The Fe isotope compositions are unexpectedly heavy for black shales
(up to 0.8‰), especially in the lower part of the section (Units A and B).
Our δ56Fe values does not correlate with Fe/Al ratios, eliminating the
possibility of a simple two endmember mixing relationship between
an Al-rich detrital endmember with crustal δ56Fe values, and a Fe-rich
authigenic endmember with generally negative values (Severmann
et al., 2008; Duan et al., 2010a,b). Similar positive δ56Fe values from
this time period have only been reported so far for separated pyrite
(Rouxel et al., 2005). Such values may result from one of the following
processes: (1) a preferential loss of isotopically light Fe, which will
also result in lower Fe/Al ratios. This was demonstrated at low temper-
ature in soil environments and during microbial leaching of silicates
(Brantley et al., 2001, 2004) and also during alteration of seafloor basalts
(Rouxel et al., 2003); (2) an addition/deposition of isotopically heavy Fe,
whichmay be either in the form of authigenic Fe-sulfides (Rouxel et al.,
2005) or Fe-oxides, for example produced through partial Fe(II) oxida-
tionwithin thewater column (Planavsky et al., 2012b), thereby increas-
ing the Fe/Al ratio; or (3) precipitation of isotopically heavy pyrite from
seawater enriched in heavy Fe as a result of Rayleigh effects linked to
prior pyrite precipitation and possibly as a result of weak shelf-to-
basin Fe transfer (i.e., relativelyweak Fe shuttle) and attendant Rayleigh
distillation during Fe transport through the basin.

Although the average of Fe/Al ratio of 0.46 ± 0.26 compares well
with the average continental crust values (~0.5) (Taylor and McLennan,
1995), Fe/Al values as low as 0.1 to 0.3 were encountered at certain
depths (e.g., samples: 3109562, 3109566, 3109608, 3109732, 3109736).
On the one hand, such low values may point tomobility of Fe after depo-
sition. On the other hand, theymay also result from low Fe content in the
protolith/detrital Fe source and a strong local control on sediment sourc-
ing. An examination of the XRD data reveals high content of Al-rich detri-
tal minerals (mainly feldspars and biotite; Table 2) in our samples,
suggesting that lowFe/Al ratioswere a primary feature of thedetrital sed-
iment load. Thus, authigenic input of Fe-minerals, dominated by pyrite
precipitation in our case, was themain factor to determine the Fe isotope
compositions of the bulk sediment. The Fe isotope composition of the
precipitated pyrite is in turn a function of the seawater composition
and mass balance between the dissolved and precipitated Fe. A post-
depositional event was responsible for the pyrrhotite formation in units
A and B. In any case it seems that this alterationwas not involved in a sig-
nificant gain or loss of Fe, and therefore the authigenic isotopic signature
of the bulk rock has most likely been preserved.

The low δ56Fe values, mainly observed in unit C, can be explained by
mixing of detrital Fe with authigenic pyrite. A mixing relationship be-
tween such two endmembers—a detrital endmember with low Al con-
tent (Fe/Al ≥ 0.05) and δ56Fe ≈ 0.09‰ (Beard et al., 2003a,b), and an
authigenic pyritic endmember with δ56Fe ranging from −0.4 to 0‰
(light shaded area in Fig. 4a)—can account for all samples with δ56Fe
values of ≤0‰. Samples with high δ56Fe values and high Fe/Al ratios
may testify to relatively weak shelf-to-basin Fe transfer of light Fe, and
considerable Rayleigh effects that would enrich the seawater in heavy
Fe and give rise to precipitation of pyrites with positive δ56Fe. This pro-
cess can happen at the lower region of or slightly below the core of a lo-
cally euxinic portion of the basin, which itself provides a sink of light Fe
(i.e., the same part of the basin recorded in Unit C). A mixing relation-
ship between a detrital endmember and a heavy Fe endmember such
as mentioned above (dark shaded area in Fig. 4a) can account for
most of the samples with δ56Fe values of ≥0‰. In this context we can
say that the transition observed in the δ56Fe values from units A and B
to unit C represents a shift in the relative location in the water column
from the bottom margins of aneuxinic wedge into its core or a region
more proximal to the shallower shelf. It could be noted that benthic Fe
flux with positive δ56Fe values has been already reported in modern
oceanic setting as a result of Fe-sulfide precipitation at or near the sea-
water/porewater interface (Roy et al., 2012) andmay also occur at larg-
est scale in the water column. Unit C also shows higher [Mo] and [U],
which are typical of strongly sulfidic conditions. There are few samples
with high δ56Fe and low Fe/Al values, which clearly fall outside the
above considerations. In such cases, the only plausible explanation is
loss of light Fe during metamorphic processes, which increased the
δ56Fe values and decreased the Fe/Al ratios or simply reflect an unusual
detrital source composition.

5.2. Molybdenum concentration and isotopic composition

The elevated Mo/Al ratios (average of 2.2 for the entire section and
4.6 for unit C, compared to 0.19 for upper continental crust) together
with the fact that the Mo isotope compositions show no correlation to
[Mo] or toMo/Al (Fig. 3a), indicate that theMo in these rocks is predom-
inantly authigenic and that detrital contributions are negligible.

When taken at face value, the FeHR/FeT and FeS/FeHR ratios suggest
that euxinic conditions were found only in unit C. However, more care-
ful evaluation of the Fe data shows they are consistentwith euxinia over
all three units. This is further suggested by the observation that the Mo
isotope compositions are relatively uniform at 0.77 ± 0.26‰ through-
out the entire section, while we would expect to see larger Mo isotopic
variations in case of changes in the redox conditions. Moreover, the
δ98Mo values do not respond to changes in the [Mo]/TOC ratios or Fe
speciation (Fig. 2), and [Mo]/TOC ratios along the entire section are rel-
atively low ([Mo]/TOC = 1.9 ± 1.4; compared with ~4.5 for Black Sea
euxinic sediments and ~14 for SDO-1 (Devonian black shale)]. Such
low [Mo]/TOC values may represent Mo reservoir limitation due to
widespread euxinia. These findings support our interpretation of the
Fe speciation data that the section was deposited under predominantly
euxinic conditions. Based on geological considerations showing that the
studied section is part of a regional platformal sequence, we eliminate
the possibility the low Mo/TOC values are a result of deposition in a
very restricted basin which was not connected to the global ocean.

Unit C yields the highest FeHR/FeT and FePY/FeT with lowest FePO/FeT
(Fig. 2) and is thus the only part of our section that did not undergo an ob-
vious significant metamorphic/post-depositional overprint, and euxinic
conditions can be comfortably identified using Fe speciation data. There-
fore, we suggest that the best evaluation of the contemporaneous Mo
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isotope composition of the seawatermaybe derived from this unit, giving
δ98MoSW value of 0.85 ± 0.21‰. A simple calculation by Kendall et al.
(2011) shows that the oceanic residence time of Mo during the late
Archean and Proterozoic would likely have been one or two orders of
magnitude longer than timescales of ocean mixing, suggesting that dur-
ing this time interval the oceanswere probably homogenouswith respect
to Mo.

If we argue that the isotopic composition of seawater (δ98MoSW)was
0.85 ± 0.21‰ during deposition of the entire studied section, the one
low δ98Mo outlier value of−0.25‰ (sample 3109566) is best explained
through non-quantitative removal of the Mo to the sediment. This low
value also correlates with low FeS/FeHR and TOC values, supporting a
temporary local change to non-euxinic conditions where significant
negative fractionation took place during Mo removal. The section also
contains three positive outliers with δ98Mo values ranging from 1.24
to 1.41‰, which are among the highest values yet measured for
Paleoproterozoic black shale samples (Kendall et al., 2009, 2011; Duan
et al., 2010a,b) and are close to some Phanerozoic samples (Lehmann
et al., 2007). Since net fractionation duringMo removal can only be neg-
ative or zero (in case of complete removal), the δ98Mo value of the orig-
inal seawater can only be higher or equal to that of the sediment.
Therefore, the high δ98Mo values (higher than the contemporaneous
δ98MoSW estimates in samples 3109562 at 129.91 m, 3109622 at
142.65 m and 3109778 at 175.3 m) are less straightforward to explain.
We suggest a water columnmechanismwhereby enhancedMo remov-
al to non-euxinic sinks led to a concomitant enrichment of local seawa-
ter in heavy Mo isotopes and in turn to higher δ98Mo values during the
later stages of enrichment in the sediment. Such a processwould neces-
sarily be transient since Mo isotope compositions above and below
those positive excursions remain unchanged. It also requires an inter-
mittently isolated pool of seawater Mo. The sporadic appearance of
these values suggests that this could have happened locally for short pe-
riods of time, when local renewal of seawater was slow.

5.3. Uranium concentrations and isotopic compositions

The U isotope compositions correlate with Al/U ratios (Fig. 5a). Unit
C shows the highest U concentrations and δ238U values, with unit B
mostly notably showing lower U concentrations and δ238U values. Sim-
ilar patterns are also observed in Fe speciation and Mo concentrations,
all pointing to changes in the deposition conditions along the section.
In addition, the XRD data (Table 2) show a high detrital content in all
samples. These observations indicate that the bulk rock U isotope com-
positions aremainly a result ofmixing relationship between a low δ238U
detrital endmember and a high δ238U authigenic endmember. There-
fore, before interpreting the data in terms of global ocean redox condi-
tions, we need to constrain the detrital signature. Carbonates should
directly record the isotopic composition of the seawater they are precip-
itating from (Brennecka et al., 2011). However, samples from our sec-
tion with high carbonate content show high variations in their δ238U
values, which in part are close to the detrital endmember, suggesting
detrital contamination. Therefore, a direct estimation of the contempo-
raneous δ238U seawater value based on carbonates is not possible.

A correction for the detrital component in the samples was thus
made by extrapolating the isotopic composition at Al/U = 0 (i.e., no de-
trital influence) using the following equation:

δ238Ua ¼ δ238U− Al
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where the det stands for detrital. The detrital endmember was obtained
by averaging basalt and granite geostandards measured at the Origins
Lab (Tissot and Dauphas, 2012) and led to δ238Udet = −0.267‰ and
(Al/U)det = 3.19 (geometric mean of the basalts and granites Al/U ra-
tios). Similarly, the error in the δ238Ua value was calculated using the
following equation (which propagates any error in the δ238U value of
the sample but not the error in Al/U ratio of the sample or the errors
in the detrital endmember):
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A cut-off in the Al/U ratios of the samples was placed at 3, to avoid
meaningless interpolations—i.e., the measured data are too close to the
detrital component and there is no leverage to properly extrapolate,
and error becomes too large. The corrected isotopic compositions are
heavier, showing an average δ238Ua value of 0.35 ± 0.22‰, where before
correction the average δ238U was 0.07 ± 0.18‰ (Figs. 2 and 5). The
euxinic samples show similar average δ238Ua value of 0.32 ± 0.15‰,
whichwe use to infer the U isotope composition of the contemporaneous
seawater. It is important to note that the corrected δ238U values show no
clear difference between the three units of the section or correlation to
other proxies such as [Mo] and Fe speciation. This observation also sup-
ports our conclusion that the entire section was deposited under euxinic
conditions. Using the seawater-anoxic/euxinic sink fractionation factor of
Δ238/235U(SW–Anox/Eux) ≈ −0.5‰ (Weyer et al., 2008; Brennecka et al.,
2011), the authigenic composition recorded corresponds to seawater
with a δ238U value of −0.18 ± 0.15‰, which is identical within to the
modern riverine input value (~−0.2‰, Stirling et al., 2007). This result
can only be explained if the U removal process did not involve significant
fractionation and suggests that either (1) the oceanic U budgetwas dom-
inated by co-precipitation into carbonates or U removal during alteration
of the oceanic crust (as none of these processes seem to fractionate U iso-
topes) or (2) the oceanic U budget involved different reservoirs incorpo-
rating preferentially the heavy (e.g. anoxic, suboxic sediments) and the
light isotopes of U (adsorption onto oxides: Mn-nodules, BIFs) in order
for the δ238USeawater to remain constant. Though we cannot rule out any
of these two hypotheses, the second one would make sense in the
frame proposed by Kendall et al. (2013–in this issue) where U is not mo-
bilized by oxidative weathering in land but is instead oxidatively mobi-
lized in subaerial settings (perhaps in oxygen oasis). Such oases would
also be the place where oxidation and precipitation of Fe and Mn oxides
would preferentially occur, possibly allowing removal of dissolved U
through adsorption. Given the low amount of available dissolved U,
iron andmanganese oxides could then represent a sink of U large enough
to balance the fractionation imparted by U incorporation into anoxic/
euxinic/suboxic sediments, and thus keep the δ238USeawater close to the
value of detrital/riverine input.

6. Conclusions

We have presented a multi-proxy geochemical study of the 2.05 Ga
Shunga Event black shale from the Onega Basin in Karelia. Using a cau-
tious examination of the Fe speciation data we showed that the lower
part of the studied section underwent a post-depositional event in
which pyrite was altered to pyrrhotite, with concomitant sulfur escape
from the sediment. However, this post-depositional event did not
appear to affect the bulk rock Mo, U and Fe isotope compositions and
consequently made it possible to use the Mo, U and Fe isotope systems
as reliable paleoredox proxies. The authigenic U isotope composition
corresponds to a seawater δ238U of −0.18 ± 0.15‰ and suggests that
co-precipitation into carbonates was the main process of U removal at
this time.

We conclude that the studied section was deposited under euxinic
conditions, where the global contemporaneous oceans had a δ98Mo-
SWvalue of 0.85 ± 0.21‰. The relatively uniform Mo and U isotope
compositions across the studied section also point to stable redox con-
ditions during deposition. The high Mo and U concentrations in unit C,
with respect to units A and B, may represent the following: (1) a shift
in the relative location in the water column of the deposition site from
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the bottom margins of aneuxinic wedge into its core or a region more
proximal to the shallower shelf; and/or (2) an episode of enhanced
oxidative weathering on the continents and therefore greater delivery
of Mo and U to the sediment. This scenario is also in accord with the
observed Fe isotope variations, where in units A and B, precipitation of
pyrite from an already fractionated seawater reservoir resulted in isoto-
pically heavy bulk rock Fe isotope composition; and in unit C, pyrite
formation undermore sulfidic conditions led to lower δ56Fe values, sim-
ilar to those observed in modern anoxic basins such as Black Sea or in
Phanerozoic shales (Severmann et al., 2008; Duan et al., 2010a,b).

Our estimation for the contemporaneous δ98MoSW of 0.85 ± 0.21‰
is the lowest value yet reported for the Proterozoic (cf., 1.19 ± 0.28‰
at 1.84 Ga—(Kendall et al., 2011); 1.03 ± 0.14‰ at 1.36 Ga—(Kendall
et al., 2009); 0.99 ± 0.13‰ at 0.75 Ga—(Dahl et al., 2011); 1.06 ±
0.11‰ at 0.54 Ga—(Lehmann et al., 2007)). The implication is that at
this time, after the GOE and themassive burial of organic matter associ-
ated with the Lomagundi Event, the global oceans were exceptionally
anoxic with relatively widespread euxinia. Recent studies have pro-
posed a rise and fall of oxygen levels over the span of the GOE at ca.
2.3Ga and the Lomagundi Event between 2.3 and 2.1 Ga (Kump et al.,
2011; Bekker and Holland, 2012; Planavsky et al., 2012a). The Shunga
Event is situated in the aftermath of these events and testifies to the
possibility of a severe decrease in oceanic oxygenation at this time.
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Appendix 1. Uranium reduction under anoxic, euxinic and
suboxic conditions

In anoxic, euxinic and suboxic environments reduction of soluble UVI

to insoluble UIV and concentration in the sediment can be the results of
various mechanisms.

First, as a result of abiotic reduction. In this case the uranyl carbonate
ion is reduced to uraninite in the following total reaction:

4UVIO2ðCO3Þ4−3 þ HS− þ 15Hþ ¼ 4 UIVO2ðcÞ þ SO2−
4 þ 12 CO2ðgÞ þ 8H2O

(from Langmuir (1978))or, if the reduction is mediated by iron instead
of sulfur:

UVIO2ðCO3Þ4−3 þ 2 Fe2þ þ 2 H2O ¼ UIVO2ðcÞ þ 2 FeðOHÞ3 þ 3 CO2ðgÞ

(from Langmuir (1978))
In porewater, we expect U reduction to be mainly coupled to oxida-

tion of Fe (Reaction 2) as this reaction is thermodynamically favored at
pH = 8 and 25 °C (from Langmuir, 1978; Zheng et al., 2002). Similar re-
actions can occur through oxidation of pyrite, methane or H2. The first
reaction, under sulfidic conditions, requires production of HS− through
microbially mediated reduction of sulfate (Klinkhammer and Palmer,
1991; Barnes and Cochran, 1993). There is no evidence that inorganic
U reduction occurs at in-situ concentrations of U and H2S, or only ex-
tremely slowly (Anderson et al., 1989; Lovley et al., 1991; Barnes and
Cochran, 1993; Tribovillard et al., 2006).

Second, as a result of microbial reduction. Directmicrobial reduction
mechanisms of U are thought to occur, such as during oxidation of
organic matter:

CH2O þ 2 UO2ðCO3Þ4−3 þ H2O þ 2Hþ ¼ 2 UO2ðcÞ þ 6 HCO−
3 þ CO2

(Cochran et al., 1986; Barnes and Cochran, 1993)
Third, as a result of adsorption to ferric hydroxide. A last mean of re-
moving U from porewater is through adsorption to ferric hydroxide,
which is thought to happen in two ways. Either by adsorption of U as
the uranyl ion, UO2

2+:

If pH < 5 : FeOH þ UO2þ
2 ¼ ½FeO� UO2�þ þ Hþ

(Langmuir, 1985)

If 5 < pH < 6 : FeOH þ UO2þ
2 þ H2O ¼ ½FeO� UO2OH� þ 2Hþ

Langmuir (1985)

If pH < 6 : FeðOHÞ2 þ 3 UO2þ
2 þ 5 H2O ¼ ½FeO� ðUO2Þ3ðOHÞ5� þ 6Hþ

(Langmuir, 1985)
Or by adsorption of U as the uranyl carbonate species:

FeOH þ UO2þ
2 þ 3 CO2−

3 ¼ ½FeOH2 � UO2ðCO3Þ3�3þ

Langmuir (1985)

FeðOHÞ2 þ UO2þ
2 þ CO2−

3 ¼ ½FeO2 � UO2CO3�2− þ 2Hþ

Waite et al. (1994).
The main removal process of U has been reported to be abiotic re-

duction in the sediment porewater (Cochran, 1992; Morford and
Emerson, 1999), but one should keep in mind that all of the above
mechanisms can to some extent remove U from the water column and
concentrate it in the sediment under anoxic, euxinic and/or suboxic
conditions.
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