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ABSTRACT

Profiles of potential density obtained from CTD casts at two stations at different distances from the Hawaiian
ridge are examined for evidence of diapycnal turbulent mixing as indicated by density inversions and internal-
wave vertical strain. Results from independent casts are used to produce ensemble-averaged vertical distributions
for the number of inversions and the Thorpe scale. Both parameters were found to be higher over the slope of
the topography at 2500-m depth than in the deep ocean, 110 km to the north. Thorpe scale–based estimates of
the rate of dissipation of turbulent kinetic energy and turbulent vertical diffusivity are elevated by an order of
magnitude over the slope relative to deep ocean background levels. The vertical distributions of these mixing
parameters are nonuniform and exhibit signs of locally enhanced dissipation, possibly due to internal tides
generated at the ridge. At the deep station, turbulence is at background levels from the surface down to 2000
m. Below this, a localized zone of enhanced mixing is observed, within which the dissipation rate is O(1029 W
kg21) and turbulent diffusivity is greater than O(1024 m2 s21), perhaps due to an internal tide ray originating
at the ridge. The full-depth topographical enhancement of mixing near the ridge also appears in the vertical
strain field. Estimates of dissipation rate and turbulent diffusivity, based on an internal wave–wave interaction
model, give results similar to direct Thorpe scale methods, except in weakly stratified environments where both
methods are subject to uncertainty. Near the topography, the variation in mixing intensity observed between
casts is sensitive to sporadic large mixing events, which are triggered by internal waves associated with the
spring tide. The upper portion of the water column (stronger stratification) is more responsive to the tide than
the deep regions.

1. Introduction

Stratification in the ocean interior is generally char-
acterized by a gradual increase of density with depth.
Aside from compression by hydrostatic pressure, the
traditional 1D advection–diffusion models suggest that
the vertical structure beneath the thermocline and above
the bottom waters is maintained by a diffusive flux of
heat and mass. Microstructure measurements in the
ocean interior (e.g., Gregg 1987; Toole et al. 1994) have
produced turbulent mass flux values that are too small
to balance the vertical upwelling component in bulk
one-dimensional advection–diffusion models (e.g.,
Munk 1966; Munk and Wunsch 1998). One explanation
is that most of the deep ocean mixing is initiated at,
and occurs near to, abrupt topographical features such
as island chains and ridges (e.g., Munk and Wunsch
1998), with the rest of the ocean being occupied by low
background levels of turbulence and nearly laminar
flow. At isolated topographic features, energy is trans-
ferred from relatively large-scale barotropic and baro-
clinic motions to much smaller-scale baroclinic motions.
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The responsible processes can lead to mixing near to-
pography with subsequent lateral spreading of mixed
fluid (e.g., Armi 1978) and to radiation of energy away
from topography with possible enhancement of the mix-
ing farther away (e.g., Polzin et al. 1997). An under-
standing of these energy transfer and mixing processes
is crucial to advancement of our knowledge of the heat
and energy budgets of the ocean, and therefore, to mod-
eling of the global climate system.

The islands of Hawaii represent the highest peaks of
a long bathymetric ridge where barotropic tidal energy
is converted to baroclinic energy. The resulting low-
mode internal tides have been observed, in altimeter
data, to emanate from the shallow subsurface regions
that link the islands (Ray and Mitchum 1996, 1997).
Numerical modeling by Merrifield et al. (2001) has also
demonstrated the effectiveness of the Hawaiian ridge at
scattering M2 tidal energy into low-mode internal waves.

There are several possible energy pathways between
low-mode internal waves and turbulence. For specific
slopes of the seafloor, critical reflection of internal
waves can lead to instabilities and subsequent mixing
both very near the boundary and hundreds of meters
into the water column above (e.g., Phillips 1977; Er-
iksen 1985; Garrett 1991). Steady and time-dependent
currents (including barotropic and low-mode baroclinic
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tidal currents) passing over a rough bottom boundary
can generate small-scale internal waves that propagate
vertically, interfere with each other, become unstable,
and produce turbulent mixing (e.g., Bell 1975). These
mechanisms have been used to explain observations of
enhanced turbulence near steep slopes (Toole et al.
1997) and over rough topography (Polzin et al. 1997;
Ledwell et al. 2000). While some of the locally gen-
erated baroclinic energy may be dissipated in the near
field, a detectable portion of it is also radiated away
from the topography (e.g., the internal tide propagation
observed by Ray and Mitchum 1996, 1997). The ‘‘es-
caping’’ waves can elevate shear and strain farther away
and thus enhance mixing in the deep ocean. However,
it is not clear how far away from the energy source
enhanced mixing can be maintained by, for instance,
the dispersive internal tide.

We describe possible signatures of mixing near the
Hawaiian ridge as recorded in conductivity–tempera-
ture–depth profiles taken during 1994–95 as part of the
Hawaii Ocean Time Series (HOT) program (Karl and
Lukas 1996). Data are analyzed from two locations, 25
and 135 km from the crest of the Hawaiian ridge. Results
are used to demonstrate the topographic enhancement
of mixing near the ridge and to provide some evidence
for a tidal modulation of mixing intensity even at 135
km from the ridge. Results also provide incentive to the
community of oceanographers that is interested in es-
timating small-scale mixing parameters from finescale
observations using standard CTD instrumentation.

The measurements and data processing are described
in the following section. In section 2 we describe a
method for detecting turbulent overturns. The results
are then used to estimate the rate of dissipation of tur-
bulent kinetic energy (section 3). We also present ver-
tical strain spectra and again estimate dissipation using
a parameterization based on internal wave–wave inter-
action theory. The dissipation results are discussed in
relation to their proximity to the Hawaiian ridge. Results
are then analyzed with respect to an observed temporal
signal of the dynamic height (section 4). A connection
between the baroclinic tide and near-field mixing is thus
investigated. Conclusions appear in section 5.

2. CTD measurements

a. Measurement locations

Since October 1988, the HOT program has included
monthly cruises to a number of sites in the vicinity of
the island of Oahu, Hawaii. The program serves mul-
tidisciplinary oceanography studies and has the overall
aim of quantifying long-term variability in the biology,
chemistry, and hydrography at a representative site in
the subtropical Pacific (Karl and Lukas 1996). The HOT
deep-water station, ALOHA (station 2: 228459N,
158809W), is approximately 100 km north of Oahu in
an area of relatively flat bathymetry and 4800-m depth

(Fig. 1). Cruises are made to this site approximately
once each month and measurements are acquired for 3
days. Two CTD casts per cruise (on average) are made
over the full depth of the water column.

Among the other stations visited less frequently is
one located off the northwest tip (Kaena Point) of Oahu.
This station (station 6: 21850.89N, 158821.89W) is sit-
uated over the north slope of the Hawaiian ridge where
the depth is about 2500 m (Fig. 1). Numerical modeling
by Merrifield et al. (2001) indicates this ridge is a region
of strong internal tide generation. The baroclinic waves
that emanate from the generation zones exhibit both
low-mode and ray-like structures, possibly leading to
enhanced shear and mixing near Kaena Point (station
6).

Figure 2 shows the ridge topography along the section
line shown in Fig. 1. Average density profiles, derived
from CTD results are shown at each station location
along with bin-averaged values of buoyancy frequency,
N 5 [g (dr/dz)]1/2, where r0 is a reference density.21r 0

For N, the vertical density gradient dr/dz was computed
using a 10-m finite difference and results were averaged
within each bin and over all CTD casts. The depth bins,
each spanning 300 m in the vertical, will be used
throughout this paper for presentation of statistical re-
sults. In general, this region north of the Hawaiian ridge
is characterized by a surface mixed layer down to about
50 m, a sharp pycnocline to about 400 m, and a gradual
increase in density with depth below this.

b. Data acquisition and processing

Data for the present study were acquired on 15 HOT
cruises that visited both station 2 and station 6 during
1994–95. While stationary at each site, the ship de-
ployed a CTD package which recorded one full-depth
profile at station 6 and up to two full-depth profiles at
station 2. The results presented here are derived from
15 CTD profiles acquired at station 6 and 25 CTD pro-
files acquired at station 2. At station 2, additional de-
ployments to the 1000-db level were also made but these
are not considered here.

Data were collected using a Seabird 9-11 Plus CTD
with dual sensors sampling at the maximum rate of 24
Hz. Sensors were located on the bottom end of the ro-
sette package. Only data collected during downcasts are
used here to avoid contamination by the wake of the
CTD/rosette package. The data were screened for miss-
ing points and spikes with a nine-point running median
filter. Temperature and conductivity values were aligned
in time to correct for lag effects. The data were averaged
to half-second (2 Hz) values and then pressure, tem-
perature, and conductivity calibrations and corrections
were applied (for details, see Lukas and Santiago-Man-
dujano 1996 and the HOT data reports; cf. Santiago-
Mandujano et al. 1999). Velocity and acceleration limits
were applied to eliminate data points that may have been
contaminated by wake effects due to ship roll. The 2-
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FIG. 1. Depth contours and measurement locations.

Hz data were discarded during periods where ship mo-
tion caused the CTD to exceed velocity and acceleration
limits.

For the sections of data analyzed, the CTD package
traveled vertically at speeds of 0.6–1.0 m s21 and the
vertical sample density for 2-Hz data is therefore 0.3 m
# dz # 0.5 m. As we demonstrate in the following
section, this resolution is adequate for detecting and
resolving turbulent overturns with a minimum vertical
length scale of about 2.0 m.

c. Turbulent overturns

The first method we consider for identifying and
quantifying mixing involves finding turbulent inver-
sions or overturns in the CTD profiles. In later sections
we also investigate mixing using a parameterization of
the vertical strain.

A turbulent overturn is a patch of actively mixing
fluid. In simple terms, one can imagine a limited region
within which the destabilizing tendency of velocity
shear is strong enough to overcome the stabilizing effect
of vertical stratification. In such instances, the Richard-
son number falls below the critical value of 0.25 and
isopycnals roll up and overturn, leaving behind a density
inversion, or gravitationally unstable region. Diapycnal
density gradients are intensified at small scales by the
roll up, and diffusion is therefore enhanced by the pro-

cess (Winters and D’Asaro 1996). Unstable collapse of
the overturn structure may also occur, leading more
quickly to a dormant patch of uniform density fluid
(Thorpe 1973).

In the present context, we assume that the shear which
drives the mixing is largely due to internal waves. In
the vicinity of the Hawaiian ridge the internal wave field
includes topographically generated baroclinic tidal com-
ponents, which are expected to enhance shear and strain
above open ocean levels. We are interested in identi-
fying turbulent overturns that result from these pro-
cesses.

1) RESOLUTION

Measurement resolution imposes certain constraints
on the accurate detection of overturns. As suggested by
Galbraith and Kelley (1996), about five sample points
are required to adequately define an overturn. The spa-
tial resolution of the 2-Hz data sets a minimum size
limit for overturns. In an effort to detect as many over-
turns as possible, yet avoid retaining underresolved or
spurious overturns, we use the mean sample resolution
dz 5 0.4 m and adhere to the constraint that no overturns
with vertical dimensions smaller than

L ø 5dz 5 2.0 mz,min (1)

are resolvable in our data. Instrument noise associated
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FIG. 2. Average potential density (su) and bin-averaged buoyancy
frequency (N ) at each station. The depth bins shown for N are used
throughout the paper. The topographic section is along the line shown
in Fig. 1.

with pressure, temperature, and conductivity sensors
combine in the calculation of the vertical extent, Lz, of
an overturn. However, the noise in each variable re-
corded at 24 Hz is significantly reduced, at the expense
of spatial resolution, by averaging to 2 Hz. In the cal-
culation of Lz, instrument noise is well below the res-
olution limit imposed by (1).

In many studies that consider overturning in stratified
fluids (e.g., Thorpe 1977; Dillon 1982), temperature is
regarded as the dominant stratifying species and over-
turns are sought in recorded temperature profiles. Ken-
nan and Lukas (1996) have shown that lateral intrusions,
with salinity-compensated temperature inversions, are
common in certain portions of the water column at the
HOT sites. For such intrusions, a temperature inversion
is aligned with a salinity inversion, together resulting
in a stable density profile. Therefore, in order to avoid
false detection of nonexistent density inversions, we
only use density profiles in our overturn detection anal-
ysis.

As above for Lz, limitations are also imposed by the
resolution of density. In order to resolve the density
extrema within an overturn, the signal resolution dr of
the 2-Hz data must be considerably less than the am-
plitude of the measured signal. We detrended and an-
alyzed several deep (almost unstratified) data segments
and determined an average value of dsu 5 0.5 3 1023

kg m23. With the density gradient (i.e., dr/dz 5
r0g21N2), smoothed over scales of order 10 m, the signal
resolution (dr) imposes a lower limit on the vertical

spatial resolution. Using a safety margin, Galbraith and
Kelley (1996) suggested that no overturns thinner than

g dsuL 5 2 (2)s ,minu 2N ro

can be accurately resolved. For our instrumentation, the
vertical resolution ranges from L 5 0.2 m for N 5su

0.007 s21 in the upper pycnocline (see Fig. 2) to L 5su

10 m for N 5 0.001 s21 near the bottom. Therefore, the
vertical resolution, specified by (1), limits the detection
of overturns in the upper water column and the density
signal resolution, specified by (2), limits the detection
of overturns near the bottom. Adhering to these criteria
eliminates any spurious overturns that might otherwise
result from instrument noise or ship motion.

2) OVERTURN DETECTION

In Figs. 3a and 3b, 2-Hz data segments are shown
along with fitted spline representations. The temperature
and salinity profiles were combined with an equation of
state to form a spline representation of the potential
density profile, su(z) (Fig. 3c). For depths less than 3000
m, a reference pressure of 0 dbar was used in the cal-
culation, while for depths greater than 3000 m, a ref-
erence pressure of 4000 dbar was used.

The spline function su(z) was pointwise differentiated
and solutions to dsu/dz 5 0 were used to detect density
extrema. An analysis of d2su/dz2 was used in the de-
tection of density maxima and a tracking algorithm was
invoked to find the vertical limits of each overturn. Fig-
ure 3c demonstrates how the su values at the upper and
lower bounds of an overturn correspond, respectively,
with the minimum and maximum su values within the
overturn. This definition of the vertical extent, Lz, of an
overturn corresponds with the standard also used by
Dillon (1982), Ferron et al. (1998), and others. It has
the characteristic that the integral of the Thorpe dis-
placement d9 (see section 3a) over the depth of the over-
turn is equal to zero.

In our analysis, all overturns that exist within larger
overturns are ignored as they are assumed to be per-
turbations within the encompassing structure. In addi-
tion, any overturns that overlap in the vertical are joined
together.

3. Results

a. Thorpe scale

A transfer of energy from barotropic tidal motions to
internal baroclinic tides through interaction with topog-
raphy at the Hawaiian ridge has been previously inferred
by the divergence of low-mode internal tides away from
the ridge (Ray and Mitchum 1996, 1997). Further down
this energy pathway, we anticipate that tidally generated
internal waves lead to regions of enhanced shear, insta-
bility, and turbulent overturning. We are concerned with
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FIG. 3. A large overturn as observed in the CTD data from station 6. (a) Temperature profile from 2-Hz data (dots) and spline fit (thin
line), (b) salinity profile from 2-Hz data (dots) and spline fit (thin line), (c) potential density profile (thick line) and Thorpe reordered profile
(thin line), and (d) Thorpe displacement profile.

overturns having dimensions (Lz $ 2 m) that can be
considered as finescale or larger. As we show in section
3e, smaller structures do not contribute significantly to
the volume averaged turbulent dissipation rate. By an-
alyzing meter-scale phenomena to infer dissipation-
scale processes we assume that the dissipation rate is
dependent on the structure and energetics of the encap-
sulating overturn. Given the resolution limits of our
measurements, we therefore seek to accurately quantify
finescale processes and then relate the results to small-
scale parameters such as the dissipation of turbulent
kinetic energy, «, and the turbulent diapycnal diffusivity,
Kr.

The Thorpe scale LT characterizes the vertical size of
turbulent overturns and is indirectly related to dissipa-
tion-range turbulence (Dillon 1982). For each overturn,
LT is computed by reordering the density profile into a
monotonic gravitationally stable profile. Each sample rn

within the original profile is associated with a depth zn

and in the reordered profile with a depth zm. The dif-
ference is called the Thorpe displacement, 5 zm 2d9n
zn, and the Thorpe scale is defined as the root-mean-
square of this quantity,

2 1/2L 5 (d9 ) , (3)T

where the overbar denotes an average.
All overturns were detected in the measured profiles

from stations 2 and 6, and those that did not satisfy the
resolution criteria (section 2c) were ignored. Thorpe
scales were computed by resampling at 0.1-m intervals
along the su spline profiles for each overturn and then
reordering the resulting data points. By this method, we
are essentially filling in points between the measured 2-
Hz data points and therefore do not expect to resolve
the high wavenumber end of the Thorpe displacement
spectrum. Nevertheless, the reordering process leads to
accurate values of the Thorpe scale since larger dis-
placements will be represented accurately and, as shown
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by Stansfield et al. (2001), these are most important in
the calculation of LT.

The reordered profile for the sample overturn de-
scribed above is shown as a thin line in Fig. 3c and the
Thorpe displacements are shown in Fig. 3d. The dis-
placement profile exhibits the inverted z shape that is a
common characteristic of turbulent overturns (Dillon
1982).

Overturn data were organized into 300-m depth bins
distributed from 200 m down to 2300 m at station 6
and down to 4400 m at station 2. The bins are shown
in proximity to the average density profiles at station 2
and station 6 in Fig. 2.

The volume integrated dissipation rate which is
achieved through overturning depends on both the num-
ber and size of overturns. The number of overturns that
occurs, on average, in each 300 m vertical bin is shown
in Fig. 4a. At station 6 the average number of overturns
per observation varies from about seven near the top of
the thermocline down to about two at 1000-m depth.
Below this the number of overturns increases with depth
to about four near the bottom. At station 2 we observe
a similar decrease in overturn occurrence with depth in
the upper water column. The average drops from about
five above the thermocline to less than one at 2000 m.
The interior region between 1000 and 2500 m is char-
acterized by a distinct lack of overturning. Below this
is a region of frequent overturning centered at about
3500 m. Near the bottom is a region of relatively few,
but large (see below), overturns.

The average Thorpe scale is shown in Fig. 4b where
we observe a steady increase with depth at station 6.
Interestingly, there is a region of relatively large average
Thorpe scale at the same depth (800–1100 m) as the
minimum number of overturns. At station 2 there is a
similar increase in with depth. Here there is also aLT

region of relatively large , which coincides spatiallyLT

with a low occurrence rate of overturns (1700–2600 m).
Large Thorpe scales indicate enhanced mixing. In

general, we observe an increase in both and withN LOT T

depth near the bottom at both stations. This could be
due to scattering of internal wave energy from bottom
topography and local intensification due to interaction
of incident and reflected waves, as well as friction-gen-
erated boundary shear. Such ‘‘bottom-generated’’ mix-
ing has been observed in locations of significant bottom
relief (e.g., Polzin et al. 1997) but not over seemingly
benign topography such as at station 2. Lukas et al.
(2001) have provided another explanation for near-bot-
tom mixing in this region. They inferred near-bottom
large eddy diffusivities at station 2 associated with ep-
isodic cold bottom water flows over the sill (at 4450 m)
separating the Kauai Deep from the Maui Deep. Local
intensification at interior depths might be due to other
phenomena, such as internal wave rays that originate at
the ridge.

b. Estimates of « and Kr based on Thorpe scales

The Thorpe scale is a turbulence production range var-
iable while the dissipation of turbulent kinetic energy «
is associated with microscale fluctuations. In order to
relate these two quantities, it is often hypothesized that
the large-scale overturn structure encases a patch of strat-
ified turbulence with universal spectral properties. The
Thorpe scale is then related to a dissipation length scale,
particularly the Ozmidov length, Lo 5 («/N3)1/2. Here, Lo

is essentially a large-scale representation of dissipation-
scale processes. We cite the work of Dillon (1982), Ferron
et al. (1998), Itsweire (1984), and Stansfield et al. (2001)
who concur that LT and Lo are correlated over a large
range in both N and «. The universality of the correlation
remains a question, however, since measured values of
the ratio Lo/LT vary between studies from 0.65 to 0.95.
For the present paper we use Dillon’s (1982) value of
Lo/LT 5 0.8, which was shown to hold in a variety of
mixing environments. It follows that the dissipation rate
for a single overturning event is

2 3« 5 0.64L N ,i Ti i (4)

where Ni is the buoyancy frequency obtained from the
gradient of the reordered potential density profile within
the vertical boundaries of the ith overturn. This value
of N represents the stratification against which work
must be done in order to mix the fluid. As Alford and
Pinkel (2000) have shown, overturns occur preferen-
tially in small regions of low stratification (high strain),
and the local N is thus required for correct application
of (4). Overprediction of « will result if the Ni are es-
timated as averages over depth intervals larger than
L .zi

The average dissipation rate over a vertical region H
is given by

L «O z ii
i« 5 . (5)

H

We form the ensemble average for each 300-m-depth«
bin (see Fig. 2) by including overturns from all CTD
casts. Profiles of are shown in Fig. 4c. At station 6«
the average dissipation rate is 0.43 3 1028 W kg21 in
the thermocline (200–500 m), below which it decreases
with depth to a value of 0.54 3 1029 W kg21 at 1000
m. There is then a slight increase with depth toward the
bottom. Within 500 m from the bottom dissipation is
enhanced by almost an order of magnitude above mid-
depth levels. There is a similar decrease with depth
down to 1500 m at station 2. However, dissipation rates
are at least an order of magnitude smaller than at station
6, over this interval. This suggests that the topographic
enhancement of mixing close to the ridge is distributed
throughout the water column. Below 2000 m at station
2, there is an enhancement of the turbulence over a
region spanning three 300-m-depth bins, focused most
strongly at about 2500 m. This may be the signature of
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FIG. 4. Bin-averaged profiles for (a) the number of overturns per 300-m bin (NOT), (b) Thorpe scale (LT), (c) dissipation rate of turbulent
kinetic energy («), and (d) turbulent diffusivity (Kr). The data profiles were measured along the dashed lines, which represent the locations
of CTD profiles. The shaded regions span the 3d and 97th percentile for each bin, as determined from a bootstrapping technique using 1000
randomly sampled model datasets for each bin. If the data are assumed to be lognormally distributed, then the shaded areas approximate
the 95% confidence interval (Toole et al. 1994).

mixing produced by an internal wave ray (see below).
Dissipation rates reach high levels near the bottom at
station 2 suggesting the presence of an active turbulent
boundary layer. This is possibly related to episodic over-
flows from the nearby Maui Deep as found by Lukas
et al. (2001). Boundary layer turbulence at station 2
appears to be more energetic than at station 6. However,

uncertainty is high in the near-bottom bins due to the
difficulty of resolving O(2 m) overturns in very low
stratification (see section 2c). Since only larger over-
turns are detected in the bottom bins, the average dis-
sipation rate may be biased high. There is, nevertheless,
a strong near-bottom signal. It is not clear if the source
of this boundary layer turbulence is bottom shear from
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FIG. 5. Vertical isopycnal displacement (grayscale) from the numerical model of Merrifield et al. (2001) with profiles
of Kr from the present study. The displacement values were extracted from the three-dimensional model results along the
vertical section shown in Fig. 1.

barotropic motions, vertically propagating and interact-
ing internal waves, or episodic deep overflows. Cer-
tainly, the enhanced mixing at middepth (2500 m) must
be due to some internal wavelike phenomenon, such as
an internal tidal ray.

We now consider the turbulent diapycnal diffusivity,
Kr, which is closely related to the rate of mixing (or
mass flux). Indeed, when multiplied by a vertical density
gradient the resulting quantity represents a turbulent
mass flux and is therefore a useful indicator of irre-
versible mixing. The most common model for Kr is due
to Osborn (1980), who suggested

R «fK 5 , (6)r 21 2 R Nf

where Rf is the flux Richardson number, or the ratio of
vertical advective flux to shear production. Osborn
(1980) used the theoretical result of Ellison (1957) to
suggest an upper bound of Rf 5 0.15. Although the so-
called mixing efficiency [G 5 Rf /(1 2 Rf )] is not a
constant and likely depends on the origin of the tur-
bulence (e.g., Caldwell and Moum 1995), it is sufficient
for our comparative analyses here to assume it is a con-
stant. For our purposes, results for Kr were derived from
« using (5) and (6) with G 5 0.2. The ensemble average

r was then formed using results from all overturnsK
detected within a particular depth bin.

As shown in Fig. 4d, r generally increases withK
depth at station 6 and has a depth-averaged value of 4
3 1024 m2 s21. At middepth the diffusivity is 1 3 1024

m2 s21 with some evidence for local intensification at
about 1000 m. These values are roughly comparable,
and slightly larger, than those found by Toole et al.
(1997) above the flanks of Fieberling Guyot in the North
Pacific.

At station 2 diffusivity is near typically observed low
open ocean subthermocline background levels (1025 m2

s21) down to about 2000 m. There is evidence of a patch
of enhanced mixing below this which, as mentioned
above, could be due to an internal wave ray that ema-
nates from the ridge 135 km away. To strengthen this
proposition, we refer to Fig. 5 which shows the results
for r overlaid on an image of vertical displacementK
amplitude. The displacement data were extracted from
the three-dimensional numerical model of Merrifield et
al. (2001) along a section that passes through both sta-
tions 6 and 2. The enhanced mixing evidenced by large

r at station 2 around 2500 m is aligned with a bandK
of heightened vertical displacement predicted by the
model. It therefore appears that localized middepth mix-
ing can be enhanced along tidal rays even at distances
over 100 km from the generating topography. In this
case, the enhanced mixing occurs at depths greater than
2000 m and below a region characterized by background



2996 VOLUME 32J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y

turbulence levels. In contrast, Toole et al. (1997) ob-
served background levels of Kr throughout the water
column at a distance of 15 km from Fieberling Guyot.
This comparison implies that a ridge is probably much
more effective at generating baroclinic waves than is an
isolated seamount, a proposition demonstrated numer-
ically by Holloway and Merrifield (1999). Although less
clear, some correspondence between r and displace-K
ment (h) is also seen at station 6 in Fig. 5.

At station 2, r gradually increases toward the bot-K
tom. The values in the deepest two bins are of the same
order of magnitude as those observed by Ferron et al.
(1998) over sills and rough topography in the Romanche
Fracture Zone. Since the bottom is relatively smooth at
station 2, we suspect that the turbulence found here is
due to the interaction of vertically propagating waves
and/or to lee waves and shear associated with bottom
water flowing over a sill from the Maui Deep into the
broad Kauai Deep, as suggested by Lukas et al. (2001).

c. Vertical strain

Internal waves cause isopycnal displacements that
contribute to the nonuniformity of observed vertical pro-
files of potential density. Vertical strain represents the
gradient of isopycnal displacement and is often used as
a measure of internal wave activity (e.g., Desaubies and
Gregg 1981). By employing a parameterization of dis-
sipation based on internal wave–induced strain, we now
investigate another method of estimating small-scale
mixing activity from large-scale density structure. The
results will be compared below with LT-based predic-
tions. We begin by describing observed strain spectra
at both stations, relative to canonical background levels.

Density profiles were separated into 300-m-depth seg-
ments (corresponding to the depth bins in Fig. 2), within
which the buoyancy frequency is roughly constant,
thereby avoiding spurious small-wavenumber contri-
butions to strain. Individual profiles of su were detrend-
ed and normalized by the mean vertical potential density
gradient , calculated over each depth segmentds /dzu

using a 10-m finite difference, resulting in profiles of
vertical displacement, h(z). Before computing the spec-
tra, the overturn regions were resorted resulting in grav-
itationally stable profiles. The strain spectra fl were
computed from displacement spectra as

2f 5 (2pk) f (k),l h (7)

where k is the vertical wavenumber. Spectra from each
station were averaged over all profiles and the results
are shown in Fig. 6 for depth bins down to 3800 m.
Near-bottom bin spectra from both stations have been
omitted because of large uncertainty in strain estimates
associated with small vertical density gradients.

For comparison, we also plot background levels as
predicted by GM76 [from the model by Garrett and
Munk (1975) as modified by Cairns and Williams

(1976)]. For GM76, the spectrum of vertical displace-
ment is given by

23 2Eb N 1 mof (b) 5 , , (8)h 2 211 2 [ ]2pj* N (1 1 b/b*) rad m

where b is the vertical wavenumber in radians per meter,
E 5 6.3 3 1025 is the dimensionless energy level, b 5
1300 m is the scale depth of the thermocline, and No

5 0.005 24 rad s21 is the reference buoyancy frequency
corresponding to 3 cycles per hour. We use the reference
wavenumber b* 5 0.0073(N/No) rad m21 and the ref-
erence mode number j* 5 3 (see Gregg and Kunze
1991). With these definitions, the GM76 vertical strain
spectra are

1
2f 5 b f (b), . (9)l h 21[ ]rad m

For comparison with observed spectra, we convert (9)
to cyclic wavenumbers (k 5 b/2p).

Referring to Fig. 6 we note that spectra are resolved
over nearly two decades in wavenumber space, which
corresponds to wavelengths ranging from about 100 m
down to about 3 m. The sharp increase in negative slope
at k 5 0.3 cpm is due to resolution limitations.

The spectra at all depths and at both stations have
levels above GM76. Over some depth intervals the el-
evation at station 2 is slight, which indicates that in
terms of strain, station 2 is (on average) in a near open-
ocean state. The topographical effect of the ridge is
clearly apparent in the strain spectra for station 6. It
elevates the strain levels above those at station 2 for all
wavenumbers and at all depths. The bottom frames in
Fig. 6 show strain spectra in the deeper portion of the
water column at station 2. In general, strain spectra cor-
respond to GM76 background levels. However, from
2000 to 2900 m for k , 0.5 cpm, the spectral energy
levels become slightly elevated, not inconsistent with
the previous identification of enhanced turbulence at
these depths (Fig. 4).

d. Estimates of « based on strain

Several models now exist for estimating the dissi-
pation rate of turbulent kinetic energy, due to wave–
wave interaction, in the open ocean (see Polzin et al.
1995; Wijesekera et al. 1993). These generally rely on
the existence of a canonical open-ocean internal wave
field as described by Garrett and Munk (1975). How-
ever, Wijesekera et al. (1993) have shown that such
models can also provide reasonable predictions of « in
particularly energetic regions (non-GM wave fields) if
the vertical wavenumber bandwidth parameter, b*, is
explicitly retained. Adopting their formulation for
strain-based models, we assume

2 2 2^N & ^l &10210 2 23« 5 7 3 10 , [m s ], (10)l 2 2 2N (l )o 10,GM
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FIG. 6. Measured spectra of vertical strain at both stations along with GM76 model spectra
(dotted line). The panels represent depth bins down to 3800 m. Spectra from station 6 (thick line)
are generally elevated above spectra from station 2 (thin line) and GM76.

where l10 is the strain evaluated by integrating the spec-
tra of section 3c from small wavenumbers to ku 5 0.1
cpm, corresponding to a length scale of 10 m; is2l10,GM

the variance of 10-m strain in a GM76 wave field with
canonical energy density. This quantity was calculated
by Gregg and Kunze (1991) as

pEbj*bu2l 5 , (11)10,GM 2

where bu 5 2pku is the radian wavenumber correspond-
ing to a 10-m length scale.

In Fig. 7 we present the ratio of Thorpe scale–based
dissipation rate estimates to strain-based estimates.

Near-bottom data are again omitted due to large uncer-
tainty in strain spectra estimates. Both methods give
similar predictions for at station 6. Values are within«
a factor of 2 at all depths, in fact 0.5 , « /«l , 1.5.LT

At station 2, the strain method estimates slightly higher
values than the LT method down to a depth of 1700 m.
Nevertheless, both estimates are within a factor of 2
over this depth range. Below this, the strain method
appears to underestimate « (assuming LT gives roughly
accurate predictions) as the stratification decreases with
depth. Therefore, it appears that the strain-based model
is a reasonable predictor of « for N . 0.001 s21. Where
the stratification is weak, strain is either underresolved



2998 VOLUME 32J O U R N A L O F P H Y S I C A L O C E A N O G R A P H Y

FIG. 7. Profiles of the ratio of dissipation rates derived from
Thorpe scales to those derived from strain estimates.

FIG. 8. Contribution to the overall dissipation from different sizes
of overturns. Large events contribute significantly to the overall dis-
sipation rate found at both stations.

or simply a poor predictor of turbulence production. We
regard the Thorpe scale as a more robust indicator as it
explicitly accounts for the potential energy available for
turbulence production which in turn should be related
to mixing. However, it is sensitive to instrument noise,
particularly in weak stratification.

Since the density profiles are reordered into gravi-
tationally stable profiles prior to computing strain spec-
tra, the potential energy available for turbulence pro-
duction is essentially removed. In contrast, it is this
energy that is directly reflected in the Thorpe scale anal-
ysis. This difference may account for some of the dis-
crepancy between strain and LT-based estimates of .«
High strain may be a required precursor to overturning
(Alford and Pinkel 2000) but does not appear to be a
robust indicator of mixing in general. Nevertheless, we
conclude that strain can provide reasonable estimates in
unenergetic regions where N is greater than about 0.001
s21.

e. Large mixing events

Alford and Pinkel (2000) reported the size distribu-
tion of overturns in the thermocline (0–400 m) of an
energetic coastal region. They evaluated « using the
Thorpe scale method and then computed the conditional
sum

C (x) [ « L /« , (12)OL T z TT i i
i | L ,xT

which gives the fractional contribution to overall dis-
sipation from events with Thorpe scales less than x.
They also applied a minimum overturn size restriction
of 2 m. From their analysis they concluded that the small

overturns that are not accounted for only contribute
about 10% to the total «. About 80% of the dissipation
was achieved through overturns with Lz , 8 m. Larger
overturns (.10 m) contributed less than 10%.

The distribution studied by Alford and Pinkel (2000)
appears to reflect an energetic mixing regime in a strong-
ly stratified environment in the upper ocean (100–400
m). In comparison, the distribution at station 6 (for the
depth range 200–2300 m; see Fig. 8) reflects a more
moderate mixing regime. Here we find that less than
65% of the dissipation is achieved by overturns with
Thorpe scale less than 8 m. The distribution amongst
the size classes is continuous only for LT , 13 m which
accounts for about 70% of the total dissipation. The
remaining 30% is due to a small number of large isolated
mixing events, which appear as steps in the graph of
Fig. 8. Each overturn in this size class contributes a
significant proportion to the overall dissipation. The
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large overturning events have Thorpe scales of LT 5 13
to 22 m and vertical patch sizes of up to Lz 5 40 m.
The local dissipation rate associated with the largest
observed overturn at station 6 was « 5 1 3 1026 W
kg21 with Kr 5 2 3 1023 m2 s21. At station 2 (for the
depth range 200–3800 m) there are signs of a weaker
mixing regime. Here, less than 50% of the dissipation
is due to overturns with LT , 8 m. Large events account
for the remaining mixing. Although they account for a
larger proportion of the overall dissipation, the isolated
mixing events at station 2 are generally smaller and
weaker than at station 6. For example, note the station
2 event shown in Fig. 8 with LT 5 10 m. This single
event accounts for nearly 25% of the total dissipation
at station 2. (Note that 617 and 385 overturns contribute
to the distributions of « at stations 2 and 6, respectively.)

4. Some evidence for tidal modulation of mixing
intensity

We have focused above on spatiotemporal averages
of mixing characteristics in the vicinity of the Hawaiian
ridge. It is also of interest to determine if there is a
detectable temporal variability associated with the gen-
eration of internal tides at the ridge. If such a signal
exists in our data, then it is most likely to be found at
station 6. After several attempts to view a correlation
between predicted barotropic tidal currents (from
TPX0.3 and TPX0.5; see Egbert 1997) and temporal
variations in estimated «, we determined that the two
processes are too far removed in time and space to form
a statistically significant correlation. We thus turned our
attention to internal motions with the hope that vertical
displacements are more closely coupled with mixing.

a. Inverted echo sounder data

An inverted echo sounder (IES) was moored on the
ocean floor at station 6 during 1994–95, corresponding
with the time period when our CTD observations were
made. The instrument measured the round-trip acoustic
travel time (t) from the seafloor to the surface and back.
A continuous record of t was recorded and the data
were corrected for barotropic tidal sea level fluctuations.
As explained by Watts and Rossby (1977), it is assumed
that t is highly correlated with dynamic height and that
it is only sensitive to low vertical mode variability.
Therefore, at tidal frequencies variations in the t signal
reflect isopycnal displacements associated with low-
mode internal waves.

Rather than apply an ad hoc calibration to convert
our data to displacements, we simply plot the t time
series (in units of seconds) as a means of viewing the
internal tide activity. As shown in Fig. 9, this time series
has signatures of regular tidal variability, such as
spring–neap cycles, as anticipated.

b. Kr as a function of t (displacement)

The times at which CTD casts were performed are
shown on the t time series in Fig. 9 as vertical lines.
Values of « derived from the CTD data by the Thorpe
scale method of section 3b are represented as circles
above and below the t time series. For each cast, the
upper circles represent the average « for the depth seg-
ment 200–1100 m and the lower circles represent « for
the depth segment 1100–2000 m (where the near-bottom
depth bin, 2000–2300 m, has been excluded to avoid
the inclusion of spurious overturns due to low stratifi-
cation and bottom boundary layer effects). A corre-
spondence between t and « is not clearly evident as the
mixing, particularly in the upper depth segment, is
strongly influenced by sporadic large mixing events.
The large events do tend to follow peaks in the t time
series and they generally occur at, or shortly after, the
peak in the spring tide.

In an effort to relate tidal activity to mixing statistics
derived from each CTD cast, we developed a simple
method for associating particular values of t with «
observations. For each cast we determined the maxi-
mum value of t that occurred within a 12-h time window
centered at 10 h prior to the cast. This t value is as-
sociated with the value of « determined from the CTD
cast. The reasoning here is that a peak in the displace-
ment corresponds to relatively large shear, and small
strain, conditions favorable to the growth of instabilities
and possible overturning. Of course, t is a measure of
only the largest vertical-scale variability and there is no
guarantee that the small vertical-scale tidal fluctuations,
which may generate the turbulence, have amplitude
modulations that are always correlated with the ampli-
tude modulations of the large vertical-scale internal
tides. The offset time window was positioned to allow
for a shear instability growth-and-collapse timescale of
order 8 h (see Alford and Pinkel 2000). It is thus as-
sumed that overturns we observe during a cast are as-
sociated with a peak in the vertical displacement that
occurred between 16 and 4 h prior to the cast. This
concept is also supported by the results of Ledwell et
al. (2000) who observed a 1–2-day phase lag between
the dissipation rate and the barotropic tidal current speed
over the rough topography in the eastern Brazil Basin.

Figure 10 shows the resulting dependence of « on t
for both depth segments, 200–1100 and 1100–2000 m.
There appears to be little, if any, correlation between
mixing and t within the lower depth region. In contrast,
over the depth range 200–1100 m there is some evidence
that large t (i.e., large tidally induced isopycnal dis-
placement) has an enhancing effect on the mixing. As
we have seen in section 3e, the value of « can be in-
fluenced substantially by rather infrequent large events
and the scatter in Fig. 10 tends to reflect this. Assuming
that variability in t is dominated by tidal variability,
which it appears to be from Fig. 9, then the large mixing
events may be triggered during periods of strong bar-
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FIG. 9. Time series of IES acoustic travel time (t) at station 6. This signal reflects the amplitude of low mode isopycnal displacements.
CTD casts are shown as vertical bars and depth averaged dissipation rate («), at each cast, is shown above the t line for the upper water
column (200–1100 m) and below the t line for the lower water column (1100–2000 m). The size of the circle indicates the relative magnitude
of «.

otropic tidal fluctuations. The largest fluctuations are
found during spring tide so a fortnightly modulation of
the mixing intensity may occur here, although our data
lack the temporal resolution to examine this. A fort-
nightly modulation of mixing has been observed pre-
viously by Ledwell et al. (2000) in the Brazil Basin.
The variability of mixing on shorter (diurnal) timescales
has been investigated by Lien and Gregg (2001) at the
continental shelf edge near Monterey Bay, California,
with results suggesting a tidal modulation of « values,
though the scatter in « is large like Fig. 10 here.

5. Conclusions

An analysis of turbulent overturns has revealed
heightened levels of mixing at all depths over the slope
of the Hawaiian ridge and in an isolated middepth seg-
ment (and maybe near the bottom) at a deep-water sta-
tion 135 km north of the ridge. Results, derived from
15 independent CTD casts performed at station 6, in-

dicate that the average number of observed overturns
decreases with depth from the surface to a minimum at
middepth, and then increases again toward the bottom.
A similar distribution was also found at station 2 in the
deep ocean. Such patterns are probably associated with
the unique features of this region, such as tidal rays
emanating from the ridge and deep water flows over
interbasin sills. The same vertical distribution is not
mimicked by the Thorpe scale, which was observed to
increase steadily with depth over the entire water col-
umn except for a localized middepth increase that is
apparent at both stations.

As shown in Fig. 4c, profiles of the rate of dissipation
of turbulent kinetic energy exhibit features of both NOT

and LT distributions. Over the slope of the ridge the
average dissipation rate ranged from « 5 4 3 1029 W
kg21 in the thermocline and near the bottom to about «
5 0.5 3 1029 W kg21 in the interior. These levels of
heightened dissipation rate are comparable to those
found by Toole et al. (1997) over the flanks of Fieberling
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FIG. 10. The rate of dissipation of kinetic energy («) as a function
of the IES acoustic travel time (isopycnal displacement) at station 6.
Open circles represent results for the upper water column (200–1100
m) and crosses for the lower water column (1100–2000 m).

Guyot in the North Pacific. Perhaps more interesting are
the results from the far field. Toole et al. (1997) found
near-background levels of dissipation at a distance of
15 km from the seamount. Our results also indicate near
background levels at station 2, 135 km from the crest
of the Hawaiian ridge, only down to a depth of 2000
m. Below this we observe a zone of enhanced mixing.
A comparison with the numerical results of Merrifield
et al. (2001) suggests that this enhancement is due to
the presence of an internal tidal ray. Within this zone
we estimate that « ; O(1029) W kg21 and Kr ; O(1024)
m2 s21 or slightly larger. The mixing inferred at both
stations confirms that the Hawaiian ridge scatters
enough energy into baroclinic modes to cause enhanced
mixing both near the topography and, to a lesser extent,
at 135 km away. The estimates of Toole et al. (1997)
indicate that these levels of enhanced mixing near to-
pography have relevance to the large-scale circulation
of the abyssal ocean but it remains to be determined if
such localized mixing balances vertical advection at
oceanic scales.

Application of a strain-based wave–wave interaction
model produced dissipation estimates that were similar
to Thorpe scale–derived estimates except in regions of
weak stratification. The exact reason for this discrepancy
is unclear. While the Thorpe scale method will be af-
fected by the limited resolution of the CTD measure-
ments, through the possible misinterpretation of noise
variability as overturns, we have been very conservative
in our analyses in order to minimize this possibility.
Even in the bottom 1000 m at station 2, where the strat-
ification is weakest, our Thorpe-based estimates of mix-
ing are in good agreement with independent estimates
by Lukas et al. (2001). The order of magnitude dis-
crepancies below 2000 m between the two methods of

estimating « shown in Fig. 7 at station 2 are not be-
lievably due to overestimates of the Thorpe scale. Thus,
we suspect the strain-based method is greatly under-
estimating « in regions of weak stratification.

The mixing regime near Hawaii is influenced as much
by infrequent large overturning events as it is by fre-
quent small events. It appears that the large overturning
events, and high dissipation rates, are triggered by large
tidal amplitudes associated with the spring tide. It is still
necessary to determine if the mixing near Hawaii is
modulated on shorter timescales by the semidiurnal tide.
A clearer picture of the spatial and temporal distribution
of mixing, and the structure and impact of internal tide
rays, could be revealed by more comprehensive obser-
vational studies. Such studies are underway as part of
the Hawaii Ocean Mixing Experiment (Pinkel et al.
2000) and forthcoming results will surely add to what
has been presented here.
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