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ABSTRACT

An intermediate tropical Pacific Ocean model is developed to bridge the gap between anomaly models of El
Nifio and ocean general circulation models. The model contains essential physics for reproducing both the
annual and interannual variations of sea surface temperature (SST). A new parameterization scheme for entrained
water temperature is shown to work satisfactorily in both the cold tongues and warm pools. This scheme
combines the Cane-Zebiak (CZ) model’s dynamic framework and mixed layer physics, giving a more realistic
description of the active tropical ocean,

Incorporation of the Niiler—Kraus scheme for turbulent entrainment enables the model to better simulate El
Niflo-Southern Oscillation in the central equatorial Pacific where the CZ model considerably underestimates
observed SST variations. It also improves the model’s performance on the seasonal cycle, especially in the
central-eastern equatorial Pacific and the intertropical convergence zone (ITCZ). The potential energy generation
induced by penetrative solar radiation tends to reduce entrainment in the central equatorial Pacific but to
enhance mixing in the far eastern equatorial Pacific. Without this process, the model central (eastern) Pacific
would be excessively cold (warm).

In response to an idealized sequential westerly burst located in the western equatorial Pacific, the CZ model
produces SST oscillations in the eastern eguatorial Pacific due to the thermocline oscillation associated with
passages of Kelvin waves. In the present model, however, SST variation in the eastern Pacific is insignificant
because local entrainment transcends the influence of thermocline oscillation; on the other hand, positive SST
anomalies slowly amplify near the date line due to the reduction in wind-induced mixing and surface evaporation.

The annual variations of the oceanic momentum and heat transports associated with the annual march of
the ITCZ are shown to have significant impacts on the annual mean state. On the other hand, including an
annual mean heat flux correction in the present model does not strongly influence the amplitudes of annual
and interannual SST variations. However, it does improve the phase structure of the annual cycle by providing

a more accurate annual mean state.

1. Introduction

Sea surface temperature (SST) is a key variable in
modeling earth’s climate systems. In the last decade, a
considerable number of upper-ocean models with a
hierarchy of physical complexity have been developed
to model tropical SST. Of those, models with an in-
termediate degree of complexity [termed intermediate
models by McCreary and Anderson (1991)] have
proven to be valuable for testing hypotheses such as
Bjerknes’ (1969) and for understanding the physics of
the El Nifio—Southern Oscillation (ENSO). They have
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even been used to predict El Nifio with skill at lead
times of several seasons (Cane et al. 1986).

The existing intermediate models of tropical ocean
may be classified into two categories: Kraus-Turner
(KT hereafter) model and Cane-Zebiak (CZ hereafter)
model. The KT model is a one-dimensional bulk model
of oceanic mixed layer (ML) first formulated by Kraus
and Turner (1967) and successively implemented by
many investigators (e.g., Niiler and Kraus 1977; Gar-
wood 1977). It describes the vertical entrainment gen-
erated by wind stirring, convection, and other subgrid-
scale processes. Turbulence is assumed to mix all the
physical properties uniformly within the layer, and the
integral properties of the ML (temperature, velocity,
depth, etc.) evolve with time. Various versions of the
KT model have been used to investigate El Nifio (e.g.,
Anderson and McCreary 1985; Yamagata and Masu-
moto 1989), annual cycle (Chang 1994), and midlat-
itude ocean-atmosphere interaction (e.g., Alexander
1992). Hirst (1986) employed a linearized KT model
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to estimate entrainment rate in the thermodynamic
equation. He examined the stability of the coupled
ocean—atmosphere and obtained a comprehensive pic-
ture of various coupled unstable modes including those
found by Philander et al. (1984). The KT model, how-
ever, could not determine entrained water temperature
without invoking a proper dynamic framework or a
multilayer model.

The CZ model originally designed by Cane (1979)
for the stucy of wind-driven equatorial ocean circu-
lation is a 11/5-layer, linear, reduced gravity ocean cou-
pled with a constant-depth surface layer. The model
provides a simple yet extremely pertinent dynamic
framework for modeling interannual variation of SST.
The change in the model thermocline depth in response
to a wind forcing captures an essential process of SST
variation in the eastern equatorial Pacific during ENSO.
The physics of the CZ model have been carefully an-
alyzed (e.g., Cane and Zebiak 1985; Zebiak and Cane
1987, Battisti 1988; Neelin 1991; Jin and Neelin 1993).
The model was also shown to be capable of reproducing
reasonable SST seasonal variation (Seager et al. 1988,
hereafter SZC model). In the western and central Pa-
cific, however, the CZ model tends to underestimate
SST anomalies (Cane 1993). The model also exhibits
relatively large SST error along the eastern boundary
of the Pacific Ocean in simulating SST climatology
(Seager et al. 1988; Chang 1994 ), implying that coastal
upwelling may not be handled properly. These short-
comings may be attributed to the neglect of entrain-
ment: a fixed-depth surface layer does not allow a re-
alistic specification of eastern boundary conditions nor
a reliable assessment of SST in the regions where the
thermocline is deep.

Chang (1994) assessed the performance of both
models in simulating the annual cycle of SST in the
tropical Pacific Ocean and found that both models have
considerable skills in reproducing SST variability.
However, he also noted that the CZ model has a bias
toward dynamical responses to surface winds, whereas
the KT model has a bias toward thermodynamic re-
sponses to surface heat fluxes.

Apparently, an integration of the complementary vir-
tues of the two models is desirable. It is important for
the CZ model to incorporate ML physics in the regions
outside the equatorial cold SST tongues, where the effect
of surface heat fluxes dominates that of oceanic advective
processes. This motivates the development of the present
model, which combines the dynamics of the CZ model
with the ML physics of the KT model in a consistent
and rudimentary manner and without a sizable increase
in numerical computation. The present model differs
from Schopf and Cane’s (1983) 21/>-layer model pri-
marily in the treatment of the layer between the ML
and the deep inert layer and in the parameterization
of entrained water temperature as well as interfacial
Reynolds stress. These are critical elements for inte-
grating the virtues of the two models.
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The goal of such a model development is, upon cou-
pling an intermediate atmospheric model, to investigate
the processes that govern the interaction between the
annual and interannual variations and to explore the
possibility of predicting ENSO without specifying an-
nual cycle. For this purpose, the model must be capable
of simulating both the annual cycle and interannual
variation of the upper ocean. This is a challenge for an
intermediate as well as a general circulation model
(GCM), because certain physical processes on a sea-
sonal timescale differ considerably from those on an
ENSO timescale. Mitchell and Wallace (1992) first
emphasized the important contribution of the positive
feedback between the meridional wind component and
the SST gradient to the annual variation of the cold
tongue-ITCZ complexes in the Pacific and Atlantic
Qceans. This process may not be critical to the ENSO
cycle but is certainly relevant to the annual cycle in
the Pacific. Wang (1994) showed that the annual cycle
in the tropical eastern-central Pacific is alternatively
dominated by a quasi-symmetric (with respect to the
equator) equatorial-coastal mode, which primarily re-
sults from dynamic coupling of the ocean and atmo-
sphere, and an antisymmetric monsoonal mode, which
is driven by the contrast in surface heat fluxes between
the Southern and Northern Hemispheres. The annual
variation involves an interaction between the two
modes. Chang and Philander’s (1994) theoretical
analysis of coupled ocean—atmosphere instability pro-
duced a family of antisymmetric. and symmetric cou-
pled ocean-atmosphere modes. They suggested that
the antisymmetric mode may be instrumental in rap-
idly reestablishing the cold tongues during northern
summer, whereas the symmetric mode contributes to
the annual westward propagation of the near-equatorial
zonal wind and SST.

In the next section we describe physical and nu-
merical aspects of the model. Particular attention is
given to the closure of the mixed layer equations, in-
cluding parameterizations of entrained water temper-
ature and interfacial momentum exchange. Section 3
presents a steady solution under the annual mean at-
mospheric forcing. To understand the model’s response
to atmospheric forcing, sensitivities of the steady so-
lution to various processes are examined in section 4.
Models with reduced physics are investigated and the
linkage of the present model with the SZC model is
discussed in section 5. Section 6 further elaborates dif-
ferences between the SZC model and the present model
in -the processes that determine SST variation. The
model’s ability in reproducing annual cycle and inter-
annual variations is demonstrated in section 7. The
last section summarizes major results and discusses
possible future improvements.

2. Formulation of the physical model

The thermal structure of the tropical Pacific Ocean
(e.g., Fig. 2 of Wyrtki and Kilonsky 1984; Fig. 1 of
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Seager et al. 1988) is characterized, to the lowest-order
approximation, by an upper ML, a middle thermocline
layer in which temperature drops rapidly with depth,
and a lower abyss layer in which temperature is nearly
a constant. On a timescale of a few years, the roles of
the deep ocean may be neglected. With these consid-
erations, we consider a model ocean that consists of a
motionless deep layer (z < —#) with a constant ref-
erence temperature (7,) and two active upper layers
(Fig. 1):a ML (0 > z> —h,) in which the temperature
(T',) and velocity are independent of depth, and a ther-
mocline layer (—k; > z > —h) in which the temperature
decreases from T'| to T,. The interfaces z = —h and z
= —h, may be regarded as thermocline and mixed layer
base, respectively, and /# and A, will be called ther-
mocline depth and ML depth, respectively.

The density of sea water is assumed to decrease lin-
early with increasing temperature. Inclusion of the sa-
linity effects is straightforward and not discussed here.
The hydrostatic motion in the upper active ocean can
be described by reduced gravity, primitive equations
for Boussinesq fluid in z coordinates (Schopf and Cane
1983):

aP
 —b=ag(T-T), (2.1a)
0z
a—V+V-VV+in—+fk><V
ot 0z
10
= —V.P+—" + uV?V, (2.1b)
o, 0z
8
v.v+ 2oy, (2.1¢)
0z
oT T 1 @
T vowr+wd o L% w1 (214
ot 9z  p,c, Oz

where b is the buoyancy; a = 2.5 X 107 °C™! is the
thermal expansion coeflicient of sea water; g is the
gravity; fis the Coriolis parameter; p, = 10> kg m™is
the reference density in the inert layer; c,, = 4.2 X 107
J g7' K™ !is the heat capacity of water, u = 10*m?s™"
is the horizontal turbulent momentum mixing or heat
diffusion coefficient; Q is the downward heat flux; = is
the vertical Reynolds stress; P is the perturbation pres-
sure associated with motion divided by p,; and V and
w are the horizontal and vertical components of the
velocity. For brevity, the curvature terms have been
neglected in Eq. (2.1).

To describe the entrainment process, it is convenient
to transform the z coordinates into generalized s co-
ordinates (Kasahara 1974) using a single-value,

monotonic function of z:
s=s(x,y,z,1), (2.2)

which can transform a variable surface z = g(x, y, f)
into a constant surface in the s coordinates. The cor-
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responding equations of motion in the s coordinates
can be derived as follows:

oh 5 w,
— + V- (V) + —==0, .
o (hV) s 0 (2.3a)
ov w, 0V
—+V:.V == — X
az+ SV+haS+fk A%
1 or ) .
= —(V,P - bV,2) + — — + uV?V, (2.3b)
ph ds
aT w, 0T 1 80
—+V.V, _———= = — \ve .
T T 3% “oehas THV T (230
where
. 9 ds\~!
hs—z=(—s) : (2.3d)
s 0z
. ds 0z
=h—=w—-|—|~-V-.V .
We=h 2 w (6t)s V-:.Vyz, (2.3e)
P=| bhds, (2.3f)

where s, = s(x, y, —h, t) represents the thermocline
layer base in the s coordinates, where the perturbation
pressure vanishes.

a. Mixed layer equations

Horizontal velocity and temperature are assumed to
be independent of depth within the ML, (z < —A;).
To transform the variable ML base in z coordinates
into a constant surface (s = —1), it suffices to use

z
h’
so that & = A, . Integrating (2.3a-c) with respect to s
from —1 to 0 yields

OZZZ_hl,

(2.4)

oh
=5 V) =W, (2.52)
1
% + V- VV, +/k XV =~ 5 [V(bih) + b,Vh]
W -7
— LWV, + 12—y 92V, (2.5b)
hl prhl
aT, W,
—_— . V P . We — .,
Y +V,-VT, I F(WINTy — T.)
prcwhl

where V), is the vertically mean current in the ML; W,
= w, (s = —1) is the entrainment velocity at the ML
base (Schopf and Cane 1983); by = ag(T, — T,) is the
buoyancy in the ML; V, is the vertical shear across the
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ML base; #(W,) is a Heaviside step function of W,;
and Qo and Q_,, are downward fluxes at the surface
and the ML base, respectively. In derivation of (2.5b)
it was assurmned that the temperature in the thermocline
layer decreases linearly from T’ to T,. _

To predict 'V, h;,.and T, the following variables
must be determined: 1) thermocline depth 4 and the
vertical shear V; 2) entrainment velocity #, and en-
trained water temperature 7T,; 3) Reynolds stress at
ocean surface 7o and at the ML base 7_,, and down-
ward heat fluxes Qp and Q_,. :

b. Determination of the thermocline depth and shear

Slow

To determine thermocline depth, one may consider
equations of motion governing the entire upper active
ocean. To derive these equations, we use transforma-
tion:

s=2

h b

so that the base of the thermocline becomes s = —1 in

the s coordinates defined by (2.6a) and h=9z/ds = h.
The perturbation pressure is

O0=zz=—h,

(2.6a)

P= f bhds ~ hb(s + 1), (2.6b)
. -1

where b is the vertically averaged buoyancy. When the
temperature in the thermocline layer decreases linearly
from T, to T,, b is related to b, by

by b
-2 (14%).

Vertical integration of (2.3a, b) and use of (2.6a, b, ¢)
yield

(2.6¢)

—a—h+V-(hV)=O,

% (2.7a)

%+V-VV+kaV

= —V(bh) + hop+ 0 4 v,
2 ph
where V is vertically averaged currents above the ther-
mocline depth. The interfacial stress and the entrain-
ment at z = —/ were neglected.
To estimate the vertical shear V, we use the follow-
ing approximation:

hV = hlVl + hz.VZ, (2.8)

where V; and 4, are the vertically mean currents and
thickness of the thermocline layer, respectively. In
terms of V and V,, the shear

h
V= h__—hl(Vl - V).

(2.7v)

(2.9)
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¢. Parameterization of the turbulent entrainment

A Kraus-Turner (Kraus and Turner 1967) type of
oceanic ML is used to estimate entrainment rate (W,).
Niiler and Kraus (1977) gave a detailed derivation of
W, from the vertical integration of the steady turbu-
lence-energy equation. If we neglect the production of
turbulent energy by shear instability at the ML base,
the equation for W, reads

WeZ(We)hlag( Tl - Te)
h
= 2mgu} ——2'-[<1 + my)Bo — (1 — my)| Bol]

ag
prcw

(h. - Z)10, (2.10)
v

where u, is surface frictional velocity; the surface flux
By specifies the rate at which available potential energy
is removed due to surface cooling: By = (ag/ p,¢w)(Qo
— Iy); Iy = (1 — R)F,, is the flux of solar radiation
penetration; R = 0.55 and v = 0.04 m™! (Ivanoff 1977)
are the solar radiation penetration coefficient and an
attenuation parameter, respectively; and F, is the
downward solar radiation flux at the surface. The lhs
term represents the rate of energy needed to agitate
entrained water. In the rhs of (2.10), the first term
denotes the rate of working by winds, and the second
and third terms express the rate of potential energy
generation by fluxes across the ocean surface and by
solar radiation penetration, respectively. The effect of

-dissipation is included in the first two terms of the rhs

of (2.10). The parameters m, and m, are turbulent
mixing factors due to wind stirring and convection,
respectively. .

Equation (2.10) applies only when entrainment oc-
curs (W, > 0)—that is, the ML deepens. In the presence
of strong radiational heating or weak winds, the wind
stirring may be insufficient to produce entrainment.
The ML must then become shallower until 4, has de-
creased to a value that renders the rhs of (2.10) van-
ishing. The numerical treatment of the formation of a
new ML is similar to that of Schopf and Cane (1983).

Parameterization of the temperature of entrained
water is another key to the closure of the ML equations.
Schopf and Cane (1983) tried to determine the en-
trained water temperature by imposing an additional
constraint on the temperature discontinuity at the in-
terface. The scheme was not very successful. Other
schemes have been used in the previous studies (e.g.,
Seager et al. 1988; Chang 1994 ). In those schemes, the
subsurface water temperature was determined using
the emperical relations derived from observations. Al-
though this may significantly improve the simulation,
the models rely on some externally determined quan-
tities and are not dynamically self-contained. Here we
propose a simple dynamics-dependent parameteriza-
tion scheme so that the scheme is self-contained. Con-
sider a thin entrainment layer existing just below the
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ML base (Fig. 1). This entrainment layer is a thin re-
gion of vigorous small-scale mixing, within which the
turbulent flux drops sharply from a finite value to zero.
Its thickness is denoted by A#,, which is a parameter.
We further assume that the vertical temperature gra-
dient in the entrainment layer may be estimated by
the mean vertical temperature gradient in the ther-
mocline layer, thus

T, —1T,
T, ~—T,=Ah,——. 2.11
1 h—nh ( )
d. Parameterization of Reynolds stresses and heat
Sfluxes

The wind stress at the ocean surface is estimated by
T0 = paCDlvalva, (2123)

where p, = 1.2kgm™3, Cp=1.3X 1073, and V, is
the surface wind. The dependence of vertical tur-
bulent stress on depth is complicated and not pre-
cisely known. In the present model, two parameter-
ization schemes were tested. The first assumes that
vertical turbulent stress is a constant in a thin surface
layer (0 > z > —hy) and then decreases downward
to zero at the thermocline depth according to a par-
abolic profile. Thus,

=
Tp =T .
T\ h— b

The second scheme assumes that the interfacial stress
at the ML base is 7_,, = vdV/dz, where » is vertical
eddy viscosity. Assume that across the ML base, the

currents change by V; on a characteristic vertical dis-
tance of A;. Thus,

(2.12b)

Top = V.. (2.12¢)

hy
The downward heat flux across the ocean surface is
Q0=st_Flw_F/_Fs- (213)

The solar shortwave flux F, is computed according to
Berliand’s (1952) formula:

Foo = Q1 = (a1 + aan)n](1 — 4), (2.14)

where Q; is the monthly mean direct and diffuse max-
imum solar flux calculated from observation by Bu-
dyko and Miller (1974); n is monthly mean cloudiness;
A is albedo with a value of 0.08 used over the ocean
surface. Values for the coefficients a, and a, were tab-
ulated in Table 4 of Budyko and Miller (1974). The
effective longwave radiation flux is computed by

Fy, = eaT4(0.39 — 0.05¢'%)(1 — a3n?)

+ 4eaT3( T, — T,), (2.15)
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Tr

SIS/

FiG. 1. Schematic diagram of the vertical structure of the model
ocean. The surfaces z = —h, and z = —h represent mixed layer base
and thermocline depth, respectively. Both vary with time and space.

where T, and e are, respectively, temperature and
water vapor pressure (in mb) of the surface air;
e = 0.97 is the infrared emissivity of the ocean; ¢ is the
Stefan-Boltzman constant; and a; is a coefficient that
varies with latitude in order to account for the variation
of radiative properties of clouds with latitude (Table
9, Budyko and Miller 1974). The latent and sensible
heat fluxes are calculated, respectively, by

Fi=p,CeLV(gs — qa)
F, = paCECpV( T, — Ta)a

(2.16)
(2.17)

where L = 2.5 X 10°J kg™, C, = 1004 J kg™' K~!,
and Cg is heat transfer coefficient. The saturation spe-
cific humidity ¢, is a function of 7', and can be cal-
culated from the Claussius—Clapyron equation. The
specific humidity (g, ) and temperature ( 7, ) of the sur-
face air are determined from SST (i.e., T in the model)
by the following empirical relations:

g. = [0.972 X T;(°C) — 8.92] X 1072, (2.18)

and

T,=1.03T,(°C) — 1.32. (2.19)
Equations (2.18) and (2.19) are derived from monthly
mean comprehensive ocean—-atmosphere datasets
(COADS) for a sample size over twenty thousands.
The correlation coefficients are 0.99 and 0.96, respec-
tively. In (2.16) and (2.17), V is surface wind speed.
To account for effects of high frequency wind fluctu-
ations on evaporation and to avoid the excessively high
temperatures in regions of weak mean monthly winds
(Philander et al. 1987), it is specified empirically by
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FIG. 2. Observed climatological annual mean fields of (a) surface
winds and fractional total cloudiness, (b) sea surface temperature
(°C), (c) mixed layer depth (m), and (d) the depth of the 20°C isotherm
(m). The mixed layer depth (/,) is defined as the depth at which the
temperature is lower than SST by 0.5°C. The ocean temperature
data are adopted from Levitus (1982). Surface winds and SST are
from Sadler et al. (1987), and cloudiness is from Oberhuber (1988).

|V, if |Vi=5ms™!
5ms™!

V= if 3ms'<|V,]<5ms™.

Vol +2ms™! if |V, <3ms™!

The downward heat flux at the ML base is (Ivanoff
1977)

(2.20)

O-p = Ioe™™. (2.21)

e. Numerical methods and model parameters

The model equations (2.5a-c) and (2.7a, b) along
with (2.9a), (2.10), (2.11), (2.12a, b), and (2.13)-
(2.21) are solved numerically using a finite-difference
method similar to that used by Chang (1994). The
Arakawa C grid (Arakawa and Lamb 1977) in a spher-
ical coordinate is adopted. A potential entrophy con-
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serving scheme is used for the momentum and mass
equations and a density conserving form is employed
in the heat equation to retain numerical accuracy
(Bleck and Boudra 1981). The leapfrog scheme is used
for time integration with a weak Robert smoothing
coeflicient of 0.005.

The model’s domain extends from 120°E to 80°W
and 30°S to 30°N with a simplified description of the
east and west boundaries of the Pacific Ocean. The
standard spatial resolution of the model is 2° long by
1° lat, which requires an approximate time interval of
3 h. No-flux conditions for temperature and free-slip
conditions for velocities are applied at the ocean
boundaries. In addition, a large Rayleigh friction with
a decay timescale of two days is used in narrow sponge
layers at the northern and southern boundaries to
eliminate artificial coastal Kelvin waves. The Rayleigh
friction coeflicients near the boundaries exponentially
decay to zero toward the ocean interior. The most im-
portant parameters are listed in Table 1 along with
their values used in the standard experiments.

3. Steady solution forced by long-term mean
atmospheric forcing

To test the model’s validity, a reference experiment
was carried out using the full model described in section
2 with observed climatological annual mean surface
winds compiled by Sadler et al. (1987) and cloudiness
derived by Oberhuber (1988) from COADS as external
forcing (Fig. 2a). The interfacial stress is described by
Eq. (2.12b).

The time integration started from a resting ocean
with a uniform SST of 30°C. A steady solution was
reached nearly through the entire domain after about
eight years of integration using the standard parameters
listed in Table 1. A stronger viscosity results in a shorter
spinup time (Chen et al. 1995). If a Rayleigh damping
of a timescale of five months is added to the thermo-

TABLE 1. List of the model parameters and the standard values
used in the reference experiment.

T, Reference temperature of the inert layer 10°C

R Solar radiation penetration coefficient 0.55

G Solar radiation attenuation coefficient 0.04 m™!

Cp Drag coefficient 1.3x 1073

Cg Moisture transfer coefficient 1.5 x 1073

hy Depth of constant-shear layer 10 m

M, Turbulent mixing coefficient due to 1.25-0.4
wind stirring

my Turbulent mixing coefficient due to 0.2
convection

Ah, Thickness of the entrainment layer 5m

“ Horizontal turbulent momentum and 10* m2 57!
heat diffusion coefficient

™ Rayleigh damping coeflicient for the 0
thermocline depth equation

r Rayleigh damping coefficient for the 0

horizontal momentum equation
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cline depth equation (2.7a), a steady state can be
reached much sooner, in about 2 years. In the equa-
torial Pacific, the spinup time sensitively depends on
the damping timescale for the thermocline depth.

The model-simulated steady-state ML temperature
resembles closely climatological annual mean SST. For
convenience, the simulated SST was displayed in Fig.
3a in terms of its difference from observed climatolog-
ical mean SST shown in Fig. 2b. An excessively warm
area is centered at 15°S, 135°W with a maximum error
of 1.5°C. A major excessively cold area is found around
15°N, 140°W. Other areas of significant discrepancy
are located in the middle of the cold tongue (5°S,
100°W) and the tropical portion of the South Pacific
convergence zone (SPCZ). In comparison with the
previous results of CZ and KT models (Chang 1994),
the mean SST errors are reduced significantly in the
ITCZ and equatorial cold tongue regions.

The simulated ML depth (Fig. 3b) and thermocline
depth (Fig. 3c) bear qualitative resemblance to ob-
served annual mean ML depth, defined as the depth
at which the temperature differs from SST by one-half
degree centigrade (Fig. 2¢) and the depth of the 20°C
isotherm (Fig. 2d), respectively. Major discrepancies
between the simulated and above-defined observed ML
depth occur in the tropical eastern North Pacific where
the simulated ML depths were more than twice the
observed values. The overall agreement between the
model thermocline depth and observed depth of the
20°C isotherm is better than that between the modeled
and the observed ML depths.

The simulated maximum speed of near-equatorial
currents in the ML is about 50 cm s™! in the central
Pacific where the equatorial easterlies are strongest (Fig.
3b). This modeled South Equatorial Current (SEC) is
confined between 3°N and 9°S in the eastern Pacific
and between the equator and 6°S near the date line.
The SEC in the model has significant meridional com-
ponents that are divergent at the equator. The weak
eastward current along 6°N is identified as the model’s
North Equatorial Counter Current (NECC). Two an-
ticyclonic gyres are discernable in the North Pacific
and South Pacific, respectively.

The vertical mean currents in the thermocline layer
were estimated using (2.8). Strong eastward current
along the equator across the entire basin is a model
hint of the Equatorial Undercurrent (EUC) (Fig. 3c).
The undercurrent core is on the equator and the speed
increases eastward, reaching a maximum of 30 cm s™!
at 120°W. This is much weaker in amplitude than ob-
served. The undercurrent is strongly convergent and
directed upslope of the thermocline along the equator.
Outside the equatorial waveguide, the mean currents
of the thermocline layer are in geostrophic balance with
pressure gradient force implied by the topography of
the thermocline depth.

The maximum entrainment rate about 103 cm s~
occurs in the eastern equatorial Pacific around 140°W

1
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F1G. 3. Model-simulated steady solution forced by observed cli-
matological annual mean surface winds, cloudiness, and solar radia-
tion in the reference experiment: (a) mixed layer temperature minus
observed annual mean SST (°C); (b) mixed layer depth &, (m) (con-
tour) and the vertical mean currents in the mixed layer; (c) ther-
mocline depth 2 (m) (contour) and the vertical mean currents in the
thermocline layer, and (d) entrainment rate (1075 cm s™7).

and along the eastern boundary south of the equator
(Fig. 3d). In the subtropical western and central Pacific
detrainment dominates.

4. Impacts of the model parameterizations

Sensitivities of the steady solution forced by the an-
nual mean forcing to various parameterization schemes
were tested in order to assess the impacts of the param-
eterized processes and to understand the way they affect
solutions.

a. Surface latent heat flux

This is a critical element for modeling ML temper-
ature, although it does not exert appreciable influence
on the currents, the ML depths, and the thermocline
depth. The ML temperature is very sensitive to surface
latent heat flux in the regions of weak winds.
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The present model has two specific features in the
usage of bulk aerodynamic formula (2.16). First, the
humidity of the surface air was determined from SST
using an empirical relation, (2.18). The physical basis
for this relation is that the air humidity over the open
ocean is constantly adjusted toward a quasi-equilibrium
state with SST via surface evaporation and turbulent
mixing. As such, the surface air humidity follows SST
closely on timescales longer than a month. Our exper-
iments indicate that the latent heat flux computed using
(2.18) is nearly the same as that computed using ob-
served surface air humidity. The use of (2.18), there-
fore, not only provides satisfactory results, but also re-
moves the dependence of the ocean model on atmo-
spheric humidity being an external forcing. When the
ocean model is coupled with an atmospheric model,
the coupled model will not suffer from the inaccuracy
arising from the model-computed surface moisture pa-
rameter. Secondly, following Philander et al. (1987),
we used a modified monthly mean wind speed, (2.20),
in computing latent and sensible heat fluxes. Equation
(2.20) is derived empirically through a careful com-
parison of a series of controlled experiments. Without
such a parameterization, excessive high temperature
would occur in the warm pool regions where wind
speed is small and ocean dynamical processes do not
play an important role in SST variation.

b. Entrainment rate

The importance of the entrainment associated with
various processes (wind stirring, convection, potential
energy generation due to penetrative radiation, and
background dissipation) was assessed through con-
trolled experiments.

The turbulent mixing associated with a decrease in
potential energy generation due to an increase in pen-
etrated solar radiation [the third term in the rhs of
(2.10)] was found to play a significant role in the ML
heat balance in the equatorial Pacific. This process en-
hances (reduces) entrainment where the ML is rela-
tively shallow (deep). Without this process, the far
eastern equatorial Pacific would be excessively warm,
because the ML is overstabilized by the excessive sur-
face heat fluxes and the entrainment was underesti-
mated; on the other hand, the equatorial central Pacific
would be excessively cold due to strong wind stirring
and insufficient stabilization by thermal stratification.
Inclusion of this process leads to an improved simu-
lation in the ML temperature in the eastern-central
equatorial Pacific. This process also tends to reduce
the entrainment rate in the subtropics.

The value for the wind stirring factor m; was deter-
mined to be 1.25 by laboratory experiments (Niiler
and Kraus 1977) but can vary in a wide range from
0.4 to 8 based on oceanic observations (Garett et al.
1979). In general, increasing m, enhances the entrain-
ment rate, favoring ML cooling. The influence of w;
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on the ML depth depends on latitude. In the equatorial
region where the ML depth is controlled by ocean dy-
namigcs, it is not sensitive to the change in the wind
stirring factor m,. In the subtropics, however, the ML
depth sensitively increases with increasing m,. The op-
posing effects of increasing entrainment rate and in-
creasing ML depth on the ML temperature tend to
cancel each other. As a result, the ML temperature is
not sensitive to changes of m,. In the present model
we used a latitude-dependent value: m; decreases lin-
early from 1.25 at the equator to 0.4 at 30° latitude.

The turbulent coefficient associated with convection,
my, 1s taken as a constant, m; = 0.2, according to Gas-
par (1988). Changing of m1;, from 0.2 to 0.4 altered the
ML depth only in the subtropics; little change was ob-
served in the ML temperature. The solution is also not
sensitive to changes in solar radiation penetration and
attenuation parameters. Introduction of a background
dissipation (Kim 1976) in (2.10) results in a larger
(smaller) reduction of ¥, in the regions having a deeper
(shallower) ML. But in general, the effect is not essen-
tial. The present model excluded the background dis-
sipation.

¢. Entrained water temperature and the reference
temperature

The parameterization of T,, Eq. (2.11), requires a
specification of the entrainment layer thickness. A
thicker entrainment layer implies a larger Ty — T, and
a stronger cooling in the presence of entrainment.
When the entrainment layer thickness doubles (from
5 to 10 m), the ML temperature decreases by 0.5°-
2.0°C in the regions where the entrainment rate is large
and/or the thermocline layer is thinner (Fig. 4a). Dra-
matic decreases of ML temperature (more than 2°C)

Mixed Layer Temp. - Obs. SST .
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FIG. 4. (a) As in Fig. 3a, and (b) mixed layer depth 4, (m) as in
Fig. 3b except for the experiment with an increased entrainment
sublayer thickness Ak, = 10 m.



JuLy 1995

(o) Mixed Layer Temp. ~ Obs. SST

308 T T T T T
(b) Mixed Layer Currents —— 75 (em/s
30N
e > > > > > > 3 3 3 3 » > A BRI
28 3 3 5 S 3 S S 3 T T s e A
A A I O N S T S S N “
. - - R “ hl kd kd T kd » r < < < ~ b
PE- (A S A A A A A AP D D S ¢
10N . " 4 A - « L3 € « « L s < < < »~ ke v &+
b . r < - v v L4 T A4 L4 A kd k4 » » > v [ -
SN. . L k] £ L] 1 1 T i v » » » » > \d v ~ >
L T S i A
EQEr e * ¢« ¢« ¢« Ll =& ST T T S
K v Q‘ € - e et e 4 - - e e € & <
5548 <= AR AR il i Al D A AP
108+ N
O T T S
1554 PR Y T S S S S L ¢ & ¢ < v
AR Y 2 S S S NI S
205 NG 3 3 s s s s s s s s s 4k
255 4 - I S T S S O S SR Y
. . . B e > > > > > > > > > > > k4 - L3
308 v - ; . v . y
120E  140E 160E 180 160W  140W 120w 100W 80w

F1G. 5. (a) As in Fig. 3a, and (b) the vertical mean currents in the
mixed layer as in Fig. 3b except for the experiment with an alternative
parameterization scheme for interfacial stress, Eq. (2.12c¢).

are found in the central and eastern equatorial Pacific
(110°-150°W) where the thermocline layer is thin and
the ML is shallow (Fig. 4b). In the areas where en-
trainment is absent or the thermocline layer is thick,
the ML temperature is either not affected or is little
affected by this parameter. The changes in the entrain-
ment layer thickness have little influence on the ML
and thermocline depths and currents.

The choice of the reference temperature 7, also af-
fects the entrained water temperature [Eq. (2.11)]. It
influences buoyancy and horizontal pressure gradient
force [Eq. (2.1a)], thus altering currents and ther-
mocline depth along the equator significantly. When
T, reduces from 10° to 5°C, the equatorial thermocline
slope and the equatorial currents in both layers are all
reduced by about 20%; meanwhile the entrained water
temperature T, decreases everywhere by about 1°-2°C,
and the maximum change in ML temperature is about
1°C, occurring in the central cold tongue (figure not
shown).

d. Interfacial stresses at the mixed layer base

The parameterization of the turbulent momentum
exchange at the ML base affects the partition of the
wind forcing between the ML and thermocline layer,
and, thus, influences ML depth via changing horizontal
divergence. This also indirectly affects entrainment rate
and ML temperature. The sensitivity tests indicate,
however, that the steady solution is relatively insensitive
to the formulation of the interfacial stress if a proper
turbulent viscosity is used.

The ML temperature simulated using the parame-
terization scheme of interfacial stress (2.12c¢) with a
vertical turbulent coefficient of 30 cm? s 2 differs from
that obtained using (2.12b) by only a few tenths of a
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degree, except in the eastern equatorial Pacific around
120°W where the difference reaches 0.5°-1.0°C (Figs.
5a and 3a). The ML and thermocline depths are not
affected appreciably by changing the interfacial stress
parameterization. The patterns of currents and en-
trainment velocity are also very similar. The primary
impact of using (2.12¢) is the reduction in the strength
of the equatorial currents in the ML (Fig. 5b) and the
thermocline layer (figure not shown ), especially in the
eastern equatorial Pacific. This is due to the reduction
in the wind forcing in the ML when (2.12¢) is used.
As a result of weakening in the momentum input into
the ML, the entrainment rate reduces by about 25%
and SST increases in the eastern equatorial Pacific.
When a smaller vertical turbulent coefficient of 20
cm? s~2 was used in (2.12c), the currents and entrain-
ment rates increased. As such, the solution was nearly
the same as that of the reference run. This indicates
that the two parameterization schemes may yield com-
parable solutions if a proper value for eddy viscosity
in (2.12c) is used. Additional experiments showed that
neglect of the interfacial stress at the thermocline layer
base has little effect on the solution.

e. Background Rayleigh damping

The Rayleigh damping for the thickness of the upper
active ocean or thermocline depth has considerable
impacts on the equatorial dynamics. To demonstrate
these impacts, we conducted an experiment in which
a Rayleigh damping is added in (2.7a). The damping
time was 150 days. All other parameters were exactly
the same as those used in the reference experiment.
The inclusion of the Rayleigh damping dramatically
reduced the zonal and meridional slopes of the ther-
mocline in the eastern equatorial Pacific (Fig. 6b). In
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FIG. 6. (a) As in Fig. 3a, and (b) as in Fig. 3¢ except for the ex-
periment with a Rayleigh damping of a timescale of five months
included in the thermocline-depth equation.
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particular, the meridional pressure gradient force,in
the vicinity of the equator reversed its direction, re-
sulting in a fictitious westward equatorial undercurrent.
The direction reversal in the thermocline layer, in turn,
reduces the drag to the ML currents, causing a marked
acceleration of the ML currents (figure not shown).
The ML depth, however, was not affected noticeably.
The deepening of the thermocline base in the eastern
Pacific results in a thickening of the thermocline layer
and a corresponding increase in the entrained water
temperature [see (2.11)]. As a result, the ML temper-
ature was increased by about 0.5°C in the eastern Pa-
cific (Fig. 6a). Meanwhile, the ML temperature was
reduced by about 0.5°C in the western equatorial Pa-
cific due to increased westward advection of cold water.
Rayleigh damping on momentum and mass was not
used in the present model. Second-order horizontal
momentum and heat diffusions are included with a
coefficient of 10% cm? s™!. This is used for suppressing
small-scale computational noise. A by-product of the
momentum diffusion might be a weakening of the
equatorial currents. It, however, has little effect on the
entrainment rate and the ML temperature.

5. Models with reduced physics

A simplified version that is similar to the SZC model
can be obtained from the full model (hereafter model
A) described by Egs. (2.5a—c), (2.7a, b), and (2.10)
with (2.12¢) by introducing the following assumptions
or 51mp11ﬁcat10ns

1) The ML depth is constant—that is, hy = H,.In
this case, the entrainment rate is identical to an up-
welling rate and is determined, from (2.1b), by the
vertical integrated divergence in the ML:

W,=H/V-V,. (5.1)

2) The pressure gradient force induced by the hor-
izontal gradients of buoyancy force in the upper active
ocean is neglected; that is, b; = b = const.

3) The momentum equations, (2.5b) and (2.7b),
and the thermoclme depth equation (2.7a) are linear-
ized as -

v | Wl

—_— — _ r_ s
ry fK XV, = —bVh i v,

+ o H, (r0— 7_n) + uV?V, (5.2a)

F; A
—Y +fkXV = —bVh'+ TO 4 uVRV, (5.2b)

ot o H

oh' -
= THV-V=0. (5.2¢)

4) The drag at the ML base due to interfacial stress
and the turbulent momentum exchange associated with
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entrainment can be simply expressed by a Rayleigh
damping, —r,V,, where

LA

H, H H?
5) A Rayleigh damping is applied to the perturba-

tion thermocline depth equation.

With the above simplifications, the governing equa-
tions (2.5b, ¢) and (2.7a, b) become

re = (5.3)

3V1 T0 H_Hl
- X [ — V ’ e — -
a +fk XV, bVh +er1 % Vs,
(5.4a)
T W,
—at‘ + V- VT = = 22 W)~ T.)
Q th 2
+ == VT, (5.4
S Com, T EV T (5:4D)
hl
é——+l—IV V=0, (5.4¢)
ot
av
— +fkXV=—bVh +—— 4
Ey fk bVh +er, (5.4d)

where A’ = h — H is perturbation thermocline depth,
and

Vv, =

(Vi—V) (5.5)

H - H,
is proportional to the vertical shear between the ML
and thermocline layer. Using (5.5), Egs. (5.1) and
(5.4a) can be casted into the following forms

H(H -
WS=H1V-V+———1L—11QV-VS, (5.6a)
8V To
—+fkXVy=———rV,+uV?V,. (5
y f H rV,+ u (5.6b)

The governing equations (5.6a, b) and (5.4b, ¢, d) are
basically the same as the SZC model. This simplified
model is referred to as model B. It should be pointed
out that model B is not equivalent to the SZC model.
There are two major differences. One is the treatment
of latent and sensible heat fluxes. The other lies in the
parameterization of the subsurface water temperature.
In the SZC model the subsurface water temperature is
a critical parameter and is determined using an em-
pirical relation derived from observations. Although
this is not a self-contained scheme, it may significantly
improve the simulation of the SST variation. In view
of the differences between the model B and the SZC
model, the comparison of model A and model B should
not be understood as a comparison of the performance
between the present model and the SZC model.

To investigate the roles of various processes in the
dynamics and thermodynamics of the tropical upper
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ocean, model A was systematically distilled to model
B by adopting each of the above-listed simplifications
at each step. A family of intermediate reduced-physics
models were obtained. Experiments with these models
were performed using exactly the same forcing and pa-
rameters as those used in the control run. The intent
was to examine impacts of various assumptions and
simplifications.

With the first assumption, H, = 50 m, the resulting
ML temperature in the eastern-central equatorial Pa-
cific is about 4°C colder than that in the control run,
because the wind stiess acting on the ML water column
increased drastically due to the fixation of the ML
depth. When simplifications 2 and 3 are further
adopted, the heat balance is severely damaged so that
no reasonable solution can be obtained. If the simpli-
fications 1-4 are used as a group, however, a reasonable
ML temperature field may result if a sufficiently large
Rayleigh friction coefficient r; (corresponding to a
damping timescale on an order of one day) is used. In
the SZC model, strong Rayleigh damping is needed for
maintaining a balance with surface wind stress and the
Coriolis force so that a desirable wind-driven frictional
transport or upwelling rate can be obtained. It is con-
cluded that assumptions 1-4 should be used as a group
when the model A is simplified.

Figure 7 shows the steady solution produced by
model B under annual mean forcing. In comparison
with the steady solutions of model A (Fig. 3), the ML
temperature in model B shows larger errors ranging
from —1.4° to 2.0°C; and the ML currents are sub-
stantially weaker, especially in the eastern and central
equatorial Pacific. The SST error pattern is similar to
that shown by Fig. 3 of Chang (1994). The equatorial
undercurrents in the thermocline layer have a wrong
direction in model B due to the use of assumption 5
listed previously. Comparison of results obtained from
models A and B suggests that some physical processes
(advection by currents, upwelling or entrainment, etc.)
affecting SST in the two models are quite different. We
will further elaborate this point in the next section.

6. Transient response

After the mean states were obtained using climato-
logical annual mean forcing, a transient wind forcing
was added to the mean surface wind, which has a sta-
tionary Kelvin wavelike structure centered at 150°E
with an amplitude oscillating with a period of 30 days:

U = Uy cos[n(x — 150)/L,]

X exp[(y/L,)*1H[sin(2xt/T)], (6.1)

where Uy = 8 ms™!, 130°E < x < 170°E, T = 30
days, L, = 40° long, L, = 10° lat, and H is a Heaviside
function of sin(2#¢/7T). The transient response was
obtained by subtracting the model mean state from the
time-dependent solution forced by the total winds
(mean plus transient winds).
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FiG. 7. (a) Asin Fig. 3a, (b) the vertical mean currents in the mixed
layer as in Fig. 3b, and (c) as in Fig. 3¢ except for the solution obtained
using simplified model B.

In response to the transient wind forcing (6.1), both
models show clear signals of Kelvin waves in ther-
mocline depth fluctuation. These Kelvin waves are ex-
cited by the stationary wind fluctuation in the western
equatorial Pacific. They propagate eastward across the
entire Pacific basin as free modes, causing periodic
fluctuations of the thermocline depth in the eastern
Pacific. This indicates that the two models have similar
dynamics: The thermocline is nearly in a Sverdrup
balance with surface wind stress in the forcing region,
and the periodic fluctuation in wind stress induces reg-
ular oscillations in the thermocline depth which, in
turn, initiate free internal Kelvin waves.

The responses of SST in the two models, however,
differ considerably (Fig. 8). In model A, major positive
temperature anomalies amplify with time in the west-
ern Pacific centered at 170°E with a maximum of
0.35°C occurring around day 80 (Fig. 8a). The positive
anomalies in the eastern Pacific, on the other hand,
are rather weak. In contrast, in model B, the largest
positive temperature anomalies appear in the eastern
Pacific around 100°W, whereas the positive tempera-
ture anomalies around 170°E are modest (Fig. 8b).

The different SST responses in the two models result
from different ML physics. In the eastern Pacific where
the thermocline is shallow, the surface-layer temper-
ature in model B is primarily controlled by the strength
of upwelling and the vertical temperature gradient in
the thermocline layer. The Ekman pumping-induced
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and (b) the simplified model B. The anomalous wind forcing is an idealized stationary westerly burst in the equatorial western
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upwelling depends on thermocline depth quasi linearly.
An increase in the thermocline depth can effectively
reduce mean upwelling, leading to a warming. This
effect becomes stronger where the mean thermocline
is shallower. Therefore, the amplitude of anomalous
surface-layer temperature increases eastward in model
B (Fig. 8b). In model A, however, the ML temperature
is primarily controlled by entrainment. On one hand,
a deepening of the thermocline base would reduce ver-
tical temperature gradient in the thermocline layer and
increase the entrained water temperature, favoring the
ML warming. On the other hand, the deepening of the
thermocline base has little influence on the entrainment
rate because the latter mainly depends on local tran-
sient wind and thermal forcing. The strong local con-
trols on the entrainment process transcend the influ-
ence of the thermocline variation on ML temperature.
The SST variations associated with thermocline fluc-
tuation in the forcing-free eastern Pacific are thus small.

In the western Pacific where the thermocline and
ML are both deep, the ML temperature is primarily
determined by surface latent and sensible heat fluxes
and the entrainment cooling. Both depend on the
strength of local transient wind forcing and the mean
states. The mean easterlies decrease from about 4 m s ™
near the dateline to zero at 140°E. The time-mean
maximum transient wind speed is 4 m s~ at 150°E.
The total wind speed is thus higher than corresponding
mean wind speed west of 150°E due to the superpo-
sition of transient westerlies on a nearly calm mean
state. This causes stronger than normal evaporational
cooling in both models, inducing negative temperature
anomalies in both cases. East of 150°E, on the other
hand, the total wind speed is lower than the mean wind
because of the offset between the transient westerly and

mean easterlies. As a result, evaporation is reduced,
favoring an anomalous warming. In addition, the
anomalous westerlies would generate an eastward cur-
rent that advects SST anomalies, shifting both the pos-
itive and negative SST anomalies eastward and result-
ing in the patterns shown in Fig. 8. The warming near
the date line is much stronger-in model A than in model
B because the wind stirring that induces turbulent
mixing was greatly supprcssed in model A, whereas
such a process was absent in model B. :

The contrasting response of the models A and B to
the same transient forcing indicates that the SST vari-
ation on intraseasonal timescales may critically depend
on oceanic models’ ML physics.

7. Annual cycle and ENSO variability
a. Annual cycle

‘Starting from the steady solution forced by the an-
nual mean forcing, the model was further integrated
using climatological monthly mean surface winds
(Sadler et al. 1987) and cloudiness (Oberhuber 1988).
The climatological monthly mean surface winds and
net radiation heat fluxes are decomposed to six har-
monics so that their values at each step can be precisely
given. After about 7 years the model reached an equi-
librium annual cycle. In the simulation, the ML tem-
perature at the boundaries was forced to relax back to
observed annual cycle by addmg a Newtonian dampmg
in a narrow sponge boundary layer.

The annual mean ML temperature derived from the
equilibriumn annual cycle is shown in Fig. 9a. Compared
with the steady solution driven by the annual mean
forcing (Fig. 3a), the ML temperature is generally lower
by 0.5°-1.5°C between 20°S and 20°N. The largest
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Fi1G. 9. Differences between the model-simulated ML temperature
and observed SST (simulation-observation) for annual mean (a) and
monthly mean departures of January (b), April (c), July (d), and
October (e). The simulation was performed using climatological an-
nual-cycle forcing of surface winds, cloudiness, and insolation.

decreases are in the latitude belt between the equator
and 15°N. The difference between Fig. 9a and Fig. 3a
is attributed to the nonlinear effects of the transient
annual variation on the time-mean flow. The annual
variations are strongest in the latitude band between
the equator and 15°N, because the annual variation
of the wind forcing and cloudiness are strongest in this
region due to the annual north~south migration of the
ITCZ.

Subtracting the model annual mean from the equi-
librium annual cycle yields an annual monthly mean
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departure of SST. The differences in monthly mean
departures between the simulated ML temperature and
observed SST are shown in Figs. 9b—e. In the subtrop-
ics, the simulated departure in the winter (summer)
hemisphere is higher (lower) than its observed coun-
terpart. This systematic error is due to the fact that the
amplitude of the simulated annual variation is smaller
than that observed. In the eastern equatorial Pacific,
the simulated annual variation is dominated by an an-
nual harmonic regardless of the dominant semi-annual
solar radiational forcing. This agrees with observations.
Errors, however, are the largest in the eastern equatorial
Pacific. These errors result primarily from a phase delay
in the simulated seasonal transition. Around 110°W
the simulated seasonal transition lags observation by
1 to 2 months. The exact cause for the phase delay is
unknown. Several factors may contribute to it, among
which the errors in the simulated ML depth, the neglect
of higher vertical modes, and the uncertainty in the
calculation of the surface heat fluxes can be major con-
tributors.

One of the remedies to reduce the uncertainty in
estimating surface heat fluxes is to modify the net sur-
face heat flux term Q, by adding a correction:

Q5 =0 — k(T — Ty), (7.1)
where Q% is the corrected surface heat flux and T, is
the observed climatological annual mean SST. The heat
flux correction takes a Newtonian damping form that
relaxes predicted ML temperature 7, toward T,. A
value of 35 (W m™2 K ™!) for the coefficient k was taken
in the previous GCM studies (e.g., Gordon and Corry
1991) and intermediate models (Chang 1994), which
is equivalent to a relaxation time of approximately 2
months. The present model adopted a smaller correc-
tion coeflicient that corresponds to a relaxation time
of 5 months.

It is important to note that the inclusion of an annual
mean heat flux correction does not affect the depths
of ML and thermocline layer and the currents (figure
not shown). It also does not significantly reduce the
amplitudes of the SST annual cycle. The simulated
annual cycle with the mean heat flux correction exhibits
a better agreement with observed annual cycle in the
eastern equatorial Pacific (Figs. 10b—e). The roles of
the heat flux correction are twofold. On one hand, it
effectively adjusts the model’s long-term mean toward
observed value, yielding a much improved annual
mean field (Fig. 10a). On the other hand, by producing
a more accurate annual mean state, it also reduces (but
does not necessarily eliminate) the phase delay of the
annual cycle in the eastern equatorial Pacific. Because
the mean heat flux correction does not significantly
reduce the amplitude of the annual cycle, it should not
significantly affect the model ENSO signal, as will be
demonstrated in the next subsection.
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b. ENSO variability

To assess the ability of the model in simulating in-
terannual variability, COADS monthly mean surface
wind anomalies compiled at the National Center for
Atmospheric Research for the period January 1964-
December 1987 were used to construct a 24-year wind
forcing by adding a climatological annual cycle of sur-
face winds of Sadler et al. (1987). The original COADS
anomalous winds were first compiled for a 5° lat X 15°
long grid (for details refer to Wang 1995) and then
interpolated to the model’s grid. An annual cycle of
total cloudiness was used due to lack of reliable
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monthly mean observations. All other parameters are
the same as in the reference experiment. An annual
mean heat flux correction was included with a relax-
ation time of five months. The model integration
started from January climatology generated using an-
nual cycle forcing. An additional 1-year forcing was
padded to the forcing field prior to January 1964 during
which the wind forcing was gradually changed from
the climatological January mean to the mean of Jan-
uary 1964. The anomalous fields were obtained by
subtracting the model annual cycle from the full time-
dependent solution. In the simulation, the ML tem-
perature was damped to observed climatological
monthly mean SST at the northern and southern
boundaries, but there was no such damping at the east-
ern and western boundaries.

Figure 11a displays modeled anomalous ML tem-
perature along the equator as a function of time. Major
El Nifios (1965, 1972, 1982/83, 1986/87) and mod-
erate El Nifios (1969, 1976) are all well captured except
for the amplitude being reduced. This is partially due
to the usage of smoothed anomalous wind forcing. The
simulated thermocline depth fluctuation may represent
the variation of the upper-ocean heat content as mea-
sured by the 20°C isotherm. For each warm event, the
deepening of the thermocline base occurs progressively
later eastward along the equator. In the central Pacific
the thermocline deepening tends to lead the warming
(Fig. 11b). These features of thermocline variation re-
semble those observed (Neelin et al. 1994) as well as
simulated by ocean GCMs (Chao and Philander 1993;
Latif and Graham 1992).

Figure 12 further compares the first two EOFs of
the observed SST and simulated ML temperature. The
first EOF accounts for 32% of the total variance for
observed monthly mean anomalies and 51% for the’
model simulated monthly mean ML temperature
anomalies. The spatial patterns of EOF1 and EOF2
between 20°S and 20°N and the corresponding tem-
poral coeflicients show a good agreement, especially
for the most important EOF mode. Discrepancy is ev-
ident in the subtropics where the present model does
not well represent real ocean thermal structure. The
amplitude of the warming simulated by the model
EOF1 mode is substantially smaller than its observed
counterpart. The main discrepancy in the evolution of
the model EOF1 mode is the excessive cooling in 1981
and 1985 and insufficient cooling in 1965. This was
caused by an increasing trend in the strength of the
trade winds in the southeastern Pacific during that pe-
riod (Fig. 9 of Wang 1995). When the trend was re-
moved, the above-mentioned problem disappeared.
Overall, the simulated interannual variations are better
than simulated annual cycle in terms of their phases.
This may suggest that the uncertainty in surface energy
fluxes has less impacts on the ENSO cycle.

There are notable differences in simulated ENSO
anomalies between the CZ model and the present
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model. In the CZ model ENSO anomalies are confined
to east of the 140°W (Chen et al. 1994), so that the
SST variation in the central equatorial Pacific (180°-
140°W) was substantially underestimated. The simu-
lated SST anomalies in the present model, however,
have more realistic strength in the central equatorial
Pacific. This suggests that turbulent mixing and surface
heat exchange probably play a more important role
than dynamic processes in the central Pacific warming,.

8. Summary

An intermediate tropical Pacific Ocean model is de-
veloped in an attempt to bridge the gap between simple
anomaly models of El Nifio (e.g., Zebiak and Cane
1987) and more sophisticated GCMs. A precise defi-

nition of an intermediate model is not a simple matter.
For the purpose of modeling SST, complete thermo-
dynamics in the oceanic ML are necessary. Numerical
simulations demonstrate that the present model con-
tains essential elements for reproducing seasonal to in-
terannual variability of SST. The model is computa-
tionally efficient so that a large number of experiments
can be performed to better understand important
physical processes. The model thus provides a valuable
tool for understanding results derived from more com-
plicated GCMs or observations.

The present model has two active upper-ocean layers
overlaying a deep inert layer: an ML and a thermocline
layer, both with a variable thickness. It is capable of
modeling total, rather than anomalous, SST. In an
anomalous intermediate model of El Nifio (e.g., Zebiak
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and their corresponding principle components (lower panel: solid for
observation and dashed for simulation).

and Cane 1987; Anderson and McCreary 1985), sur-
face wind forcing and ocean dynamics are of prime
importance. For modeling climatological seasonal cy-
cle, however, the local surface buoyancy fluxes and
turbulent mixing processes across the ML base are also
essential. For this reason, we implemented the Seager
et al. (1988) model with the Niiler-Kraus (1977) ML
physics. The model is more sophisticated than SZC in
that the present model dynamics includes the Yoshida
Jet component and a variable depth ML.

The entrainment is one of the most important pro-
cesses governing SST variation. Determination of the
entrained water temperature is a key for the closure of
entrainment parameterization schemes. In the previous
intermediate models, it was determined using observed
subsurface temperature or empirical relations derived
from observations (Seager et al. 1988; Chang 1994).
Our approach is self-contained. It assumes that the
temperature difference between the ML water and en-
trained water is proportional to the mean vertical tem-
perature gradient in the thermocline layer or inversely
proportional to the thickness of the thermocline layer.
The thermocline is treated as an immiscible layer so
that not only the displacement of the thermocline layer
base but also the change of ML depth affects the thick-
ness of the thermocline. This allows for combining the
virtues of the SZC model’s dynamics and ML physics.
The surface winds affect thermocline layer thickness

64 66 68 70 72 74 76 78 80 82 84 86 88
FIG. 12b. As in panel a except for the second EOF modes.

by changing thermocline depth via Sverdrup balance
and by changing ML depth via turbulent mixing. The
entrained water temperature, therefore, depends highly
nonlinearly on the surface wind forcing. The proposed
scheme works reasonably well in the tropical region,
both the warm pools and cold tongues.

Surface evaporation is another prominent process
acting in the annual and interannual variation of SST.
An accurate estimation of surface latent heat flux is
also a key to model annual cycles of SST. The errors
may arise from two major sources when the bulk for-
mula (2.16) and monthly mean winds are used. One
is the effect of the transients. A modification of wind
speed, such as (2.20) used in this work, is necessary.
This supports the finding of the previous studies (e.g.,
Philander et al. 1987; Seager et al. 1988). Another error
comes from inaccurate measurement or computation
of the surface air humidity. Philander and Pacanowski
(1986a,b) and Seager et al. (1988) simply assumed a
constant relative humidity in their computation of
surface latent heat flux. A more accurate linear em-
pirical relation was previously proposed to estimate
surface air specific humidity from SST (Wang 1988;
Wang and Li 1993). In the present model, this empir-
ical relation was refined using more comprehensive
datasets that cover the entire tropical Pacific and Indian
Ocean (30°S-30°N, 40°E~80°W). We have found that
the latent and sensible heat fluxes computed using
(2.18) and (2.19) are close enough to those obtained
using observed air humidity and temperature so that
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the resultant ML temperature fields are almost the
same. This approach will avoid errors possibly arising
from the use of atmospheric model-computed air hu-
midity and temperature when coupling the ocean
model with an atmospheric model.

The solution in the present model, thus, depends
upon only two atmospheric variables: surface winds
and cloud cover for given insolation. The surface winds
affect ML temperature indirectly by changing entrained
water temperature as discussed early in this section.
More importantly, the surface winds can affect ML
temperature by directly changing the turbulent en-
trainment, the surface evaporation and sensible heat
flux, and the temperature advection by wind-induced
currents. The cloudiness influences ML temperature
via directly changing shortwave and longwave radiation
fluxes and indirectly changing the entrainment rate as-
sociated with the mixing process.

The change in ML temperature is thus a result of
subtle balance and complex interaction among the
above-mentioned processes. As such, the response of
SST to a transient wind forcing in the present model
differs considerably from the SZC model in which the
turbulent mixing is absent. For a given stationary wind
forcing of intraseasonal oscillation located in the west-
ern equatorial Pacific, for instance, the SZC model
shows a decaying oscillation in SST that is most prom-
inent in the remote eastern Pacific, whereas the present
model exhibits a slow amplification of positive SST
anomalies just to the east of the forcing. Observations
have shown considerable intraseasonal variations in
the sea level height and the thermocline depth, which
are remotely forced by the counterpart variations in
surface winds over the western equatorial Pacific (e.g.,
Ericksen et al. 1983; Enfield 1987). The SST, however,
does not seem to have significant response in the eastern
Pacific. In the ocean GCM experiment (Latif et al.
1988) westerly bursts in the western Pacific (130°-
180°E) induced an anomalous warming primarily in
the central Pacific that is not due to thermocline vari-
ation associated with the Kelvin wave passage. The
present model result resembles that of Latif et al.
(1988). The model ocean response to high frequency
wind variability certainly depends upon the model’s
representation of the ML physics.

Inclusion of the Niiler-Kraus (1977) scheme for ML
entrainment in the CZ model improves the model’s
performance on the annual cycle, especially in the
equatorial Pacific cold tongue and ITCZ regions. Pen-
etrated solar radiation was found to play a significant
role in the SST variation in the eastern-central equa-
torial Pacific. It enhances (reduces) entrainment in the
far eastern (central) equatorial Pacific where the ML
1s relatively shallow (deep). Without this process the
central equatorial Pacific would be excessively cold,
whereas the far eastern equatorial Pacific would be ex-
cessively warm. Inclusion of the ML physics also sig-
nificantly improves the model’s ability in simulating
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ENSO variability in the central equatorial Pacific where
the CZ model substantially underestimates SST
anomalies.

Numerical experiments demonstrated that the mo-
mentum and heat transports during the annual cycle
can significantly modify the annual mean ML tem-
perature and the depths of the thermocline and ML.
The transient effect tends to lower the annual mean
SST in the tropical Pacific Ocean by 0.5°-1.5°C. It is
most significant in the vicinity of the ITCZ, which mi-
grates annually back and forth between 4° and 12°N.

The most serious problem with modeling the annual
cycle of SST is the phase delay. This problem is likely
related to the uncertainty in the surface heat flux forcing
(in particular, the cloud effects on solar radiation ) and
model errors in representing ML processes. At this
stage, an effective way to leverage the problem is to
introduce a correction to the long-term mean heat flux.
This approach was previously used in GCM simula-
tions (e.g., Meehl et al. 1985; Han 1984; Gordon and
Corry 1991) and intermediate models (e.g., Chang
1994). We have shown that the inclusion of a mean
heat flux correction in the present model does not sig-
nificantly influence amplitudes of the annual and in-
terannual variations of ML temperature. It, however,
significantly improves the simulation of the annual cy-
cle by providing a more accurate mean state.

The tests of the present model in reproducing SST
variabilities on various timescales are preliminary.
Further analyses are needed to diagnose the causes of
the model’s major deficiencies. Inclusion of the effects
of stratocumulus clouds on solar radiation appears to
be desirable for further improvement. The mechanisms
of ML temperature variability need to be better un-
derstood before coupling atmospheric models.
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