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Abstract
The Atlantic Meridional Overturning Circulation (AMOC) plays a central role in the decadal variability of global and regional 
climate through changing poleward transport of heat. However, realistic simulation of the AMOC, i.e., its strength and spatial 
structure, remains a challenge for ocean general circulation models (OGCMs) and coupled climate models. Here, we investigate 
how the simulated AMOC could be affected by improved accuracy of the seawater equation of state (EOS) with an OGCM. Two 
EOSs used in this study: the UNESCO EOS80, and the “stiffened” EOS derived from the compressibility of sea water and the 
UNESCO EOS80. Compared to the model using the UNESCO EOS80, the model using the “stiffened” EOS yields stronger 
deep convection in the Labrador Sea, the Irminger-Iceland-Scotland Basin, and the Greenland-Iceland-Norwegian (GIN) seas, 
which leads to an improvement in the simulation of the AMOC: Along 26.5°N, the maximum transport is increased from 14.9 
to 17.4 Sv and the interface between the upper clockwise cell and lower counterclockwise cell is deepened from 2.8 to 3.3 km, 
both matching the observations better. Taken the Labrador Sea as an example, the processes, including both direct and indi-
rect causes, that in part responsible for the improved AMOC are as follows. The use of “stiffened” EOS increases the density 
throughout the water column and weakens the stability of sea water. Moreover, the enhanced cabbeling and thermobaric effect 
strengthen the vertical advection, intensifying the deep convection and increasing formation of deep water, which eventually 
improves the simulation of the AMOC. The intensified AMOC, in turn, speeds up the surface return flow, transporting more 
warm and saline water to the high latitudes in the North Atlantic, which contributes to the densification of surface water. Similar 
analyses can be applied to the Iceland-Scotland Basin and GIN seas. Thus, the enhanced deep convection and formation of deep 
water in the Labrador Sea, as well as in the Iceland–Scotland Basin and GIN seas, improve the simulated AMOC.
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1 Introduction

The Atlantic Meridional Overturning Circulation (AMOC) 
plays a vital role in the variability of global and localized 
climate because of its effective meridional heat transport. 
The observed AMOC consists of two opposite meridional 
circulation cells: an upper clockwise cell that spans from 
surface to deep ocean (3000–4000 m) and a lower cell which 
is counterclockwise in the bottom (below 4000 m). The 
upper cell of the AMOC includes four branches: upwelling 
of the southward deep water in the Southern Ocean, the 
surface water transverses northward to the northern high 
latitudes, the surface water becomes denser and sinks in the 
regions where deep convection occurs, and the formed deep 
water moves southward closing the loop, whereas the bot-
tom counterclockwise circulation is related to the Antarctic 
Bottom Water (AABW) (e.g., Kuhlbrodt et al. 2007). The 
northward transport of heat flux by the overturning circula-
tion from low latitudes to high latitudes offsets the heating 
inequity because of the differential radiation over the Earth 
(Lozier 2012). Without the poleward transport of warm sur-
face water, the surface temperature difference between the 
polar region and the equator would reach 110 °C, not the 
current 30 °C (Gill 1982). The AMOC carries 0.5 PW (1 
PW = 1015W) heat across the equator making the Northern 
Hemisphere is slightly warmer than Southern Hemisphere, 
pushing the mean position of the Intertropical Convergence 
Zone (ITCZ) to the northern side of the equator (Frierson 
et al. 2013; Marshall et al. 2014). The AMOC modulates the 
displacement of the ITCZ, e.g., weakening of the AMOC 
makes the ITCZ move equatorward, and vice versa (e.g., 
Vellinga and Wood 2002; Zhang and Delworth 2005; Cheng 
et al. 2007; Liu and Hu 2015; Liu et al. 2017).

The AMOC exerts significant influence on the variations 
of sea level. By analyzing the numerical results of a climate 
system model (CSM), Levermann et al. (2005) pointed out 
that the global sea level rise can be caused by the weakening 
of the AMOC. Ezer (2013) concluded that the sea level rise 
along the east coast of the United States is spatially uneven 
and temporally unsteady, which are related to the AMOC’s 
transport. The weakening of the AMOC first results in the 
Atlantic Multidecadal Oscillation (AMO) transition to its 
negative phase (McCarthy et al. 2015), accelerating the sea 
level rise in the northeast coast of the United States (Boon 
2012; Sallenger et al. 2012). Continuous weakening of the 
AMOC will lead to the sea level rise in the whole globe, 
including the northeast coast of the United States (e.g., Yin 
et al. 2009) and high latitudes of the North Atlantic and 
Southern Ocean (Chen et al. 2019), as revealed by future 
projection experiments., implying that the variability of 
AMOC also plays a central role in future climate change 
(Srokosz et al. 2012; Srokosz and Bryden 2015).

The aforementioned studies suggested the importance of 
accurately modelling the variability of the AMOC. However, 
realistically simulating the variability and spatial structure 
of the AMOC is still a big challenge. By analyzing 20 global 
ocean-sea ice coupled models from the Coordinated Ocean-
Ice Reference Experiments phase II (CORE-II), Danabaso-
glu et al. (2014) pointed out that all the models have weaker 
and shallower AMOC in terms of the mean state versus the 
observation at 26.5°N. In addition, the spatial structures of 
AMOC’s variability and the location of maximum AMOC 
variability are different among the models of the CORE-II 
(Danabasoglu et al. 2016). Although having greater mean 
strength and enhanced variance of the AMOC, compared to 
the models of the CORE-II, six reanalysis datasets still show 
diverse spatial structures of the mean state and linear trend 
(Karspeck et al. 2017). In the context of numerical simula-
tions, the performance of the simulated AMOC is related 
to atmosphere-ocean-sea ice interaction (e.g., Griffies et al. 
2009), spatial resolution (Delworth et al. 2012), and cor-
responding settings of parameterization (Danabasoglu et al. 
2014).

The AMOC variability is sensitive to buoyancy anoma-
lies. A number of numerical models, including CSMs and 
Earth System Models (ESMs), have been used to study the 
sensitivity of AMOC’s variability to freshwater perturba-
tions. The freshwater perturbations are usually added in the 
regions of deep convection, such as the Labrador Sea and 
the Greenland-Iceland-Norwegian (GIN) seas. By adding 
the freshwater perturbation, the AMOC is weakened, which 
modulates the global and localized climate variability (e.g., 
Gao et al. 2003; Kevin 2005; Timmermann et al. 2007; 
Stammer 2008; Kopp et al. 2010; Stammer et al. 2011), 
including the paleoclimate (Rahmstorf 2002; Alley et al. 
2003; McManus et al. 2004; Lynch-Stieglitz et al. 2007).

Such freshwater perturbations influence the AMOC by 
modifying the density gradient of surface water. The dilu-
tion of surface water by injecting freshwater perturbations 
strengthens the stratification of water column, hindering 
the occurrence of deep convection. The reduction of deep-
convective occurrence further affects meridional overturning 
activities, thus the AMOC. This implies that changes in the 
density in the regions of deep convection play a vital role 
in the variability of the AMOC. The main objective of the 
present study is to explore whether different EOS of sea 
water will affect the simulation of the AMOC via adjusting 
the density distribution of sea water.

The seawater density in OGCM and CSMs/ESMs is 
calculated by the EOS of sea water as a function of water 
temperature, salinity, and pressure. However, most of the 
existing OGCMs adopt the Boussinesq approximation (e.g., 
Zeytounian 2003), in which a constant reference density is 
used in the momentum equations. This approximation causes 
the so-called Boussinesq error (Dukowicz 2001), which then 



Impact of seawater equation of state on the simulation of Atlantic Meridional Overturning…

1 3

induces errors in the computation of pressure-gradient force 
(PGF). Another error arises from the accompanying approxi-
mation in the hydrostatic equation, in which the pressure 
is considered to be independent of density and a depth-to-
pressure conversion function is applied (e.g., Fofonoff and 
Millard 1983; Jackett and McDougall 1995; Shchepetkin and 
McWilliams 2011) to linearly solve the hydrostatic equation. 
This kind of error is called the “density error” (Dewar et al. 
1998; Dukowicz 2001). Both errors come from neglecting 
the compressibility of the sea water.

There are some studies focusing on the reduction of the 
aforementioned errors. Dewar et al. (1998) argued that the 
approximation in the hydrostatic equation could attenuate 
the feedback of the total pressure on density. To reduce the 
“density error”, the authors suggested that the hydrostatic 
equation should be implicitly solved by a Runge–Kutta 
method to include the full feedback of pressure on density. 
Dukowicz (2001), starting from the view of compressibil-
ity of seawater, proposed an equivalent but “stiffer” EOS, 
which aims to reduce the errors in computation of density 
and PGFs in ocean simulations. It was implemented in the 
parallel ocean program (POP) model (Smith et al. 2010), 
which is the ocean component of the Community Climate 
System Model (CCSM) and Community Earth System 
Model (CESM) (Hurrel et al. 2013).

The main topic of this study is to investigate the impacts 
of seawater EOS, including the UNESCO EOS80 and the 
“Dukowicz stiffened” EOS, on the simulation of AMOC. 
The precise meaning of the two EOSs will be described in 
Sect. 2, along with model description and methodology used 
in this study. In Sect. 3, we present numerical results. Pos-
sible physical processes responsible for the changes in the 
AMOC are also discussed in Sect. 3. Finally, summary and 
concluding remarks are presented in Sect. 4.

2  Model description and seawater equation 
of state

2.1  Model description

A stable version of ocean general circulation model (OGCM) 
NEMO3.4 (Madec 2008) with ORCA1 configuration is used 
here. This model is the ocean component of many other cou-
pled climate models and is also the Nanjing University of 
Information Science and Technology Earth System Model 
Version 3.0 (NESMv3; Cao et al. 2018). The model configu-
ration has horizontally varying resolution of approximated 
1º zonally and meridionally and 46 vertical levels with une-
ven layer thickness. The Louvain-la-Neuve Sea Ice Model 
version 2 (LIM2), a dynamic sea ice model, is also config-
ured by compiling the package ORCA2_LIM (Fichefet and 
Maqueda 1997). To account for unresolved eddies, the Redi 

isopycnal diffusion (Redi 1982) and the Gent–McWilliams 
parameterization (Gent and McWilliams 1990) are used with 
eddy diffusivity of 1000  m2  s− 1. The turbulent kinetic energy 
scheme (Blanke and Delecluse 1993) for vertical diffusiv-
ity is used, which has a minimum value of 1.2 × 10− 5  m2 
 s− 1. All climatological forcing fields are repeated annually 
during model integration; they come from the DRAKKAR 
forcing set DFS4.4 (Dussin and Barnier 2013). The surface 
boundary conditions fields are computed using the bulk for-
mulae developed by Large and Yeager (2004) and the atmos-
pheric fields and ocean/sea-ice variables. All simulations 
start from a resting ocean with climatological temperature 
and salinity distribution (Levitus 1982). It is worth noting 
that on the one hand the restoring techniques, such as the 
restoring strength of surface salinity, are closely linked to 
the AMOC transports (Griffies et al. 2009; Behrens et al. 
2013; Danabasoglu et al. 2014) and on the other hand to 
additional and artificial adjustment on the seawater hydro-
graphic properties attenuates and restricts the accuracy with 
respective to the impacts of EOS on the AMOC. Thus, no 
restoring technique, including the surface salinity restoring, 
is used in this study. The model is integrated for 500 years, 
which is able to spin up the deep ocean compared to the 
300-year integration by the CORE-II models (Danabasoglu 
et al. 2014), in each case and the last 10-year output are used 
to construct monthly mean climatology.

2.2  Two kinds of seawater equation of state

The first EOS used in this study is the one form of the 
UNESCO EOS80 (UNESCO, 1981) proposed by Jackett 
and McDougall (1995), in which the density (ρ, kg/m3) is 
taken as a function of potential temperature (θ, ºC), salinity 
(S), and pressure (p, bars) as follows:

where �(�, S, 0) is the density at the surface of 1 atm pres-
sure fitted by a 15-term polynomial of θ and S; K(�, S, p) is a 
26-term function in powers of θ, S and p. The corresponding 
coefficients of (1) used in NEMO3.4 are from Jackett and 
McDougall (1995).

The other EOS used here is the “stiffened” EOS, which is 
derived based on the compressibility of seawater (Dukowicz 
2001), aiming to reduce the aforementioned Boussinesq and 
density errors. The density in (1) can be rewritten as

where the multiplier r(p) is independent of the local θ and 
S, and is selected as a universal function. �∗

EOS(�,S,p)
 is the 

thermobaric or “stiffened” density as it depends on 

(1)�(�, S, p) =
�(�, S, 0)

1 −
p

K(�,S,p)

,

(2)� = r(p) × �∗
EOS(�,S,p)

,
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themobaric compressibility [see Dukowicz (2001) for 
details]. Using (2) one can renormalize pressure as

Hence the PGF in the momentum equations, due to 
Boussinesq approximation and the hydrostatic equation, 
becomes

and

The scaling factor r(p) and pressure p (e.g., Fofonoff 
and Millard 1983) are calculated as follows:

where the pressure p is in bars, and

where Z is the water depth and unit in meter. It should be 
pointed out that there is another “stiffened” EOS proposed 
by Shchepetkin and McWilliams (2011), which is suitable 
for the terrain-following coordinate (sigma coordinate). 
However, the z-coordinate is used in the current study. Thus, 
only the “stiffened” EOS proposed by Dukowicz (2001) is 
implemented here. The other one will be discussed in the 
future when we use the sigma coordinate. Usage of the 
modified �∗ and p∗ reduces the Boussinesq and density 
errors by an order of magnitude (Dukowicz 2001), which 
induces associated geostrophic velocities on the order of 
O (1 cm  s− 1) (Dewar et al. 1998). This study will validate 
the benefits by using the “stiffened” EOS and investigate 
whether it has positive influence on the simulation of the 
AMOC. Two experiments are thus performed: One uses 
the UNESCO EOS80, referred to as CTRL, and the other 
adopts the “stiffened” EOS, referred to as STIF. Moreover, 
three additional experiments are also conducted by using 
the “stiffened” EOS to replace the UNESCO EOS80 in spe-
cific regions: one is in the tropical Atlantic (15ºS–15ºN and 
70ºW–20ºE) (referred to as TALT_STIF), another is in the 
Labrador Sea (50°N–65°N and 60°W–45°W) (referred to as 
LABS_STIF), and another is in the South Ocean (75°S–55°S 
and 0°E–360°E) (referred to as SO_STIF). The sensitivity 
experiments conducted here aim to investigate whether the 

(3)
dp∗

dp
=

1

r(p)
.

(4)PGF =
1

�0
∇p∗,

(5)
�p∗

�z
= −�∗g = −

�g

r(p)
.

(6)
r(p) = 1.02819 − 2.93161 × 10−4exp(−0.05p) + 4.4004 × 10−5p,

(7)
p(Z) = 0.059808[exp(−0.025Z) − 1]

+ 0.100766Z + 2.28405 × 10−7Z2,

changes in stratification in the tropical Atlantic, the Labra-
dor Sea, and South Ocean will affect the variability of the 
AMOC.

2.3  Methodology

Some basic calculations are adopted in this study. First of 
all, the heat transport in the Atlantic, which is decomposed 
into the overturning and gyre components (Bryden and 
Imawaki 2001; Born et al. 2010), is computed as follows:

where constants �0 and cp are the reference density and spe-
cific heat capacity of seawater, respectively; 

−

T  and 
−
v cor-

respond zonal mean potential temperature and meridional 
velocity in the Atlantic, respectively, with associated devia-
tions ( T ′ and v′ ). Note that the terms v�

−

T  and 
−
v T � do not 

include during the calculation in (8) because of the second-
ary contribution relative to other terms and neglect of the 
cross-scale interactions in this study.

The buoyancy gain, which is related to the stratifica-
tion, is used to replace the direct analyses of heat flux 
and freshwater flux (e.g., de Larvengne et al. 2014) and is 
calculated by using:

where g and �0 are the acceleration gravity and reference 
seawater density, respectively; �0(z) is the potential density 
relative to the surface. Note that the potential density at the 
bottom is used to replace the one of �0(2000m) during the 
calculation when the water column is shallower than 2000 m. 
The larger buoyancy gain indicates a stronger stratification.

In addition, the subpolar gyre can be represented and 
evaluated by the barotropic stream function calculated as 
follows (Marzocchi et al. 2015):

with the ocean depth H , which is positive upward, of the 
water column, the meridional velocity v(x, y, z) , and the start-
ing point of the integration xw . The negative and positive 
streamfunction values denote the anticlockwise subpolar 
gyre and clockwise subtropical gyre, respectively.

(8)

QT = Qoverturning + Qgyre

= �0cp

(

∬
−
v
−

T dxdz +∬ v�T �dxdz

)

,

(9)Bgain =
g

�0∫
2000

0

[

�0(2000m) − �0(z)
]

dz,

(10)�B(x, y) = ∫
x

xw
∫

0

−H

v(x, y, z)dzdx,
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3  Numerical results

3.1  Sensitivity of the AMOC to EOS

The variations of sea surface temperature (SST), sea 
surface salinity (SSS), and ocean currents are discussed 

here with the results from two kinds of EOSs (CTRL and 
STIF). Figure 1 shows the annual mean SST and SSS, and 
the corresponding differences between CTRL and STIF. 
The general patterns of SST and SSS in CTRL and STIF 
are quite similar (Fig. 1a, b, d, e). However, substantial 
regional differences between the two are obvious. Com-
pared to CTRL, STIF cools surface water in the west of 

Fig. 1  Annual-mean SST (left panel; °C) and SSS (right panel; psu): 
a, d CTRL, b, e STIF, and c, f differences between STIF and CTRL. 
The pink contour denotes the zero isoline. LS, IS, GIN, and ISB in 

a represent the Labrador Sea, Irminger Sea, Greenland–Iceland–Nor-
wegian seas, and Iceland–Scotland Basin, respectively
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Labrador Sea and increases the temperatures of surface 
water in the east of Labrador Sea and in the Irminger 
Sea (Fig. 1c). SST difference is also found around Ice-
land with SST being increased and decreased in STIF 
on the northern and southern sides, respectively. There 
is no significant SST difference in the subtropical gyre 
between the two. The difference in SSS is more organ-
ized (Fig. 1f). In the subtropical gyre, fresher water is 
found in STIF compared to CTRL. Oppositely, SSS in 
the subpolar gyre is increased in STIF, except for the 
reduction of SSS in the western and southern Labrador 
Sea. The saltier water found in the northern Labrador Sea 
implies that there may be stronger deep convection in 
STIF, which favors the strengthening of the AMOC in the 
Labrador Sea (e.g., Marshall and Schott 1999; Deshayes 
et al. 2014).

The surface ocean circulation is discussed here in terms 
of the ocean currents averaged over the upper 200 m. 
As shown in Fig. 2a, the modeled Gulf Stream in CTRL 
detaches the Cape Hatteras and moves to the east; then 
its extension, the North Atlantic Current (NAC), marches 
northeast to the south of Iceland. The NAC subsequently 
splits into two branches: One moves northward west of Ice-
land, and the other flows southeastward south of Iceland. 
Moreover, a cyclonic circulation extends from the Labrador 
Sea to the Irminger Sea, which is the preconditioner for the 
occurrence of deep convection (e.g., Marshall and Schott 
1999). The simulated NAC in STIF is more sharply extend-
ing northeastward to 40°W; then, it splits into two branches 
around 42°W: One extends northwestward into the Irminger 
Sea, and the other further marches to the south of Iceland 
(Fig. 2b). Compared to CTRL, STIF shows a constrained 
cyclonic circulation, which is mainly limited in the Labrador 
Sea. Regarding the difference, as shown in Fig. 2c, STIF 
shows stronger ocean currents along the Gulf Stream and 
NAC, which validates and confirms the conclusion of Dewar 
et al. (1998) that improved calculation of EOS increases the 
velocity by several centimeter per second in the dynamically 
important areas like the western boundary currents. The 
intensification of the Gulf Stream and NAC suggests that 
more warm and saline water is transported to the Irminger 
Sea (e.g., Drews et al. 2015).

In addition to changes in the simulated SST and SSS, 
the subsurface hydrological properties of seawater are also 
modified. Figure 3 shows the T–S diagrams averaged over 
the 100–200 m in the Labrador Sea, the Irminger-Iceland-
Scotland Basin, and the Greenland-Iceland-Norwegian 
(GIN) seas. Generally speaking, the subsurface water repro-
duced in STIF is denser than that in CTRL. In the Labrador 
Sea and the GIN seas, more saline water are reproduced in 
STIF (Fig. 3a, c) indicating that the variability of seawater 
density in both regions are dominated by the seawater salin-
ity. In addition, the densification of subsurface water in the 

Labrador Sea is prone to enhance the formation of Labrador 
Sea water, whilst the densification of subsurface water in the 
GIN seas tightly relates to the formation of North Atlan-
tic Deep Water (NADW). Moreover, the formed NADW, 
which also includes the Labrador Sea water, are transported 
to the Irminger Sea and Iceland basin (Luyten et al.1993; 
Yashayaev et al. 2007), leading to the blended hydrological 
properties of sea water in the Irminger–Iceland–Scotland 
Basin (Fig. 3b).

Fig. 2  Annual-mean ocean currents averaged over the upper 200 
m (cm  s− 1): a CTRL, b STIF, and c differences between STIF and 
CTRL
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The increased SST in the subpolar gyre domain, as shown 
in Fig. 1c, is the signature of a stronger ocean heat trans-
port. Figure 4 shows the annual-mean heat transport in the 

Atlantic in the two model simulations and their differences. 
In CTRL, QT reaches its peak around 15°N (Fig. 4a). South 
of 50°N, the overturning heat transport dominates the vari-
ation of QT , whereas the gyre heat transport determines the 
QT north of 50°N due to the contribution of overturning heat 
transport being trivial. Compared to CTRL, the oceanic heat 
transport QT is enhanced in STIF, with an increase of 0.35 
PW near 35°N (Fig. 4b). In general, the enhancement of QT 
comes from the intensification of overturning heat transport, 
except at the high latitudes north of 60°N. Note that STIF 
also shows increased gyre component in the latitudinal range 
between 40°N and 60°N, which suggests that there is an 
enhanced subpolar gyre in STIF, compared to CTRL.

In general, both CTRL and STIF capture the main struc-
ture of the AMOC, comprising a clockwise circulation above 
3000 m and a counterclockwise circulation below 3000 m 
(Fig. 5a, b). The difference of simulated AMOC can also be 
differentiated in Fig. 4a, b. Consistent with the enhanced 
overturning heat transport (Fig. 4b), the AMOC in STIF is 

Fig. 3  Annual-mean T–S diagrams averaged over 100–200 m in the 
a Labrador Sea (50°N–65°N and 60°W–45°W), b Irminger-Iceland-
Scotland Basin (50°N–65°N and 35°W–10°W), and c the Greenland–
Iceland–Norwegian (GIN) seas (60°N–70°N and 20°W–0°W). Blue 
and red dots represent the results of CTRL and STIF, respectively

Fig. 4  Annual-mean heat transport (PW) in the Atlantic Ocean 
(black), which is decomposed into overturning (blue) and gyre (red) 
components in a CTRL and b the difference between STIF and CTRL
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deeper than that in CTRL. Moreover, the maximal transport 
of the AMOC in CTRL is located between 0°N and 40°N, 
which is smaller than that in STIF located between 10°N 
and 50°N. The above-mentioned differences in Fig. 5a, b 

suggests that there are stronger northward near-surface flow 
and southward deep flow in STIF (Fig. 5c). The maximum 
positive difference in the upper layer appears between 50°N 
and 60°N and centers at 1000-m depth. Then, it gradually 
deepens and moves southward around 2000-m depth. This 
implies an enhancement in downwelling in the latitudinal 
range of 50°–60°N. In this study, we focus on the clockwise 
branch of the AMOC, which is closely related to the deep 
convection in the North Atlantic, to make the discussion 
specifically and concisely.

To further compare the distinct structure of the AMOC 
in the two experiments, vertical structure of the AMOC at 
26.5°N are compared. The observations from the Rapid Cli-
mate Change program (RAPID) data spanning from April 
2004 to December 2014 (Cunningham et al. 2007) are also 
used here. The vertical profile of the AMOC and the sea-
sonal variations of maximum meridional stream function 
at 26.5°N are plotted in Fig. 6. Consistent with the AMOC 
depicted in the latitude-depth diagram, the maximum trans-
port of the AMOC is 17.4 Sv in STIF, which is comparable 
to the observation (16.8 Sv), while it is 14.9 Sv in CTRL 
(Fig. 6a). It is also evident that there is a deeper interface 
between the upper clockwise cell and lower counterclock-
wise cell in STIF, with the depth of 3.3 km, in contrast to 
2.8 km in CTRL. Although the improvement on the depth 
of the southward deep flow is produced by using the “stiff-
ened” EOS, it still suffers the deficiency with a shallower 
depth than the observed RAPID data (4.4 km). The shal-
lower depth of the simulated AMOC probably caused by 
the excessive formation of the AABW compared to the 
observation (e.g., Liu et al. 2005) and the insufficient tidal 
mixing in the North Atlantic (Yu et al. 2017). Regarding 
the seasonal variations, both CTRL and STIF show similar 
tendency of variation except for a larger magnitude of the 
AMOC in STIF (Fig. 6b). Starting from May, STIF shows 
the same variations and magnitude as the RAPID data. How-
ever, larger values from January to April are seen in STIF, 
compared to the RAPID data.

3.2  Possible physical processes responsible 
for modification of the simulated AMOC

The dynamics and strength of the subpolar gyre, estimated 
by (10), in the North Atlantic determine the rate of deep-
water formation (Katsman et al. 2004), which is closely asso-
ciated with the deep convection and the AMOC. As shown in 
Fig. 7a, b, both CTRL and STIF capture the general features 
of the subtropical and subpolar gyres. However, compared 
to CTRL, there is a stronger subpolar gyre in the Labrador 
Sea and the Iceland–Scotland Basin in STIF (Fig. 7c). In 
addition, STIF shows larger potential density in the subpolar 
gyre (shading in Fig. 7c), compared to CTRL. The increased 
potential density corresponds to the intensified subpolar gyre 

Fig. 5  Annual-mean meridional stream function (units: Sv = 106  m3 
 s− 1) of ORCA1: a, d CTRL, b, e STIF, and c, f differences between 
STIF and CTRL. The thick red contour denotes the zero isoline
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in the Labrador Sea and the Iceland–Scotland Basin, which 
suggests that the subpolar gyre in part is controlled by the 
density (e.g., Häkkinen and Rhines 2004; Born et al. 2009).

It is considered that AMOC variability is modulated 
by the buoyancy forcing, which relates to the air-sea sur-
face heat flux and freshwater flux, and wind forcing (e.g., 
Kuhlbrodt et al. 2007; Marshall et al. 2014). In the forced 
OGCM, however, Brankart (2013) pointed out that the forc-
ing formulation produces an unrealistic spurious heat flux 
due to the lack of ocean feedback to adjust the atmosphere 
forcing. To avoid the confusion caused by the unrealistic 
heat flux, the buoyancy gain ( Bgain ) estimated by (9) is used 
in this study. The buoyancy gain resulted from the heat loss 
from ocean to atmosphere exerts an influence on the hydro-
graphic features of sea water, especially at high polar lati-
tudes (e.g., Yeager and Jochum 2009). Theoretic and numer-
ical results have indicated that enhanced buoyancy gain 
leads to strong increase in stratification (Jansen and Nadeau 
2016). Figure 8 depicts the annual-mean buoyancy gains in 
CTRL and STIF and their difference. Both CTRL and STIF, 
in general, produce similar distributions of the buoyancy 
gain (Fig. 8a, b). As shown by Fig. 8c, however, CTRL has 
a stronger stratification in the Labrador Sea, whereas STIF 
has a stronger stratification in the Irminger Sea. Addition-
ally, the large buoyancy gain in STIF extends more eastward 
in the subtropical gyre. The difference between STIF and 
CTRL clearly illustrates that there is tremendous decrease of 
buoyancy gain in the Labrador Sea and on the south side of 
Iceland in STIF, implying that there is weaker stratification 

in these regions in STIF. The stratification along the coastal 
region of the Greenland and the GIN seas is also reduced 
in STIF. However, the buoyancy gain in the Irminger Sea 
and the subtropical region is increased in STIF, enhancing 
the stratification. The reduced stratification in the Labrador 
Sea, the Iceland-Scotland Basin, and the GIN seas suggests 
that stronger deep convection, producing more deep water, 
occurs in these regions in STIF (Killworth 1983; Marshall 
and Schott 1999).

It is well known that intensified downwelling is accom-
panied by enhanced deep convection, though the two are not 
directly related to each other. The maximum mixed layer 
depth (MLD), which is often used to represent the occur-
rence of deep convection (e.g., Hu et al. 2008; Liu and Liu 
2013; de Larvergne et al. 2014; Reintges et al. 2017), is first 
compared and discussed here. The MLD calculated in this 
study is defined as the depth at which the potential density 
differs from the surface value by 0.125 kg  m− 3. Although 
estimate of the MLD, which can be defined by means of gra-
dients or surface-to-depth differences of temperature, salin-
ity, or density (e.g., Sprintall and Tomczak 1992; Anderson 
et al. 1996), over the global ocean is a complicated prob-
lem (Levitus 1982), the criterion and calculation used in 
this study is effective to represent the modeled mixed layer 
in the North Atlantic (e.g., Hosoda et al. 2010). Optimal 
estimate of the MLD is far beyond our scope in this study. 
Furthermore, the deep convection is supposed to occur at the 
place where the MLD is larger than 1000 m in this study. 
As shown in Fig. 9a, the deep convection in CTRL mainly 

Fig. 6  a Vertical profiles of annual-mean meridional stream function (Sv) at 26.5°N and b seasonal variation of maximum meridional stream 
function (Sv) at 26.5°N of CTRL, STIF, and RAPID



 L. Ma et al.

1 3

occurs in the Iceland Basin. However, there is a larger area 
where deep convection occurs in STIF (Fig. 9b). Enclosed 
by the black contour, the deep convection in STIF takes 
place in three different domains: the northern part of the 
Labrador Sea, the Irminger–Iceland–Scotland Basin, and the 
east side of the GIN seas. Based on hydrographic profiles of 
the World Ocean Circulation Experiment database and Argo 
floats, on the other hand, the deep convection is observed in 
the Labrador Sea during the boreal winter [refer to Fig. 5 in 

Montegut et al. (2004); Fig. 5a in Hosoda et al. (2010) for 
detail], though different definitions are used to calculate the 
MLD. Thus, more realistic deep convection is produced in 
STIF compared to CTRL. The distribution of MLD validates 
that there is stronger deep convection in STIF compared to 
CTRL.

Figure 10 shows the vertical profiles of mean tempera-
ture, salinity, potential density, and buoyancy frequency in 
DJF, which are area-averaged in the Labrador Sea 

Fig. 7  Horizontal transport stream function (contour; Sv) and poten-
tial density (shading; kg  m− 3) averaged over the upper 1000 m in DJF 
of a CTRL, b STIF, and c the difference between STIF and CTRL

Fig. 8  The buoyancy gain  (m2  s− 2) averaged in DJF of a CTRL, b 
STIF, and c the difference between STIF and CTRL
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(illustrated by the black box in Fig. 6b: and 50°N–65°N and 
60°W–45°W). Compared to CTRL, STIF shows warmer 
seawater in the upper 300 m versus the colder sea water in 
the depth between 400 and 3000 m (Fig. 10a). As for salin-
ity, it has similar vertical distribution with temperature 
(Fig. 10b). However, some minor differences exist, such as, 
saltier water in the upper 700 m in the Labrador Sea and 
fresher seawater between 700 and 2900 m in STIF compared 
to CTRL. STIF shows larger seawater density almost 
throughout the entire water depth (Fig. 10c). How does the 
buoyancy frequency, which is computed by N2 = −

g

�0

��

�z
, 

react to the change in density? As shown in Fig. 10d, STIF 
generally shows smaller buoyancy frequency in the entire 
water depth than CTRL, except in the upper 100 m. Focusing 
on the deep-convection region where the MLD is larger than 
1000 m, the buoyancy frequency in STIF is much smaller 
than that in CTRL, especially in the upper 500 m and below 
2500 m. The weakened stratification suggests the deep con-
vection can take place more easily in STIF.

Thermobaricity ( �
2�

���p
 ) and cabbeling ( �

2�

��2
 ) induced by the 

nonlinearity of seawater EOS play central roles in the 

occurrence of deep convection in the polar oceans (e.g., Kill-
worth 1979; Akitomo 1999). Both thermobaricity and cab-
beling can cause vertical motion, which is inversely propor-
tional to the buoyance frequency ( ∝ N−2 ) (McDougall 
1987). This kind of inverse relationship between vertical 
velocity and buoyance frequency suggests that the larger 
vertical velocity induced by thermobaricity and cabbeling is 
associated with weaker stratification of sea water. In addi-
tion, cabbeling always produces downwelling (negative ver-
tical velocity); whereas thermobaricity produces either 
downwelling or upwelling depending on the sign of the dot 
product of gradients of potential temperature and pressure 
along the neutral surface. Note that the physical meaning of 
the density calculated by the “stiffened” EOS is intrinsically 
related to the thermobaricity (Dukowicz 2001). Thus, an 
expectation is that, compared to CTRL, STIF produces 
stronger thermobaricity as well as cabbeling, and induces 
larger vertical velocity. This can be seen in Fig. 11, which 
shows the DJF-mean vertical profiles of thermobaricity, cab-
beling, and vertical velocity in the Labrador Sea (denoted as 
the black box in Fig. 9b: 60°W–45°W and 50°N–65°N). The 
intensified thermobaricity and cabbeling in STIF, especially 
in the deep ocean, produce larger vertical velocities com-
pared to CTRL. Same analyses can be applied to the convec-
tive regions in the Irminger–Iceland–Scotland Basin and the 
GIN seas. The vertical profiles of potential density, buoy-
ance frequency, cabbeling and thermobaric effects area-
averaged over the Irminger–Iceland–Scotland Basin and the 
GIN seas illustrate similar physical properties as those in the 
Labrador Sea (Fig. S1 and S2).

3.3  Discussions

Previous studies have pointed out that disturbances of seawa-
ter hydrological properties in the tropical Atlantic potentially 
influence the variability of the AMOC (e.g., Zhang 2007; 
Mignot and Frankignoul 2010; Park et al. 2015). For exam-
ple, positive salty anomaly produced in the tropical Atlantic 
is transported by the northward ocean currents, increasing 
the density and enhancing the deep convection in the North 
Atlantic (Mignot and Frankignoul 2010). Thus, purpose 
of the sensitivity experiment TALT_STIF is to investigate 
whether and how the changes in seawater properties in the 
tropical Atlantic affect the variability of the AMOC. On the 
other hand, as discussed in Sect. 3.2, the deep convection 
occurred in the North Atlantic, i.e., Labrador Sea, plays a 
vital role in enhancing the strength of AMOC. Therefore, 
another sensitivity experiment LABS_STIF is to confirm 
the importance of the deep convection occurred in the North 
Atlantic to the AMOC.

The difference of annual-mean AMOC between TALT_
STIF and CTRL is shown in Fig. 12a. It is obvious that the 
usage of the “stiffened” EOS only in the tropical Atlantic 

Fig. 9  Maximum MLD (m) in March of a CTRL and b STIF. The 
thick black contour in a and b denotes the 1000-m isoline of the 
mixed layer depth. The thick black box in b denotes the Labrador Sea
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enhances the strength of the simulated AMOC. The dif-
ferences of DJF-mean seawater temperature, salinity, and 
ocean currents averaged over the upper 200 m are also ana-
lyzed. Compared to CTRL, the temperature and salinity in 
TALT_STIF are decreased in the northern tropical Atlantic 
(Fig. 12b, c). In addition, increased temperature and salin-
ity in TALT_STIF are found to extend southwestward from 

Scotland basin to the regions of western boundary currents. 
In addition, the temperature and salinity in TALT_STIF are 
decreased in the subtropical gyre and Iceland basin. Regard-
ing the ocean currents, as shown in Fig. 12d, the western 
boundary currents are enhanced in TALT_STIF compared to 
CTRL, which transport more warm and saline water north-
ward to the Labrador sea making the sea water warmer and 

Fig. 10  Vertical profiles of a temperature (°C), b salinity (psu), 
c potential density (kg  m− 3), and d buoyancy frequency  (10− 5  s− 2) 
area-averaged in the Labrador Sea (shown by the black box in Fig. 6b 
during the winter season (DJF). Blue and red lines represent the 

results of CTRL and STIF, respectively. The dashed lines in d repre-
sent the buoyancy frequency which are calculated in the areas where 
the MLD is deeper than 2000 m.
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saltier there (Fig. 12b, c). The densification of sea water in 
the Labrador Sea enhances the deep convection and further 
intensifies the AMOC in TALT_STIF compared to CTRL 
(Mignot and Frankignoul 2010). Note that the differences 
in temperature and salinity between TALT_STIF and CTRL 
in the Irminger Sea are different from those between STIF 
and CTRL, suggesting that the processes leading to the 
enhanced AMOC are probably disparate between STIF and 
TALT_STIF.

Analogous results are obtained in the sensitivity experi-
ment LABS_STIF (figure not shown), confirming that the 
deep convection in the Labrador Sea plays a vital role in 
the variability of the AMOC. The difference between 
LABS_STIF and TALT_STIF is shown in Fig. 13, aiming 
to compare the relative contribution to the variability of the 
AMOC. Compared to TALT_STIF, the clockwise branch 
of the AMOC is enhanced in LABS_STIF (Fig. 13a). In 
addition, the DJF-mean seawater temperature and salinity 
in the upper layer show large discrepancies in the Labrador 
and Irminger Seas. In the east and west coastal regions of 
the Greenland, where occurs the deep convection in STIF 
(Fig. 6), warmer and saltier water are found in LABS_STIF 
compare to TALT_STIF, whilst colder and fresher water are 
found in the southwest Labrador Sea (Fig. 13b, c). Moreover, 
the discrepancy of ocean currents with the order of cm  s− 1 
between LABS_STIF and TALT_STIF is also found in the 
Labrador and Irminger Seas (Fig. 13d).

With respect to the sensitivity experiment SO_STIF, 
it shows different results from those of TALT_STIF and 

LABS_STIF. As shown by Fig. 14a, the clockwise branch 
of the AMOC is weakened in SO_STIF with the minimum 
center during the depth range of 1000–2000 m compared to 
CTRL. Additionally, recalling the structure of the AMOC 
in CTRL (Fig. 5a), the anticlockwise branch of the AMOC 
is enhanced in SO_STIF, suggesting that more AABW is 
produced compared to CTRL. With respect to the tempera-
ture and salinity, the colder and fresher water are found in 
the Labrador and Irminger Seas in SO_STIF compared to 
CTRL (Fig. 14b, c). The weakened deep convection caused 
by the enhanced stratification in the Labrador and Irminger 
Seas further induces weakened AMOC. Moreover, differ-
ence of ocean currents indicates that weakened western 
boundary currents are produced in SO_STIF, which relates 
to the northward transports of warm and salty water from 
low latitudes to high latitudes and finally influences the 
AMOC (Fig. 14d).

Concluding from aforementioned discussions, the physical 
processes responsible for the effects of the “stiffened” EOS on 
the improvement in simulating the AMOC can be summarized 
in a schematic diagram (Fig. 15). Incorporation of the “stiff-
ened” EOS first induces denser surface water and enhances 
the subpolar gyre, which induces weakened stratification and 
intensified thermobaric effect and cabbeling. These give rise 
to enhanced deep convection with larger vertical velocity; 
as a consequence, an intensified AMOC occurs. In turn, the 
intensified AMOC enhances the strength of northward surface 
return flow, increasing the meridional heat and salt transports, 
contributing to the densification of surface water.

Fig. 11  Same as Fig. 10, except for a cabbeling  (10− 5 °C− 2), b thermobaricity  [10− 8 °C− 1 (db)−1], and c vertical velocity (m  day− 1; positive for 
downward).
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4  Summary and concluding remarks

Two seawater EOSs, the standard EOS (CTRL) and “stiff-
ened” EOS (STIF), are used in OGCM NEMO3.4 to 
explore their impacts on simulated AMOC in this study. 
Results show that, compared to CTRL, the SST and SSS 
in the northeast Labrador Sea, the Irminger Sea, and the 
GIN seas are increased in STIF. In addition, the meridional 
heat transport in the Atlantic is enhanced in STIF, which is 
mainly attributed to the overturning heat transport south of 
50°N and the gyre heat transport north of 50°N. Moreover, 
STIF performs better in simulating the AMOC, including its 
strength and spatial structure. The vertical profile at 26.5°N 
further confirms the improvements in STIF in simulating 
the AMOC; especially, the maximum strength of AMOC in 
STIF is comparable to the observation.

The MLD in March indicates that the deep con-
vection in STIF takes place in the Labradors Sea, the 

Irminger-Iceland-Scotland Basin, and the GIN seas, while 
that in CTRL only occurs in the Iceland Basin. Meanwhile, 
there is larger MLD in STIF, suggesting that stronger deep 
convection occurs in STIF compared to CTRL. The distri-
bution of buoyancy gain indicates that the static stability is 
weakened in the Labrador Sea, Irminger-Iceland Basin, and 
the GIN seas in STIF, which are the regions prone to deep 
convection. In addition, the vertical profiles of temperature 
and salinity in the Labrador Sea illustrate that the tempera-
ture and salinity in the upper ocean are increased in STIF 
and decreased in the deep ocean, leading to the increase in 
the potential density in the entire water column. The changes 
in potential density increase the meridional gradient of 
potential temperature, which contributes to the intensifica-
tion of the subpolar gyre in STIF. Moreover, the strength-
ened thermobaricity and cabbeling weaken the stratification, 
suggesting stronger deep convection is generated there in 
STIF, as reflected by the deeper MLD in March.

Fig. 12  Difference of a annual-mean meridional stream function 
(Sv), and DJF-mean, b temperature (°C) and c salinity (psu), and d 
ocean currents (cm  s− 1) between TALT_STIF and CTRL. The tem-

perature, salinity, and ocean currents are averaged over the upper 200 
m. Red curve in a denotes the zero isoline.
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The physical processes responsible for better performance 
of STIF in simulating the AMOC compared to CTRL are 
also examined in this study, which includes both direct and 
indirect causes. The usage of “stiffened” EOS first increases 
the density from the upper to the deep ocean up to 3000 m, 
which can modify the stability of sea water. The smaller 
buoyance frequency implies that the deep convection 
occurs more easily in STIF. The densification of seawater 
with increases (decreases) of temperature and salinity in the 
upper (deep) ocean intensifies the cabbeling and thermobaric 
effect, which strengthen vertical advection; thus, there are 
enhanced deep convection and formation of deep water in 
STIF compared to CTRL. The increased formation of deep 
water eventually improves the simulated AMOC in terms of 
strength and depth. The enhanced AMOC, in turn, speeds 
up the surface return flow, which crosses the equator and 
moves from low to high latitudes in the North Atlantic. As 
a result, more warm and saline surface water is transported 
to the high latitudes by the strengthened surface currents, 

generally causing warmer and more saline surface water in 
the subpolar gyre in STIF compared to CTRL.

In this work, although the simulated AMOC is improved 
in STIF, it still suffers some deficiencies. In terms of the 
vertical profile at 26.5°N, the upper cell in STIF is still shal-
lower compared to RAPID. Moreover, regarding the sea-
sonal variation of the maximum AMOC at 26.5°N, there are 
smaller annual range and larger magnitude of the AMOC 
from January to April in STIF. This suggests that other phys-
ical processes also attribute to the AMOC, such as tidal mix-
ing, which is needed for further investigation in the future. 
On the other hand, without additional restoring of SSS leads 
to the drift in salinity because of the uncertainties of precipi-
tation forcing, which possibly impacts the results obtained 
in this study. With the insight gained from this study, thus, 
we will apply the “stiffened” EOS to NESMv3, in which no 
fluxes correction are applied, to investigate its impacts on 
the simulation of the AMOC and to explore whether it has 
influence on the decadal and multidecadal variation of the 
AMOC and the associated climate variability.

Fig. 13  Same as in Fig. 12 but for the difference between LABS_STIF and TALT_STIF.
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Fig. 14  Same as in Fig. 12 but for the difference between SO_STIF and CTRL.

Fig. 15  Schematic diagram rep-
resenting the physical processes 
responsible for the improvement 
of simulated AMOC by using 
the “stiffened” EOS. The solid 
(dashed) arrows denote the 
direct (indirect) cause.

“stiffened” EOS
densification of surface 
water and enhanced 
subpolar gyre

weakened stratification, 
enhanced cabbeling and 
thermobaric effect

enhanced deep convection and 
deep-water formation

intensified AMOC
enhanced northward 
surface return flow

enhanced meridional 
heat and salt transport
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