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ABSTRACT 

 

Kīlauea volcano is located on the southeastern side of the island of Hawaiʻi and is one of 

the most active volcanoes in the world. Magma moves underground to supply eruptions at the 

summit or along the rift zones, causing deformation at the surface. Volcano monitoring at 

Kīlauea has provided the excellent datasets on which the studies presented here are based. The 

first study, described in Chapter 2, focuses on a common and relatively small style of 

deformation recorded in surface deformation data. These events exhibit deflation and inflation at 

the summit, and are considered to be caused by changes in magma reservoir pressure below the 

caldera. We used geophysical and statistical analyses to compare three different models for the 

cause of these events, finding a complex relationship between the magma reservoirs. Summit and 

eruptive activity at Kīlauea changed drastically in 2018, when a series of major caldera collapse 

events occurred as magma drained from the summit to feed a fissure eruption in the lower East 

Rift Zone. The second study, described in Chapter 3, investigates the processes driving these 

collapse events using a force balance approach. As pressure decreases due to magma withdrawal, 

stresses acting on the caldera faults increase until failure occurs and the caldera rock collapses. 

We use a crustal deformation model to predict the pressure changes in the deflating magma 

reservoir, analytical equations to determine the stress distribution on the caldera faults, and a 

force balance configuration to relate the resulting pressure changes and stresses. Our analysis 

suggests that the strength of the fault is likely to be the factor controlling failure during the 

collapse events. The final study, described in Chapter 4, turns our attention to the 2018 eruption 

in the lower East Rift Zone, which produced channelized lava flows that were well observed by 

video monitoring. We develop and apply a thermal model to examples of lava surface crust 

disruption due to changes in channel width observed in images of these lava flows. The primary 

result is that narrowing lava channels increase the surface area of exposed incandescent lava, 

causing enhanced cooling, which can ultimately influence the final length of the flow. These 

three studies provide new insight to Kīlauea’s volcanic processes and contribute to a better 

understanding of volcanic hazards for communities at risk.  
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CHAPTER 1. INTRODUCTION 

 

1.1 Dissertation overview 

This dissertation investigates volcanic processes observed at Kīlauea volcano, Hawaiʻi, 

with an emphasis on the extraordinary 2018 summit collapse and rift eruption. Here in the 

introductory chapter, a brief background is provided to give the geologic setting of the Hawaiian 

archipelago and Kīlauea volcano. Chapter 2 investigates a prominent style of deformation 

observed at Kīlauea summit, deflation-inflation (DI) events. These events are best recorded in 

the summit tiltmeter network, which detects tilt of the ground surface at microradian scales, and 

can be used to constrain the location and dimensions of the summit reservoirs [Cervelli and 

Miklius, 2003; Poland et al., 2014; Anderson et al., 2015]. Proposed models for the cause of DI 

events are investigated using geodetic models and statistical analyses for model comparison.  

 

Chapters 3 and 4 focus on two separate, yet related, aspects of the 2018 Kīlauea summit 

collapse and rift eruption. Chapter 3 focuses on the caldera collapse events between May 29 and 

August 2 when the GPS observations settled into a consistent, nearly daily pattern. A force 

balance approach is used to address the relationship between magma pressure of the draining 

reservoir and shear stresses on the caldera ring faults. Understanding how these parameters are 

connected provides insight to the mechanisms triggering caldera collapse. Our results show that 

shear stresses and magma pressure are inversely related by a constant of proportionality 

dependent on the geometry of the magma reservoir. Analysis of the stresses suggests that failure 

propagates along the fault over time, and that fault strength is the main factor controlling 

collapse.  

 

Chapter 4 shifts attention from the summit of Kīlauea to the lower East Rift Zone (ERZ) 

eruption, which was likely being supplied by the draining of magma that caused the summit 

collapse events. Aerial video monitoring of the active channelized lava flows that developed 

provided an excellent dataset that encouraged this study of lava flow surface crust disruption. 

These flows exhibited variations in channel width and direction that affected their radiative heat 

loss. Our theoretical heat loss model suggests that narrowing channel widths disrupt surface crust 
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at the flow margins, causing enhanced cooling which can significantly influence the core 

temperature of the flow, and ultimately the distance that it can travel. Chapter 5 summarizes the 

dissertation conclusions and possibilities for future work.    

 

1.2 Hawaiian volcanoes 

The Hawaiian archipelago is a relatively linear chain of volcanic islands, atolls, and 

seamounts spanning ~2400 km in the Pacific Ocean at the southeastern end of the Hawaiian-

Emperor chain (Fig. 1.1). Islands form as the Pacific plate passes slowly over a mantle plume, 

resulting in typically older and more weathered islands to the northwest and younger, 

volcanically active islands to the southeast [Wilson, 1963, Decker, 1987; Sharp and Clague, 

2006]. In the initial growth of an island, magma rises from depth through the lithosphere into 

shallow reservoirs where it is stored or transported before eruption [Tilling and Dvorak, 1993]. 

The stages of island growth consist of an initial submarine stage that begins on the ocean floor 

eventually emerging above sea level, a subaerial shield building stage as eruptions continue 

above the ocean surface, erosion, weathering, formation of coastal reefs, rejuvenation volcanism, 

and finally an atoll stage that sinks below sea level to become a seamount [Stearns, 1946; 

Macdonald et al., 1983; Moore and Clague, 1992]. Not all volcanic islands pass through every 

growth stage, but the order of the cycle is generally followed. 

 

1.3 Kīlauea volcano 

The southeastern end of the Hawaiian archipelago consists of eight main volcanic islands. 

From west to east, and oldest to youngest, they are Niʻihau, Kauaʻi, Oʻahu, Molokaʻi, Lānaʻi, 

Kahoʻolawe, Maui, and Hawaiʻi (Fig 1.1) [Macdonald et al., 1983]. The island of Hawaiʻi is 

comprised of two submarine shield volcanoes, Māhukona, the oldest, and Lōʻihi, the youngest 

and still in the submarine shield building stage, and five subaerial volcanoes, which from oldest 

to youngest are  Kohala, Maunakea, Hualālai, Maunaloa, and Kīlauea [Moore and Clague, 1992] 

(Fig 1.2). Kīlauea volcano is in the shield building stage; it is situated on the southeastern flank 

of Maunaloa Volcano (Fig. 1.3), and is one of the most active volcanoes in the world. The 

magmatic system interaction between Kīlauea and Maunaloa is complex and it remains unclear 

how their relationship affects eruptive activity [Miklius and Cervelli, 2003; Trusdell, 2011]. 
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Figure 1.1. Google Earth images of the Hawaiian-Emperor seamount chain and the Hawaiian 

Islands. The eight main Hawaiian islands from oldest to youngest are Niʻihau, Kauaʻi, Oʻahu, 

Molokaʻi, Lānaʻi, Kahoʻolawe, Maui, and Hawaiʻi.  
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Figure 1.2. Google Earth image of the island of Hawaiʻi. The five subaerial volcanoes that 

comprise the island are from oldest to youngest, Kohala, Maunakea, Hualālai, Maunaloa, and 

Kīlauea. Lōʻihi is a submarine volcano.  
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Kīlauea is supplied with basaltic magma that rises from the upper mantle to shallow (1–4 

km depth) reservoirs, where it is stored, erupted, or transported along the rift zones [e.g., Eaton 

and Murata, 1960; Fiske and Kinoshita, 1969; Wright, 1984; Baker and Amelung, 2012; Poland 

et al., 2014; Wright and Klein, 2014]. Structurally Kīlauea is characterized by a main summit 

caldera, the Southwest and East Rift Zones, and a south flank defined by a large fault system 

resulting in slow seaward motion (Fig. 1.3). There are considered to be two long term magma 

reservoirs at the summit, one south of the caldera at ~3 km depth, and another below the 

Halemaʻumaʻu crater within the caldera at ~1 km depth [Tilling and Dvorak, 1993; Pietruszka 

and Garcia, 1999; Cervelli and Miklius, 2003; Poland et al., 2014; Anderson et al., 2015]. 

Eruptions have occurred primarily at the summit or along the rift zones, and are likely fed by 

conduits connected to the summit storage reservoirs [Holcomb 1987; Cervelli and Miklius, 

2003]. The correlation of pressure perturbations at the summit and along the ERZ suggests that 

the two systems are linked by a relatively well-established plumbing system [Cervelli and 

Miklius, 2003]. 

 

Kīlauea is a well-studied and monitored volcano with dense networks of geophysical 

instrumentation, including tiltmeter and Global Positioning System (GPS) networks, that have 

provided a foundation for the work presented here [Decker et al., 2008; Kauahikaua and Poland, 

2012]. Unprecedented activity occurred recently (in 2018, one year prior to the completion of 

this dissertation manuscript) at Kīlauea when it experienced the largest summit caldera collapse 

and eruptive activity at the lower ERZ in ~200 years [Neal et al., 2019]. The Puʻu ʻŌʻō vent 

along the ERZ, which had been erupting almost continuously since 1983, collapsed at the end of 

April after an accumulation of magma caused an over pressurization of the system. This led to 

the opening of 24 eruptive fissures in the lower ERZ producing lava fountains feeding 

channelized lava flows that ultimately reached the ocean [Neal et al., 2019]. Meanwhile at the 

summit, the lava lake that had existed within Halemaʻumaʻu crater since 2008 drained, causing 

nearly daily caldera collapse and explosion events between May and August, punctuated by Mw 

> 5 earthquakes. The strong monitoring networks in place at the time of the activity resulted in 

huge datasets that provide many opportunities for thorough investigations, some of which will be 

highlighted in this dissertation. Activity ended in early August 2018, and Kīlauea is currently not  
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Figure 1.3. Map showing Kīlauea Volcano with major structural features and lava flows erupted 

1983–2018 from Puʻu ʻŌʻō vent (pink), and in 2018 from the lower East Rift Zone (red). Bottom 

right: Map of island of Hawaiʻi showing location of Kīlauea. 
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erupting. A water pond has developed at the bottom of the new Halemaʻumaʻu crater within the 

summit caldera. The water pond appeared near the end of July 2019 and continues to rise at the 

writing of this work. 
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CHAPTER 2. IMPLICATIONS OF DEFLATION-INFLATION EVENT MODELS ON 

KĪLAUEA VOLCANO, HAWAIʻI 

 

Submitted for review as: 

Anderson, A.N., Foster, J.H. and Frazer, N. (in review) Implications of Deflation-

Inflation Event Models on Kīlauea Volcano, Hawaiʻi. Submitted to Journal of 

Volcanology and Geothermal Research. 

 

Abstract 

Surface deformation of volcanic areas can reveal information about subsurface magma reservoirs 

and how magma is transported between them, which is an important part of volcano monitoring 

for hazard mitigation. One prominent style of deformation observed at Kīlauea volcano, Hawaiʻi, 

is episodic deflation-inflation (DI) events, which are recorded in surface deformation data and 

characterized by deflation of the summit region over hours to days followed by rapid re-inflation. 

The exact cause of DI events is unknown; however, a commonly proposed explanation is that a 

temporary blockage occurs in the conduit connecting the south caldera magma reservoir to the 

shallower Halemaʻumaʻu reservoir, thus interrupting the influx of magma. This model is 

investigated by testing the hypothesis that during the deflationary phase of a DI event, the 

volume of magma blocked from reaching the Halemaʻumaʻu reservoir is added to the south 

caldera reservoir. Using a mass balance approach and geodetic modeling, the expected 

deformation (tilt) pattern was predicted for the reservoirs and compared to tilt observations from 

16 large (>4 µrad magnitude) DI events between 2010 and 2012. While predicted tilts due to 

inflation from the south caldera reservoir are strong enough to potentially be detected, they 

disagree with tilt observations. Selected DI events show that tilt vectors change in both 

magnitude and azimuthal direction over the course of deflation, resulting in a complex 

deformation pattern inconsistent with the simple model of a blockage between two chambers. 
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2.1. Introduction 

Episodic deformation caused by pressure perturbations within a volcano’s magmatic 

system can reveal important information about magma storage and transport necessary to 

volcano monitoring for hazard mitigation [e.g., Voight et al., 1998; Yamashina et al., 1999 

Cervelli and Miklius, 2003; Anderson et al., 2010, 2015; Genco and Ripepe, 2010; Poland et al., 

2014]. At Kīlauea volcano, Hawaiʻi, episodic deformation has been related to eruptive activity 

[Swanson et al., 1979; Wolfe et al., 1987], and investigated through modeling of geodetic 

deformation sources in order to make interpretations about the shallow magmatic system 

configuration [Dvorak and Okamura, 1983; Dvorak and Dzurisin, 1997]. In the 1990s a new 

type of episodic deformation, summit deflation-inflation (DI) events, was observed [Heliker and 

Mattox, 2003] and has since been a frequent signal associated with the summit region, recorded 

especially well by the summit tiltmeter network. A common hypothesis for these events is that a 

blockage occurs within the magmatic plumbing system, temporarily cutting off the supply of 

magma into the shallow summit reservoir while magma continues to exit through a conduit to the 

eruption site [Cervelli and Miklius, 2003; Anderson et al., 2015]. This results in the summit 

deflation. DI events are most commonly associated with activity in the shallow Halemaʻumaʻu 

reservoir (HMMR), but their relationship with the deeper south caldera reservoir (SCR) is not 

often discussed in detail. The SCR is thought to be directly connected to the HMMR, which 

implies that the SCR should also be affected by these events. In a comprehensive study on DI 

events, Anderson et al. [2015] note that while DI events have not previously been known to 

manifest in the SCR, potential deformation related to the SCR during the events could go 

undetected, and that certain types of events could be caused by blockages deeper within the 

magmatic system.  

 

The work presented here investigates the role of the SCR during DI events. This will 

provide insight to the cause of DI events and therefore the magmatic plumbing system dynamics 

of Kīlauea. We explore the implications of the model for DI events proposed by Cervelli and 

Miklius, [2003]. Under the assumptions of this model, we use a geodetic model to determine the 

expected extent of SCR related tilt deformation during DI events, and test if that deformation is  
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Figure 2.1. Kīlauea volcano with locations of instruments and geologic features discussed in this 

study. Size and location of reservoirs are approximate.  
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detectable over the contribution from the HMMR. We compare model predictions with tilt 

observations for 16 large (>4 µrad magnitude) DI events that occurred between January 9, 2010 

and January 5, 2012. 

 

2.2. Background 

2.2.1 Existing model of Kīlauea summit 

Kīlauea volcano (Fig 2.1) is located on the island of Hawaiʻi on the south flank of Mauna 

Loa volcano, and is characterized by a main summit caldera, the Southwest Rift Zone (SWRZ), 

and East Rift Zone (ERZ) [Holcomb, 1987; Fisk et al., 1993]. The magmatic plumbing model 

consists of magma being supplied from depth and rising to one or more long-term summit 

magma reservoirs [Eaton and Murata, 1960; Tilling and Dvorak, 1993]. The SCR is generally 

considered to be the main storage area and location of long-term deformation, sitting at a depth 

of ~3 km below the southern caldera region [Delaney et al., 1990, 1993; Cervelli and Miklius, 

2003; Baker and Amelung, 2012]. The Halemaʻumaʻu magma reservoir (HMMR) is a shallower 

and smaller storage area located in the region east to southeast of the Halemaʻumaʻu crater that 

existed prior to May 2018, as suggested by studies of deformation [Fiske and Kinoshita, 1969; 

Dvorak and Okamura, 1983; Johnson, 1992; Cervelli and Miklius, 2003], gravity, [Dzurisin et 

al., 1980; Johnson et al., 2010] and seismicity [Ohminato et al., 1998 Almendros et al., 2002; 

Chouet et al., 2010; Dawson et al., 1999; Battaglia et al., 2003; Okubo et al., 2014]. A third 

recognized storage area is beneath the Keanakākoʻi crater zone. This region has been found to be 

periodically active in the last few decades [Dvorak and Okamura, 1983; Klein et al., 1987; Yang 

et al., 1992; Poland et al., 2014] with historic eruptive activity [Peterson and Moore, 1987; 

Duffield et al., 1982], but its connection to the other zones is unclear. Storage areas have also 

been proposed in the SWRZ with a connection to the summit [Holcomb, 1987; Fisk et al., 1993; 

Myer et al., 2008; Baker and Amelung, 2012; Poland et al., 2012]. A magmatic connection exists 

from the summit to the ERZ based on the correlation of summit draining to eruptive activity 

along the ERZ, where Kīlauea had been erupting almost continuously mainly from Puʻu ʻŌʻō 

between 1983 and May 2018 [Swanson et al., 1979; Wolfe et al., 1987; Owen et al., 2000; 

Heliker and Mattox, 2003; Poland et al., 2009b; Montgomery-Brown et al., 2010; Baker and 

Amelung, 2012; Lundgren et al., 2013]. The exact nature and location of the connection between 
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the summit and the ERZ is uncertain. The correlation of pressure perturbations at HMMR and 

slightly later at Puʻu ʻŌʻō [Cervelli and Miklius, 2003] indicate a relatively direct connection 

between the HMMR and ERZ, while seismic observations indicate a deeper connection [Klein et 

al., 1987]. 

 

2.2.2 Previous deformation modeling 

Previous studies have used a variety of geodetic datasets to model the location, size, and 

depth of the main summit magma reservoirs at Kīlauea [Cervelli and Miklius, 2003; Baker and 

Amelung, 2012; Poland et al., 2012]. Cervelli and Miklius [2003] suggested a shallow source 

east of Halemaʻumaʻu crater 500–700 m deep based on four tilt events (2000–2002), and a 

deeper source ~3.5 km deep, based on repeated leveling and GPS data (1996–2000). Anderson et 

al. [2015] used inverse modeling of tilt data for ~500 DI events between 2000 and 2013 and 

determined they were caused by pressure perturbations in a source east of Halemaʻumaʻu crater 

with a volume approximately 1 km3 (radius between 500 m and 1000 m) no deeper than ~1500 

m. Baker and Amelung [2012] used interferometric synthetic aperture radar data from 2000 to 

2008 to model a spherical source northeast of Halemaʻumaʻu crater ~2 km deep, and in the south 

caldera region, a penny-shaped crack sill [Fialko et al., 2001] at a depth of 2.7–4.7 km with a 

radius of 1.3–4 km. Poland et al. [2012] used radar interferometry data to model a point source 

2.9 km deep south of the caldera and a rectangular sill ~4 km deep in the Southwest Rift zone 

region for the period 2003 to 2007. In a review paper, Poland et al. [2014] proposed a general 

model of the summit that combined existing geodetic models that agrees with petrologic, 

geophysical, and geologic data. This model included a shallow reservoir 1–2 km below the 

center of the caldera near Halemaʻumaʻu, a deeper source ~3 km below the south caldera, and a 

magma storage area beneath Keanakākoʻi crater that is occasionally active. Because extensive 

work has already been done to model these reservoirs, we use previously estimated reservoir 

parameters for our models. 

 

2.2.3 Deflation-inflation events 

DI events are characterized by radial deflation of the summit area lasting hours to days, 

followed by a nearly instantaneous transition to rapid inflation, with deformation appearing 
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radially outwards from a point within the caldera region east and southeast of Halemaʻumaʻu 

crater. While the exact processes responsible for DI events are unclear, it is assumed that the 

deflation signals are caused by outflux from the summit temporarily exceeding magma input 

[Anderson et al., 2015]. DI events can propagate down the ERZ after occurring at the summit, 

and have been recorded as matching, time-delayed signals at a tiltmeter located at Puʻu ʻŌʻō, 

implying a pressure connection between the summit and ERZ vent [Cervelli and Miklius, 2003].  

 

DI pressure changes measured by tiltmeters were also found to be correlated with the 

height of the level of the summit lava lake open between 2008 and 2018 within Halemaʻumaʻu 

crater [Orr et al., 2012; Patrick et al., 2013; Patrick and Orr, 2013]. Lava lake surface heights at 

Kīlauea have been related to deformation and used as a pressure gauge for the associated magma 

reservoir [Tilling, 1987; Johnson, 1992; Denlinger, 1997; Segall et al., 2001]. Anderson et al. 

[2015] used the tilt and lava lake level relationship to estimate the relationship between volume 

and pressure changes, and to refine the geometry of the summit magma reservoir. Seismic tremor 

has also been associated with DI events [Cervelli and Miklius, 2003, Dawson et al., 2004] and 

other tilt-signals [Ohminato et al., 1998]. 

 

2.3. Motivation: Implications of DI model scenarios 

Pressure perturbations causing DI events have been attributed to a temporary blockage 

that interrupts the influx of magma within the shallow magmatic system [Cervelli and Miklius, 

2003; Anderson et al., 2015]. The location of the blockage and the configuration of magma 

pathways will influence the resulting pressures in the magma reservoirs. Figure 2.2 illustrates 

four such scenarios and their implications for the system. In all the configurations, magma is 

supplied from depth to the SCR where it is then transported through a conduit to the HMMR. 

Magma can drain to the ERZ from either the HMMR (Fig. 2.2A and 2.2B) or from the SCR (Fig. 

2.2C and 2.2D). For each of these cases, the blockage can occur between the conduit connecting 

the SCR and the HMMR (Fig. 2.2A and 2.2C), or between the SCR and its magma supply from 

depth (Fig. 2.2B and 2.2D).  
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Figure 2.2. Schematic cross sections of Kīlauea’s magmatic plumbing system showing locations 

of magma pathways and blockages and their implications on reservoir volumes during DI events. 

Relative sizes and distances are not to scale. HMMR = Halemaʻumaʻu reservoir, SCR = south 

caldera reservoir, ERZ = East Rift Zone. 
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The summit configuration proposed by Poland et al. [2014] does not include a conduit 

directly connecting the HMMR to the ERZ, and instead, based on seismic data, favors a 

connection from the SCR to the ERZ (Fig. 2.2C and 2.2D). If the blockage occurs in the conduit 

between the reservoirs, then magma in the HMMR should be able to rapidly drain somewhere 

other than the ERZ when its supply is cut off, producing the deflationary signal. If the blockage 

occurs deeper below the SCR, then pressure changes during DI events would be expected to be 

the same in both reservoirs for both scenarios shown in Figure 2.2B and 2.2D. 

 

The two options for the ERZ connection (Fig. 2.2A and 2.2C) were discussed by Cervelli 

and Miklius [2003] in relation to DI events caused by a blockage between the reservoirs. They 

support a direct connection from the HMMR to the ERZ (Fig. 2.2A and 2.2B) because of the 

correlation between pressure changes in the HMMR and slightly later at Puʻu ʻŌʻō. In this 

scenario, the pressure head in HMMR continues to drive magma outflux, causing rapid deflation 

at HMMR as its volume decreases. The deflation is expected to follow an exponential-like 

decline as the falling pressure differential drives a proportionately lower flux rate [e.g. Lengliné 

et al., 2008]. The removal of magma continues until the HMMR pressure head is too low to 

overcome the resistance to flow. At some point the blockage is breached or removed, and the 

influx of magma from the SCR resumes. As HMMR is now at a lower pressure than SCR there is 

a rapid re-inflation until the pressure levels reach an equilibrium [e.g. Haney, et al., 2016].  

 

One key and relatively unexplored corollary for this model is the impact “upstream” of 

the blockage. If the blockage occurs in the connection between SCR and HMMR such that 

magma cannot leave the SCR by any other means, and the small pressure increase does not 

exceed the pressure head driving magma from depth into the SCR, then some “blocked” magma, 

similar to the volume lost from HMMR, would be expected to be added to the SCR. This 

corollary therefore predicts that the volume (and therefore pressure) within the SCR would 

increase during a DI event (Figure 2.2A). The motivation for this work comes from the 

implications of this particular scenario. 
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In this study we test the model that DI events are caused by a blockage between the SCR 

and the HMMR under conditions that magma supply is constant from depth to SCR over DI 

time-scales, magma compressibility is small enough to be ignored [Anderson et al., 2015], and 

magma must flow from SCR to HMMR and does not leave the system from the SCR by any 

other means (i.e., magma does not flow directly to ERZ, SWRZ or deep storage). We follow the 

assumption of Cervelli and Miklius [2003] and Anderson et al. [2015] that magma is lost from 

the HMMR to the ERZ or some part of the summit magma system, while acknowledging that 

this connection is not well understood. If this model is correct and the above conditions are met, 

then a volume of magma similar in magnitude to that lost from the HMMR during a DI event 

should be added to SCR. Thus we test the hypothesis that a volume increase in SCR during the 

deflationary phase of a DI event produces detectable tilt deformation at the surface. 

 

In the following sections we test for SCR inflation using the approach shown by the flow 

chart in Figure 2.3. First, the tilt is predicted for a given volume increase in SCR using an 

analytical geodetic spherical source model [McTigue, 1987] under a range of SCR depths and 

radii. The predicted tilt magnitudes will reveal whether some combination of reservoir depth and 

radius produces detectable signals.  Second, the tilt is predicted for a simultaneously deflating 

HMMR and inflating SCR using two geodetic sources representing each magma reservoir with a 

predefined depth and radius. This will give the expected deformation pattern for the scenario 

shown in Figure 2.2A. Using this same geodetic model, tilt data are analyzed from the 16 largest 

DI events between 2000 and 2012. An algorithm is used to search for the reservoir volume 

changes that best fit the observations. Three different models are tested, and tilt predictions are 

compared with the observations. Finally, we perform statistical analysis for model comparison. 

In our analysis we calculate the overall difference in volume from onset to end time during the 

event, rather than the nature of the kinematic evolution. 

 

2.4. Data 

DI events are best recorded by the summit tiltmeter network (Fig 2.1), operated by the 

U.S. Geological Survey (USGS) Hawaiian Volcano Observatory (HVO) [Cervelli and Miklius, 

2003; Anderson et al., 2015], but other, generally larger, events are also recorded in global  
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Figure 2.3. Flow chart showing modeling steps followed in this study. HMMR = Halemaʻumaʻu 

reservoir, SCR = south caldera reservoir. All tilt predictions use a spherical geodetic source to 

represent magma reservoirs.  
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positioning system (GPS), interferometric synthetic aperture radar (InSAR), and strain-meter 

data [Cervelli and Miklius, 2003; Dawson et al., 2004; Baker and Amelung, 2012; Poland 2012]. 

HVO tiltmeters record at a 1-minute sampling rate and telemeter data back to the observatory. 

We use data from four summit tiltmeter sites surrounding the caldera that record DI events: 

UWE, SDH, SMC, and IKI. The IKI site records events less clearly than the others, and a 

rotational offset at the SMC tiltmeter has been suggested [Cervelli and Miklius, 2003; Anderson 

et al., 2015] because tilt azimuths from this site are slightly discordant with those recorded at the 

other sites. The HVO maintains a catalogue of ~500 hand-picked DI events between the period 

January 1, 2000 to December 31, 2013 that identify the times of the onset of deflation, onset of 

inflation, and the end of rapid inflation. We used this catalogue to identify the DI events larger 

than 4 µrad after 2010; the period when the full tilt and GPS observational network was 

operating. Events larger than ~4 µrad have stronger signal to noise ratios, and the potential of 

being detected in GPS data. Ignoring events with missing data left 16 events for analysis. 

Outliers in the tilt data were cleaned using a median filter, and a diurnal signal estimation 

[Weron, 2010] was applied to reduce periodic noise for each of the selected time windows. The 

tilt data were then low-pass filtered and decimated down to a 5-minute sample rate which is 

sufficient to resolve the temporal details of the DI events. Large magnitude DI events are also 

recorded by the network of GPS receivers on Kīlauea operated by HVO, Stanford University, 

and the University of Hawaiʻi. Kinematic GPS solutions were produced from 30 s sample data 

files. These were cleaned, low-pass filtered, and decimated down to 30 minutes for the time 

windows of the DI events. 

  

2.5. Predicted tilt from modeling geodetic sources 

2.5.1 Magma reservoir deformation during DI events 

The deformation produced by a volume change in a magma reservoir can be examined 

using geodetic modeling to determine if any combination of model parameters (source depth, 

radius, and volume change) for the SCR exists that would result in detectable DI tilt signals. For 

a spherical magma chamber, the pressure and volume change can be related by DV = pDPr3/G, 

where DV is the change in volume, DP is change in pressure, r is radius, and G is the elastic shear 

modulus [Segall, 2013]. Reorganizing the equation, the pressure can be solved for given a radius 
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and change in volume. The pressure is used as an input parameter of the model sources and used 

to predict the tilt.  

 

Previous studies have estimated magma reservoir volume changes necessary to produce a 

given amount of tilt [Anderson et al., 2015; Dvorak and Dzurisin, 1993]. The volume of blocked 

magma during DI events was estimated by Anderson et al. [2015], by multiplying the magma 

supply rate (assumed to be constant) by the length of time of the blockage (the deflationary phase 

of the DI event). For a DI event lasting 3 days and a magma supply rate of 6 m3/s [Poland et al., 

2012], the volume of blocked magma was found to be up to 1.5 Mm3, which could produce up to 

~2 cm of uplift and ~5 µrad of tilt for a SCR at 4 km depth. Dvorak and Dzurisin [1993], 

determined a conversion factor between tilt and volume to be 0.00045 km3 = 1 µrad of tilt at the 

UWE tiltmeter. The average deflation magnitude of DI events in our study is 4.8 µrad, which 

results in a volume of 2.2 Mm3 using the conversion factor that we take as an upper limit.  

 

We modeled a spherical geodetic source [McTigue, 1987] for depths 500–5000 m and 

radii 400–4000 m set at the approximate horizontal location of the SCR determined by Poland et 

al. [2012]. The tilts were predicted at each of the four summit tiltmeters for a 1.5 Mm3 volume 

increase in the SCR (Fig. 2.4). For a source at the previously estimated depth range of 2.5–4 km, 

the largest predicted tilts are between ~7 and 20 µrad to the west at site SDH. The north 

component at site SDH predicts only 0.2–0.6 µrad of tilt since the location of the tiltmeter is 

directly west of the source location. Tilts predicted at site SMC are between 6 and 20 µrad to the 

north and 4 and 14 µrad to the east. At site UWE, predicted tilt magnitudes are between 2.5 and 5 

µrad to the north and 1.6 and 3.2 µrad to the west, with similar magnitudes at site IKI. The 

average sensitivity of tiltmeters at HVO is ~0.1 µrad [Dzurisin et al., 2007], and the deflation 

magnitudes of ~500 DI events cataloged by HVO are between 0.4 µrad and 8.5 µrad, implying 

that DI related perturbations as small as 0.4 µrad can be detected, and that realistic changes in tilt 

magnitudes are not likely greater than ~8.5 µrad. Comparing these values with our results 

suggests that volume changes of the predicted magnitude range in the SCR alone would produce 

detectable deformation at all four tiltmeter sites, and particularly at sites SDH and SMC.  
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Figure 2.4. Predicted north and east components of tilt (black contour lines) at the locations of 

the four summit tiltmeters for a 1.5 Mm3 volume increase in a spherical geodetic source located 

at the SCR horizontal location with depths 0.5–5 km and radii 0.4–4 km. All tilt values given in 

µrad. Tilt increases from dark blue to bright yellow. Only physically plausible reservoir depth 

and radius combinations are shown (source radius cannot be greater than depth). Dashed box 

outlines approximate depth range estimates of SCR from previous studies. 
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2.5.2 Deformation for volume increase in SCR and decrease in HMMR 

The overall pattern of deformation during DI events implied by the scenario in Figure 

2.2A is produced by a volume decrease in the HMMR and simultaneous volume increase in the  

SCR. Both summit magma reservoirs were modeled to predict the deformation for a volume 

decrease in the HMMR and simultaneous volume increase in the SCR to test if SCR related 

deformation is detectable over HMMR deformation. The model configuration consists of two 

spherical sources [McTigue, 1987], with the HMMR at 700 m radius and 1000 m depth, and SCR 

at 800 m radius and 3000 m depth. These parameters were selected based on plausible values 

(non-intersecting reservoirs and reservoir size not exceeding depth) from previous geodetic 

studies [Poland, 2012; Anderson et al., 2015; Baker and Amelung, 2012, Cervelli and Miklius, 

2003]. Volume changes of 0.35 Mm3 are used, as this volume produces tilts most similar in 

magnitude to the observations in this study. Each source deformation was predicted separately 

while requiring that the equivalent volume of magma removed from the HMMR is added to the 

SCR. The overall predicted deformation pattern was obtained by adding the deformation 

produced by both sources [Lisowski, 2006]. 

 

The effect of the SCR pressure increase on the overall deformation is evident in the 

mapped predictions, with SCR related tilt causing a rotation of the overall tilt vectors away from 

the HMMR tilt vector directions (Fig. 2.5). The combined pattern of deformation shows ~30 

degrees of rotation at tiltmeter sites SDH and SMC away from the SCR source location, such 

that the predicted vectors no longer point to a single source at the HMMR, as is observed for DI 

events [Cervelli and Miklius, 2003; Anderson et at., 2015]. The influence of the SCR on the 

overall deformation pattern is most extreme in the east-west component of the SDH tiltmeter, 

which is located almost directly west of the approximate SCR location. Here, the predicted tilt 

from the HMMR is 2.8 µrad to the east, and the predicted tilt from the SCR is 2.0 µrad to the 

west, resulting in an overall tilt of 0.9 µrad to the east. At UWE the predicted HMMR tilt is 4.5 

µrad to the south and 4.6 µrad to the east, while the SCR contribution is 0.7 µrad to the north and 

0.47 µrad to the west. Combining these gives an overall tilt of 3.8 µrad to the south and 4.2 µrad 

to the east. The SCR contribution is greater than the average noise of tiltmeters (0.1 µrad) and  
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Figure 2.5. Model predictions of tilt at Kīlauea summit for spherical sources representing 

HMMR decreasing in volume by 0.35 Mm3 (pink vectors), SCR increasing in volume by the 

same amount (light blue vectors), and the total resulting tilt produced by adding both 

deformation signals (dark blue vectors). Shading around source locations indicates approximate 

reservoir size.  
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Figure 2.6. North (black) and east (gray) tilt recorded on four tiltmeters (note variation in signals 

at each instrument). Examples of three DI events described in text showing differing 

characteristic patterns. Note the change in rate of deflation at various sites, indicated by vertical 

lines delineating Parts 1 (P1) and Parts 2 (P2) as defined in this study. P1 = onset of initial 

deflation through end of initial deflation rate, P2 = end of initial deflation rate to onset of rapid 

inflation. 
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above the threshold of the smallest DI event magnitude (0.4 µrad), and therefore likely has a 

detectable influence on the overall tilt signal, although the HMMR signal is greater in magnitude. 

 

2.6. Selected DI event observations 

2.6.1 Characterizing events 

We analyzed the 16 largest (>4 µrad magnitude) DI events between 2010 and 2012 to test 

if tilt vectors at the summit sites suggested inflation from the SCR region. The selected events 

were categorized by HVO as U-type events based on their decreasing rate of deflation over 1–3 

days, however the temporal evolution of the deflationary phase is variable among events (Fig. 

2.6). Four events were characterized by well-defined exponentially decaying signals, and seven 

events consisted of two distinctly separate deflation phases, each exhibiting nearly linear tilt 

rates. The remaining events showed tilt beginning to increase slightly during the secondary phase 

before the onset of rapid inflation, which appears as a parabola-shaped time series.  

 

For all events, the observed deflation signal was divided into two separate phases: an 

initial rapid deflationary phase (Part 1) followed by a secondary phase smaller in magnitude (Part 

2) representing a lower rate of deflation. The onset of rapid inflation marks the end of the entire 

deflationary phase of the event. We chose to identify two separate phases of the deflationary 

period because the nature of the signals appears to be distinct and therefore may not be 

controlled by the same physical processes. Dividing these phases also allowed the tilt vectors for 

each phase to be viewed separately and provide a more detailed analysis than measuring a single 

magnitude of deflation over the entire event. The transition between Part 1 and Part 2 was hand-

picked from the tilt data. Part 1 (initial deflation) is similar for all events, however, the temporal 

evolution of Part 2 (secondary phase) is variable. The signal to noise ratio in GPS data is lower 

than the tilt; however, the distinction between Parts 1 and 2 can still be observed at certain sites, 

for example, in GPS line-length changes across sites UWEV and CRIM in the north and east 

components (Fig. 2.7), confirming the transition to slower rates of deformation observed in the 

tilt data. GPS data in the vertical component were too noisy to detect a clear signal over these 

short time periods. 
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Figure 2.7. DI event recorded in GPS line-length changes across summit sites UWEV - CRIM in 

March 2011. Vertical line separating Part 1(P1) and Part 2 (P2) was hand-picked from tilt data. 

Note change in rate of deformation between parts 1 and 2 in the north displacements.  
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Figure 2.8. Tilt observations for the 16 largest DI events between 2010 and 2012. Each event is 

divided into two parts: initial phase (Part 1) and secondary phase (Part 2). Note the decrease in 

magnitude, and difference in azimuthal direction of Part 2 compared to Part 1.  
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When viewed spatially, tilt vectors for Part 1 point to a region east to southeast of 

Halemaʻumaʻu crater within the caldera (Fig. 2.8), consistent with previous studies. For Part 2, 

the magnitudes of tilt-vectors decrease, and azimuths tend to rotate away from the orientation of  

the initial deflation phase. At UWE, four of the Part 2 vector azimuths are consistent with the 

Part 1 azimuths, but the remaining vectors rotate slightly in the counterclockwise direction, 

which is what is predicted for an inflating SCR. Interestingly, the Part 2 vectors at SDH and 

SMC tend to rotate to the south, pointing towards the SCR, which is a rotation in the opposite 

direction of the predicted tilts for an inflating SCR. The range of Part 2 vector azimuths is most 

extreme at SDH, where vectors rotate clockwise up to ~120 degrees from their initial positions. 

At IKI, although the DI events are less clear, a difference between Part 1 and 2 azimuths can still 

be observed. 

 

2.6.2 Modeling events and model comparison 

We searched for the volume change in the reservoirs that minimized the misfit between 

the model solutions and the observations in a least-squares sense. The model configuration 

consisted of two spherical sources as described in Section 2.5.2, with constant source depth, 

radius, and horizontal location. Only the pressure (volume) in each source was allowed to vary. 

Three models were tested: Model 1) The HMMR allowed to freely increase or decrease in 

volume with zero contribution from the SCR, Model 2) The HMMR allowed to freely decrease 

in volume, and the SCR defined as increasing in volume by the same amount, and Model 3) Both 

the HMMR and the SCR allowed to independently increase or decrease in volume. The inputs 

were the observed steps in magnitude from the beginning and end of Part 1 and Part 2 for the 

north-south and east-west components at all sites, and the associated errors. 

 

Tilts were predicted for each of the modeled pressure solutions and compared with 

observed data to find the residuals between them. The AICc (Akaike Information Criterion with 

correction for small sample sizes) was calculated to identify the minimum AICc, indicating the 

preferred model. Because we are primarily concerned with how our candidate models compare 

with each other, we construct the delta AICc by subtracting the minimum AICc from all values. 

For each time period, the lowest delta AICc is Model 3. Model 1 gives the second lowest AICc 
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for each period, which is consistent with previous studies proposing that DI events manifest in 

the HMMR without observed contribution from the SCR [Cervelli and Miklius, 2003; Anderson 

et al., 2015]. Model 2, which forces the SCR to increase by the same volume as the HMMR 

decrease, consistently gives the highest delta AICc of any model, indicating this model should be 

rejected as an explanation for the observed signals.  

 

These results support Model 3, a two-reservoir model with unconstrained pressure 

changes in the SCR, as the most representative model for the data. The AICc test absorbs the 

statistical impact of additional free parameters in describing the observations, which implies that 

the SCR pressure changes are not modeling random noise, but are describing a coherent signal 

that is at least similar to the signal expected from magma pressure changes in the SCR. The 

predicted pressure changes in the HMMR and SCR for Model 3 have Pearson’s correlation 

coefficients of r = –0.2029 for Part 1, r = –0.2075 for Part 2, r = –0.0861 for Part 1 in the HMMR 

and Part 2 in the SCR, and r = –0.5787 for Part 1 in the SCR and Part 2 in the HMMR (Fig. 2.9). 

All correlation coefficients except that between the SCR during Part 1 and the HMMR during 

Part 2, are smaller than the critical value necessary to be considered significantly nonzero at the 

0.05 level, and all coefficients are insignificant at the 0.01 level. The lack of correlation between 

HMMR and SCR for the matching time periods (HMMR Part1 vs SCR Part1, and HMMR Part 2 

vs SCR Part 2) suggests that the relationship between the reservoirs is more complex than the 

simple conduit connection implied by Cervelli and Miklius. Otherwise, a nonzero correlation 

would be expected: a positive correlation given an open conduit, and a negative one given a 

blockage between them. The lack of correlation between HMMR during Part 1 and SCR during 

Part 2 also rules out the case where the reservoirs have different characteristic response times to 

changes in flux [Lengliné et al., 2008]. This situation could have been an explanation for the lack 

of visible signal during Part 1 at SCR as the larger SCR responds more slowly to a net flux 

change. But in this case we would expect to see the signal from SCR accumulating through the 

entire period, especially during Part 2, when there is little masking signal from HMMR. The 

uncorrelated pressure signals during those time periods, indicate that reservoir activities in the 

HMMR and SCR are unrelated to each other during DI events. 
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Figure 2.9. Predicted pressure changes in the HMMR versus SCR for Model 3 during Part 1 

(P1), Part 2 (P2) and for SCR P1 versus HMMR P2. Pearson’s correlation coefficients are: P1, r 

= –0.2029; P2, r = –0.2075; and SCR P1 vs HMMR P2, r = –0.5787. Gray trend-line shown 

indicates the best fit least-squares linear correlation between SCR P1 vs HMMR P2 (slope = –

1.2794). 

 

 

 

 

 

 

 

 



 30 

The negative correlation between the SCR during Part 1 and the HMMR during Part 2 

implies that for a given pressure (volume) increase or decrease in the SCR during Part 1, the 

pressure in the HMMR tends to change in the opposite direction during Part 2. The correlation 

trend-line for SCR vs HMMR pressures has a slope of –1.2794. This is equivalent to a slope of 

approximately –2 for SCR to HMMR volume changes. The average change in volume in the 

SCR during Part 1 is 0.155 Mm3, and 0.013 Mm3 in the HMMR during Part 2, which gives a 

ratio of 12:1, much larger than would be expected for the observed correlation trend of ~2. The 

range in predicted relative volume changes makes it difficult to hypothesize a single 

representative process that characterizes all events. Therefore, it remains plausible that this 

correlation may be a result of statistical analysis and does not represent a physically realistic 

scenario.  

 

Table 2.1.  

Delta AICc results for three models tested: Model 1) HMMR allowed to freely increase or 

decrease in volume, zero contribution from SCR; Model 2) HMMR allowed to freely decrease in 

volume, the SCR set to increase in volume by same amount; Model 3) Both HMMR and SCR 

allowed to freely increase or decrease in volume. 

 

Period Model 1  Model 2 Model 3 
Part 1 94.78 197.54 0 
Part 2 180.3 205.29 117.45 
Entire event 233.28 290.19 160.47 
    

 

2.7. Discussion 

Analysis of deformation implied by the configuration of Figure 2.2A during DI events 

provides insight to Kīlauea’s shallow magmatic system configuration as well as the processes 

driving magma reservoir activity. Cervelli and Miklius [2003] modeled a source east of 

Halemaʻumaʻu crater that fit tilt observations for four DI events, and Anderson et al. [2015] 

analyzed 500+ DI events modeling a source in the same area. Our results favor a model with 

unconstrained pressure changes in both the HMMR and SCR, although Part 1 of the events are 
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much more strongly associated with the HMMR than with the SCR. The AICc values also show 

that all models we tested describe Part 1 of the DI events better than Part 2. The better fit of the 

models may be because the tilts during Part 1 are larger in magnitude, have higher signal to noise 

ratio, and are more similar in orientation for all events than the variation exhibited during Part 2. 

This decrease in magnitude and inconsistency in azimuthal rotation suggests changes within the 

system that are not sufficiently described by the SCR alone. 

 

The more complex deformation pattern during Part 2 may be a result of activity within 

other storage zones. Migrations of deformation centers at Kīlauea’s summit have previously been 

documented, and it is suggested that they result from the interconnection of magma storage and 

transport areas that activate in response to accumulation or withdrawal of magma over time 

[Fiske and Kinoshita, 1969; Dieterich and Decker, 1975; Schimozura, 1981; Ryan et al., 1981; 

Yang et al., 1992; Lockwood et al., 1999].  Although recent decades have seen major activity 

mostly confined to the Keanakākoʻi region, and the upper Southwest Rift Zone, it is possible the 

signals we observe in Part 2 are associated with small-scale pressure variations within some 

combination of these other zones.  

 

 The apparent relocation of the main source of deflation from east of Halemaʻumaʻu crater 

to south of the caldera observed between Parts 1 and 2 of some of the DI events, could reflect a 

migration of magma to another part of the system. Wright and Klein [2014] note that for many 

volcanic events at Kīlauea, such as those causing the varying Fisk and Kinoshita [1969] inflation 

centers from 1966 to 1967, deflation vectors may rotate clockwise from UWE. They interpret 

this rotation as initial draining of the northern region of the magmatic system, followed by 

draining of areas in the south. At SDH and SMC, the tilt vector rotations towards the SCR 

location could reflect a similar draining of the eastern Halemaʻumaʻu magmatic region during 

Part 1, followed by subsequent draining in the south during Part 2. The slight counterclockwise 

rotations generally observed at UWE during Part 2, however, are not consistent with draining of 

the SCR, and instead would imply inflation of a nearby source to the south. If these rotations at 

UWE were caused by HMMR inflating slightly, it could be expected that the inflation would be 
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detected at the other tiltmeter sites [Mogi, 1958; Lisowski, 2006], but this is not clearly observed 

as evidenced by the majority (13 of 16) of predicted pressures for Model 3 indicating deflation.  

Dvorak and Okamura [1983] suggested that the apparent exponential decay rate of summit tilt 

signals is controlled by magma flow rates and other similar properties, and that volcano rheology 

and migration of subsidence centers are not controlling factors. Anderson et al. [2015] suggested 

that U-type DI events could be caused by a different type of blockage or a blockage deeper in the 

system than between the SCR and HMMR. We agree that this interpretation could be plausible. 

If the blockage occurs deeper than SCR, HMMR would rapidly deflate when magma leaves the 

system to the ERZ, assuming it is not supplied by SCR at a faster rate. During rapid HMMR 

deflation, magma would still be moving from the SCR to HMMR because of the pressure 

difference between them, but HMMR would not necessarily inflate since magma is being output 

to the ERZ at a higher rate than the recharge. Baker and Amelung [2012] proposed a similar top 

down model configuration. This model fits tilt observations for the most part, except for the 

counterclockwise rotation at UWE.  

 

The overall deformation pattern may also be influenced by a misfit that has been 

suggested for the SMC tiltmeter, which generally points south of the approximate HMMR 

location [Anderson et al., 2015]. The UWE tiltmeter could be detecting localized signals such as 

smaller magmatic storage zones, hydrological or hydrothermal system changes, stresses from 

faulting, or responses to rheological properties around the caldera rim, while the tilt signals at 

site SDH could be affected by local effects in the south caldera region [Dvorak and Okamura, 

1983; Lockwood et al., 1999].  

 

It is possible that SCR inflation during Part 1 may still be undetected, but this seems 

unlikely as the same amount of magma blocked would theoretically produce a large enough 

signal to be detected. If the best fitting model for Part 1 only includes HMMR deflation, the 

question remains of where the magma blocked from HMMR is stored if a blockage occurs 

between SCR and HMMR. Tilt observations over the course of the DI events reflect a more 

complex deformation pattern than the transfer of volume through a conduit connecting reservoirs 

implied by Figure 2.2A. With the constraint of only four tiltmeters, a two-source geodetic model 
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may not be able to accurately predict the complex deformation pattern. DI events are currently 

ongoing at Kīlauea and further analysis can provide insight to how these events manifest. 

 

The results suggesting a possible correlation between reservoirs over the two parts of the 

deflation phase imply that for lower pressures in SCR during Part 1, pressures are higher in the 

HMMR during Part 2. This may imply blockages in the system that have partially breached 

before completely opening, such that a fraction of the magma is transported into the HMMR 

during Part 2 before the blockage is fully breached during the rapid inflation. Partial blockages 

may also help to explain the variation in magnitude and degree of orientation of the tilt vectors 

for each event. 

 

2.8. Conclusions 

Our results are inconsistent with the reservoir configuration proposed by Cervelli and Miklius 

[2003] and shown in Figure 2.2A, suggesting a direct connection from HMMR to the eruption 

site at Puʻu ʻŌʻō, and a direct connection between the SCR and HMMR which is temporarily 

blocked during DI events. Inflation of the SCR that would be expected during the HMMR 

deflation was not detected in our analysis. A blockage occurring below the SCR (Fig. 2.2B, 

2.2D) would imply deflation in both the HMMR and SCR during a DI event, but our results do 

not show a correlation between deflation in the reservoirs over the time periods analyzed. 

 

Our results are also inconsistent with the configuration proposed by Poland [2012], 

which consists of a direct connection between the SCR and HMMR, and the connection to Puʻu 

ʻŌʻō coming from the SCR. This configuration implies that a blockage between the SCR and 

HMMR (Fig. 2.2A, 2.2C) should generate little signal from HMMR, unless there is a “sink” for 

its magma somewhere locally, for which we are unware of supporting evidence. As with the 

Cervelli and Miklius [2003] configuration, if the blockage is below SCR both reservoirs should 

experience similar pressure drops, which is not supported by our analysis. 

 

Although our results do not provide us with a preferred candidate for the reservoir 

configuration and DI process, they do suggest that the HMMR and SCR do not have a simple 
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connection between then, and that the summit reservoirs are instead perhaps more like the earlier 

conceptual models of the system consisting of a number reservoirs with their own source 

conduits connecting in some complex way to the deep magma source. 
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CHAPTER 3. A FORCE BALANCE PERSPECTIVE OF THE 2018 KĪLAUEA 

VOLCANO SUMMIT COLLAPSE EVENTS 

 

In preparation for submittal as: 

Anderson, A.N., Foster, J.H. and Martel, S.J. (in preparation) A Force Balance 

Perspective of the 2018 Kīlauea Volcano Summit Collapse Events. To be 

submitted to Journal of Volcanology and Geothermal Research.  

 

Abstract 

Between May and early August 2018, Kīlauea volcano, Hawaiʻi, experienced a series of major 

caldera collapse events that were recorded by a network of geodetic instrumentation. 

Deformation signals displayed remarkable consistency for the events, which occurred almost 

daily, and were associated with Mw > 5 earthquakes. The caldera collapses are considered to be 

caused by nearly constant draining of the summit magma reservoir, which increased stresses 

acting on the caldera ring faults, and culminated in earthquakes and collapses. In this work, we 

develop a simple force balance configuration relating magma pressure to shear stresses on the 

caldera ring faults in order to explore the mechanisms preceding collapse. We model the mean of 

the stacked events recorded in GPS data using a penny-shaped crack to represent a deflating sill-

shaped magma reservoir. Adopting a value of 3 GPa for the shear modulus, we find a best-fitting 

sill depth of 1250 m, radius of 750 m, and total pressure drop of ~18 MPa. Stress distributions on 

the wall of the caldera block are predicted using a two-dimensional pressurized crack model with 

a 2/p correction applied to scale to three dimensions. For the deflation period leading up to 

collapse, we estimate the evolution of magma pressure and average shear stress derived from the 

force balance and pressurized-crack configurations. Our results reveal that both methods predict 

similar average shear stresses (~5 MPa at the time of failure). Analysis indicates that failure 

propagates along the fault, suggesting that fault strength is likely the controlling parameter for 

these collapse events. 
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3.1. Introduction 

Caldera collapses are generally interpreted to be the result of draining magma reservoirs 

that supply volcanic eruptions or intrusions. They have been documented at basaltic volcanoes 

across the world (e.g. Kīlauea in 2018, Bárðarbunga in 2014-2015, Piton de la Fournaise in 2007, 

Miyakejima in 2000, and Fernandina in 1968) [Macdonald et al., 1970; Simkin and Howard, 

1970; Geishi et al., 2002; Longpré et al., 2007; Michon et al., 2007; Gundmundsson et al., 2016; 

Neal et al., 2019]. In these cases, the collapses have evolved similarly. They are characterized by 

cyclic patterns of deflation culminating in sudden motion during the collapse [Geishi et al., 2002; 

Michon et al., 2007; Gudmundsson et al., 2016; Neal et al., 2019]. Understanding the pressure 

changes in magma reservoirs and stresses on caldera faults during caldera collapses can provide 

insight to the mechanisms driving the events.  

 

The 2018 caldera collapse of Kīlauea volcano was its largest in ~200 years and 

exceptionally well monitored by a variety of instruments [Neal et al., 2019], making it ideal for 

studying collapse processes. In this study, we use a force balance approach to investigate the 

processes driving the Kīlauea summit collapse events by relating magma reservoir pressure to 

shear stresses on the caldera ring faults. We attempt to understand the relationship between the 

draining reservoir and fault strength as controlling factors during collapse. To do this, we 

develop and explore a simplified two-dimensional force balance configuration for the caldera. A 

crustal deformation model is then used with global positioning system (GPS) data to model the 

deflating magma reservoir, and analytical equations are used to calculate stresses on the fault 

walls. The models for magma pressure and fault stresses are related to gain insight into the 

evolution of the collapse events. 

3.2. Background 

3.2.1 Kīlauea volcano 

Kīlauea is a basaltic shield volcano located on the southeast side of the island of Hawaiʻi 

(Fig. 3.1) and is considered to be one of the most active volcanoes in the world. Magma is 

supplied from the mantle to the shallow magmatic system below the summit caldera, where it is 

stored, erupted, or transported along the rift zones [Poland et al., 2014]. Prior to the recent lower  
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Figure 3.1. Map showing the location of Kīlauea Volcano on the island of Hawaiʻi and relevant 

geologic features. SWRZ: Southwest Rift Zone, ERZ: East Rift Zone, LERZ: Lower East Rift 

Zone. Inset map on the bottom right is a magnified view of the summit after the 2018 collapse 

events, with the locations of the Mw > 5 earthquake epicenters (purple dots). 
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East Rift Zone (LERZ) eruption and summit collapse in 2018, a lava lake existed in the 

Halemaʻumaʻu crater within the caldera since 2008, and effusive activity took place 

predominantly at the Puʻu ʻŌʻō vent along the East Rift Zone (ERZ) since 1983. Surface 

deformation recorded in geodetic data starting in the 1990s was characterized mainly by 

subsidence, with inflation occurring from 2003 to 2007 likely due to an increase in magma 

supply [Poland et al., 2014]. The configuration of the summit magma sources has been 

investigated in previous studies and is considered to include two main reservoirs, a shallow one 

east of Halemaʻumaʻu crater at ~1 km depth and a deeper, larger one south of the caldera at ~3 

km depth [Tilling and Dvorak, 1993; Pietruszka and Garcia, 1999; Cervelli and Miklius, 2003; 

Poland et al., 2014; Anderson et al., 2015]. Measurements from the GPS network have helped to 

provide information about the geometry and activity of Kīlauea’s summit magma system. 

 

3.2.2 The 2018 Kīlauea summit collapse 

Although Kīlauea is often thought of as a source of gentle effusive-style eruptions, the 

summit of Kīlauea experienced explosive activity during its caldera building stages in ~1500, 

during a historic Hawaiian war period in 1790, and after subsidence of an active lava lake in 

Halemaʻumaʻu crater in 1924 [Decker et al., 1984; Swanson et al., 2014]. The 1924 explosions 

were hypothesized to be caused by mixing of groundwater with hot host rock [Decker et al., 

1984]. In early May 2018, Kīlauea summit began to subside as the magma system drained, 

simultaneously feeding a fissure eruption in the LERZ. The first of several explosive events at 

the caldera began on May 16, with slope failures widening the vent of the former lava lake. 

Deflation and explosions at the summit continued intermittently through the end of May, while 

the walls of Halemaʻumaʻu crater slumped inward. Regular summit collapse events within the 

caldera began on May 29 and continued almost daily until August 2, resulting in a consistent 

pattern in the GPS data (Fig. 3.2). The events were characterized by Mw 5.2 to Mw 5.4 

earthquakes, and appear as rapid (lasting a few seconds), radially outward GPS displacements 

around the caldera, followed by gradual deflationary (radially inward) GPS displacements and 

escalating earthquake swarms until the next collapse and Mw > 5 earthquake. Seismicity 

decreased abruptly following the large earthquakes as the cycle began again. During each of the 

collapse events the caldera floor dropped several meters, enlarging Halemaʻumaʻu crater. The  
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Figure 3.2. Displacement components during the Kīlauea caldera collapse events recorded at the 

summit the UWEV GPS station between May 29 and August 2, 2018. Map shows location of 

UWEV station on Kīlauea caldera. 
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cumulative effect was to deepen the caldera locally by more than 500 m [Neal et al., 2019]. By 

the end of July 2019, a small water pond had developed at the bottom of the new Halemaʻumaʻu 

crater floor; this pond continues to rise at the time of writing. 

 

3.2.3 Caldera collapse dynamics  

The dynamics of caldera collapse events globally, including at Kīlauea in 2018, have 

been previously explained by a piston analogy, where the collapsing column of caldera rock acts 

as a piston over a pressurized magma source [e.g., Roche et al., 2000; Kumagai et al., 2001; 

Gundmundsson et al., 2016]. In this scenario, the rock column (the piston) is initially stable and 

supported by the magma reservoir, and seismicity in the surrounding edifice is low. As magma 

drains, the pressure in the reservoir decreases, causing subsidence of the summit, increased stress 

on the caldera ring faults, and earthquake swarms. The rock column is then supported by some 

combination of magma reservoir pressure and friction on the surrounding faults, so when 

pressure drops and the summit deflates, the shear stresses on the faults increases. Finally the rock 

column collapses due to its own weight when the shear strength of the faults is exceeded. After 

collapse, the rock column stabilizes, again supported by the reservoir pressure, and the process 

begins again. This cyclic pattern is observed in both deformation and seismic data, including at 

Kīlauea [Simkin and Howard, 1970; Geishi et al., 2002; Michon et al., 2007, 2008; Neal et al., 

2019]. Figure 3.3 depicts a sketch of the collapse process for the Kīlauea collapse sequences on 

which this study is based. 

 

3.3. Data 

3.3.1. GPS network 

Kīlauea volcano is well monitored by seismic and deformation networks maintained and 

operated by the Hawaiian Volcano Observatory (HVO), in collaboration with the University of 

Hawaiʻi, and Stanford University. At the time of the 2018 eruption, sites from the continuous 

GPS network were logging 1 Hz data and these were processed to obtain 1 position per second 

data for the period of summit collapse events from May 29 to August 2. The 1 Hz data provide a 

high temporal resolution that allows us to examine the collapse events at fine time scales.  
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Figure 3.3. Schematic diagram for stages of Kīlauea caldera collapse events modified from 

USGS HVO published graphic. The block is initially supported by the magma sill and there is 

low seismicity, but magma is draining. As magma withdrawal continues, inward deflation 

occurs, with increasing stress and seismicity. Finally, the block collapses resulting in Mw > 5 

earthquake and dropping of the caldera floor by several meters.  
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We used the TRACK kinematic processing module [Herring, 2009] within the 

GAMIT/GLOBK (http://geoweb.mit.edu/gg/) GPS processing software package. The closest 

GPS site on Maunakea, RADF, was adopted as the reference site, as it was largely unaffected by 

the collapse events. Data from the GPS sites were processed in baseline mode using the 

ionospheric independent linear combination. The rate of change of atmospheric delay was 

constrained to the equivalent of 18 mm in 1 hour. 

 

Additional sites away from the Kīlauea summit were processed to constrain the signals 

from the summit sites by minimizing effects of noisy data. During the events beginning on May 

29, the GPS site NPIT located on the rim of Halemaʻumaʻu crater within the caldera sank tens of 

meters as the floor of the caldera began to subside, and eventually stopped recording completely 

around June 17. The CALS GPS station east of the former Halemaʻumaʻu crater began recording 

a few days prior to this. Seismic data is taken from the HVO earthquake catalog. We selected a 

dataset comprised of all Mw > 5 earthquakes located within a ~2 km radius of the center of 

Halemaʻumaʻu crater as the reference events for the timing of each collapse (Fig 3.1).  

 

3.3.2. Defining a representative GPS event 

Between May 29 and August 2, the GPS deformation signals displayed remarkable 

consistency for the summit collapse events (Fig. 3.2). Because of the uniformity of this pattern, 

we defined a single representative event for each GPS site by stacking all the events over the 

time period and taking the mean (Fig 3.4). We used the times of the large (Mw > 5) summit 

earthquakes to isolate individual events and define the start of the cycle, and then scaled the 

duration of each event so that they all had the same normalized time. The median value for the 

deflation duration of all the events was 32 hours. Rapid horizontally outward displacements 

recorded at sites surrounding the caldera accompany the time of the earthquake and reflect the 

sudden motion when the collapse occurs. These displacements are not included in the 

representative deflation event, and are not modeled in this study. 
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Figure 3.4. Mean signal (black line) of displacement components from stacks of gradual 

deflations (left column) and outward motions during collapse (right column) recorded at UWEV 

summit GPS station for the collapse events (49 deflation periods and 50 Mw > 5 earthquakes) 

between May 29 and August 2, 2018. Individual events are shown in different colors in the 

background. Deflation time series are scaled by setting the onset time of the Mw > 5 earthquake 

to zero and the end time at the next consecutive earthquake to one. Red line indicates time of the 

Mw > 5 earthquake. 
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3.4. Model 

The deflation and episodic collapse events at the caldera were likely related to nearly 

continuous draining of magma from the summit magma reservoirs to the LERZ [Neal et al., 

2019]. The model for the collapse event cycle considers that the column of rock (block) above  

the magma reservoir at the start of a cycle is completely supported by the magma reservoir below 

(Fig. 3.3). As magma drains, the ring faults bounding the caldera gradually support more of the 

weight of the block, increasing the vertical shear stress on the fault and eventually triggering 

earthquake swarms on these and other nearby faults. Finally, the block collapses due to its own 

weight resulting in a Mw > 5 earthquake. 

 

The goal of our model analysis is to relate the underpressure of the magma reservoir to 

the average stresses on the caldera ring faults during the deflation period of the collapse events. 

This involves three steps. 1) A simplified force balance model that describes the key forces 

acting on the column of rock within the caldera, comprised of gravitational forces, frictional 

forces due to shear stresses on the caldera ring faults, and the force resulting from the magma 

source pressure acting over the base of the block. 2) A deformation model for a volcanic sill that 

gives the source pressure change during deflation [Fialko et al., 2001]. 3) A model for the stress 

distribution on the faults due to the magma source, based on the analytical solutions for the 

stresses produced by a two-dimensional pressurized crack in an elastic solid [Sneddon, 1946]. In 

section 3.4.1 we describe the model setup and develop our initial equations. Next, we find the 

critical magma pressure when collapse occurs using a deformation model of GPS data in section 

3.4.2. We use this best-fitting magma pressure to calculate the two-dimensional stress 

distribution around the caldera at the time of collapse (section 3.4.3). 

 

3.4.1. Force balance configuration 

Our force-balance model represents the rock column of the collapsing caldera interior as 

a cylindrical block of radius r and height h sitting snugly in a cylindrical space directly above a 

penny-shaped shaped magma reservoir with the same radius (Fig. 3.5). The block has cross 

sectional area pr2, and density r. The average downward force Flitho at any given point within the 

block along its depth is equal to the lithostatic stress acting perpendicular to the horizontal  
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Figure 3.5. Schematic diagram showing the geometry of the model for the caldera block during 

deflation of the collapse events. A cylindrical column of rock of radius r and height h at 

lithostatic stress rgh (at depth h) is supported by a sill-shaped magma reservoir at depth h. The 

magma pressure is DP(t), and shear stress on the ring faults is Dt (t); both vary with time. 
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surface of the block, times its cross sectional area. This force is the weight of the block, given 

by: 

 

Flitho  =  rgh(pr2)          (3.1) 

 

where g is the acceleration due to gravity and h is depth equal to the cylinder height. Since the 

forces on the column of rock must be equal if the column is in equilibrium, the stress at the base 

of the block due to its weight is also equal to rgh. The weight of the block is balanced by a time-

dependent upward force from the magma below Fm, which is determined by the pressure of the 

magma reservoir that acts on the base of the block. The magma reservoir pressure Pm(t) at the 

base of the block decreases as magma drains from the system. This pressure is the sum of the 

lithostatic pressure Plitho at the source depth h (where Plitho=rgh) and an underpressure DP(t): 

 

Pm(t) = Plitho + DP(t)          (3.2) 

 

We consider that Plitho is the initial magma pressure at the beginning of the deflation period, i.e. 

DP(t=0) = 0. Multiplying the magma reservoir pressure by the basal area of the cylindrical block 

gives the upward force exerted by the magma Fm on the block: 

 

Fm(t) = [Plitho +DP(t)] pr2         (3.3) 

 

The magma force Fm can be split into two separate contributions: the upward force from the 

lithostatic pressure, Plithopr2 and the downward force from the pressure drop, FDP(t)=DP(t)pr2, 

such that Fm(t)= Plithopr2+FDP(t). This notation is useful when summing the net force on the 

block. As magma drains from the reservoir, the shear stress Dt on the sides of the caldera walls 

increase as the wall supports more of the weight of the block. The frictional force Ff on the wall 

is the product of the lateral surface area of the wall of the cylinder 2prh and the average shear 

stress Dt, 
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Ff (t) = [Dt (t)] 2prh          (3.4) 

 

The net force acting on the cylindrical rock column is given by a force balance equation. The 

forces are FDP, Flitho, Ff, and Plithopr2. Letting Flitho = Plithopr2, the net force is 

 

Fnet(t)= Ff (t) + Flitho – FDP(t) – Flitho  

= Ff (t) – FDP(t)          (3.5) 

 

Equation (3.5) shows that the net force on the caldera block is controlled by a combination of the 

frictional forces on the walls and the deflating reservoir. Assuming that the block remains 

stationary as magma drains, equation (3.5) can be set equal to zero, and the average shear stress 

on the walls of the cylinder (equation 3.4) can be solved for in terms of magma pressure, and the 

cylinder radius and height. From equations (3.3), (3.4), and (3.5), the average shear stress is 

shown to be related to magma reservoir underpressure by, 

 

Dt (t) =DP(t) r/2h          (3.6) 

 

This expression for the evolution of shear stresses on the caldera walls holds as long as Fnet=0, 

that is, until the time of the collapse event when motion occurs. Knowing the critical magma 

pressure drop at the time of collapse, the average shear stress on the cylinder wall can be 

calculated. 

 

Our model assumes that the caldera rock column is a cylindrical block of uniform height 

and radius slipping along a uniform ring fault, although in reality the structure is much more 

complex with many faults of varying dimensions and locations. The analysis assumes that the 

reservoir depth (block height) h remains constant, even though the block is dropping. Therefore 

decreasing pressure is only a function of the changing underpressure. We do not account for 

magma compressibility, as it likely only has a small impact on the cycle we are studying 
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[Anderson et al., 2015], though it may be much more important for the dynamic transient 

processes during the collapse.  

 

3.4.2. Magma pressure 

Displacements from a total of eight GPS stations were used (seven located around the 

caldera vicinity and one on Maunaloa) (Fig. 3.6) to constrain the modeling used to predict 

magma reservoir pressure changes during the collapse event deflation period. Displacements 

within the collapsing caldera at stations NPIT and CALS were so large (meters) for each event, 

that they were regarded as recording non-elastic responses. As a result, data from those two 

stations were not included in the model of magma underpressure.  

 

We use a model of a horizontal penny-shaped crack [Fialko et al., 2001] to represent a 

sill-shaped magma reservoir over the time period of the representative (mean) event. Our 

approach is to first model the total displacement over the entire deflation period, allowing all the 

sill parameters (horizontal location, depth, radius, and pressure change) to vary. The best-fit 

parameters that minimize the misfit between the model predictions and observations were found 

using a non-linear optimization algorithm that employs the Nelder-Mead method (Matlab© 

fminsearch function).  Sill depth was constrained to be between 500 m and 2000 m, radius 

between 200 m and 2000 m, and pressure change between -100 MPa and 100 MPa. We assumed 

a constant Poisson’s ratio of 0.25 and shear modulus of 3 GPa [Johnson, 1992; Anderson et al., 

2015]. The modeling inputs were the observed displacements between the onset and ending of 

deflation data for the mean of the stacked events at each of the GPS stations (Fig. 3.6).  

 

Once the best fitting sill parameters were identified, we reran the model at finer time 

scales setting the best-fitting sill location, depth, and radius constant, only allowing the pressure 

to vary. The deflation time series was divided into 11 evenly spaced intervals. The number of 

intervals was selected such that displacement from the beginning to end of each interval provides 

the largest possible reliable signal with the shortest time span. We ran the model to find the 

pressure changes for each of the time increments, and then summed the results to produce a 

pressure time series over the entire deflation period (Fig. 3.7). The total pressure at the end of the  
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Figure 3.6. Mean deflations (black vectors) and outward motion (gray vectors) of the stacked 

GPS data and the best-fitting model (red vectors) for the nearly daily summit collapse events. 

Outward motion is the sudden displacement at the time of the earthquake (TEQ) when collapse 

occurs. Time series of the deflation data and model predictions are shown in Figure 3.7. The 

horizontal location of the center of the best-fitting model is shown at a red dot. GPS sites are 

blue dots. 
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Figure 3.7. Time series of mean displacement components of the stacked GPS data (black) and 

the model predictions (red) for the best-fitting pressure changes during summit collapse events. 

GPS stations UWEV, BYRL, and CRIM surround the caldera; site locations are shown in Figure 

3.6. 
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event represents the critical magma pressure at which collapse occurs, and is used to predict the 

stress distribution at that time. 

 

3.4.3. Stress distribution 

We calculated the stresses along the caldera walls by representing the deflating magma 

sill as a two-dimensional pressurized crack following Sneddon [1946]. He derived analytical 

solutions for the stress distribution in the interior of an infinite elastic solid due to the opening of 

a finite crack [Griffith, 1920] by an applied uniform pressure for a given time. In our analysis the 

crack is treated as the modeled magma sill from section 3.4.2, with radius r and magma 

underpressure DP at a given time. The normal stresses in the x and y directions (sx, sy), and the 

shear stresses (t) were calculated on a grid representing a two-dimensional, vertical plane 

passing through the center of the sill, giving a cross sectional view of the stress distribution (Fig. 

3.8). The x direction is the distance along the crack, and the y direction is the depth. The 

equations of the stress components for a two-dimensional crack of half-length 2r are: 

 

      (3.7) 

 

       (3.8) 

 

        (3.9) 

 

where R and q are polar coordinates measured from the origin at the center of the crack (x, y), 

and (R1, q1) and (R2, q2) are secondary coordinates from each end of the crack, (x=–r, y) and 

(x=+r, y), respectively. These expressions are functions of depth (y) and along-crack distance (x), 

and determine the components of stress at any point in the medium. The sign convention is  
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Figure 3.8. Modeled components of the total stress field (ambient field + stress perturbations 

associated with the crack). Stress perturbations of normal stresses sx, sy, and shear stress t due to 

a pressurized crack (black horizontal line) with half-length = 750 m and depth = 1250 m, for a 

pressure change in the crack of ~-18 MPa. The ambient stress field consists of lithostatic stresses 

that were added to the normal stresses only. Dashed vertical lines represent vertical faults of 

interest; stress profiles along these lines are shown in Figure 3.9. 
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consistent for all the stresses; negative values indicate compression and positive values indicate 

tension. The vertical profile along the crack tip represents the vertical fault that bounds the 

cylindrical block (Fig. 3.8). We assume that the stresses along this profile are the stresses acting 

on the fault (Fig. 3.9). 

 

We acknowledge that using a two-dimensional crack model may be more limiting than a 

three-dimensional penny-shaped crack model, but this provides a first-order approach consistent 

with initial simplifications of our force balance analysis. Nevertheless, we apply a correction to 

the two-dimensional model to transform results into three dimensions by multiplying by a factor 

of 2/p. [Sneddon, 1946]. We use this two-dimensional model to approximate the stresses 

produced by a deflating penny-shaped magma reservoir. The inputs are the best-fitting sill radius 

(as the crack half-length), and the resulting pressure changes predicted by the deformation model 

of the GPS data.  

 

3.5. Results 

From our pressure change deformation model (penny-shaped crack), the best-fitting 

model for the deflation period of a Kīlauea collapse event is a sill with a depth of ~1250 m below 

the surface, with a radius of ~750 m, and a pressure decrease of -18 MPa. The best-fitting 

horizontal location of this source is at the northeastern rim of the former Halemaʻumaʻu crater 

near to where the lava lake had previously been observed (Fig. 3.6). Model-predicted 

displacements were obtained by re-running the penny-shaped crack model using the best-fitting 

pressures and parameters as inputs [Fialko et al., 2001]. The model is able to fit the data for most 

of the sites in space (Fig. 3.6) and time (Fig. 3.7). Figure 3.7 shows predicted time series for GPS 

sites UWEV, BYRL, and CRIM, which surround the caldera. The north and east components at 

UWEV and CRIM fit very well with the mean observations, although the vertical is 

overpredicted by the model. At site BYRL, the east and vertical components fit best with the data 

and the model underpredicts displacement to the north. For sites located close to the source, 

movement on shallow faults may contribute to misfits between the model and data.  
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Figure 3.9. Modeled stress profiles for normal stresses sx, sy, and shear stresst with depth along 

a vertical plane through the end of a pressurized two-dimensional crack located at 1250 m 

(horizontal gray line) with a pressure change in the crack of ~-18 MPa. Left: predicted stress due 

to the pressure change DP in the crack only. Center: Lithostatic stress contribution for the normal 

stresses with rgy n/(1-n) for sx and rgy for sy, where y varies with depth below the surface, and 

n=0.25 and r=2300 kg m-3. Right: Combined stresses due to DP and the lithostatic contribution; 

profiles are aquired from Figure 3.8. Note the sign convention for the stresses is tension-positive. 
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The total drop in magma pressure was used as an input to equations (3.7)–(3.9) to 

calculate the stress distributions in the vicinity of a pressurized crack (Fig. 3.8). The pressure is 

input as a negative value. The lithostatic stress contribution that varies with depth was added to 

the normal stress components only. The vertical lithostatic stress contribution (sy lith), is defined 

as rgy, and the horizontal lithostatic stress contribution (sx lith) as rgy n/(1-n), where y varies 

with depth below the surface (y = 0 at the surface and y = h at the crack depth), n is the Poisson’s 

ratio of 0.25, and r is the rock density of 2300 kg m-3. Lithostatic stresses are compressional and 

are therefore modeled as negative to be consistent with the tension-positive convention. We 

assume the lithostatic contribution to the shear stresses in the vertical plane is zero. We further 

assume that the vertical plane passing through the edge of the horizontal crack represents the 

vertical fault bounding the cylindrical block, thus the shear stresses along this profile represent 

the shear stresses acting on the fault. Figure 3.9 shows the modeled stresses along this profile for 

normal stresses sx and sy, ambient stresses sxlith and sylith, total normal stresses sxtot, sytot, and 

shear stress t with depth along a vertical plane through the end of a crack located at the best-

fitting depth of 1250 m and best-fitting pressure change of ~-18 MPa. At the crack tips (or edges 

of the magma sill) the normal stresses decrease and shear stresses increase sharply with depth as 

the crack is depressurized (Fig. 3.9). Lithostatic stresses decrease linearly (consistent with the 

tension-positive convention) and are greater in the vertical direction. Combining the lithostatic 

stresses with the normal stresses due to the pressurized crack gives the total stresses.    

 

3.6. Relating stress and magma pressure 

In the case of the two-dimensional model, the shear stress distribution along a vertical 

plane intersecting the edge of the pressurized crack (Fig. 3.9) represents the shear stresses along 

the height of the bounding fault surrounding the cylindrical rock column. The average shear 

stress is found by taking the mean of this distribution. The three-dimensional solution is found by 

multiplying the resulting stresses due to the crack pressure change only, by 2/p, and adding the 

lithostatic stress component to this. The rock column height is defined to be the depth of the sill.  
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The best-fitting pressure change increments from the penny-shaped crack model of the 

GPS data were summed to produce a magma pressure time series. Using these results, the 

evolution of average shear stress over time was calculated for each best-fitting pressure 

increment using the two and three-dimensional model solutions (Fig. 3.10). The shear stress 

evolution was also calculated using the force balance approach using equation (3.6).  Figure 3.10 

shows that both approaches result in increasing shear stress with decreasing pressure. The two-

dimensional model consistently predicts higher shear stresses than those derived from the force 

balance equations, but the shear stresses with the correction for three dimensions fits the force 

balance curve closely. The average shear stress from the two-dimensional model at the time of 

collapse is ~8 MPa, while the force balance and three-dimensional shear stresses give a value of 

~5 MPa. 

 

3.7. Discussion and conclusions 

The relationship between shear stresses and magma pressure is key to understanding the 

processes driving caldera collapse events at basaltic volcanoes [e.g., Michon et al., 2007, 2009]. 

At Miyakeijima in 2000, Piton de la Fournaise in 2007, and Kīlauea in 2018, deformation data 

reveal inward deflation around the caldera leading up to the collapse. This pattern likely reflects 

the continuous withdrawal of magma that decreases the pressure in the reservoir, and increasing 

stresses acting on the ring faults [Ukawa et al., 2000; Staudacher et al., 2008; Michon et al., 

2009; Peltier et al., 2009; Neal et al., 2019].  

 

The 1Hz GPS data that we processed are particularly useful for investigating the 

deformation over the short time period of the earthquake and immediately following it. Although 

we did not model the earthquake and collapse related displacements, there are interesting 

observations revealed by this dataset. The mean displacement vectors of the stacked GPS data 

appear radially outward with almost the same orientation as the deflation displacement vectors. 

Sudden outward deformation during caldera collapse is considered to be caused by elastic 

rebound of the edifice as a result of the slip on the fault [e.g., Michon et al., 2007, 2009]. Our 

analysis of the stresses (which are greatest near the crack tips) suggests that the fault likely 

begins to rupture at depth and propagates up over time; the 1Hz data reveal the duration of  
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Figure 3.10. Magma pressure and shear stress evolution over deflation period of collapse events. 

Pressure changes were predicted using best-fitting sill parameters. Force balanced derived shear 

stress Dt is calculated using equation 3.6. The 2D model Dt is calculated from the mean of the 

shear stresses profile along the edge of a crack shown in Figure 3.9. The 3D model applies a 

three-dimensional correction to the 2D model by multiplying the resulting stresses by a factor of 

2/p. 
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collapse to be ~10 s. If the entire fault surface lost its shear strength instantaneously, and the 

caldera block collapsed in freefall, it would take only ~1 s, but these GPS data show that the 

block is not collapsing in freefall. The fact that the outward motion lasts for several seconds 

means that the fault is not failing instantaneously, but instead fails over a time interval consistent 

with the propagation speed of the front of the fault rupture.  

 

Our analysis from modeling the deflation period between earthquakes produced two main 

results. First, the evolution of magma underpressure, based on the GPS data, decreases 

approximately exponentially over the time leading up to collapse and has an inverse relationship 

with the predicted average shear stresses. These are related by a constant of proportionality 

dependent on the depth and radius of the sill (height and radius of the cylindrical block). The 

exponential-like pressure decrease is a characteristic signal of a draining magma reservoir, which 

agrees with previous propositions from other volcanoes regarding the cause of deflation 

[Staudacher et al., 2008; Michon et al., 2007, 2009]. Evolution of shear stresses predicted from 

the force balance formulation are larger than those predicted by the analytical equations for a 

two-dimensional pressurized crack. The shear stresses corrected for the three-dimensional case 

using a scale factor, however, agree very well with the force balance results. The regularity of 

collapse events over this time period suggests a critical magma underpressure at which failure 

occurs, which these results suggest is ~18 MPa for a shear modulus G of 3 GPa. The second 

result is that the stress analysis indicates that the stresses are greatest at the crack tips (magma 

sill edges), and decrease along the length of the vertical fault. This indicates that failure likely 

begins at depth and propagates up with increasing time and underpressure, rather than occurring 

along the entire length of the fault at the same time. This is consistent with the 1Hz GPS data 

during the time of collapse, which suggests failure propagating along the fault. Within our 

analysis this indicates that the strength of the fault is likely to be the controlling factor for the 

failure and collapse. 

 

The mechanisms driving these caldera collapse events are still not entirely understood. In 

reality the geometry of the system is far more complex than the simplifications we have made in 

this work, but we have shown that these simplified models provide useful insights into the 
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processes controlling collapses. Expanding the two-dimensional pressurized crack model to a full 

three-dimensional penny-shaped crack model could provide further insight to the stress 

distributions and material properties of the rock at the time of failure. 
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CHAPTER 4. EFFECTS OF VARIATIONS IN LAVA CHANNEL GEOMETRY ON 

FLOW DYNAMICS, EVOLUTION, AND LENGTHS 

 

In preparation for submittal as: 

Anderson, A.N., Fagents, S.A. and Baloga, S.M. (in preparation) Effects of Variations in 

Lava Channel Geometry on Flow Dynamics, Evolution, and Lengths. To be 

submitted to Bulletin of Volcanology.  

 

Abstract 

The downstream thermal and morphological evolution of channelized lava flows are 

influenced by a variety of factors that are important for understanding potential volcanic hazards 

for communities at risk. Three such factors are changes in underlying slope, changes in channel 

width, and lateral changes in flow path direction, which can disrupt the flow surface crust and 

cause enhanced cooling, significantly affecting the distance the flow can travel. A thermal model 

is developed and applied to examples of surface crust disruption observed in images of active 

Hawaiian lava flows from the 2018 eruption of Kīlauea Volcano. The current model estimates 

the evolution of core temperature of a flow along its length due to changes in surface crustal 

coverage caused by narrowing and widening of the channel. Conservation of volume requires a 

combination of changes in flow depth and velocity to accommodate a change in channel width. 

A width decrease is found to result in an increase in velocity and hence in the surface shear 

stresses, which act to inhibit formation of or destroy surface crust. The primary result is that a 

narrowing channel increases the surface area of exposed incandescent lava along the channel 

walls, where shear stresses are greatest. A widening channel decreases the surface area of 

exposed lava. These results are used in the thermal model to calculate changes in flow core 

temperature with distance, showing that even small changes in lava core exposure can have 

significant influences on flow rheology, and ultimately the final length and morphology of the 

flow. 
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4.1. Introduction 

The dimensions and morphologies of lava flows are controlled by a variety of factors, 

including composition, effusion rate, erupted volume, heat loss, rheology, crystallinity, and 

topography. These key parameters and the extent to which cooling limits flow behavior have 

been discussed theoretically in many studies [e.g., Walker, 1973; Pinkerton and Wilson, 1994; 

Griffiths et al., 2003; Cashman et al., 2006; Harris et al., 2009]. These factors are important for 

understanding the potential volcanic hazards for communities at risk. Lava flows typically 

traverse variable topography with breaks in slope and changes in width and flow path direction, 

which can influence the lengths and dimensions of the flow [Glaze et al., 2014]. Lower viscosity 

lavas (e.g., basalts) can be more sensitive to these types of topographic effects than higher 

viscosity lavas such as dacites and rhyolites, which are predominantly influenced by larger-scale 

topographic changes.  

 

When relatively fluid lava flows are sufficiently fed and persist long enough, a central 

channel confined by embanking levees develops. In general, lava flowing within the channel 

develops a progressively greater areal coverage of cooled surface crust and diminishing exposure 

of hot incandescent lava with distance, reflecting the balance between surface cooling and 

processes that act to disrupt the surface crust. Three influences on the fractional exposure of the 

hot component of channelized lava flows can be calculated theoretically. The effects of changes 

in width, lateral direction, and underlying slope on the formation of surface crust and thermal 

dynamics have recently been addressed by a small number of studies [Cashman et al., 2006; 

Valerio et al., 2011; Glaze et al., 2014]. Cashman et al. [2006] and Valerio et al. [2011] 

investigated the formation of crust due to bends in flow path direction, while Glaze et al. [2014] 

modeled the exposure of incandescent lava due to the turbulence generated by breaks in slope.  

  

In this paper, we examine the influences on flow evolution of changes in channel width. 

Such changes can disrupt the surface crust, thus increasing the areal fraction of hot, radiating 

lava.  We develop and apply a basic thermal model to examples of surface crust disruption 

observed in images of active lava flows. While some of the analysis builds on previous 

theoretical analysis and field studies [Glaze et al., 2014], new insights are now obtained from the 
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recent eruption of Kīlauea [Neal et al., 2019]. The model we use here estimates the evolution of 

core temperature of the flow along its length due to changes in surface crustal coverage caused 

by channel width variations. Surface crust disruptions caused by lateral changes in flow path 

direction are also discussed qualitatively. We show that enhanced heat loss as a result of even 

small changes of lava core exposure can have a significant influence on flow rheology, and 

ultimately on the morphology and final dimensions of the flow. 

 

4.2. Background 

Lava flows cool by radiation and convection from the surface, and by conduction through 

their base, to channel walls and through crust [e.g., Murase et al., 1970; Danes, 1972; Hulme, 

1982; Dragoni, 1989; Crisp and Baloga, 1990; Cashman et al., 1999]. At high temperatures, 

radiative losses exceed convective fluxes because of the T4 dependence of radiative flux. 

Conductive losses to the base and walls of the channel are less significant than surface heat 

losses [Fagents and Greeley, 2001; Quareni et al., 2004].    

 

Upon eruption, as an initially incandescent channelized lava travels away from the vent, 

the surface cools rapidly and starts to develop a solid crust over portions of the flow within 

seconds [Crisp and Baloga, 1990; Harris and Rowland, 2001; Harris et al., 2009]. With time 

(distance) the exposed incandescent lava is confined to progressively smaller proportions of the 

total flowing surface area, presenting as cracks or hotter zones among cooler crustal components. 

The areal coverage of crustal material is controlled by the balance between cooling and factors 

that act to destroy the crust, such as shearing at the margins or transient changes in flow 

dynamics due to interaction with topography. 

 

 Figure 4.1 shows a typical configuration for a channelized lava, in which incandescent 

lava is clearly visible in the marginal shear zones flanking a central low-shear region of greater 

crustal coverage.  Even if the fractional area of incandescent lava is small with respect to crustal 

coverage, radiative losses from those hot surfaces can be substantial [Dragoni, 1989].  Once a 

well-developed crust forms, radiative losses diminish and convective heat transfer from the 

upper surface is moderated by the rate of conductive heat transfer through the crust, which has a 
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low thermal conductivity [Cashman et al., 1999]. A well-developed surface crust preserves the 

flow mobility by insulating the hot interior core of the flow, allowing it to travel significant 

distances until the lava supply ceases or the core cools sufficiently to inhibit further advance.  

 

Lava flow emplacement models typically quantify the proportion of hot lava exposed at 

the surface as a fraction (f) of the total active lava area, which radiates at approximately the core 

temperature, surrounded by a negligibly radiating fraction (1– f) of flow crust [Pieri and 

Baloga,1986; Baloga and Pieri,1986; Crisp and Baloga, 1990]. Larger f values correspond to 

higher radiation rates, so that disturbances to the surface crust that increase f will lead to 

enhanced cooling, which can significantly affect the evolution of flow characteristics [Moore, 

1987; Crisp and Baloga, 1990; Harris and Rowland, 2001]. In reality there is a range of lava 

temperatures at the flow surface [Wright et al., 2003]; the treatment as two thermal components 

is a necessary simplification of nature.  

 

Previous models have addressed the effects of changing surface crustal coverage on lava 

flows. The FLOWGO model of Harris and Rowland [2001] relates the fraction of crustal 

coverage to the flow velocity, with steeper slopes inducing increased velocities, which is inferred 

to lead to breakup of surface crust. The role of slope breaks in disrupting surface crust was 

examined by Glaze et al. [2014] using a mechanics model to estimate the rotational energy 

induced within the flow due to a sudden increase in slope, and to calculate the extent of crustal 

disruption resulting from the eddying flow. In both of these studies, the fraction of exposed lava 

core is used to quantify the radiative heat loss from the flow.   

 

Narrowing of the channel is observed to cause brightening along the channel walls, 

indicative of crustal breakup (Fig. 4.1).  In this case, conservation of the volume flux of lava 

through a narrower channel will lead to combination of a greater flow thickness, and higher 

velocity.  We show in section 4.4.2.1 that the velocity increases substantially to compensate for 

this narrowing (the flow thickness less so), and that this increases surface shear stresses 

experienced by the flow towards the channel walls, again leading to breakup of crustal plates and 

increases in core exposure fraction f.  
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Figure 4.1. Composite image of channelized lava flow from Kīlauea, Hawaiʻi, 2018 with labeled 

features described in text. Inset image: USGS thermal map of Fissure 8 lava flow from similar 

time showing location of channel section. White boxes indicate segments analyzed in this study. 

Letters refer to images shown in Figure 4.2. 
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Lateral redirections in flow path direction also result in brightening of the channel near 

the bend apex where the surface crust is disrupted (Fig. 4.1). By analogy with fluvial systems, 

circulation within the flow caused by inward directed forces exerted by the outer channel wall on 

the lava results in higher velocities toward the outside bend. The increase in velocity increases 

the shear stresses which tear apart the crust and expose more of the hot flow core. 

 

Cashman et al. [2006] built upon the work of Griffiths et al. [2003] by using 

polyethylene glycol (PEG) in analog simulations of lava channels to investigate the influence of 

changes in flow width and direction on crustal disruption. They argue that disruption of 

solidified crust is caused by local changes in flow acceleration due to these non-uniform channel 

features. They find that for lower effusion rates the surface of the flow crusts over, forming a 

solid roof, and that for higher effusion rates a mobile crust forms along the channel center 

separated from the walls by uncrusted shear zones.  Within the shear zones, granulating material 

was observed to move vertically up and down the channel walls as the flow propagates, which is 

interpreted to be a consequence of thermal convection, with hot fluid rising and cooling at the 

surface forming new crust which then breaks, founders and sinks. They suggest that it is these 

thermally convecting cells that cause breakage of the surface crust at the shear zones. On the 

assumption that thermal convection is taking place, calculations of Rayleigh number are used to 

suggest that more vigorous thermal convection occurs in higher mass flux flows. 

 

Here we consider the importance for lava crustal disruption of three-dimensional fluid 

dynamical effects that are known based on observations of active lava flows.  We propose that 

the dynamics of the fluid itself should overwhelm any propensity towards thermal convection in 

inducing internal circulation. Complementary to the work of Glaze et al. [2014], we present a 

model that relates changes in the fraction of exposed incandescent lava within a channel to 

changes in the magnitude of shear stresses towards the channel walls as a flow experiences 

narrowing or widening of the channel. We also qualitatively address the effects of channel bends 

on surface crust disruption. 
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4.3. Observations of active flows from Kīlauea, 2018 

We analyzed images obtained from Unmanned Aerial Vehicle (UAV) videos of the 2018 

eruption of Kīlauea Volcano, Hawaiʻi for channelized sections of the Fissure 8 lava flow (Fig. 

4.1), acquired by USGS staff during eruption monitoring operations. Videos were taken during 

night flights on June 26 and July 22, 2018, and show portions of the lava channel with 

substantial width variations and a distinct ~90° bend. The illumination conditions and nadir 

viewing geometry make these videos ideal for analysis. The nadir view avoids the geometrical 

distortion inherent in images acquired at off-nadir viewing geometries, and the low lighting 

conditions highlight the contrast between the darker crustal material and the bright incandescent 

lava. Distinguishing between dark and bright areas of the flow is critical for obtaining the model 

parameter f, the fraction of exposed hot core. From this dataset we measured channel widths and 

lengths, and obtained estimates for f along the flow length. Channel dimension measurements 

were used as model parameter inputs, and measured f values were compared to model 

predictions of f.  

 

4.3.1 Methods of data analysis 

Selected video frames showing the regions of interest were imported into a vector 

graphics editor (Adobe Illustrator) and rectangular boxes of uniform downstream dimension 

were fitted across the channel width at numerous downstream locations. Each boxed station 

represents an incremental step in the model. The scale was obtained by registering images with 

USGS thermal maps produced during the time of the UAV flights, and Lidar data from July 

2018, resulting in a conversion factor of pixels per meter. The channel widths and lengths at each 

station were measured in pixel distances and converted to meters. Because the videos were taken 

at night, only the shape of the channel margins could be used for georeferencing, thus we 

acknowledge that there is some uncertainty in the measured distances. 

 

The boxed stations were cropped and analyzed in a raster graphics editor (Adobe 

Photoshop) to obtain values for f. For each station, the image contrast was increased to 100% and 

a threshold applied, which converts the image to a binary image with all pixels lighter than the 

threshold set to white, and all pixels darker than the threshold set to black. The white pixels 
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represent the exposed incandescent lava, and the black pixels represent cooler crust. The white 

pixel count was divided by the total pixel count to give a representative f value for each station. 

Real lava flows show a continuum of lava surface temperatures, reflecting varying degrees of 

crustal coverage, including dark rubble, red and orange viscoelastic “skin”, bright yellow and 

white hot flow interior, and a range of values in between. Thus the thresholding of the flow into 

two components necessarily simplifies the system by considering that the yellow to white pixels 

represent the exposed core. 

 

4.3.2 Selected features 

The June 26, 2018 UAV flight traveled along the channel length in the direction of the 

flow, maintaining a constant orientation and nadir view. This allowed for still frames to be 

extracted and merged to produce a composite view of the channel (Fig. 4.1). From the composite 

image we identified three locations exhibiting distinct variations in channel width and one 

location exhibiting a significant lateral redirection in flow path (90° bend). The July 22, 2018 

flight remained stationary over a section of the channel exhibiting an increase channel width. 

Frames of these key locations were extracted from the videos for analysis. 

 

4.3.2.1 Case 1  

 This section of the flow shows relatively constant widths upstream and downstream of a 

single distinct constriction in the flow width (Fig. 4.2a). The flow path direction is straight with 

no significant redirections. The widest stations downstream (14–20) are noticeably darker with 

less exposed bright yellow core and more dull red to black coverage. Margins of the flow at the 

narrowest stations (9–11) are visually bright but their fraction areal coverage compared to crust 

is not enough to cause significantly increased f values. Instead, the measured f values remain 

relatively constant at the constriction, and decrease as the width increases.  

 

4.3.2.2 Case 2 

 The flow at this section shows small variations in channel width with distance with an 

overall trend of gradual narrowing and widening (Fig. 4.2b). The measured widths decrease and  
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Figure 4.2. Left: Sections of Kīlauea lava channels, 2018, showing variations in channel width. 

Blue numbered boxes define stations used as model increments. Right: Measured channel width 

(blue) and average fraction (f) of exposed incandescent lava core (orange) determined by image 

analysis for each station. Station numbers correspond to images on left.  
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increase gradually, as opposed to the more abrupt constriction at the Case 1 and 3 locations. The 

narrowest stations (9–12) appear to be brighter yellow in color, and the crust at the center of the 

flow narrows with the narrowing channel width and widens as the flow width increases again. 

Crust at the center also appears more broken up at the narrow stations, exposing slivers of bright 

yellow core, whereas the crust at the wider stations is more coherent dark and red rubble with 

fewer noticeable yellow slivers. The measured f values represent well the observed increase in 

brightness at the narrowest stations of the channel; the f values increase as the channel narrows 

and decrease as the channel widens.   

 

4.3.2.3 Case 3 

 One distinct constriction is observed in this section of the flow, with lesser variations in 

channel width exhibited upstream (Fig. 4.2c). Gentle redirections in flow path are superimposed 

on width variations though these are less obvious than the constriction. Protrusions from the 

confining channel levees cause the channel to narrow significantly at station 14, and then widen 

rapidly. The narrowest station is noticeably brighter than the wider stations, with the crust at the 

centerline also narrower and less cohesive than other surfaces of the flow. Crustal coverage 

resumes very shortly thereafter. The measured f values confirm the visual brightening, with the 

highest values corresponding to the narrowest stations. Again the f values are inversely 

correlated with the channel width measurements.  

 

4.3.2.4 Case 4 

 The channel here begins narrow and then widens substantially (Fig. 4.2d). There are 

gentle bends superimposed on the flow direction but we consider these less significant than the 

variation in width. Crustal coverage at the center remains relatively coherent and narrows at the 

narrowest stations. The narrowest stations show bright yellow margins of exposed material, 

whereas the wider stations have only slivers of incandescent core exposed between plates of 

darker crusted material, and lack a well-defined zone of exposed core at the margins. The f 

values reflect this and are higher at the narrower stations and decrease as the flow widens.  
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Figure 4.3. Bending segment of Kīlauea lava channel, June 26, 2018. Blue numbered boxes 

define stations used as model increments. Inset plot shows average fraction (f) of exposed 

incandescent lava core determined by image analysis for each station. 
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4.3.2.5 Case 5 

The composite view of the lava channel from June 26, 1018 shows clearly the 90° bend 

in the flow path direction (Fig 4.1). This selection focuses on the apex of the bend, with stations 

5–17 comprising the curved flow path and the remaining stations comprising the straighter flow 

path directions (Fig. 4.3). As the flow path is turning the central crust portion of the channel 

begins to shift noticeably towards the inner bank, exposing brighter material on the outer margin 

of the bend. This suggests that more shearing is taking place on the outer wall of the bend, 

possibly due to acceleration around the bend and interior circulation. There is a short reach of 

channel narrowing superimposed on the bend near station 14, which is also one of the brightest 

stations along the flow.    

 

4.4. Model for flow evolution 

4.4.1 Model background 

The motivation for the model is to relate flow cooling due changes in crustal coverage to 

changes in channel geometry (i.e., at width changes or bends), and hence determine the 

implications for cooling and flow dimensions.  To achieve this objective, we develop and solve 

an ordinary differential equation for the core temperature as a function of distance from the 

source. First, we present the relationships between key parameters used in the model setup for 

the case of flow in a straight channel of constant width, and in section 4.4.2 we adapt the model 

to account for variations in channel width.   

 

The model initially considers a steady state flow having velocity u, and radiating at the 

lava core temperature T0 primarily through a fraction f of exposed incandescent lava, surrounded 

by a negligibly radiating fraction (1– f) of flow crust. We consider a control volume within the 

channelized lava flow having dimensions of height h, width w, and length dx (which remain 

constant in this scenario), such that the control volume is defined as V = hwdx (Fig. 4.4), and the 

mass as m = rhwdx. The heat H contained with this mass of lava is obtained by multiplying by 

the specific heat of the basalt Cp and the temperature T, giving H = CpmT = rCpThwdx. The time 

rate of change of the heat in the control volume is determined by thermal radiation from the  
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Figure 4.4. Cross sectional view of schematic lava flow showing control volume outlined by 

dashed lines, modified from Crisp and Baloga [1990]. Flow is traveling in the x direction with 

velocity u. Control volume dimensions are width (w), height (h), and length (dx). Surface of 

control volume shows fraction of exposed core radiating at temperature Tcore with remaining 

fraction occupied by surface crust. Top right: Photograph of channelized lava flow from Kīlauea 

volcano, 2018. Note exposure of incandescent material along flow margins. 
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surface of the control volume (in J s-1). The governing equation that expresses this heat balance 

is written as 

 

,        (4.1) 

 

where the radiative loss is given by the Stefan-Boltzmann law (e s T4) through a fraction f of the 

upper surface at temperature T. Here e is emissivity, s is the Stefan-Boltzmann constant, and 

wdx is the area of the upper surface. We assume that heat loss is dominated by radiation from the 

exposed the hot core (because of the T4 dependence), and that any other heat loss is negligible in 

comparison. For the moment we also assume that f and w remain constant along the path of the 

flow. 

 

Since we are interested in obtaining temperature as a function of distance x, and changes 

in the eruption temperature are usually very minor, we make the replacement for dt where d/dt = 

u d/dx, and u=u(x) is the average velocity as a function of distance. Making this substitution 

gives the differential equation 

 

,        (4.2) 

 

which can be solved to give  

 

,         (4.3) 

 

which is the core temperature of the lava flow as a function of distance.  
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The solution in equation (4.3) determines the final length of the flow in terms of a “cessation 

temperature” Tcess that represents the bulk core temperature at which forward motion of the flow 

stops. (See Appendix for discussion of defining the cessation temperature.)  This yields 

,         (4.4) 

 

where L is the final length of the flow when the core temperature has reached the cessation 

temperature. Figure 4.5 shows how downstream flow temperature varies for different values of f, 

such that the cessation temperature is reached at difference distances. Equation (4.4) can be 

rearranged to give the final length of the flow for given cessation temperature and other flow 

properties: 

.         (4.5) 

 

The length of the flow, as indicated by equation (4.5), depends on f (which controls 

radiative heat losses) and will also vary depending on cessation temperature Tcess, velocity u, and 

flow depth h. A lower cessation temperature will result in a greater flow length for a given f 

value with all other variables held constant, and disruptions that increase f will cause the flow 

length to decrease (Fig. 4.6). 

 

In general, f will decrease with distance as the crust becomes more established. However, 

changes in channel geometry along the flow path (constrictions or bends) that disrupt surface 

crust will cause f to increase for some distance in response to each disruption.  Figure 4.7 shows 

an example of enhanced cooling due to sudden increases in f at multiple locations along the flow 

path.  We examine in detail the consequences of crustal disruption and changing f values in the 

following sections. 
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Figure 4.5. Theoretical temperature profiles along the length of a hypothetical flow for three 

different values of f. Red, blue, and black curves represent constant core exposure for f = 0.05, 

0.3, and 0.5, respectively. Note that for higher values of f (larger areas of exposed core), the core 

temperature reaches Tcess at shorter distances. 
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Figure 4.6. Total lengths of hypothetical flows as a function of the fraction of exposed core, f, 

for three different cessation temperatures (Tcess). Black, red, and blue curves represent Tcess 

values of 1030, 1010, and 980 °C, respectively. For a given value of f, flow length is shorter 

when the cessation temperature is higher. Dashed arrow shows how increases in f due to surface 

crust disruption would result in shorter flow lengths.  
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Figure 4.7. Temperature profiles along the length of a hypothetical flow for different values of f. 

Red and black curves represent constant core exposure for values of f = 0.05 and 0.5, 

respectively. The blue curve shows the influence on the core temperature when the flow surface 

is disrupted. Five 100 m segments of disruption with f = 0.9 were inserted at 10 km and 20 km 

along length of a flow that otherwise had f = 0.05.  
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4.4.2 Model for channel width variations 

  The goal of this model is to estimate how the surface crustal coverage of a lava flow is 

influenced by narrowing and widening of the channel width with distance, and to determine the 

consequences for flow temperature and rheology. Within a channelized flow, bright incandescent 

shear zones along the channel wall represent the primary source of heat loss.  When lava 

encounters an increase or decrease in channel width downstream, conservation of volumetric 

flow rate requires some combination of changes in flow depth and velocity to accommodate the 

change in channel width caused by the confining levees. The change in flow velocity is 

significant as it affects the surface shear stresses, which in turn affect the surface crustal 

coverage, manifested as variations in the widths of the marginal bright shear zones. Higher shear 

stresses will tend to break apart the insulating surface crust, whereas lower shear stresses will 

tend to preserve the crustal coverage. Because of the T4 dependence of radiative heat loss, 

variations in the width of the incandescent margins can have a significant influence on the 

thermal budget of the lava flow and thus on the final dimensions and morphology.   

 

The model considers laminar, Newtonian lava flowing at average velocity u, in a channel 

with depth h, and width w. The velocity is fixed at 0 m s-1 by a no-slip condition at the channel 

walls, and increases following a parabolic profile to a maximum velocity at the centerline of the 

flow. The channel is assumed to be symmetric about the centerline. The channel width is 

measured as distance y increasing from the channel center to the wall. Shear stresses are greatest  

at the channel walls, where the surface velocity gradient is steepest. As the average velocity 

increases, surface shear stresses also increase. The model assumes a critical shear stress at which 

surface crust is disrupted to expose incandescent lava close to the flow margins. Variations in 

channel width affect the flow velocity and hence the shear stresses, and therefore the proportions 

of surface crustal coverage and exposed lava.  

 

The key to this approach is that the width is not a free variable; it is controlled by 

embanking topography created by earlier flow phases. Therefore, channel width is a known 

parameter that can be measured. The flow depth and velocity can then be solved in terms of the 

channel width and viscosity. The fraction of exposed lava is derived from equations for shear 
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stress and the velocity. The model considers two adjacent stations along the channel, denoted by 

subscript i and i+1. The solution for these two stations can then be applied as an iteration down 

flow for as long as the assumptions hold. 

 

4.4.2.1 Channel width effects on flow depth and velocity 

In steady state conditions, the volume flow rate Q of the lava flow is conserved. Using 

Jeffrey’s equation, the volumetric flow rate for station i and station i+1 can therefore be set 

equal, as 

 

,        (4.6) 

 

where g is the acceleration due to gravity, q is the angle of the underlying slope, and n is the 

kinematic viscosity. Assuming that only channel width, flow depth, and viscosity differ between 

stations, equation (4.6) simplifies to 

 

.          (4.7) 

 

The flow depth hi+1, can be found by rearranging equation (4.7) to be 

 

,       (4.8) 

  

where flow depth hi+1 is expressed in terms of the flow depth hi, and the viscosity and channel 

width at station i and i+1. The volumetric flow rate is also defined as the average flow velocity 

multiplied by the channel width and flow depth (Q = u h w). The same condition for conservation 

of flow rate can be applied, and flow rate at stations i and i+1 can be set equal: 
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.         (4.9)  

 

Then the average flow velocity is given by rearranging equation (4.9), and using equation (4.8), 

as  

 

,         (4.10) 

 

which yields the flow velocity ui+1 in terms of the velocity ui, and the viscosity and channel 

width at stations i and i+1. Equations (4.8) and (4.10) show that a change in channel width is 

mostly taken up in a change in velocity (the width ratio wi/wi+1 grows by an exponent of 2/3 in 

the velocity equation and only 1/3 in the flow depth equation). When the channel width 

decreases, the velocity increases, and when the width increases, velocity decreases. Flow depth 

increases when the channel narrows.  

 

4.4.2.2 Channel width effects on shear stress and f 

Shear stresses at the surface of a lava flow are dictated by the surface velocity profile. 

The shear stresses control the fraction of exposed lava, f, at the surface of the flow. A solution 

for f can be derived from the definition of shear stress to calculate f at each section along the 

flow length.  

 

The velocity profile across the flow width is given by u(y) where y is the distance from 

the centerline of the flow to the channel wall, and w is the total channel width. The velocity can 

be written for the case of laminar flow between parallel plates as, 

 

.         (4.11) 
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where umax is the maximum surface velocity at the center of the flow. Then the shear stress t, 

from the centerline to the margin is related to the cross-flow velocity profile as, 

 

        (4.12) 

.          

 

Shear stresses increase from the centerline towards the margins, and are greatest at the 

shear zones where lava is flowing alongside the stationary channel walls. When shear stresses 

reach a critical value, the insulating surface crust tears apart exposing the incandescent lava 

below, resulting in bright margins along the channel walls. From equations (4.11) and (4.12), it 

can be shown that a narrower channel will result in a steeper cross-flow velocity profile (Fig. 

4.8a), which increases the shear stress profile (Fig. 4.8b). We designate the distance from the 

center of the channel to the margin of exposed incandescent lava as ycrit (Fig. 4.9).  

 

The fraction of exposed lava, f is then written as the difference between the channel half-

width w/2 and ycrit, divided by w/2: 

 

           (4.13) 

 .          

 

The f value will be affected as ycrit changes due to changes in the magnitude of the shear 

stresses. This value for f assumes that incandescent lava is only exposed from the distance ycrit to 

the channel walls, and that the center of the channel to ycrit is covered by surface crust. However, 

real lava flows may exhibit a more complex pattern of crustal coverage at the surface due to 

other dynamical effects within the flow. 
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Figure 4.8. Theoretical velocity (a) and shear stress (b) profiles for wide (blue curves) and 

narrow (red curves) channels. Notice that the narrow channel intersects the critical shear stress at 

shorter distances from the channel center than the wide channel.   
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Figure 4.9. Schematic diagram of bisected lava channel showing crust at center and 

incandescent core material exposed at margins where crust is disrupted. Total channel width is w 

and ycrit is the distance from the channel center to the bright margin.       
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The critical shear stress is defined as the shear stress at which the surface crust becomes 

disrupted. The location ycrit across the channel is the distance at which the critical shear stress 

occurs. It can change due to the changes in channel width from station to station. If the critical 

shear stress remains constant, then it can be set equal from one station to the next to give, 

 

        (4.14) 

 

Solving equation (4.14) for ycrit at station i+1 gives: 

 

         (4.15) 

 

The relationship between the maximum velocity at the centerline and the vertically averaged 

flow rate is assumed to be constant. The velocity solution from equation (4.10) can be substituted 

into equation (4.15), and writing the dynamic viscosity µ as the product of kinematic viscosity 

and density rn gives 

 

 .        (4.16) 

        

Equation (4.16) expresses ycrit at the current station i+1 in terms of viscosity, channel width, and 

ycrit at the previous station i. Now, recalling the definition of f from equation (4.13), ycrit can be 

written in terms of f and w as,  
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The definition of ycrit given by equation (4.17)  can then be used in equation (4.16) and simplified 

as 

 

,        (4.18) 

 

which gives a solution for f at the i+1 station of the flow in terms of the previous f value, and the 

viscosity and channel width. This f value is used as an input to the temperature calculation 

(equation 4.3), along with the flow depth and velocity, to give the new core temperature.  

 

4.4.2.3 Calculating core temperature 

 The model sets up initial parameters for calculating the core temperature at each station 

along the length of the flow. Channel width and the distance between each station are designated 

as model inputs. Equation (4.3) is used with a predefined initial temperature, flow depth, 

velocity, and f, to calculate the core temperature at the next station. This temperature is used to 

obtain the melt viscosity, which is calculated from the Giordano et al. [2008] model using major 

oxide compositions of a representative sample of the 2018 Kīlauea Fissure 8 lava flow. Viscosity 

is used as an input to calculate the flow depth (equation 4.8) and flow velocity (equation 4.10). 

Finally, f is calculated from equation (4.18). The newly calculated temperature, flow depth, 

velocity, and f become the new inputs used to recalculate the core temperature. The model 

continues incrementally for each station along the flow. Outputs are the predicted temperature, 

viscosity, flow depth, velocity, and f values along the flow length.  

 

Figure 4.10 shows model outputs for two theoretical channel configurations, one with 

constant channel width (black curve) and f (Fig. 4.10a) and the other with a constriction in the 

channel (red and blue curves) (Fig. 4.10b). In the width variation case, the model predicts that f 

will increase when the channel narrows and decrease when the channel widens again. The 

primary result is demonstrated by the temperature profiles for the constant width and varying  
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Figure 4.10. (a.) Theoretical temperature profile for a channel with constant width and f (black 

curve) and for a channel with a width constrictions (red curve). Notice that the temperature drops 

at shorter distances along the flow than for the constant width case. (b) Channel width (blue 

curve) and predicted crustal coverage f (red curve).  

 

 

 

 

 

 

 

 

 

 

 

 

 

 



 87 

width channels (Fig. 4.10a). Because the fraction of hot core increases when the channel 

narrows, the core temperature drops more rapidly than when the width and f remain constant. 

 

4.5. Results  

 Model outputs for each case of channel width variations (Cases 1–4; Fig. 4.2) show how 

predicted core temperature decreases and viscosity increases with distance, and that flow 

velocity and flow depth increase as channel width decreases, and decrease as channel width 

increases (Fig. 4.11a–d). Figures 4.11a–d compare the predicted fractions of exposed core f with 

the values measured from the image analysis. We also ran the model using the measured f values 

only, to compare the temperature, viscosity, velocity, and flow depth results. Because the 

velocity and flow depth equations are not directly dependent on f, the results are essentially the 

same for both cases. Temperature and viscosity, however, are affected by differing measured and 

predicted f values (Fig. 4.11).  

 

 In Case 1 (Figs. 4.2a, 4.11a), the predicted f values agree with the measured values at the 

first seven stations while width is still constant. However, when the channel narrows the 

predicted f values increase and the measured values do not change significantly. As the channel 

widens again, the predicted and measured f values both decrease, but the predicted values are 

lower than those measured. When the model underpredicts f, the model temperature and 

viscosity (red curves) change more slowly than the values calculated based on the measured f 

(black curves).  

 

In Case 2 (Figs. 4.2b, 4.11b), the predicted and measured f values exhibit the same trend 

of increasing as the channel narrows and decreasing as the channel widens, but there is a 0.1–0.2 

offset between the predicted and measured f values (Fig. 4.11b). The model outputs agree with 

the trend of crustal coverage although the fraction of exposed core is overpredicted for the entire 

length of the segment. This overprediction affects the temperature and viscosity, and the higher 

predicted f values cause the temperature to decrease and the viscosity to increase more rapidly 

than those derived from the measured f values.  
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Figure 4.11a. Case 1 model outputs showing predicted fractions of hot core (f) compared to 

measured values versus measured channel widths with distance, and temperature, viscosity, flow 

velocity, and flow depth versus distance for predicted (red curves) and measured (black curves) f 

values. Measured f values remain relatively constant until gradually decreasing as the flow 

widens after the constriction near station 11. The predicted f values increase at the constriction 

and decrease rapidly as the flow widens.  
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Figure 4.11b. Case 2 model outputs showing predicted fractions of hot core (f) compared to 

measured values versus measured channel widths with distance, and temperature, viscosity, flow 

velocity, and flow depth versus distance for predicted (red curves) and measured (black curves) f 

values. The model overpredicts f for the entire length of the flow although the general trend 

agrees well with the measured values.  
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Figure 4.11c. Case 3 model outputs showing predicted fractions of hot core (f) compared to 

measured values versus measured channel width with distance, and temperature, viscosity, flow 

velocity, and flow depth versus distance for predicted (red curves) and measured (black curves) f 

values. The predicted f values agree well with measured values as the flow narrows and widens.  
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Figure 4.11d. Case 4 model outputs showing predicted fractions of hot core (f) compared to 

measured values versus measured channel widths with distance, and temperature, viscosity, flow 

velocity, and flow depth versus distance for predicted (red curves) and measured (black curves) f 

values. Predicted f values are overestimated for narrow stations and underestimated for wider 

stations with respect to the measured values.  
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The best agreement between predicted and measured f values is shown by Case 3 (Figs. 

4.2c, 4.11c). Model outputs accurately predicted both the trend and the values of f. Irregularities 

in the channel margins produce additional, less significant variations in channel width that still 

affect the f values, velocity, and flow depth predicted by the model. 

 

In Case 4 (Fig. 4.2d, 4.11d), the predicted f values exceed the measured values at the 

narrowest stations of the channel segment and are underestimated as the channel widens. During 

the initial widening, both the predicted and measured values agree and begin to decrease 

together. When the channel begins to widen significantly, however, the measured f values 

decrease only slowly while the model predicted f values drop rapidly and eventually become 

zero. Again, the overprediction of f results in a greater temperature decrease and viscosity 

increase, and the underprediction of f causes temperature and viscosity to both level off.  

 

Constrictions in the channel width have a tendency to increase the fraction of exposed 

core and cause greater heat loss than if the channel were uniform in width. For comparison, the 

model was run for a constant width and constant f using the measured values at the first station 

for Case 3 (Fig. 4.12). In the case of constant width and f, core temperatures are greater and 

viscosities are less than the resulting profiles for Case 3 with varying widths. Thus the core 

temperature cools faster when there are constrictions in the flow path that disrupt the surface 

crust, increasing f. When width, and therefore f, is held constant, the flow does not cool as 

quickly. Taking into account the variations in width and how they affect crustal coverage is 

important for the temperature profile of a flow, as they can cause enhancing cooling that may 

ultimately limit the flow’s mobility. 

 

4.6. Discussion 

Our model succeeds in predicting the general trends in surface crustal coverage resulting 

from channel width variations of over distances of several hundred meters, and the predicted f 

values agree to a variable extent with measurements from the lava flow images.  However, we 

observe some discrepancies between the predicted and measured f values, most notably the 

tendency in some cases to overpredict f when the channel narrows, and underpredict f when the  
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Figure 4.12. Predicted core temperature and viscosity for Case 3 (solid lines) shown in 

comparison to the case of constant width and constant f (dashed lines). Notice the temperature is 

less than and viscosity greater than the constant width case. 

 

 

 

 

 

 

 

 

 

 

 



 94 

channel widens.  Here we identify limitations in the model that might account for these 

discrepancies. 

 

First, the model assumes that surface crust is destroyed and created instantaneously in 

response to changes in shear stresses.  In reality, there will be a finite time (distance) over which 

crust is disrupted due to stresses and reestablished due to cooling, so not accounting for this 

delay in crust formation and disruption would contribute to the offset between observed and 

measure f values. Second, by simplifying the treatment of flow dynamics to one dimension, the 

model is unable to account for lateral velocity components and possible circulation within the 

lava that are induced when a flow is forced to diverge or converge due to channel width 

variations.  This scenario complicates the treatment of surface stresses to an extent that is beyond 

the scope of this first-order treatment, but remains an interesting avenue for further study. Third, 

the treatment of the flow surface as composed of two thermal components (hot core and cooler 

crust) is a clear simplification of nature.  A continuum of temperatures exists but will not be 

adequately captured in such two-component models [Wright et al., 2003].  For example, Case 1 

(Fig. 4.2a) shows a distinct constriction in the channel but the measurements of f change little 

over this distance. In the image the margins are bright white at the narrow sections and bright 

yellow at the wider ones. Visually the white margins would appear to be hotter, but because the 

threshold designates both bright white and bright yellow as exposed core, the f value does not 

change to reflect this difference. An additional complication is that the model assumes that all 

hot core material is only exposed at the flow margins, but in nature the crustal distribution is less 

regular, and cracks exposing hot core can occur across the flow surface.  

 

Finally, although we do not develop a quantitative treatment of the effects of channel 

bends here, we note that the analyzed lava channel sections (Cases 1–4; Fig. 4.2) commonly have 

gentle curvature superimposed on them as the flow path is redirected, which may cause 

additional disruption not accounted for by the model. In the extreme Case 5 (Fig. 4.3), the ~90° 

bend in channel direction exhibits width variations and a significant channel constriction at 

station 14. The measurements of f from Case 5 suggest that the fraction of hot core material 

exposed increases as the flow turns through its angle, suggesting that lateral redirections in the 
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flow path may also cause sufficient changes in the flow dynamics to disrupt surface crust.  It is 

known from the fluvial literature that water in a river encountering a bend will experience a 

pressure gradient imposed by the sidewalls that cause the fluid to move around the bend, and that 

this sets up secondary flow in three dimensions, which dominates over irrotational flow. In 

secondary flow, inward-directed forces exerted on the fluid by the outer channel wall are 

dominant, and fluid moves from the outside bend to the inside bend along the channel floor, thus 

inducing circulation (helicoidal flow) [Leopold et al., 1960]. This circulation causes the 

maximum longitudinal flow velocity to be displaced towards the outer margin of the channel, 

resulting in higher velocities toward the outside bend. We observe this in the channel bend in 

Figure 4.3 with the outer flow margin of exposed core growing in width as it passes through the 

turn. We propose that similar rotational flow behavior takes place in fluid lava encountering 

channel bends [Booth et al., 1973], and that this circulation is a mechanism that leads to greater 

hot core exposure, f (e.g., Fig. 4.3) via two possible mechanisms: (i) the internal circulation 

imparts frictional forces on the underside of crustal components, causing them to translate, break, 

and/or founder, and (ii) increased shear stresses due to the higher velocities at the outer channel 

wall cause similar crustal breakage and/or foundering. Neglecting these effects may have 

contributed to the f mismatches in Cases 1–4.  

 

The cases we examined were for channel lengths of a few hundred meters, but an obvious 

goal is to apply the model to larger scale examples to predict the consequences of crustal 

disruption to overall lava flow lengths. As an example, Figure 4.13 compares theoretical core 

temperature profiles for flows of > 10 km length with a constant width (black curve) and 

constrictions (red curve). The channel with width constrictions reaches its stopping criterion 

(cessation temperature) at a distance substantially less than the constant width flow, indicating 

that cooling and viscosity changes due to disruptions in surface crust can have significant 

implications on the ultimate flow length. Models that do not account for these surface disruptions 

can result in an underestimation of final flow lengths. 
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Figure 4.13. Theoretical temperature profile for a channel with constant width and constant f 

(black curve) and for a channel with a width constrictions (red curve). For the latter case, the 

temperature drops more rapidly along the flow than for the constant width case, leading to a 

substantially shorter flow length. 
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4.7. Conclusions 

We have shown that channel width and its variation along the path of an active lava flow 

are important measurements for understanding the thermal dynamics of the flow.  The variations 

in the width directly affect the shear near the margins of the flow channel.  This shear can 

prevent the formation of or destroy an insulating crust, and induce or increase the internal flow 

circulation near the channel walls.  This circulation is one of the main causes of heat loss from 

the core.  Thus relatively small changes in the channel width (e.g., a few tens of a percent or less) 

can have a relatively large effect on the thermal loss because of the radiative dependence.  

Somewhat counterintuitively, a channel width that decreases can increase the radiative heat loss 

when it inhibits the formation of an insulating crust. 

 

The 2018 Kīlauea eruption produced flows with numerous bends and width changes that 

highlight their influence on the radiative heat loss.  The lava flows from this eruption were well-

observed and provided basic data that encouraged our study and the development of an 

elementary theoretical model to account for such flow phenomena.  Our simple model of heat 

loss from the bright interior channel margins and the inhibition or destruction of surface crust 

illustrates how the measurements of an active flow can be used to describe these losses 

quantitatively.  The model captures the first-order influence of channel width changes on the heat 

loss, although the simple model sometimes under-predicts the temperature change for a widening 

channel and slightly over-predicts the temperature change for one that narrows.  The simple 

model of flow and thermal losses assumes only parallel flow lines within the flow.  It is likely 

that relaxing this assumption in the model would bring the trends in the theoretical predictions 

more in line with the observations. 

 

We have shown that accounting for disruptions of surface crust can can have a significant 

effect on terminal length.  There are clear hazard implications for lava flow emplacement 

modeling: models that do not incorporate the influence of topography, width variations, and 

channel bends on surface crustal coverage are likely to underestimate the travel distances of lava 

flows.  
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CHAPTER 5. CONCLUSIONS 

 

The work presented in this dissertation contributes to our understanding of several key 

volcanic processes at Kīlauea, including magma storage and transport, and lava flow dynamics. 

Our results help to better understand potential volcanic hazards for communities at risk. In the 

first study, we explored deflation-inflation events recorded in tiltmeter displacements that 

provided insight into the complexities of the shallow magmatic system and the proposed models 

for the cause of the events. This work focused on 16 large DI events, but applying our methods 

to the catalogue of over 500 recorded events could provide a more comprehensive analysis. DI 

events continue to be recorded in deformation data at Kīlauea summit following the 2018 caldera 

collapse, and a water pond now exists within Halemaʻumaʻu crater. Future work can be done to 

investigate DI events under these new conditions at Kīlauea.  

 

The second and third studies were significantly enhanced by exceptional monitoring of 

the summit collapse and lower ERZ eruption in 2018. In the second study the 1 Hz GPS data 

from several stations at the summit helped to refine a deformation model of the incremental 

collapse events. From this analysis, we determined that the vertical shear stresses acting on the 

walls of the caldera ring faults are greatest at the edges of the magma reservoir and increase as 

magma pressure decreases, indicating that fault strength likely controls collapse. Our work used 

a two-dimensional pressurized crack model to determine stress distributions, but a three-

dimensional penny-shaped crack model would be ideal to use in future work, and consistent with 

the deformation model. Tiltmeter data recorded over the same time period can also be 

incorporated as an additional dataset to constrain the modeling. Finally, a separate model can be 

developed to explain the sudden outward motion recorded during the time of the earthquakes and 

collapse. 

 

In the third and final study, we used a theoretical heat loss model to investigate the 

influence of lava flow geometries on flow emplacement. Videos of active channelized flows 

from the 2018 lower ERZ eruption provided data that allowed us to quantify the surface area of 

crustal coverage to be used in the model. Narrowing channel widths were shown to disrupt 



 99 

surface crust, lowering the core temperature of the flow, and limiting the distance that it can 

travel. While the model captures the first-order influence of width variations on cooling, 

assumptions were made which likely contributed to misfits between the model and observations. 

These included assuming two thermal components of the flow surface, one dimensional velocity 

profiles, and instantaneous creation and destruction of surface crust. Future work can be done to 

improve these misfits, and to study how lateral redirections in flow path disrupt surface crust, 

with the ultimate application being to predict lava flow evolution on large scales for any 

prescribed set of channel width variations and meanders.  
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APPENDIX: CESSATION TEMPERATURE 

 

The temperature at which forward motion of a lava flow stops, along with the role of heat 

loss in controlling flow lengths, has been discussed in numerous studies [Macdonald 1963; Shaw 

et al., 1968; Walker, 1973; Peck, 1966, 1978; Pieri and Baloga,1986; Baloga and Pieri,1986; 

Hon et al., 1994; Crisp and Baloga, 1990; Cashman et al., 2006; Harris et al., 2001, 2009]. 

Identifying the extent to which cooling limits a flow is complicated, as several other factors (e.g. 

effusion rate, erupted volume, eruption duration, morphology, rheology, topography) contribute 

to the cessation of flow. Temperature measurements of stagnated flows in the field can be 

challenging to obtain, and the internal thermal complexities of flows and the variations between 

each flow make it difficult to identify a single representative value. The cessation temperature is 

proposed as a simplification that accounts for the temperature gradient between the hotter flow 

interior and the surface crust. It is characterized as the average of the temperature distribution 

throughout a vertical section of the flow that has stopped moving [Pieri and Baloga ,1986].  

 

A thorough discussion of cessation temperature and previously reported values is given 

by Pieri and Baloga [1986]. Macdonald [1963] gives field measurements of the “incandescent 

material just below the cooler surface rubble or visible through cracks” as 750 – 800 °C for 

“Hawaiian flows at or near cessation of movement.” Peck [1966] cites 980 °C for the solidus of 

Hawaiian basalts, which is also the value given for cooling of the Alae lava lake [Peck, 1978], 

and Shaw et al. [1968] give a solidus temperature of ~980 °C for the Makaopuhi lava lake. Pieri 

and Baloga [1986] state that if the solidus temperature is 1000 °C and the temperature below the 

surface is 750 °C, then a likely range of final core temperatures is 800 – 900 °C. Hon et al. 

[1994] give a range of 800 – 1070 °C for viscoelastic crust based on thermocouple measurements 

of Kīlauea lava flows. They give a solidification temperature of 1070 °C, below which crust 

begins to form. Crisp and Baloga [1990] comment that “it was necessary for Pieri and Baloga 

[1986] to resort to a core temperature less than solidus 800 – 900 °C to make the thermally 

unmixed model agree with the data” and give a range of final core temperatures as 980 – 1120 

°C, with other cessation temperatures for specific case studies calculated from experimental 
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measurements of previous works. The FLOWGO model of Harris and Rowland [2001] use the 

Peck [1978] solidus value of 980° C for their stopping criterion. The range of temperatures given 

for different scenarios of cooled lava flows demonstrates the complexity of the cessation 

temperature concept. The Tcess range of 980 – 1030 °C seems to encompass the range of plausible 

values for Hawaiian basalts in typical eruption and ambient conditions.  

 

The cessation temperature can be described theoretically as a vertical average of two 

thermal components within the flow. The first component is the inner core at the eruption 

temperature, To. The second and cooler component is the outer crust at the solidus temperature, 

Tviscoelastic, which is the temperature of the transition to viscoelastic rheology, or the lower limit of 

the viscoelastic regime [Hon et al., 1994]. The eruption temperature is applied over a vertical 

distance hTo within the control volume and the second cooler temperature is applied over a total 

vertical distance hTviscoelastic. The cessation temperature, Tcess, is interpreted as the spatial vertical 

average such that only the total vertical distance over which the second temperature applies is 

considered. When the flow stops, a specific fraction of the control volume will be at solidus 

temperature. The fraction of cooler lava is given by  

 

,           (A.1) 

 

where h is the total height of the control volume. The cessation temperature can be written as 

  

.         (A.2) 

 

If half of the control volume is at the solidus when the flow stops, then the cessation 

temperature is half way between the eruption temperature and the solidus. If the majority of the 

control volume is at the solidus when the front stops, then by equation A.2 the cessation 

temperature is nearly at the solidus. The fraction of solidus lava in the control volume at the front 

when the flow ceases to advance is given by 

δ =
hTviscoelastic
h

Tcess = T0(1−δ )+Tviscoelasticδ
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          (A.3) 

 

A constraint exists that is not evident from equations A.1 – A.3, which is interpreted in 

terms of f. A lower limit of the viscoelastic regime means that f cannot be so large that the 

viscoelastic regime cannot exceed the flow depth, such that 

 

        (A. 4) 
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