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[1] Viscous shear in the asthenosphere accommodates relative motion between Earth’s
surface plates and underlying mantle, generating lattice-preferred orientation (LPO) in
olivine aggregates and a seismically anisotropic fabric. Because this fabric develops with
the evolving mantle flow field, observations of seismic anisotropy can constrain
asthenospheric flow patterns if the contribution of fossil lithospheric anisotropy is small.
We use global viscous mantle flow models to characterize the relationship between
asthenospheric deformation and LPO and compare the predicted pattern of anisotropy to a
global compilation of observed shear wave splitting measurements. For asthenosphere
>500 km from plate boundaries, simple shear rotates the LPO toward the infinite strain
axis (ISA, the LPO after infinite deformation) faster than the ISA changes along flow
lines. Thus we expect the ISA to approximate LPO throughout most of the asthenosphere,
greatly simplifying LPO predictions because strain integration along flow lines is
unnecessary. Approximating LPO with the ISA and assuming A-type fabric (olivine a axis
parallel to ISA), we find that mantle flow driven by both plate motions and mantle density
heterogeneity successfully predicts oceanic anisotropy (average misfit 13�). Continental
anisotropy is less well fit (average misfit 41�), but lateral variations in lithospheric
thickness improve the fit in some continental areas. This suggests that asthenospheric
anisotropy contributes to shear wave splitting for both continents and oceans but is
overlain by a stronger layer of lithospheric anisotropy for continents. The contribution of
the oceanic lithosphere is likely smaller because it is thinner, younger, and less deformed
than its continental counterpart.
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1. Introduction

[2] Convection in the Earth’s mantle drives the tectonic
motions of Earth’s lithospheric plates as well as viscous
deformation of the mantle rocks beneath them [e.g.,
Turcotte and Oxburgh, 1967]. Above a depth of �300 km
[e.g., Hirth and Kohlstedt, 2003], this deformation occurs as
dislocation creep [Karato and Wu, 1993], which aligns
olivine crystals into a lattice-preferred orientation (LPO)
[McKenzie, 1979; Ribe, 1989]. Because olivine crystals are
anisotropic [e.g., Verma, 1960], the development of LPO
produces a macroscopic anisotropy in the uppermost upper
mantle that can be detected seismically [e.g., Hess, 1964;
Forsyth, 1975; Montagner, 1994]. This implies that obser-
vations of seismic anisotropy can in principle be used to
constrain the sublithospheric mantle deformation that pro-

duces this anisotropy. However, the development of the
LPO in upper mantle rocks is dependent on the finite strain
history of olivine fabric [e.g., Ribe, 1992] as well as the
effects of dynamic recrystallization, subgrain rotation, grain
boundary migration [e.g., Zhang and Karato, 1995], and
the presence of water [Jung and Karato, 2001] and melt
[Holtzman et al., 2003]. Because each of these effects
introduce complexity into the prediction of LPO from a
given mantle flow field [e.g., Kaminski and Ribe, 2001;
Blackman et al., 2002; Kaminski et al., 2004], controversy
continues over how observations of seismic anisotropy
should be used to constrain geodynamic models of mantle
flow [e.g., Savage, 1999; Becker, 2006a]. In this work, we
resolve some of this controversy by comparing observations
of upper mantle anisotropy with predictions made using
global models of present-day mantle flow. In doing so, we
identify regions where anisotropy is controlled by viscous
mantle flow and estimate the importance of finite strain
history on LPO development.
[3] Despite the uncertainty over the relationship between

mantle flow and LPO, several studies have used observa-
tions of seismic anisotropy to constrain geodynamic mod-
els. In the simplest case the direction of observed anisotropy
is taken as a direct indicator of mantle flow. This approach
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implicitly assumes A-type olivine fabric, in which the
seismically fast a axis orients subparallel to the direction
of maximum shear [Jung and Karato, 2001]. Basic patterns
of flow around slabs [e.g., Russo and Silver, 1994; Peyton et
al., 2001], hot spots [e.g., Walker et al., 2005; Xue and
Allen, 2005], and ridges [e.g., Wolfe and Solomon, 1998]
have been deduced in this manner. An alternative approach
is to use seismic anisotropy to evaluate global models of
mantle flow driven by plate motions and (tomographically
inferred) mantle density heterogeneity. Despite employing
different degrees of complexity in the prediction of LPO
from flow, these studies tend to successfully predict the
direction of anisotropy in oceanic regions. For example,
several studies have simply used the horizontal projection of
the instantaneous (strain rate) maximum shear direction to
predict anisotropy determined from SKS shear wave split-
ting measurements [Behn et al., 2004; Hammond et al.,
2005] and surface wave anisotropy [Gaboret et al., 2003].
More sophisticated treatments for predicting LPO include
finite strain accumulation [Becker et al., 2003] and full
fabric development models that incorporate the effects of
dynamic recrystallization and subgrain rotation [Becker et
al., 2006a, 2006b]. However, despite differences in how
LPO is inferred from the flow field, all of these global
studies do an excellent job of predicting anisotropy in
oceanic regions. In the analysis below, we show why these
studies make similar predictions for LPO and in doing so
introduce some simplicity into the discussion over how to
predict LPO from models of mantle flow.
[4] Upper mantle anisotropy has been attributed to both

asthenospheric and lithospheric sources. We expect anisot-
ropy to be actively forming in the asthenosphere (the 100–
200 km thick low-viscosity region beneath the lithosphere)
where the relative motion between the surface plates and the
upper mantle is accommodated [e.g., Park and Levin,
2002]. In contrast, mantle lithosphere is not experiencing
active deformation because of its strength. Thus present-day
plate motions probably do not induce lithospheric anisotro-
py, except in areas of active rifting or orogeny [e.g., Silver,

1996]. On the other hand, the lithosphere may preserve
anisotropic fabric associated with past deformation [e.g.,
Savage, 1999; Silver et al., 2001, 2004, 2006]. Thus, while
recent mantle flow likely controls asthenospheric anisotropy,
lithospheric anisotropy may contain fossil anisotropic fabric
unrelated to flow in the present-day mantle. This fossil
fabric can limit the usefulness of observed anisotropy for
constraining present-day mantle flow patterns. However, if
the influence of lithospheric anisotropy can be removed
(e.g., by inverting shear wave splitting data for a two-layer
model [Silver and Savage, 1994] or by utilizing the depth
dependence of surface waves) the remaining asthenospheric
anisotropy can place useful constraints on present-day
mantle flow. First, however, the relative importance of
lithospheric and asthenospheric anisotropy must be charac-
terized for different tectonic regions [e.g., Assumpcão et al.,
2006; Fouch and Rondenay, 2006].
[5] The most obvious tectonic variation on the Earth’s

surface is the one between oceanic and continental litho-
sphere. Continental lithosphere is typically older, thicker,
and has a longer deformation history than oceanic litho-
sphere. For this reason, Silver [1996] hypothesized that
preserved fossil anisotropy, unrelated to present-day mantle
flow, is more prevalent in continental lithosphere than in
oceanic lithosphere. It is also likely that the upper mantle
viscosity structure is simpler beneath the oceans. Although
the thickness of oceanic lithosphere increases with age, it
reaches a fairly uniform thickness of �100 km for ages
greater than �50 Ma [e.g., Stein and Stein, 1992]. By
contrast, continental lithosphere features ‘‘roots’’ that pen-
etrate up to �400 km beneath cratonic shields [e.g., Jordan,
1975; Ritsema et al., 2004]. These deeply penetrating roots
are likely cold and highly viscous relative to the surround-
ing asthenosphere [Rudnick et al., 1998] and may extend
through the asthenosphere [Gung et al., 2003]. Such large
lateral variations in viscosity will significantly influence the
asthenospheric flow field beneath continents [Fouch et al.,
2000]. On the other hand, it is likely that the viscosity
structure beneath oceans more closely resembles the layered
structures that have been employed by most mantle flow
models to date [e.g., Becker et al., 2003; Gaboret et al.,
2003; Behn et al., 2004].
[6] Although lateral viscosity variations have been

employed in studies that predict lithospheric stresses
[Conrad and Lithgow-Bertelloni, 2006], the geoid and
dynamic topography [Zhang and Christensen, 1993; Çadek
and Fleitout, 2003], net lithosphere rotation [Zhong, 2001;
Becker, 2006], and plate motions [Wen and Anderson, 1997;
Becker, 2006], only recently have lateral viscosity variations
been included in flow models that predict seismic anisotropy
[Becker et al., 2006a]. In this study, we investigate
the influence of laterally varying upper mantle viscosity
in an effort to characterize the relative importance of
asthenospheric and lithospheric anisotropy in both
continental and oceanic regions.

2. Development of Seismic Anisotropy in the
Asthenosphere

[7] To study the development of LPO in the sublitho-
spheric mantle, we first consider the case of simple shear
flow (Figure 1a). This flow pattern is expected throughout

Figure 1. Comparison of (a) simple shear flow, in which
the lattice-preferred orientation (LPO, gray line) rotates
toward the infinite strain axis (ISA, black line) as it is
exposed to finite strain, with (b) a more complicated flow in
which crystal rotation by the flow occurs faster than ISA
development. This causes the LPO to lag behind the ISA.
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most of the asthenosphere, as the differential motion be-
tween the lithosphere and the upper mantle is accommodated
within the low-viscosity asthenosphere. In water-rich and/or
high-stress environments, shear deformation may produce
several different types of anisotropic fabric [Jung and
Karato, 2001], some of which are not always parallel to
the maximum shear direction [e.g., Jung and Karato, 2001;
Katayama et al., 2004]. Although these more unusual
fabrics may be important in certain regions such as the
fore-arc mantle wedge above slabs [e.g., Kneller et al.,
2005], the A-type fabric is expected to dominate for most
regions of the asthenosphere [e.g., Ismail and Mainprice,
1998]. For A-type fabric, Zhang and Karato [1995] showed
that for small strains the seismically fast olivine a axis
will be oriented 45� to the direction of maximum shear
(Figure 1a). However, for larger strains (>�100%), the a
axis will rotate into the maximum shear direction [Zhang
and Karato, 1995]. Therefore, for asthenospheric simple
shear (horizontal shear plane), the horizontal projection of
LPO will be identical at both small and large strain and this
approximation for LPO has been used by several authors
[e.g., Gaboret et al., 2003; Behn et al., 2004] to predict
observed anisotropy. It is important to remember that these
studies implicitly assume that asthenospheric anisotropy
forms quickly and does not depend on deformation history.
However, shear flow in the asthenosphere may be more
complex due to spatial variations in lithospheric thickness
and time variations in asthenospheric flow patterns. In these
cases, finite strain accumulation must be considered [e.g.,
Becker et al., 2003, 2006a, 2006b].
[8] To determine the conditions under which it is neces-

sary to integrate LPO along flow lines, Kaminski and Ribe
[2002] introduced the infinite strain axis (ISA). The ISA is
defined as the asymptotic orientation of the long axis of the
finite strain ellipsoid after unlimited exposure to a given
unchanging velocity gradient tensor. Thus the ISA can be
defined for every point and time within a given time-
variable flow field. However, if the rotational characteristics
of the flow field are large compared to the straining
characteristics, then the finite strain ellipsoid will rotate
faster than it will develop; in this case the ISA does not exist
[Kaminski and Ribe, 2002]. Because the olivine a axis
aligns with the finite strain ellipsoid for A-type fabric
[Zhang and Karato, 1995], the ISA should approximate
LPO in the upper mantle if the velocity gradient tensor
remains constant for olivine crystals moving along flow
lines. However, if the velocity gradient tensor does not
remain constant (as will generally be the case), then the ISA
direction itself may change with time. The ISA will only be
a good approximation for LPO if olivine crystals rotate
toward the ISA more rapidly than the ISA changes along
flow lines [Kaminski and Ribe, 2002].
[9] Kaminski and Ribe [2002] showed that the timescale

for ISA development, tISA, depends on the flow field but
can be approximated by tISA � _e�1 where _e is the absolute
value of the largest eigenvalue of the strain rate tensor. Thus
the rate at which the LPO rotates toward the ISA can be
estimated as WISA � _e. For simple shear (Figure 1a), the ISA
is parallel to the direction of flow (i.e., the direction of
maximum shear). Thus studies that use anisotropy observa-
tions to infer a flow direction [e.g., Russo and Silver, 1994;
Wolfe and Solomon, 1998; Peyton et al., 2001;Walker et al.,

2005; Silver and Holt, 2002; Xue and Allen, 2005] implic-
itly assume simple shear. Note that the horizontal compo-
nents of the initial LPO and the final ISA are parallel under
simple shear because finite strain affects only the orientation
of LPO in the vertical plane (Figure 1a).
[10] An olivine aggregate being advected through the

mantle may experience temporal changes in the orientation
of the ISA if the velocity gradient tensor varies spatially
along flow lines or if the flow field changes with time.
Spatial variations in the ISA will be present if, for example,
mantle density heterogeneity imparts a vertical component
to asthenospheric flow (Figure 1b), as we would expect
above an upwelling or downwelling mantle. The ISA may
vary with time at any given location if either surface plate
motions or the mantle density heterogeneity field evolve
with time. Kaminski and Ribe [2002] defined the rate of ISA
rotation along flow lines, which we denote here as Wflow

(the reciprocal of Kaminski and Ribe’s [2002] timescale
tflow) as the rate of change of the angle, Q, between the
local flow direction and the local ISA. If the local ISA
direction changes more rapidly along flow lines than the
finite strain ellipsoid rotates toward the ISA, then the net
LPO will depend on the strain history in a complex way.
However, if the rate of ISA formation (WISA) is faster than
the rate of ISA rotation (Wflow), then the past strain history is
irrelevant, and the LPO approaches the ISA. To determine
which rate is faster, Kaminski and Ribe [2002] introduced
the ‘‘grain orientation lag’’ parameter:

P ¼ Wflow=WISA ð1Þ

They find that if P < 0.5, the ISA is a good approximation
for LPO, which greatly simplifies predictions of anisotropy
from a given flow field as finite strain calculations are
unnecessary.

3. Models for Global Asthenospheric Flow

[11] Although Kaminski and Ribe [2002] calculated P for
several idealized flow geometries, to date no studies have
evaluated P globally throughout the upper mantle. Here we
construct a series of global mantle flow models, driven by
combinations of mantle density heterogeneity and surface
plate motions, to predict LPO within the asthenosphere. We
use the ISA as an approximation for LPO, and then test the
validity of this approximation by determining if P < 0.5.

3.1. Flow Field Calculations

[12] We develop global mantle flow models using the
spherical finite element code CitComS. CitComS has been
benchmarked extensively and can handle more than 4 orders
of magnitude variation in viscosity [Moresi et al., 1996;
Zhong et al., 2000], including the lateral variations impor-
tant for this study [e.g., Zhong, 2001]. We employ a free slip
condition at the core-mantle boundary, but our choice of
surface boundary conditions depends on how mantle flow is
driven (described below). We use both layered and laterally
varying viscosity structures for the lithosphere and astheno-
sphere (described below), which allows us to probe the
influence of variable lithospheric thickness on astheno-
spheric flow and LPO development.
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3.1.1. Finite Element Grid
[13] We employ a global finite element grid with 874800

elements, including 24300 surface elements corresponding
to 157 km horizontal resolution at the surface. Vertical
resolution is 150 km in the lower mantle, 50 km in the
upper mantle, and 25 km above 350 km. We chose to
enhance the near-surface vertical resolution at the expense
of horizontal resolution in order to better resolve the vertical
gradients in velocity, which dominate LPO formation in the
asthenosphere. As a result, we can accurately measure
vertical gradients in both horizontal (@vq /@r, @vy/@r) and
vertical (@vr /@r) velocity (q, y , and r are the spherical
coordinates), but measurement of horizontal gradients in
velocity (@vq/@q, @vy/@q, @vr/@q, @vq /@y , @vy /@y , @vr/@y)
is less accurate. This is not a problem for our calculation
because the vertical length scale of the asthenosphere

(�200 km) is much shorter than its horizontal length scale
(typically thousands of kilometers). This causes the
asthenospheric strain rate field to be dominated by its
vertical components, which typically have magnitudes 10–
1000 times greater than the horizontal components
(Figure 2). Exceptions occur near plate boundaries (Naz-
ca-Pacific) and immediately above upwelling (Africa) or
downwelling (South America) flow. In these areas, vertical
strain rates are still larger than horizontal strain rates, but by
less than an order of magnitude (Figure 2). Because our
enhanced vertical resolution allows us to resolve these
gradients to comparable degrees, we can use our finite
element grid to reproduce the flow fields produced by Behn
et al. [2004], who used a semianalytical spectral method to
calculate mantle flow [e.g., Hager and O’Connell, 1981].
3.1.2. Plate-Driven and Density-Driven Flow
[14] Following Behn et al. [2004], we drive instantaneous

Stokes flow in the mantle using both mantle density
heterogeneity inferred from seismic tomography (density-
driven flow) and by imposing surface plate motions (plate-
driven flow). For plate-driven flow, we impose NUVEL-1A
plate motions [DeMets et al., 1994] for 13 plates in the no-
net rotation reference frame as velocity boundary conditions
on the surface of the finite element grid. For density-driven
flow, we employ rigid surface boundary conditions and
assign densities in the mantle by converting velocity
anomalies in the S20RTSb seismic tomography model
[Ritsema et al., 2004] to densities using a constant veloc-
ity-density conversion factor of 0.15 g cm�3 km�1 s. We
chose this conversion factor because it is consistent with
both laboratory data [e.g., Karato and Karki, 2001] and
with previous studies [e.g., Behn et al., 2004]. Also follow-
ing previous work [e.g., Lithgow-Bertelloni and Silver,
1998; Behn et al., 2004], we do not impose density
anomalies above 325 km because seismically fast velocity
anomalies associated with continental roots have been
shown to correspond to neutrally buoyant ‘‘tectosphere’’
[e.g., Jordan, 1975]. This implies that a straightforward
conversion between seismic velocity and density is not
appropriate for the continental lithosphere. The 325 km
depth approximates the maximum thickness of the African
craton (Figure 3a), although Behn et al. [2004] showed that

Figure 2. Ratio of the magnitude of vertical strain

rates _e2qr þ _e2yr þ _e2rr
� �1=2

to the magnitude of horizontal

strain rates _e2qq þ _e2qy þ _e2yy
� �1=2

, averaged throughout the

layered asthenosphere (100–300 km). Strain rates are shown
that are calculated using the semianalytical spectral model of
Behn et al. [2004], amended so that they can be compared to
the finite element models presented here (i.e., we employ the
S20RTSb tomographymodel and b = 0.5). For most locations,
vertical gradients in velocity dominate the strain rate tensor.

Figure 3. (a) Map of assigned characteristic lithospheric thickness and (b) the depth dependence of
viscosity through the lithosphere and asthenosphere for the layered viscosity structure (black line) and for
the laterally varying viscosity structure for different assigned characteristic lithospheric thicknesses
(colored lines). Tracks in Figure 3a show the great circle paths of cross sections shown in Figures 4 and 5.
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the choice of cutoff depth does not significantly affect the
prediction of anisotropy at most stations.
[15] The actual flow field will be a combination of plate-

driven and density-driven flow. Although it would be
preferable to drive plate motions dynamically from density-
driven flow, this is impractical for this study. Because
asthenospheric shear flow is extremely sensitive to plate
motion directions, it is important that our models include
the proper plate motions to correctly compare predictions of
anisotropy to observations. To combine density-driven and
plate-driven flows, we followed the method of Behn et al.
[2004], who noted that when plate motions are imposed,
asthenospheric strain rates are set by the imposed plate
velocities. By contrast, stresses are imposed for density-
driven flow, making strain rates proportional to the magni-
tude of mantle viscosity. Thus the combined flow field
depends on the absolute mantle viscosity assumed for the
model. Behn et al. [2004] define a viscosity scale factor b
by which to multiply the reference viscosity structure. This
reference structure consisted of lower mantle (below
670 km), asthenospheric (100–300 km) and lithospheric
(0–100 km) layers that were 50, 0.1, and 30 times as
viscous as the upper mantle (300–670 km), which had a
viscosity of 1021 Pa s prior to scaling by b. By varying b,
Behn et al. [2004] solved for the viscosity structure that best
fit 13 SKS shear wave splitting measurements from oceanic
island stations in the Atlantic and Indian oceans. They
found a best fit value of b = 0.35, corresponding to an
upper mantle viscosity of 3.5 � 1020 Pa s. This value is
consistent with the range in upper mantle viscosity (3 to 6 �
1020 Pa s) constrained from observations of postglacial
rebound [Mitrovica, 1996]. In section 4.2 we employ a
similar method to constrain the upper mantle viscosity
structure, and find a similar best fitting value of b = 0.5
(implying an upper mantle viscosity of 5 � 1020 Pa s).
3.1.3. Layered Viscosity Versus Laterally Varying
Viscosity
[16] To investigate the influence of lateral variations in

viscosity associated with cooling oceanic lithosphere and
deeply penetrating continental roots, we compare predic-
tions of anisotropy made using a layered (spherically
symmetric) viscosity structure with those made using a
viscosity structure that includes lateral variations in viscos-
ity. We employ the same layered viscosity profile used by
Behn et al. [2004]. FollowingConrad andLithgow-Bertelloni
[2006], we introduce lateral viscosity variations within the
lithospheric and asthenospheric layers (without changing
the viscosities of the upper and lower mantle layers) and
assign a characteristic length scale for lithospheric thickness
at every surface point on a finite element grid (Figure 3a).
This ‘‘characteristic thickness’’ is used to define the depth
dependence of viscosity through the lithosphere (Figure 3b).
Oceanic lithosphere is assigned a thickness proportional to
the square root of its age (taken from Müller et al. [1997])
and assuming a 100 km maximum thickness (Figure 3a). In
continental areas, the characteristic thickness is determined
from the maximum depth for which the velocity anomaly
(from S20RTSb) is consistently greater than +2% [Gung et
al., 2003]. We imposed 100 km as the minimum continental
thickness (Figure 3a). To introduce a smoothly varying
viscosity structure, we impose an error function temperature
profile above 325 km (below this depth we assign temper-

atures using the tomographic model) and use the character-
istic lithosphere thickness for the length scale in the error
function [Conrad and Gurnis, 2003]. By invoking temper-
ature-dependent viscosity [Hirth and Kohlstedt, 1996] for
this boundary layer, we create a region of stiff lithosphere
that scales with the characteristic thickness and is underlain
by a low-viscosity asthenosphere down to 300 km
(Figure 3b). To achieve these profiles, we assume a pre-
exponential term that produces an asthenosphere 10 times
less viscous than the upper mantle (for direct comparison
with the layered case), an activation energy of 200 kJ mol�1

for the temperature dependence, and a maximum viscosity
1000 times that of the upper mantle [see Conrad and
Gurnis, 2003]. Although there exists significant uncertainty
over the depth variation of viscosity near the surface, these
parameters produce a relatively smooth transition from
high-viscosity lithosphere to low-viscosity asthenosphere
(Figure 3b). Note that at depths equivalent to the ‘‘charac-
teristic thickness,’’ the viscosity is smaller than that of the
upper mantle (Figure 3b). Thus the lithosphere’s effective
(mechanical) thickness is typically smaller than the charac-
teristic thickness defined here.
[17] We vary the asthenospheric viscosity by modifying

the preexponential viscosity magnitude to produce a range
of asthenospheric viscosities that are 0.03 (low-viscosity),
0.1 (‘‘reference’’), and 1.0 (no asthenosphere) times those of
the upper mantle [see Conrad and Lithgow-Bertelloni,
2006]. We adjust the activation energy (using values of
300, 200, and 100 kJ mol�1, respectively) so that litho-
spheric viscosities remain similar between these models
despite changes in the preexponential factor.

3.2. Predictions of the Lattice-Preferred Orientation
(LPO)

[18] Kaminski and Ribe [2002] showed that the ISA is a
good approximation for LPO if the Grain Orientation Lag
parameter P (defined in equation (1)) is less than 0.5. Thus,
to characterize LPO, we calculate both ISA and P for the
flow fields described above following the method of
Kaminski and Ribe [2002]. To determine ISA requires
knowledge of the velocity gradient tensor Lij = @vi/@xj,
which is difficult to measure accurately from the flow field.
In the asthenosphere, the horizontal strain rates are signif-
icantly smaller than the vertical strain rates (as in Figure 2),
implying that the elements in the third column of Lij are
much larger than those in the other two. We use this fact to
form Lij from the vertical components of the strain rate
tensor: Lij = 0 except for Lqr = 2 _eqr, Lyr = 2 _eyr, and Lrr = _err
[e.g., Malvern, 1969, chapter 4]. This approximation treats
flow in the asthenosphere as horizontal shear flow (depicted
in Figure 1a and governed by the Lqr and Lyr terms)
perturbed by any vertically oriented component of flow (as
shown in Figure 1b and given by the Lrr term). Note that
for this approximation, the velocity gradient tensor L
contains no rigid body rotation. As such the vorticity
number G = W/ _e, where W is the magnitude of the rotation
tensor and _e is the magnitude of the strain rate tensor
[Kaminski and Ribe, 2002], is always less than or equal
to 1. This is because W = ( _eqr

2 + _eyr
2 )1/2 is always smaller

than or equal to the largest eigenvalue of the strain rate
tensor, which we can determine analytically to be _e = _err/2 +
( _err

2 /4 + _eqr
2 + _eyr

2 )1/2. For two dimensions, Kaminski and
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Ribe [2002] showed that the ISA exists if G � 1. For three-
dimensional flow, the existence of the ISA depends on the
relative orientations of the vorticity vector and the principal
strain rate direction, and we take G � �1 (meaning order
unity) as the criterion for ISA existence in our calculations.
For the shear flow approximation, if the horizontal strain
rates ( _eqr and _eyr) are much larger than the radial strain rate
( _err), then the flow approximates simple shear with G! 1. If
the radial component dominates (e.g., over an upwelling or a
downwelling), then pure shear dominates and G! 0. Since G
� �1 for both extremes, we can infer that the ISA exists
throughout most of the asthenosphere. Note that the validity
of this argument diminishes for regions where our horizontal
shear flow approximation breaks down due to large
horizontal variations in the flow field, as would be found
near subduction zones. By following the method described
by Kaminski and Ribe [2002, Appendix A] (note that their
equation (A3) should be U = FFT as defined by Malvern
[1969]), we are able to calculate ISA for asthenospheric flow.
[19] We next evaluate whether the ISA orientations are a

valid approximation for LPO by calculating P throughout
the mantle flow fields described above. This involves
calculating WISA and Wflow. The former is defined as the
eigenvalue of the strain rate tensor with the largest absolute
value. Kaminski and Ribe [2002] define the latter as

Wflow ¼ DQ=Dt ¼ @Q=@t þ u 
 rQ ð2Þ

where Q is the angle between the local flow direction (u)
and the ISA. The second term on the right hand side of (2)
represents changes in Q as grains are advected along flow
lines, and can be determined from the velocity field and the
ISA direction. The first term represents changes in Q due to
the time dependence of the flow field. For density-driven
flow, we measure this quantity by differencing measure-
ments of Q across 10 time steps (corresponding to a time Dt
of �5 Ma for most runs), and dividing by Dt. The resulting
quantity is typically comparable in magnitude to the
advective term. By contrast, plate motions are thought to
be steady or only gradually changing, except during times
of plate reorganization [e.g., Engebretson et al., 1984],
which is not thought to be occurring presently [e.g., Sella et
al., 2002]. Thus time-dependent changes in Q for plate-
driven flow are likely to be small, and we have not included
them here. We sum the advective and (density-driven) time-
dependent changes in Q to calculate Wflow throughout the
mantle and divide by WISA (see equation (1)) to estimate P
for the present-day mantle.
[20] To confirm that the model resolution in our finite

element flow model is sufficient to accurately determine
ISA and P, we compare predictions of these quantities
made using the finite element grid described in section 3.1.1
(horizontal and vertical resolutions of 157 km and 25 km
above 350 km depth) with predictions made using a grid
with both coarser resolution (auxiliary material Figures S1a
and S1c, horizontal and vertical resolutions of 210 km and
33 km) and finer resolution (Figures S1b and S1d, horizon-
tal and vertical resolutions of 105 km and 17 km).1 This

comparison shows similar spatial patterns for both ISA and
P, both in planform (Figures S1a and S1b) and in cross
section (Figures S1c and S1d), across a factor of two
variation in model resolution. To estimate the uncertainty
in our predictions of P and ISA, we compared the output of
our intermediate resolution model (used throughout this
paper) with the output of the coarser (Figures S2a and
S2b) and finer (Figures S2c and S2d) resolution models.
These comparisons confirm that P and ISA are not strongly
sensitive to model resolution. The spatial patterns of errors
shown in the two different resolution comparisons are
poorly correlated to each other, which means that there is
no systematic change in the error as the resolution
improves. The observed uncertainty is the result of small
horizontal or vertical changes in ISA direction, as well as
sensitivity of the ISA direction to the relative amplitudes of
the major axes of the finite strain ellipsoid (since the ISA is
defined as the direction of the longest axis, an ambiguity
exists if two axes are nearly equal in length). Because P
depends on spatial gradients of the ISA, the uncertainty in P
is correlated to the uncertainty in ISA. We find that the
median difference in the azimuth of ISA (Figures S2a and
S2c) is less than 5� for points at which P < 0.5 (indicating
that ISA approximates LPO) and the median discrepancy in
the estimate of P (Figure S1d) is less than a factor of 2
(Figure S2b and S2d). Thus we infer that uncertainty of this
magnitude is inherent to our estimates of P and ISA.

3.3. Grain Orientation Lag Parameter (P)

[21] To investigate the distribution of P throughout the
upper mantle, we examine a sample cross section AB
(which runs from the East Pacific Rise to the Mid-Atlantic
Ridge, see track in Figure 3a) for both plate-driven flow
(Figures 4a and 4b) and density-driven flow (Figures 4c and
4d), and several different cross sections for these two flows
combined (using b = 0.5, Figure 5). For each of these cross
sections, and for the global planform at 225 km depth
(Figure 5a), we find that P is less than 0.5 (corresponding
to a log value of �0.3 shown in the center of the white band
in Figures 4 and 5) throughout most of the asthenosphere
and upper mantle. In some locations, such as within a band
extending �150 km below the high-viscosity lithosphere, P
is typically orders of magnitude smaller than 0.5. For
density-driven flow, the region of smallest P < 0.5 is
located between 20% and 55% of the distance from the
asthenospheric roof to its base (Figure 6a, gray triangles).
This region of diminished P occurs because any vertical
component of density-driven flow must spread or converge
laterally when it interacts with the rigid lithosphere. The
high strain rates associated with the resulting shear flow
lead to diminished P in the upper asthenosphere. By
contrast, plate-driven flow induces a shear flow that is more
evenly distributed throughout the asthenosphere, leading to
more uniform values of P through the layer (Figure 6a,
white circles). The variation of P within the asthenosphere
is not significantly dependent on asthenospheric viscosity
(Figure 6b), although lack of a low-viscosity asthenosphere
decreases the number of points for which P < 0.5
(Figure 6b).
[22] Regions of the asthenosphere with P > 0.5 are

typically associated with upwelling flow caused by diver-
gence near ridges (Figures 4a, 4b, and 5b at 5� and 85�,

1Auxiliary materials are available in the HTML. doi:10.1029/
2006JB004608.
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